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A B S T R A C T

Hydration reactions within the oceanic crust incorporate significant amounts
of water and incompatible and volatile elements from the Earth’s surface
into the oceanic lithosphere. During subduction, the altered oceanic crust
releases a sequence of metamorphic dehydration fluids, which carry with
them a significant portion of the fluid-mobile element inventory. Together,
fluid cycling and plate tectonics enable geochemical interaction between the
outer regions of our planet and its inner depths. However, aqueous fluids
are transient and cannot be observed directly in deeper geological environ-
ments. Instead, the nature of fluids must be reconstructed from mineral
records. This thesis focuses on the use of in-situ and small-scale geochem-
ical analysis of different mineral generations and intra-mineral zonation to
resolve the nature and evolution of fluids in oceanic and subduction envi-
ronments. Noble gas, halogen and SHRIMP oxygen isotope analyses are
supplemented with routine analytical methods including SEM, EPMA, and
LA-ICP-MS. Boron isotope analysis with SHRIMP II is also tested and devel-
oped, allowing precise investigation of natural suites of metamorphic tour-
maline.

The first part of the thesis documents a geochemical investigation of hy-
drated lithologies from the upper detachment surface of the Atlantis Massif
using samples collected during IODP Expedition 357. In-situ analyses of
lizardite-chrysotile serpentinites reveal that multi-stage serpentinization is
linked to shifts in δ18O, and that significant isotopic and trace element het-
erogeneity between polymorphs and serpentinization stages is present at
the microscale. Individual SHRIMP analyses have δ18O ranging from 0 to
6‰, and serpentine generations within individual samples have mean δ18O
of -0.2 to +4.4‰. Ranges in oxygen isotope composition are similar between
sites, and give consistently high estimates for serpentinization temperatures
during all stages of hydration (up to 350°C). Halogen and noble gas abun-
dances of serpentinites, hydrated gabbro and talc-amphibole-chlorite schists
from the Massif are lower than previously investigated lizardite-chrysotile
serpentinites. Serpentinites contain 28-430 µg/g of Cl, and exhibit 40Ar/36Ar
up to 538. Amphibole exerts a strong control on halogen abundances in talc
schists. Noble gases are fractionated from seawater abundance patterns, and
record a variety of processes including radiogenic ingrowth (He), addition
of excess Ar and fractionation related to mineral trapping at different alter-
ation temperature. Oxygen isotope ratios and trace element, halogen and
noble gas abundances attest to generally high fluid fluxes and dominant
high temperature of serpentinization at the Atlantis Massif.



The second part of the thesis investigates metamorphic fluid-rock inter-
action within a section of subducted upper oceanic crust in the UHP Lago
di Cignana Unit and underlying Zermatt-Saas serpentinites near Valtour-
nenche (NW Italian Alps). This study reveals previously undocumented
trends and shifts in garnet δ18O, serpentine δ18O and tourmaline δ11B. Ev-
idence for multiple stages of metasomatism near peak metamorphic condi-
tions is preserved within a select few samples where outer garnet growth
zones exhibit major element, trace element and isotopic shifts (up to 15‰
zonation in δ18O) which require infiltration of externally derived fluids. Mul-
tiple stages of fluid infiltration are identified. In two samples fluid derived
from serpentinized ultramafic lithologies can be confidently identified as
a metasomatic agent, likely preceded by fluids derived from nearby mafic
units. Unit-scale tourmaline δ11B heterogeneity is observed, with differences
of up to 10‰ observed over the cm to dm-scale; variations of similar magni-
tude are observed within individual samples. Individual tourmalines exhibit
zonation in δ11B to slightly higher values (minor) and lower values (most
pronounced in calcschists). Variations in sample-mean tourmaline δ11B may
largely reflect protolithic δ11B diversity, slightly modified through dehydra-
tion reactions towards lighter δ11B. Significant boron isotopic heterogeneity
is preserved near the slab interface even at sub-arc conditions.

Together these investigations provide novel insights into seafloor hydra-
tion and subduction dehydration of the altered oceanic crust, and demon-
strate the utility of microscale oxygen isotope analyses coupled with com-
plementary geochemical tracers to provide detailed constraints on hydrother-
mal alteration conditions and fluid sources in seafloor and subduction set-
tings.
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1
I N T R O D U C T I O N

1.1 Geological Water Cycling

The Earth is unique within our solar system because its surface hosts abun-
dant liquid water. Water is an essential component in many geological, at-
mospheric and biological processes on Earth, and critically it makes plate
tectonics and life on earth possible. The geological water cycle is largely
made possible by plate tectonics and i) seafloor hydration reactions within
the oceanic crust, followed by ii) crustal-scale mass transport and associated
metamorphic dehydration reactions during subduction and burial. These
two distinct stages within the geological water cycle are examined in two
different parts of this thesis.

Pioneering studies revealed that the abundance of water and other volatiles
within the Earth’s atmosphere and hydrosphere, in addition to their relative
stability throughout geological time requires the presence of steady-state cy-
cling processes (including renewed sources for seawater volatiles, and CO2;
Rubey, 1951). Aqueous fluids carry significant dissolved solutes over wide
ranges of geological conditions, making fluid transport an efficient mecha-
nism to transfer elements on local scales (e.g. several kilometres into and
out-of the oceanic plate). Plate tectonics, and particularly the subduction
of oceanic plates, enables deeper transport of water and other elements en-
trained within oceanic crust both into volcanic arcs and beyond into the
mantle on geological timescales. Plate tectonics thereby facilitates chemical
interaction between the outer regions of our planet and its inner depths. The
efficiency and nature of volatile transport into the mantle within subduction
zones differs between elements, and is still being constrained (e.g. H2O, CO2

vs. noble gases; Kerrick and Connolly, 2001; Hilton et al., 2002; Holland and
Ballentine, 2006; Hacker, 2008; Kelemen and Manning, 2015; Kendrick et al.,
2011, 2017).
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Seafloor hydration reactions - principally at spreading centres - incor-
porate large amount of water into the oceanic lithosphere, and result in
changes to trace element abundances and isotope compositions (e.g. Staudi-
gel, 2014; Bach and Früh-Green, 2010; Kodolányi et al., 2012; Deschamps
et al., 2013). The alteration of oceanic crust exerts a significant control on the
major and trace element budget of the oceans. For example, and seafloor al-
teration moderates the carbon cycle (together with sedimentation; Alt et al.,
2013) and alteration and weathering of oceanic crust moderates magnesium
in seawater (e.g. Snow and Dick, 1995; Mottl and Wheat, 1994; Staudigel,
2014). Additionally, seafloor hydrothermal systems can form significant ore
deposits (e.g. Corliss, 2013) and may be linked to the origin of life (Martin
et al., 2008; Müntener et al., 2010; Dodd et al., 2017). A range of biogenic
and abiogenic sedimentary material is deposited on the oceanic crust over-
time, especially in proximity to continental margins (where contributions
of terrigenous sediments commonly outweigh marine and/or biogenic sedi-
ments).

The oceanic crust has a limited lifetime before it is subducted back into
the mantle at convergent plate margins, with most modern oceanic crust
having an age of <150 Ma (Müller et al., 2008). The subducting slab is signif-
icantly cooler than ambient mantle temperatures at shallow depths, which
causes significant perturbations to the geotherm and induces gradual heat-
ing of the slab. Hydrous minerals which have formed or been deposited
on the seafloor are destabilised with increasing temperature, and a variety
of mineral dehydration reactions occur during subduction as the downgo-
ing slab descends to higher pressure and temperature regimes (Figures 1, 2;
Schmidt and Poli, 2014). Reaction timing and conditions depend on the PT-
path taken by the slab (Penniston-Dorland et al., 2015; Syracuse et al., 2010).
In contrast to models of subduction geotherms (e.g. Syracuse et al., 2010),
natural records of geotherms within exhumed subduction-related metamor-
phic terranes record PT conditions at higher temperatures and with a more
consistent curvature (Figure 1; Penniston-Dorland et al., 2015). The differ-
ences between models and natural samples may be resolved by incorpo-
rating the effects of shear heating, hydration reactions and fluid and rock
advection into models (Penniston-Dorland et al., 2015). While a significant
range of geotherms are indeed recorded in natural samples, the range of es-
timated temperatures at a given pressure is not as extreme as had previously
been predicted (i.e. global range of ≈ 500 °C at 3.5 GPa Syracuse et al., 2010,
Figure 1).
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Figure 1: Subduction geotherm diagram redrawn after Schmidt and Poli (2014),
with approximate metamorphic facies after (Spear, 2003). For reference, cold slab
subduction paths are indicated in blue after Arcay et al. (2007) and modelled in-
termediate subduction paths in orange after Syracuse et al. (2010). More recent
data from subduction-related metamorphic suites are shown in green (Penniston-
Dorland et al., 2015).

The slab becomes increasingly anhydrous with progressively deeper sub-
duction and releases a series of transient aqueous fluids. Slab fluids pro-
duced by individual dehydration reactions will exhibit unique geochemical
signatures as a function of crustal bulk composition (i.e. sediments vs. mafic
crust vs. serpentinites), phase assemblages, PT conditions and resulting
mineral dehydration reactions. Such fluids may interact with surrounding
lithologies and induce metasomatism (Bebout, 2013; Klemd, 2013), mean-
ing that the trace element and isotopic geochemistry of metasomatised slab
components can reflect the integration of signatures from several different
lithologies and multiple fluid infiltration stages. Fluids produced in the slab
which are not consumed through secondary hydration reactions in colder
overlying lithologies may cross the slab-mantle boundary. To some degree,
release of trace elements and aqueous fluids from subducting crust may be
decoupled (Hermann et al., 2006; Spandler et al., 2003). The addition of a
water component to peridotite reduces the solidus temperature, allowing
fluid infiltration to trigger melting within the mantle wedge, contributing to
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magmatic arcs (Grove et al., 2012; Kimura and Nakajima, 2014). Addition-
ally, under appropriate conditions the influx of hydrous fluids to slab-top
sediments can flux-melt sedimentary units to produce hydrous melts (with
particularly high K2O/H2O, Th/Nb values; Johnson and Harlow, 1999; Her-
mann and Spandler, 2008; Mann and Schmidt, 2015; Zamboni et al., 2016).
The trace element signatures of arc magmas reflect the incorporation of com-
ponents from sediments (both fluids and melts; U, Ba, Sr, Pb, B, Th, LREE;
Plank, 2014; Tenthorey and Hermann, 2004), the mafic crust and serpen-
tinites (high δ11B, low Nb/B; e.g. Spandler and Pirard, 2013; Scambelluri
and Tonarini, 2012) all contribute mass to arc magmas (Hawkesworth et al.,
1993; Bebout, 2014; Schmidt and Poli, 2014). The production of arc mag-
mas through these fluid and element cycling processes have ultimately led
to the development of the modern continental crust. This is ultimately en-
abled by the presence of abundant surface water, and subduction of hydrous
altered oceanic lithosphere (Campbell and Taylor, 1983). Additionally, the
loss of low-density fluids during slab devolatilisation and the formation of a
denser dehydrated crustal residue helps generate the slab-pull force which
drives continued subduction.
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Figure 2: Schematic representation of subduction zone structure. Approximate
location of a selection of specific metamorphic reactions are illustrated. The altered
oceanic slab will release a large amount of fluid into the forearc at relatively shallow
depths, beyond which the release of fluid from the slab is controlled by the sequence
of specific dehydration reactions within metasediments, altered mafic crust and
serpentinites. Pulsed fluid flux enables metasomatism and gradual dehydration of
the slab. Fluids sourced from the slab contribute to arc magmatism through flux-
melting of the mantle wedge. Modified from Schmidt and Poli (2014).
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Notably, the geochemical interaction between different subduction reser-
voirs, flux melting and generation of new crust are all at least partly facil-
itated by the presence of aqueous fluids. Subduction zones and associated
magmatic and metamorphic suites are the products of multiple stages of
metasomatism and chemical evolution of the oceanic slab and its interaction
with the overlying mantle wedge (Bebout, 2013; Klemd, 2013). The range of
geochemical signatures (particularly trace elements and isotopes) observed
in subduction-related metamorphic suites and arc magmas derives from the
tectonic juxtaposition of chemically diverse lithologies and transient expo-
sure to aqueous fluids (Schmidt and Poli, 2014) and eventually melts (Her-
mann et al., 2013; Hermann and Rubatto, 2014) over a range of physiochem-
ical conditions. The importance of local-scale chemical exchange between
contrasting lithological units within the slab, which represents the differ-
ence between the subducting slab as a whole and the predicted individ-
ual lithological contributions, is only beginning to be addressed (including
within mélange units; e.g. Spandler et al. 2008; Mori et al. 2014; Nielsen and
Marschall 2017; Bebout and Penniston-Dorland 2016, or at lithological and
tectonic boundaries, e.g. Vitale Brovarone et al. 2014; Rubatto and Angiboust
2015).

1.2 Research Overview

Aqueous fluids exert significant influence on the composition, rheology and
habitability of the surface of our planet, but the understanding of fluids and
fluid-rock interactions is complicated by a number of factors.

The principal complication - a sampling problem - is that fluid-generating
and fluid-consuming reactions are typically ephemeral, and commonly oc-
cur in geological environments inaccessible even with modern drilling tech-
nology. Direct sampling of relevant fluids is possible in seafloor vent sys-
tems, but within subduction zones mineral dehydration and fluid transport
occur at inaccessible depths that can only be simulated by experimental
petrology and thermodynamic modelling and are beyond the reach of di-
rect observation. Even if such samples were accessible, fluids themselves are
dynamically present*, and at metamorphic conditions are lost through pro-
gressive advection and/or fluid-consuming reactions. Aqueous subduction
zone fluids are voluminous and have variable salinity that enables them to
transport variable loads of other dissolved constituents, which may be incor-

* Metamorphic fluids are occasionally preserved as fluid inclusions, but these provide an in-
complete record of fluid processes.
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porated into metasomatic alteration minerals. As a result, the composition of
metasomatised rocks can often be used to constrain the trace element and iso-
topic composition of the metasomatic fluid. Studies of exhumed ophiolites
have provided a wealth of information about processes happening within
the slab, and in particular constrain the chemistry as well as timing and
context of metamorphic fluid production. While thermodynamic modelling
and experimental petrology provide useful (and often detailed) constraints
for what may happen in natural systems, natural samples provide definitive
records of geological processes which have actually occurred. Using natu-
ral samples to investigate where, how and when fluids are produced and
percolated within subduction zone lithologies is key to understanding and
effectively constraining subduction recycling of trace elements from dehy-
drated slabs into the mantle.

The second major issue for investigating geological fluid cycling is that
metasomatic minerals often grow over multiple events, potentially encom-
passing a range of geological conditions. This is especially true of the sub-
ducted altered oceanic lithosphere, which contains multiple hydrated hetero-
geneous reservoirs (including sediments, altered mafic crust, serpentinites)
which each experience characteristic sequences of dehydration reactions dur-
ing prograde metamorphism. As a result, multiple generations of fluids can
infiltrate any given unit at different metamorphic conditions, each having
specific effects on the bulk-rock chemistry. Each fluid-rock interaction event
can result in different geochemical signatures, meaning that bulk-rock mea-
surements provide information only about the most significant fluids and
have a tendency to represent composite/integrated signals rather than those
of an individual fluid infiltration event.

In comparison, the use of microscale in-situ analysis targeting individual
mineral zones has potential to resolve the different signals associated with
multiple fluid events. Many metamorphic minerals exhibit growth zonation,
with each individual zone providing information about the geological condi-
tions and geochemistry for an individual stage (especially true of refractory,
robust minerals such as garnet and zircon). Targeted geochemical analysis of
mineral zonation enables interpretation of geochemical signals within a time-
resolved petrogenetic context†. In geological systems where assemblages are
commonly recrystallised or replaced (i.e. during multi-stage fluid-rock inter-
action) high-spatial resolution techniques (e.g. SHRIMP, SEM, LA-ICP-MS)

† Either relative timing (as for growth zonation, overprinting and veining), or in some cases
absolute timing, where individual zones can be targeted for radiometric dating (e.g. zircon
U-Pb analyses)
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provide a much greater chance to investigate locally preserved mineral do-
mains.

One central theme of this thesis is the use of oxygen isotopes to provide
information about the temperature of metasomatism (here, the temperature
of seafloor serpentinization at the Atlantis Massif) and the sources of flu-
ids involved in metasomatism (during high-pressure metamorphism of the
Lago di Cignana Unit). The oxygen isotope data is combined with other
light and volatile elements that are readily transported by fluids, and are
sensitive tracers for fluid infiltration, evolution and differentiation. These
selected elements include boron, halogens and noble gases. There has been
a great deal of recent interest in these elements, especially in the realms of
subduction and oceanic geochemistry (e.g. Marschall et al., 2009b; Yamaoka
et al., 2012; Kendrick et al., 2013; Harvey et al., 2014). Oxygen is a major ele-
ment within both terrestrial rocks and aqueous fluids, and oxygen isotopes
fractionate predictably as a function of temperature. Large fluid fluxes are re-
quired to shift bulk-rock oxygen isotope compositions. In contrast to oxygen,
boron is a trace to minor element in most geological systems, and partitions
strongly into fluids. Boron isotopes fractionate with temperature, but also
as a function of boron coordination (i.e. trigonal or tetrahedral coordina-
tion), resulting in a broad range in δ11B within the upper oceanic crust. The
integration of multiple geochemical proxies allows for more robust geolog-
ical interpretations. The use of multiple approaches allows for differential
sensitivity between element and isotope systems. For example, oxygen iso-
topes provide constraints on bulk-scale metasomatism and re-equilibration,
whereas boron and boron isotopes are much more sensitive to infiltration
of small amounts of fluids, which are typically enriched in boron relative
to the source lithology. Similarly, a comparison of fluid immobile elements
between two lithologies can distinguish differences in protolith composition,
whereas a comparison of fluid mobile elements is more sensitive to the ex-
tent and nature of alteration. Additionally, enrichments in specific element
abundances and isotope compositions are characteristic of particular reser-
voirs (e.g. Ba, Sr are typically derived from sediments and seawater, while
Cr, Ni and high 40Ar/36Ar, 3He/4He values are typical of mantle composi-
tions).

This investigation targets mineral phases which can be reliably linked to
the presence of metamorphic fluids; this includes garnet, tourmaline (within
the UHP Lago di Cignana Unit) and a selection of hydrous phyllosilicates
(phengite at Lago di Cignana, and serpentine within the Atlantis Massif
serpentinites). In rocks experiencing subduction and high integrated fluid
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fluxes, robust minerals such as tourmaline and garnet can be used to provide
reliable geochemical information; other minerals which are more easily re-
equilibrated can be used to provide narrow windows into composition and
timing of discrete geological events or conditions.

1.3 Research Localities

This thesis combines investigations on two field localities as proxies for
stages of the subduction water cycle: the Atlantis Massif on the Mid-Atlantic
Ridge and the Zermatt-Saas Ophiolite in the Western Italian Alps.

The Atlantis Massif is an inactive oceanic core complex located at 30
◦N

on the Mid-Atlantic Ridge, formed through exhumation of a large gabbroic
pluton along an oceanic detachment fault over the past 2 Ma (Blackman et al.,
2002; Grimes et al., 2008; Blackman et al., 2011; Schoolmeesters et al., 2012).
The core complex is within the inside corner of the slow-spread Mid-Atlantic
Ridge and Atlantis Transform, and is principally the exposed detachment
fault surface (Figure 3b-c; Karson et al., 2006). The Massif consists of a stri-
ated gabbroic central core adjacent to the serpentinite-dominated Southern
Wall (Blackman et al., 2002, 2011), atop which the Lost City Hydrothermal
Field is found (Figure 3; Kelley et al., 2001; Früh-Green et al., 2003). A thin
layer of biogenic carbonate dominated sedimentary material covers the mas-
sif, typically overlying brecciated basalts and/or serpentinites (Früh-Green
et al., 2016b). The investigation described within this thesis was conducted
on samples recovered during IODP Expedition 357, which involved shallow
seafloor drilling along an East-West transect along the Southern Wall, recov-
ering lithologies dominated by serpentinites and dolerites, talc-amphibole
schists and minor gabbro. The Massif is a well-studied example of altered
slow-spread lithosphere, in which many lithologies have been extensively
hydrated. The complex deformation, magmatic and hydrothermal history,
translating to locally high degrees of heterogeneity, make it an ideal target
for in-situ geochemical analysis.

The Zermatt-Saas Ophiolite, including the Lago di Cignana Ultra-High
Pressure Unit, originated on the Jurassic seafloor in the Ligurian Western
Tethys as the outermost part of the extended Adriatic margin, in a set-
ting analogous to the modern Iberian margin (Figure 4; Bearth, 1967, 1976;
Rubatto et al., 1998; Li et al., 2004; Beltrando et al., 2014). The Lago di
Cignana unit represents sequences found in the uppermost sections of the
Jurassic altered oceanic crust, and is thought to preserve the interface be-
tween mafic crust and overlying seafloor sequences (Reinecke, 1991; van der
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Figure 3: a) Location of the Altantis Massif along the Mid-Atlantic Ridge. Other
known hydrothermal systems are shown in black (Kelley et al., 2001). b) Bathymetry
in the vicinity of the Atlantis Massif highlighting the major structural features (Früh-
Green et al., 2016b). c) Diagrammatic cross-section of the structure and overall
petrology of the Atlantis Massif looking from the Atlantis Transform Fault towards
the Lost City Hydrothermal Field (LCHF; redrawn and modified after Blackman
et al., 1998; Tucholke et al., 2008; Boschi et al., 2008). Numbers above the Massif
surface refer to IODP Expedition 357 Sites.

Klauw et al., 1997; Reinecke, 1998; Compagnoni and Rolfo, 2003; Groppo
et al., 2009). Spreading was not so established to reach a true ’oceanic’
stage, and the lithologies found within the Penninic ophiolites consists of
metamorphosed equivalents to those found on slow spread centres - ser-
pentinites, metabasalts and metagabbros. Abyssal peridotitic material was
exposed near the Jurassic seafloor and subsequently serpentinized (Li et al.,
2004, and references therein). In this sense, the tectonic environments of the
Zermatt-Saas serpentinites and the Atlantis Massif are relatively similar. Ad-
ditionally, as a relatively shallow basin in the Jurassic, biogenic sediments are
common cover sequences. The presence of Mn-rich metasedimentary units
attests to hydrothermal activity on the Jurassic seafloor. Coincidentally, the
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beginning opening of the Atlantic would signal the demise of the Western
Tethys, and eventually form the Atlantis Massif. Eocene oblique subduc-
tion of the oceanic domain began in response to northward movement of
the African plate, and the preserved ophiolitic units experienced high pres-
sure metamorphism during Eocene collision of the Adriatic margin with the
Briançonnais terrane (Beltrando et al., 2010a). The Lago di Cignana Unit
is the deepest subducted complete oceanic section (reaching at least 620°C
and 2.7 GPa, relevant for investigation of sub-arc slab processes; Reinecke,
1998; Groppo et al., 2009), with relatively undisturbed relationships between
lithologies and generally well preserved high pressure assemblages. This lo-
cality is an ideal natural laboratory to investigate subduction metamorphic
processes and geochemical interaction between units within the uppermost
sections of the oceanic lithosphere.
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1.4 Formation and Alteration of the Oceanic Crust

The oceans cover approximately 70% of the Earth’s surface, but of the ocean’s
depths comparatively little has been explored in detail. For example, satel-
lite gravitational imaging has produced near-complete seafloor bathymetric
maps with a resolution of approximately 5 km (e.g. Sandwell et al., 2014),
but detailed imaging of the seafloor (at scales <100 m) lags behind that for
Mars, Venus and the moon. The oceanic crust and upper mantle are rela-
tively ’dry’ - Mid-Ocean Ridge Basalt (MORB) melts preserved as quenched
glass contain on average 0.2 wt% H2O (Michael, 1995), and the depleted
mantle is thought to contain on the order of 100-200 µg/g H2O. (Michael,
1995; Workman and Hart, 2005; Palme and O’Neill, 2014; Staudigel, 2014).
Hydration reactions within mafic and ultramafic crust incorporate bound
water of up to several weight percent in the upper sections of the altered
crust (Staudigel, 2014, and references therein). Alteration is most intense in
young, warm crust - as the crust ages, cools, and is covered by sediments,
the hydrothermal activity wanes (Staudigel, 2014).

Worldwide, two general morphologies of oceanic crust are found, which
are distinguishable on large scale by spreading rate (Figure 5, Bach and Früh-
Green, 2010; Müller et al., 2008). The differences in spreading rate are found
with differences in spreading mechanism, crustal thickness and in turn the
lithologies exposed near the seafloor. This in turn influences potential al-
teration reactions and the nature of hydrothermal systems observed on the
seafloor. Fast spread centres generate crust with a layered structure similar
to that proposed on the basis of ophiolitic sequences at the 1972 Penrose
Conference. Fast spread crust has an average thickness of ≈7 km, and forms
where magmatism is sufficient to produce crust at the rate of spreading.
Slow and ultra-slow spreading centres (full spreading rates of <20 mm yr-1

and 12 mm y-1, respectively; Dick et al., 2003) make up a 30% of spreading
centres worldwide, and typically exhibit irregular thickness and lithological
distribution, low magma supply rates and extension partially to fully ac-
commodated by oceanic detachment faults (which can develop into oceanic
core complexes; Dick et al., 2003; Dick, 1989; Cannat et al., 2006; Bach and
Früh-Green, 2010; Escartı́n et al., 2017). Oceanic core complexes - such as the
Atlantis Massif - are common along slow-spreading ridges, and are thought
to form through strain localisation around large intrusive gabbroic bodies
eventually resulting in the exhumation of a gabbroic core surrounded by
deformed serpentinites (Blackman et al., 1998; Ildefonse et al., 2007). Slow-
spread ridges exhibit high potential for hydration due to two factors: i) they



12 Introduction

consist largely of a large proportion of mantle-derived material, which is hy-
drated to form serpentine minerals and ii) a significant proportion of spread-
ing occurs via extensional detachment fault systems, continuously providing
fresh material through exhumation in a ’conveyor belt’ fashion.

Figure 5: a) Structural features of fast and slow spreading ridges (after Bach and
Früh-Green, 2010). b) Oceanic crustal age, illustrating the bi-modality of spreading
rate between slower spreading centres associated with passive margin boundaries
(e.g. Atlantic and Southwest Indian Ridge) and faster spreading centres associated
with oceanic basins terminated by convergent margins (e.g. Pacific and Southeast
Indian Ridge; Müller et al., 2008).

Hydration reactions, seafloor structure and thermal flux combine to gen-
erate seafloor hydrothermal systems. Seafloor hydrothermal systems can
generally be described by high-T (>300 °C) and low-T (typically maximum
200 °C) endmembers (e.g. Mével, 2003). High temperature systems likely
require the presence of an active or recent magmatic system at depth as a
heat source (either gabbros or dyke systems), and are commonly localised on
faults or high-permeability zones (Mével, 2003; Schmidt et al., 2007; Ander-
son, 2014; McCaig et al., 2013). Within slow-spread crust, further subdivision
can be made based on lithology. For example, between basalt and ultramafic-
hosted systems, which correspond to different evolutionary stages of ex-
humation along oceanic detachment faults (e.g. basalt-hosted trans-Atlantic
geotraverse hydrothermal field ’TAG’ vs. ultramafic-hosted Rainbow; Mc-
Caig et al., 2007). Magmatic bodies interacting with circulating fluids can
contribute to the hydrothermal fluids at both slow- and fast-spreading ridges.
These hydrothermal systems commonly vent through black smokers, which
release metal-rich hydrothermal fluids onto the seafloor and are capable of
generating ore deposits (e.g. near seamounts and the spreading axis at the
East Pacific Rise, and at the slow-spread ultramafic TAG system; Fouquet
et al., 1996; Rona et al., 1993; Humphris et al., 1995).
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Actively serpentinizing environments are often associated with low tem-
perature hydrothermal systems. While serpentinization is an exothermic
process and can act to prolong hydrothermal circulation, the bulk of heat
necessary to drive hydrothermal circulation is typically derived from nearby
hot crustal components (e.g. lithospheric units which remain hot, such as the
gabbroic core at the Atlantis Massif; Allen and Seyfried, 2004; Titarenko and
McCaig, 2016)) or magmatic systems at depth (Lowell, 2013). In these low
temperature systems, seafloor venting is typically associated with carbonate-
brucite assemblages in either diffuse fields or localised chimney systems
(e.g. the Lost City Hydrothermal Field; Kelley et al., 2001). These vents
host unique microbiological communities (Kelley et al., 2005; Brazelton et al.,
2006); the hydrothermal systems are a postulated analogue for both the ori-
gins of early terrestrial life (Sleep et al., 2011; Martin et al., 2008), and ex-
traterrestrial life (Müntener et al., 2010; McCollom and Seewald, 2013; Holm
et al., 2015).

Serpentinization hydration reactions are a key part of the global water cy-
cle, and the geochemical investigation of serpentinization processes provides
constraints not only on the composition of seafloor rocks but also related
hydrothermal and biological systems. Serpentinization of exposed mantle
peridotites results in significant incorporation of water (up to 13 Wt%), in
addition to significant enrichment in a suite of fluid-mobile trace elements,
including Cl, B, Sr, U, Sb, Rb and Cs ± Li (Kodolányi et al., 2012; Deschamps
et al., 2013). Serpentinization can be summarised as the hydration of magne-
sium silicates (olivine, orthopyroxene) to form serpentine minerals. Typical
accessory minerals include magnetite and brucite or talc (Mével, 2003). The
formation of magnetite can also involve the formation of free hydrogen (Mc-
Collom and Seewald, 2013), although this likely occurs as a secondary oxi-
dation reaction after initial serpentinization stages (Frost and Beard, 2007).
In general, serpentinization of olivine (Eqn. 1) and orthopyroxene (Eqn. 2)
proceed as follows:

(Mg, Fe)2SiO4
Olivine

+ H2O =⇒ (Mg, Fe)3Si2O5(OH)4
Serpentine

± ( Fe3O4
Magnetite

+ H2)

±Mg(OH)2
Brucite

(1)

(Mg, Fe)2Si2O6
Orthopyroxene

+ H2O =⇒ (Mg, Fe)3Si2O5(OH)4
Serpentine

± ( Fe3O4
Magnetite

+ H2)

±Mg3Si4O10(OH)2
Talc

(2)
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During these reactions, multi-stage serpentinization textures are com-
monly formed (e.g. Figure 6). One typical texture of seafloor serpentiniza-
tion is the formation of a mesh texture, where serpentinization progresses
from fine cracks to partially consume olivine, forming an interconnected
network of veins commonly delineated by magnetite along vein centres (on
scales of tens to hundreds of micron, Figure 6). Olivine relicts are com-
monly serpentinized during a second stage of fluid infiltration, where the
serpentine mesh exhibits a core-rim structure. The mesh components are
commonly formed over a range of geological conditions, and may be com-
posed of more than one serpentine polymorph.

Ol

Opx

Ol

Opx

Ol

Opx

Bastite

Ol
Ol

Ol

Figure 6: Textural sequence associated with progressive serpentinization in harzbur-
gites (above) and dunites (below). Figure modified after Miyoshi et al. (2014), with
Atlantis Massif serpentinite examples shown on the right.

Serpentine has three main polytypes: lizardite, chrysotile and antigorite.
While serpentine polytypes cannot be used to definitively identify geologi-
cal conditions (e.g. lizardite-antigorite mesh textures; Schwartz et al., 2013),
the stability relations between these polymorphs are particularly sensitive
to temperature (Figure 7, Schwartz et al., 2013; Mével, 2003; Evans, 2004;
O’Hanley et al., 1989). Seafloor serpentinites are commonly dominated by
lizardite and contain varying abundances of chrysotile (Mével, 2003). Antig-
orite is rarely found in seafloor serpentinites, but has been previously de-
scribed from a number of localities (Mével, 2003). Serpentinization of or-
thopyroxene is commonly observed to form pseudomorphic oriented ser-
pentine termed a bastite (Wicks and Whittaker, 1977; Dungan, 1979).

Serpentinites are a significant part of the altered oceanic lithosphere,
but represent a relatively small areal fraction of the global seafloor. Al-
though locally serpentinites can dominate basement lithologies (e.g. Can-
nat et al., 2006, 2010; Dick et al., 2003; Escartı́n et al., 2008), the predom-
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Figure 7: Approximate phase relations between serpentine polymorphs under low-
pressure conditions (Mével, 2003). Temperature ranges over which each polymorph
may be dominant are shown above.

inance of serpentinite-poor fast-spread crust suggests that overall serpen-
tinites are only a minor component. Estimates across both slow and fast
spreading ridges based on exposed basement rocks, cored sections, geophys-
ical data and seafloor morphology indicate that serpentinites represent ap-
proximately 2.3–4.6% by volume of the oceanic basement (see Section 3. of
Alt et al., 2013, for an extended discussion and further references). Serpenti-
nite forming deeper in the lithosphere may also be volumetrically significant,
including serpentinization during slab bending processes (e.g. Ranero et al.,
2003; Lefeldt et al., 2012).

In addition to the alteration of the oceanic crust, hydrous minerals are
also deposited on the seafloor in the form of oceanic and terrigenous sed-
iments. Sedimentary geochemistry is largely determined by composition
and mineralogy, and is strongly influenced by the abundance of clays, ter-
rigenous detrital material and biogenic components (Plank, 2014; Plank and
Langmuir, 1998). Additionally, marine sediments contain appreciable car-
bon, and the subduction of sedimentary carbon has significant implications
for the geological carbon cycle (Kerrick and Connolly, 2001).

1.5 Subduction and Dehydration of Altered Oceanic Crust

Oceanic plates consumed at convergent margins consist of chemically het-
erogeneous subunits including serpentinites, altered mafic crust, sediments
and less altered lower-crustal components. The upper portions of oceanic
crust are often strongly altered, and have compositions which reflect their
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exposure to seawater - enrichments in incompatible and fluid mobile ele-
ments, systematic isotope enrichments and a high degree of hydration. Each
of these subunits will contribute differently to subduction geochemical cy-
cling; multiple fluid pulses corresponding to specific dehydration reactions
are expected within each lithology - with individual dehydration fluids ex-
hibiting a specific geochemical signature. A large fraction of subducted wa-
ter is expelled from sediments in the forearc region (Hacker, 2008), but many
metamorphic minerals contain significant fractions of bound water - includ-
ing micas, and serpentine and chlorite which contain approximately 13 wt%
H2O (Ulmer and Trommsdorff, 1995). The dehydration of hydrous minerals
releases significant fluxes of H2O, which also carry significant dissolved bud-
gets of fluid-mobile trace elements (Schmidt and Poli, 2014). Metamorphic
fluids have significant potential for transport of trace element and isotope
signatures both within the slab but also across the slab-mantle boundary;
deep fluids in particular can carry significant dissolved components (Her-
mann et al., 2006). Transport of metamorphic fluids through adjacent litholo-
gies can also induce metasomatism, and potentially generate ’hybrid’ geo-
chemical signatures (e.g. preferential leaching of LILE, U, Pb from metased-
imentary rocks Breeding et al., 2004). The timing and conditions of dehy-
dration reactions within the slab are moderated by P-T path taken by the
subducting plate (Figure 1; Schmidt and Poli, 2014). Of the phases present
in the metamorphosed altered oceanic crust, garnet is particularly abundant
across multiple lithologies at high pressure (especially metasediments and
eclogites). Garnet typically grows in the presence of a fluid phase and garnet
growth reactions commonly involve dehydration (e.g. Figure 8, Baxter and
Caddick, 2013), rendering garnet a relatively reliable proxy for dehydration
and potential tracer for fluid movement within the higher pressure regimes
of a subducting slab.

Studies of metamorphic assemblages and geochemistry within ophio-
lites and the trace element and isotopic geochemistry of arc magmatic suites
have enabled much evolution of thought regarding subduction zones over
the past few decades. In particular, investigations of trace element abun-
dances of arc magmas soon revealed potential links between the subducting
slab and the genesis of arc magmas (Pearce, 1983; Tatsumi, 1989; McCul-
loch and Gamble, 1991; Pearce and Peate, 1995; Tatsumi and Eggins, 1995).
Significant research was undertaken to understand the enrichment in large
ion lithophile elements (LILE) and depletion in high-field-strength elements
(HFSE, e.g. Thirlwall et al., 1994). Much of the local-scale metasomatic mass
transfer within subduction zones is thought to be facilitated by metamor-
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Figure 8: Correlated inverse relationship between garnet growth (modal abundance
in red) and bulk rock water content (blue) for MORB and pelitic compositions in
a cold geothermal gradient (equivalent to Honshu Arc; modified after Baxter and
Caddick, 2013). Intervals corresponding to specific dehydration reactions reactions
are shown as black bars. Note that modelled profiles use low temperature sub-
duction zone thermal structures suggested by Syracuse et al. (2010), and based
on revised thermal profiles may overestimate pressures of dehydration (Penniston-
Dorland et al., 2015).

phic fluids, which eventually cross the slab-mantle boundary and enable
flux-melting within the mantle wedge (Grove et al., 2012; Kimura and Naka-
jima, 2014), incorporating their dissolved element budgets into ascending
magmas. Many of the elements originally incorporated during seafloor hy-
dration are lost to metamorphic dehydration fluids (e.g. during serpentinite
dehydration B, Cl, Cs, Rb, Ba, Pb, Sr, As, Sb ± Li, U, and LREE are pre-
dominantly lost to fluid; Hattori and Guillot, 2003; Deschamps et al., 2013;
Spandler et al., 2014) or eventually sediment melts. The total incompatible
element budgets of subduction inputs are dominated by the altered oceanic
crust and sediments (especially for K, Cs, Rb, Ba, U, Th, Sr, Pb, Be, and LREE;
Ben Othman et al., 1989; Plank and Langmuir, 1993; Plank, 2014; Staudigel,
2014); with the notable exceptions including elements found predominantly
in serpentinites - including B, As, Sb and (variably) Li (Tenthorey and Her-
mann, 2004), and potentially Cl and I (Kendrick et al., 2013). Beyond the
generation of arc magmas, constraining potential slab contributions to far-
field mantle magmatism (OIBs, especially HIMU, e.g. Tanaka and Naka-
mura, 2005; Turner et al., 2007; Cabral et al., 2014) as well as deep-mantle
refertilization requires an understanding of the trace element and isotopic
signatures which are returned to the mantle within nominally anhydrous
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(and minor hydrous) minerals (e.g. Marchesi et al., 2013; Harvey et al., 2014;
Scambelluri et al., 2014).

1.6 Stable Isotopes

Stable isotopes can provide constraints on temperatures of equilibration and
fluid-rock interaction. Isotopes of a single element share the same chem-
ical properties (controlled by electronic structure). However, small differ-
ences nuclei mass induce variations in physical properties and formation
of isotope-specific bond energies, resulting in isotope fractionation (for oxy-
gen and boron, at the permille-level; Hoefs, 2009; Coplen et al., 2002). This
enables the fractionation of isotopes based on physiochemical conditions,
and in turn the ability to use isotopic compositions of materials to constrain
physiochemical conditions. Isotopic substitution in compounds will induce
changes in bonding energies. Equilibrium isotope fractionation results in
isotopes being distributed between phases such that total system energy is
minimised, with fractionation inversely proportional to temperature (Eqn. 5,
below) such that measured isotope compositions can provide information re-
garding temperatures of equilibration. The fractionation of isotopes during
non-equilibrium events (i.e. incomplete unidirectional processes; e.g. disso-
ciation reactions, diffusion) results in kinetic isotope effects based on differ-
ential kinetic energy between isotopes (at the same kinetic energy heavier
isotopes have lower momentum: EK = 0.5m · v2), which can have similar
and sometimes greater magnitudes than typical equilibrium effects (O’Neil,
1986).

Stable isotope ratios are expressed relative to a reference value using the
delta notation. The heavier isotope is conventionally used as the numerator
such that positive delta values indicate enrichment in the heavy isotope rel-
ative to the standard. For example, oxygen has three stable isotopes: 16O,
17O and 18O, which have relative abundances of 99.7, 0.04 and 0.21%, re-
spectively. The ratio between 16O and 18O (

18
16 O) is expressed as the relative

deviation from a reference ratio as δ18O (Eqn. 3, in dimensionless units of
per-thousand or permille - ‰, in this thesis referenced to Vienna Standard
Mean Ocean Water; Coplen, 1994).

δ18O =
(18O/16O)Sample − (18O/16O)Reference

(18O/16O)Reference
=

(18O/16O)Sample

(18O/16O)Reference
− 1 (3)
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Boron has two stable isotopes: 10B and 11B which have relative abun-
dances of 19.9 and 80.1 %, respectively; boron isotope compositions are ex-
pressed as δ11B (relative to NIST SRM951; NIST, 2011).

The fractionation factor αAB is defined as the enrichment of medium A
in an isotope compared to medium B (Eqn. 4). In some cases, the separation
factor - or ’isotope enrichment factor’ - εAB (αAB-1) is used in place of a
fractionation factor. For an isotope exchange reaction where the isotopes are
randomly distributed over all possible positions in two compounds A and B
(using oxygen isotopes as an example):

αAB =
(18O/16O)A

(18O/16O)B
(4)

During any atom-exchange process isotopes fractionate based on their
relative masses, with the degree of isotope fractionation proportional to en-
vironmental parameters, typically dominated by the temperature-related iso-
tope effect. As a relationship can be derived between the degree of isotope
fractionation and temperature (Equation 5), the isotope system can be used
as a geothermometer. Most thermometry models are based on empirical
models derived from experimental work, and complemented with theoreti-
cal models. The form of temperature dependence of mass-dependent isotope
fractionation factors‡, and the suggested theoretical equivalent (after Urey
and Rittenberg, 1933; Bigeleisen and Mayer, 1947; Urey, 1947; Bigeleisen,
1996, 1998; Fujii et al., 2009) are as follows:

1000 · ln(α) = 103 · C
TK

+
106 · D

T2
K

(5)

1000 · ln(α) = 1000 · a ·
[ h̄

kTK
v f s

]
+ b ·

[ 1
24

( h̄
kTK

)2 δm
m ·m′

]
(6)

Where coefficients C, D are constants for a given isotope system, and h̄,
k, TK are the reduced Planck constant, Boltzmann constant and temperature
in Kelvin, respectively; the terms a and b are scaling factors, which are able
to be determined by ab initio methods. The second term is proportional to
the mass difference over the mass product of the isotopes δm/(m·m’), and
is the mass-dependent isotope fractionation. The first term is the nuclear-
field shift isotope effect, where v f s is the vibrational frequency corrected for

‡ Such quantities are typically multiplied by factors of 1000 to provide convenient equivalents
to measures of isotope compositions in units of permille.
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the field shift. Overall, this term is considered a second-order correction to
the total isotope fractionation; the mass independent fractionation will be
significant only in high-mass isotopes and at high temperatures.

Combined with a mass balance measure, fractionation models (based on
experimental and/or computational data) can be used to provide constraints
on temperatures and water/rock ratios during fluid-rock interaction events.
In this study, measured oxygen isotope ratios are used to reconstruct both
alteration conditions (assuming fluid source) and fluid sources (assuming an
exchange temperature). For example, under a closed system mineral-fluid
reaction model, simple oxygen isotope model constraints for i) mass balance
(Eqn. 7) and ii) equilibrium fractionation (Eqn. 8):

δ18OH2O+Mineral ·mH2O+Min = δ18OH2O ·mH2O + δ18OMineral ·mMin (7)

δ18OMineral = δ18OH2O − 1000 · ln(αH2O−Mineral) (8)

1.7 Aim and Objectives

This thesis aims to utilise in-situ and small-scale mineral geochemical anal-
ysis to constrain fluid-mediated geochemical processes. Focusing on critical
hydration and dehydration reactions in the altered oceanic lithosphere, tar-
geted analysis of mineral and textural zonation has produced time-resolved
geochemical records. The principal analytical techniques utilised include
Secondary Ion Mass-Spectrometry (SIMS) , Laser-Ablation ICP-MS and no-
ble gas mass spectrometry. These are complemented by scanning electron
microscopy (SEM), electron microprobe analysis (EMPA) and Raman spec-
troscopy for phase identification and characterisation. The key character-
istics of this investigation are fine-scale geochemical analysis and use of
fluid-mobile and volatile elements to investigate fluid-rock interaction. The
potential of in-situ analysis to expose new geological information relevant
to large-scale geochemical cycling within heterogeneous lithologies is high-
lighted.

The magmatic and exhumational history, modern hydrothermal activity
and associated microbiological communities of the Atlantis Massif have all
been previous foci of investigation (Kelley et al., 2001; Früh-Green et al., 2003;
Kelley et al., 2005; Blackman et al., 2011; Denny et al., 2016; Früh-Green et al.,
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2018). Hydrogeochemical modelling has been conducted based on serpen-
tinite geochemistry and modern thermal gradients (e.g. Foustoukos et al.,
2008; Seyfried et al., 2015; Titarenko and McCaig, 2016), but comparatively
little is known about deeper or earlier hydrothermal systems. This is partic-
ularly true of the evolution of hydration within the detachment fault zone
during exhumation of the massif, and the relationship to structural and mag-
matic phases. The aim of the current study is to provide better constraints on
the sequence of hydration stages which have occurred at the Atlantis Massif,
the range of temperatures over which these have occurred, and the likely
fluid pathways.

The petrology, geochemistry and metamorphic histories of the Lago di
Cignana ophiolite have all been investigated in some detail over the previous
few decades (e.g. Reinecke, 1991; van der Klauw et al., 1997; Reinecke, 1998;
Reinecke et al., 2000; Bebout et al., 2013; Cook-Kollars et al., 2014). More
recently, the discovery of significant (>10 ‰) zonation in garnet δ18O values
from core to rim within Lago di Cignana metasediments (Rucinski-Stanek,
2013) prompted a reassessment of the fluid interaction history, and with it
also the latter stages of the metamorphic history. Here I aim to complement
previous research to investigate records of fluid cycling in more detail, link-
ing major element, trace element and stable isotope mineral records. I aim
to constrain the sources, pathways and relative volumes of fluids interacting
with the Lago di Cignana metasediments, including those originating within
the Lago di Cignana Unit, and those generated externally. In particular, I
test the viability of metasomatism within the Lago di Cignana Unit being
induced by fluids produced through dehydration reactions in nearby units
within the Zermatt Saas Ophiolite (metabasalts, metagabbros, and serpen-
tinites; the latter of which exhibit distinctly lower δ18O values).

1.8 Thesis Structure

The introduction to this thesis is followed by five independent chapters writ-
ten principally in the style of manuscripts, in preparation for submission
to peer reviewed journals. The first two chapters include investigations of
seafloor hydration and the next three chapters focus on method develop-
ment and what happens to oceanic lithosphere during subduction dehydra-
tion. Following the results chapters, the major contributions from the thesis
are brought together in a brief conclusion, where a synthesis of implications
for each of the studied field localities are presented. A brief summary of
each chapter is given below:
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2. Microscale Oxygen Isotope Investigation of Multistage Serpentiniza-
tion at the Atlantis Massif

This manuscript discusses the in-situ geochemical analysis of At-
lantis Massif serpentinites and the implications for understanding the
conditions of serpentinization and potential links to the Lost City Hy-
drothermal Field. While knowledge of the modern hydrothermal sys-
tem is growing (largely based on vent fluids and hydrogeochemical
modelling), the evolution of the deeper hydrothermal circulation within
the detachment fault system is relatively poorly constrained. This in-
vestigation aimed to characterise the evolution of temperatures and
chemical characteristics of serpentinization within the Atlantis Mas-
sif hydrothermal system through targeted analysis of δ18O and trance
elements within different generations of serpentine textures. Multiple
stages of serpentinization are observed, with evidence from oxygen iso-
tope and fluid mobile trace elements suggesting that the dominant ser-
pentinization stages have occurred at high temperature (up to min. 330

°C) and high integrated water/rock ratios. Serpentinization is inferred
to have occurred at depth within the detachment fault system, and
may be only distally related to the Lost City Hydrothermal Field. In-
situ geochemical analyses reveal information which is consistent with
previous investigations, but has elucidated far greater detail about the
evolution of alteration within the Massif.

3. Factors Controlling Halogens and Noble Gases in Serpentinised Peri-
dotites from the Atlantis Massif (30◦N Mid-Atlantic Ridge)

This manuscript details noble gas and halogen analyses of serpen-
tinites, hydrated gabbros and talc-amphibole-chlorite schists from the
Atlantis Massif and the factors which may control the abundances and
relative abundance ratios of these elements. The study aimed to pro-
vide an estimate of halogen and noble gas abundances and their vari-
ability within serpentinite-dominated oceanic lithosphere forming at
a slow-spread mid-ocean ridge, and test whether seawater-like halo-
gen abundance ratios are preserved in serpentinites far from sedimen-
tary sources. The data are compared and contrasted to other lizardite-
chrysotile serpentinite localities worldwide , with potential causes of
geochemical differences such as sediment influences, serpentinization
temperatures and crustal ages discussed. Variation within the Mas-
sif is discussed with reference to likely controlling mechanisms, and
particularly to alteration magnitude, distribution and style. Atlantis
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Massif samples contain low abundances of halogens and noble gases,
and in contrast to other seafloor serpentinite localities, the Atlantis
Massif serpentinites retain Br/Cl close to seawater and mantle values.
Talc-amphibole-chlorite schists have halogen abundance ratios which
appear to be controlled by partitioning into amphibole, and exhibit no-
ble gas fractionation patterns intermediate between seawater and the
mantle. Low abundances of halogen and noble gas within altered rocks
at the Atlantis Massif are likely the result of high water/rock ratios.

4. Tracing Fluid Infiltration in an Ultra-High Pressure Subducted Oceanic
Section: Garnet Records of Metasomatism

This chapter describes in-situ major element, trace element and
oxygen isotopic analysis of eclogitic and metasedimentary garnets from
a section of subducted upper oceanic crust at Lago di Cignana in the
Western Italian Alps. The investigation was conducted principally to
identify and characterise episodes of prograde fluid production/infil-
tration within the composite upper oceanic crustal section, and to pro-
vide an integrated view of fluid cycling and mass transfer within the
upper-oceanic lithosphere during prograde subduction. In-situ oxy-
gen isotope analyses were performed on garnet from Lago di Cignana
metasediments (eight) and eclogites (three), in addition to antigorite
within Zermatt-Saas serpentinites (nine). Multiple garnet forming re-
actions have generated individual garnet growth zones, with correla-
tions between garnet major element and δ18O compositions observed
within and between samples (e.g. to pyrope normative content). Outer
growth zones within a few samples exhibiting variable δ18O values
and evidence for multiple stages of metasomatism and infiltration of
externally derived fluids with low δ18O. In phengite schists in-situ gar-
net oxygen isotope analyses point to sequential infiltration of fluids
from mafic/ultramafic and ultramafic sources, with the nearby Zer-
matt Saas Serpentinites being a likely source of fluid with suitably low
δ18O. Garnet oxygen isotope records of fluid infiltration are distributed
heterogeneously throughout the unit, and suggest channelisation to-
wards the upper and lower boundaries. Links to previously published
investigations of fluid infiltration and devolatilisation within the unit
are assessed.

5. In-situ Boron Isotopes using SHRIMP: Method Development

This chapter details the development of boron isotope analyses
on SHRIMP II at the ANU, including the development and testing pro-
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cesses undertaken, and analytical results on a range of natural and syn-
thetic materials. The development was undertaken to facilitate accu-
rate and precise boron isotope analyses of tourmaline and other boron-
rich phases necessary for the study described in the following chapter.
Single-collector analyses have been conducted on natural (MPI-DING)
and synthetic (NIST) glasses (2.5 to 500 µg/g boron), and a range
of hydrous minerals including serpentine and phengite (likely abun-
dance range of <0.5 µg/g to 500 µg/g). Multi-collector analyses have
been conducted on tourmaline and phengite, with an established mea-
surement routine for tourmaline documented. Under this optimised
configuration, repeated 5-6 minute multi-collector boron isotope mea-
surements of the reference tourmaline B4 have repeatability of ± <0.5
‰ (2σ). Matrix biases between established reference materials were
quantified for a selection of reference glasses (NIST, MPI-DING; range
in bias of 5 ‰) and a selection of reference tourmalines (with com-
positions intermediate between schorl and dravite; range in bias of 3

‰). Analyses of phyllosilicates with intermediate boron abundances
(e.g. phengite and serpentine, using two proposed reference materi-
als) show sufficient repeatability to distinguish geological variation in
natural high-pressure metamorphic suites.

6. Boron Isotope Heterogeneity in Tourmaline, Phengite and Serpen-
tine from Subducted Oceanic Lithosphere: Implications for Fluid
Exchanges within the Slab

This chapter focuses on the boron isotope variations observed in
metasedimentary tourmaline at Lago di Cignana, and touches on boron
isotope measurements conducted on phengite and serpentine. The in-
vestigation of boron isotope compositions within and between litholo-
gies in the Lago di Cignana unit was undertaken to provide further
perspective on fluid production and infiltration within the unit (i.e. a
more sensitive measure than oxygen isotopes, which require high fluid
fluxes to modify), and investigate the potential significance of variabil-
ity in boron isotopes preserved across the crustal section. The mag-
nitude of heterogeneity (tourmaline δ11B values of -15 to +5 ‰) and
trends in geochemistry are discussed relative to the likely sedimentary
protolith compositions and metamorphic history of the unit. The tour-
maline δ11B compositions are compared to systematics of δ18O values
in garnets from the same units (Chapter 4); the implications for under-
standing fluid production and infiltration processes are presented. Lo-
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calised variations of metasediment δ11B values likely reflect protolithic
mineralogical variation, and potentially also resultant changes in pro-
grade fluid losses during or before initial tourmaline formation. Tour-
maline rims are typically isotopically lighter than tourmaline cores,
consistent with incorporation of boron derived form phyllosilicates
micas. Phengite from within nearby eclogitic units suggests infiltra-
tion of fluids from a high δ11B source (with estimated δ11B of +28 ‰),
with the Zermatt Saas serpentinites being one candidate. The preser-
vation of a significant degree of boron isotope heterogeneity within
metasediments at 2.7 GPa suggests that these boron-rich, variable δ11B
signatures may be carried into deeper sections of subduction zones by
metamorphic tourmaline (beyond 4 GPa and 800°C) and potentially
partially retained within the recycled slab.
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M U LT I S TA G E S E R P E N T I N I Z AT I O N AT T H E AT L A N T I S
M A S S I F

Abstract

Oceanic serpentinites are key components of the altered oceanic lithosphere,
with significance to tectonics, long-term geochemical cycling and potentially
the formation of early terrestrial life. The geological environment of ser-
pentinization exert strong controls on the geochemistry of serpentinites and
the dynamics of serpentinite-hosted hydrothermal systems. Bulk rock anal-
yses are commonly used to constrain hydrothermal processes within the
altered oceanic lithosphere, but average out microscale heterogeneity. Here
we present in-situ oxygen isotope and trace element analyses of serpentinites
to resolve the geochemical evolution of serpentinization processes at the At-
lantis Massif at a much finer scale than has been achieved previously.

Lizardite-chrysotile serpentinites from the Atlantis Massif exhibit mul-
tistage serpentinization textures (veinlets, serpentine mesh, bastites), with
correlated microscale isotopic heterogeneity. Correlations between oxygen
isotope composition and Site location/sample depth are minor, and hetero-
geneity is principally seen at the intra-sample to inter-sample scale. Fine
chrysotile and lizardite veinlets through relict olivine and orthopyroxene
have δ18O values of +1.4 to 4.5‰. In samples where serpentinization is more
established, mesh serpentine has δ18O values between -0.5 to +5.5‰, bastites
range from -0.1 to +4.7‰ and both are cut by serpentine veins with δ18O val-
ues of 0.0 to +3.8‰. Differences in mean measured δ18O values between
serpentine polymorphs are suggestive of variable temperature and/or wa-
ter/rock ratios during serpentinization. Estimated minimum temperatures
for serpentinization range from 150 to >350°C, but are sensitive to assump-
tions made about the water-rock ratio. The formation of serpentine veinlets
through olivine-orthopyroxene clasts within a gabbro-impregnated harzbur-
gite suggests that hydration occurs at significant depth (gabbros intruded
over variable depths, but potentially at approx. 7 km). The transition in
serpentinization textures from veinlets and serpentine mesh to veining, to-
gether with high abundances of seawater-derived fluid mobile elements (B,
U) relative to seawater suggest that the latter stages of serpentinization oc-
curred at high integrated fluid fluxes. Given the similar range of estimated
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serpentinization temperatures (150–350°C) across textures and generations
of serpentine, serpentinization is likely to have occurred within a circulation
system at depths of a few km within the detachment fault. Estimated ser-
pentinization temperatures are consistent with previous temperatures from
bulk-rock δ18O data, but significant microscale heterogeneity in δ18O compo-
sition suggests fluctuations in temperature, which are not revealed by bulk
rock analyses. The serpentinization environment of the detachment fault of
the Atlantis Massif is within the depth range corresponding to fault-related
seismicity elsewhere in the Atlantic, and at optimal temperatures for the
production of hydrogen, which may later be vented at the Lost City Hy-
drothermal Field.

2.1 Introduction

Serpentinites are carriers of significant quantities of water in the geological
water cycle. Serpentinites formed from exhumed mantle rocks are common
features of slow-spread mid-oceanic ridges (Cannat, 1993; Dick et al., 2003),
and host unique hydrothermal systems supporting seafloor microbial com-
munities (e.g. the Lost City Hydrothermal Field; Kelley et al., 2005; Brazelton
et al., 2006). Serpentinization results in the incorporation of vast quantities
of water and can facilitate significant enrichment of incompatible and fluid
mobile elements within altered oceanic lithosphere (e.g. Li, B, Cl, Sr, S, noble
gases; Deschamps et al., 2013; Kendrick et al., 2013; Debret et al., 2014; Debret
and Sverjensky, 2017). Water and fluid-mobile elements incorporated on the
seafloor are largely released during subduction dehydration, but a small por-
tion is retained to be recycled into the mantle (Ulmer and Trommsdorff, 1995;
Hacker, 2008; Rüpke et al., 2004). Furthermore, serpentinites are of further
note because they exert control on the redox state of the subducting plate,
and release particularly oxidising fluids at depth (Evans et al., 2017; Debret
and Sverjensky, 2017; Merkulova et al., 2017). The geological conditions un-
der which serpentinites form influences their mineralogy and geochemistry,
with a number of processes sensitive to temperature (e.g. the formation of
magnetite, which allows hydrogen formation on the seafloor and the release
of oxidising fluids during subduction; Moody, 1976; Mével, 2003; McCollom
et al., 2016). Here we investigate the geological conditions and fluid com-
positions involved in multistage serpentinization of the Atlantis Massif core
complex at 30

◦N on the Mid-Atlantic Ridge.
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Ultramafic lithosphere exposed on the seafloor is commonly extensively
serpentinized. Abyssal serpentinites are important components of the al-
tered oceanic lithosphere which are formed via the serpentinization of ex-
humed mantle peridotite at slow (1 to 5 cm yr-1) to ultraslow (<2 cm yr-1)
spreading centers, which together represent more than a third of modern
ridge systems (Dick et al., 2003). Serpentinization of abyssal peridotites, such
as along detachment faults, is often complex and multi-stage. Serpentiniza-
tion typically begins at higher temperatures (300-500°C, Mével, 2003), and
in some cases serpentinite-hosted hydrothermal circulation systems are es-
tablishment at intermediate to shallow depths (Boschi et al., 2008; Andreani
et al., 2007; Rouméjon et al., 2015; Früh-Green et al., 2004). Serpentinization
is generally not isochemical (i.e. simple hydration, Malvoisin, 2015), and it is
associated with a significant increase in rock volume, which generates stress
and can further propagate fracture networks (Mével, 2003; O’Hanley, 1992).
Serpentinization typically involves some net transport of major elements,
and serpentine can incorporate a suite of fluid-mobile trace elements (e.g.
Deschamps et al., 2013; Kodolányi et al., 2012; Frisby et al., 2016). Serpen-
tinization drives fluid silica activities to extremely values, and favours the
formation of magnetite and dissolution of diopside, facilitating evolution to-
wards reducing, high-pH fluids (Frost and Beard, 2007; Frost et al., 2008).
The volume changes during serpentinization have implications for the pre-
dicted rate, extent and style of serpentinization (O’Hanley, 1992; Shervais
et al., 2005). While serpentinization is typically assumed to be limited by
the volume increase of reaction, serpentinization has also been shown to re-
sult in the progressive increase in nanoscale porosity, facilitating extensive
hydration (Tutolo et al., 2016; Schwarzenbach, 2016). The formation of mesh-
textured serpentinites likely begins along microfractures formed through
tectonic and/or thermal processes, at variable rates and with spatially het-
erogeneous distribution (Rouméjon and Cannat, 2014). The sequence of ser-
pentinization events in abyssal serpentinites is closely linked to their tectonic
history, especially for serpentinites exhumed along detachment faults (e.g.
Dilek et al., 1997; Andreani et al., 2007).

The serpentinization of olivine and orthopyroxene proceed via different
mechanisms (see Equations 9, 10 below), likely proceed at different rates,
and may occur under different conditions (e.g. hydration of pyroxene is
faster than olivine above 250°C; Bach et al., 2004; Evans, 2008; Pens et al.,
2016). The activity of Al exerts a strong control on the kinetics of serpen-
tinization (Andreani et al., 2013; Pens et al., 2016): Al dramatically increases
the rate at which lizardite is formed after olivine, while low Al activities en-
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hance the serpentinization of orthopyroxene (Pens et al., 2016). Aluminium
speciation and solubility is strongly influenced by pH (with minimum solu-
bilities at surface conditions near pH 7), and as such the interplay between
influx of seawater (pH 8.2) and serpentinization (which increases fluid pH)
may have additional bearing on sequence of serpentinization textures.

3 ·Mg2SiO4
Olivine

+ SiO2
Silica

+ 4 ·H2O⇐⇒ 2 ·Mg3Si2O5(OH)4
Serpentine

(9)

3 ·Mg2Si2O6
Orthopyroxene

+ 4 ·H2O⇐⇒ 2 ·Mg3Si2O5(OH)4
Serpentine

+ 2 · SiO2
Silica

(10)

Additionally, serpentinization of olivine to form magnetite and iron-
depleted, Fe3+ – bearing serpentine (Moody, 1976; Klein et al., 2009; Evans,
2010; Andreani et al., 2013) can result in the formation of hydrogen (Eqn 11

below; McCollom et al., 2016). This oxidation reaction occurs at intermediate
to high temperatures, and is most efficient between 200-315°C (McCollom
and Bach, 2009).

6 · (Mg, Fe)2SiO4
Olivine

+ 7 ·H2O⇐⇒ 3 · (Mg ↑, Fe ↓)3Si2O5(OH)4
Serpentine

+ 3 · Fe3O4
Magnetite

+H2

(11)
Hydrogen formed can then form methane and higher molecular weight hy-
drocarbons through Fischer-Tropsch reactions (Charlou et al., 2002; Lang
et al., 2010; Proskurowski et al., 2008).

Serpentine has three polymorphs * (lizardite, chrysotile and antigorite)
each of which have stabilities sensitive to temperature. Antigorite is the
higher-temperature polymorph of serpentine, whereas lizardite (± polygo-
nal serpentine ± clinocrysotile) observed at lower temperature (Bonatti et al.,
1984; Mével, 2003; Evans, 2004). Chrysotile is considered a metastable phase
which forms at low to intermediate temperature, where its presence is con-
trolled principally by circumstances of growth (Evans, 2004). In oceanic ser-
pentinites, the presence of antigorite is generally attributed to serpentiniza-
tion at higher temperatures (>250°C on the seafloor; Moody, 1976; Mével,
2003; Evans, 2004). The stability of serpentine is also affected by the activities
of Si and Al; variations in the activities of these elements (especially Si) can
expand or reduce the stability field of serpentine polymorphs (e.g antigorite
has higher silica content, and is stabilised by higher activities of silica; Dun-
gan, 1979; O’Hanley et al., 1989; Bromiley and Pawley, 2003). Most abyssal

* Lizardite, chrysotile and antigorite are not strict polymorphs, as they are chemically distinct
and transformations between them produce or consume other phases.
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serpentinites contain lizardite ± chrysotile, magnetite with minor tremolite,
talc and/or brucite (Mével, 2003).

Within seafloor serpentinites the serpentinization reaction buffers fluids
to high-pH and extremely reducing conditions, and the formation of mag-
netite is coupled to the reduction of water to form hydrogen (Sleep et al.,
2004; Palandri and Reed, 2004; McCollom and Bach, 2009; Klein et al., 2013).
At higher temperatures as found within the mantle wedge, Fe-Mg exchange
is sufficiently fast that antigorite forming can equilibrated with the olivine,
such that neither magnetite nor hydrogen are formed (Evans, 2010). The gen-
eration of hydrogen within actively serpentinizing ultramafic rocks provides
a simple source of chemotrophic energy for potential forms of early life on
earth and other planetary bodies with near-surface liquid water (Müntener
et al., 2010; McCollom and Seewald, 2013; Martin et al., 2008; Sleep et al.,
2011; Holm et al., 2015). Serpentinization facilitates niche habitats for unique
microbiological communities which inhabit seafloor vent structures above
serpentinite-hosted hydrothermal circulation systems (Kelley et al., 2005;
Brazelton et al., 2006). The potential significance of serpentinization pro-
cesses to life is moderated by the conditions under which relevant reac-
tions occur; serpentinization occurring at too high or low temperatures may
change dominant hydration reactions, oxygen fugacity and/or kinetics and
inhibit the formation of hydrogen and/or organic carbon species (e.g. Bach
et al., 2004; McCollom et al., 2016; Evans, 2010).

The temperature and water/rock ratio of serpentinization exert a strong
control on the trace element and isotope geochemistry of serpentinites and
serpentinizing fluid (e.g. Bonatti et al., 1984). The environment of serpen-
tinization also influences the generation and longevity of hydrothermal sys-
tems (Lowell, 2013). Aside from the basement composition, fluid fluxes and
temperature are the two most significant variables controlling the geochem-
istry of the seafloor hydrothermal system. The composition of fluids vent-
ing from the subseafloor hydrothermal system will be closely linked to the
temperature of serpentinization. Alteration kinetics, element partitioning
and element solubilities are all temperature dependant, as is the solubil-
ity of dissolved organic compounds, methane and hydrogen (Lang et al.,
2010; Proskurowski et al., 2006; Foustoukos and Seyfried, 2004). Further-
more, water/rock ratio determines the dilution/enrichment of minor and
trace elements. At high water/rock ratio, changes to dissolved element
abundances in fluid through hydration reactions are minimal, whereas at
lower water/rock ratios elements which partition into alteration minerals
less strongly than water will be enriched in fluids (e.g. Cl).
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The oxygen isotope composition of alteration minerals reflects both fluid-
mineral isotope fractionation and an overall mass balance between the pro-
tolith, alteration minerals and metasomatic fluids. In the case of serpen-
tinization, oxygen isotope compositions of serpentine can be used to con-
strain ranges in temperature and fluid-rock ratio (Wenner and Taylor, 1973;
Taylor, 1977; Rouméjon et al., 2015). With regards to the equilibrium fluid-
serpentine isotope fractionation, a number of different empirical and theo-
retical models have been proposed, with the more recent including those of
Zheng (1993b), Früh-Green et al. (1996) and Saccocia et al. (2009, which is
experimentally calibrated at temperatures of 250-450°C). When considering
serpentinization of mantle harzburgites by seawater, the formation of ser-
pentine with δ18O higher than the mantle protolith (≈+5.5 ‰; Hoefs, 2009,
and references therein) is predicted at low temperature, and vice versa. The
predicted position of this reversal (between forming serpentine with δ18O
values higher than the protolith and forming serpentine with δ18O values
lower than the protolith) changes significantly between models. The po-
sition ranges from ≈150°C for Früh-Green et al. (1996) up to >200°C for
Saccocia et al. (2009). Water/rock ratios can be calculated using a mass
balance constraint (using the method of Taylor, 1977, or similar). However,
quantities calculated in this manner give minimum estimates of serpentiniza-
tion temperature, and in some cases the relative water/rock ratios can have
little resemblance to the relative integrated fluid flux due to differences in
magnitude of advective, diffusive and kinetic processes (McCaig et al., 2013;
Bickle, 1992). Oceanic serpentinites typically have δ18O values in the range
+1 to +7 ‰, with a mode of +3 to +4 ‰ (bulk measurements, inclusive of
remnant phases and low δ18O magnetite; Wenner and Taylor, 1973; Mével,
2003), which is lower than the protolith value of +5.5‰ and therefore sug-
gests that most oceanic serpentinites form above the fractionation reversal
temperature of 150-200°C (Zheng, 1993b; Früh-Green et al., 2003). Further
constraint on serpentinization conditions can be acquired through measur-
ing the oxygen isotope composition of related fluids (typically δ18O = 0 to
+2 ‰; Shanks, 2001; Mével, 2003), and/or analysing trace elements in ser-
pentine (e.g. Rouméjon et al., 2015; Peters et al., 2017).

Modern hydrothermal vents may not reflect temperatures and fluid fluxes
experienced during previous serpentinization stages during the evolution of
the Atlantis Massif, and instead the potential evolution must be derived
from samples of the hydrated basement. Multiple alteration stages are ob-
served at the Atlantis Massif, most of which are observed within the sam-
ples recovered during IODP Expedition 357 (Früh-Green et al., 2016a), which
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records the longer term evolution of the system over periods of much more
than decadal timescales, that cannot be observed directly. Previous oxygen
isotope investigations of serpentinization processes have typically selected
bulk samples (with a few notable exceptions, which used separates or micro-
drilling; e.g. Rouméjon et al., 2015; Skelton and Valley, 2000). One approach
to investigating early hydration processes is to select related samples that
are sequentially overprinted serpentinization textures, enabling the serpen-
tinization histories to be partially reconstructed. Samples suites collected in
transects across a volume of serpentinized peridotite can then be used to
better inform models of serpentinization. In contrast, the approach adopted
in this study is to directly investigate generations of serpentine within in-
dividual samples by targeting microscale lithological features (veins, mesh,
bastites) from the exposed detachment shear zones exposed on the surface
of the Atlantis Massif’s Southern Wall, focusing on records of fluid infiltra-
tion and circulation and relationships to exhumation. We resolve serpentine
textures (e.g. mesh cores and rims, veins, recrystallised serpentine), allow-
ing an improved spatio-temporal geochemical record to be constructed from
a smaller number of samples. Targeted δ18O analysis of serpentine genera-
tions linked to individual hydration stages (or events) enables a more com-
prehensive and detailed interpretation of the hydrothermal system evolution
compared to using only bulk rock data (as used previously at the Atlantis
Massif; e.g. Boschi et al., 2008), where such stages cannot be deconvoluted
to infer conditions of individual processes. By targeting individual phases
of hydration and alteration, their individual geochemical signatures, contri-
butions to the bulk geochemistry and potential significance for formation of
seafloor hydrothermal systems can be unravelled. We constrain alteration
stages to physiochemical conditions (principally temperature, and to some
extent water/rock ratio, e.g. Rouméjon et al., 2015), and examine the geo-
chemical evolution of serpentinization processes. SHRIMP in-situ oxygen
isotope analysis and LA-ICP-MS analysis of trace elements has been con-
ducted on serpentine and olivine (where preserved). Variations in serpen-
tine δ18O values correspond to different growth generations observed on the
scale of 10’s to 100’s of µm. Here we categorise serpentine generations by
texture, distinguishing i) small veinlets through olivine and orthopyroxene
in less serpentinized samples (’veinlets’), ii) mesh serpentine (including ii-a)
mesh rims and ii-b) cores, where distinct), iii) bastites and iv-v) late exten-
sional chrysotile veins. Significant differences in trace element abundances
are also observed between alteration stages, including systematic differences
between serpentine dependent on mineral precursors (e.g. serpentine mesh



34 Microscale Oxygen Isotope Investigation of Serpentinization

after olivine vs. bastite after orthopyroxene). Microscale geochemical analy-
sis provides additional constraints on fluid-rock interaction, at a scale where
information can be linked to the complex sequence of events typically in-
volved.

2.2 Geological Setting

The Atlantis Massif is an oceanic core complex located at 30
◦N on the Mid-

Atlantic Ridge (MAR), and is host to the Lost City Hydrothermal Field
(LCHF, Figure 9; Kelley et al. 2001; Blackman et al. 1998; Früh-Green et al.
2003). Samples analysed in this study were obtained from core recovered
during IODP Expedition 357: Atlantis Massif - Serpentinization and Life,
for which the author was a science party member. IODP Expedition 357 was
conducted to provide insight into the evolution of off-axis hydrothermal sys-
tems (the Lost City Hydrothermal Field) and the development of oceanic
core complexes (Früh-Green et al., 2016a), building on previous expeditions
which conducted dredges, submersible dives, seafloor imaging and drilling
campaigns (including IODP Expeditions 304-305; Blackman et al., 2002, 2004,
2011). In particular, the expedition involved targeted drilling to constrain
three phases of core complex evolution: i) serpentinization associated with
active focused fluid discharge and influence on microbial communities, ii)
evolution of the massif and hydrothermal system during cooling, denuda-
tion and influences of crustal composition, and iii) early deformation and
fluid flow along the detachment fault at depth below the seafloor. This
investigation has been conducted to further constrain the serpentinization
history of the Massif, and contribute to understanding the links between
serpentinization environment and venting at the Lost City Hydrothermal
Field. A number of previous studies have investigated the geochemistry of
Atlantis Massif serpentinites at the bulk scale (including oxygen isotopes,
e.g. Boschi et al., 2006, 2008; McCaig et al., 2013). Based on oxygen, stron-
tium and neodymium isotope measurements, serpentinization is estimated
to have occurred over a range of conditions, generally in the range of 150-
250
◦C and under high water/rock ratios (from 2, up to >10

6; Boschi et al.,
2008; Foustoukos et al., 2008; Delacour et al., 2008; Seyfried et al., 2015). A
variety of additional constraints exist for the likely alteration conditions of
Atlantis Massif samples, including thermal profiles and hydrothermal circu-
lation modelling (Titarenko and McCaig, 2016). Given the complex history
of samples recovered during Expedition 357, a distinction should be made
with regards to serpentinization environments with respect to timing and ge-
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ological context. Serpentinization has occurred within the detachment fault
(during exhumation), and is also inferred to continue within the hydrother-
mal system feeding the Lost City vent field (off axis hydrothermal system).
While inherently linked, and potentially overlapping both spatially and tem-
porally, these systems have operated at different times, in different locations
(i.e. within detachment vs. top of exhumed massif), and under different
serpentinization temperatures.

The Southern Wall of the Atlantis Massif exposes the oceanic detach-
ment fault, and in contrast to the gabbroic central dome, is dominated by
serpentinites (Figure 9c). The formation of oceanic detachment faults and
core complexes occurs when the rate of extension exceeds a waning magma
supply and extension is accommodated on a detachment fault aided by sea-
water penetration and talc formation (MacLeod et al., 2009; Schroeder and
John, 2004). The detachment shear zone contains strongly foliated mylonitic
serpentinites and talc-schists, and consists of series of faults over a zone up
to 100m thick (Karson et al., 2006; Schroeder and John, 2004; Blackman et al.,
2002). The detachment surface is terminated to the south by the Atlantis
Transform Fault (Figure 9b) . Early semi-brittle deformational structures
contain tremolite, chlorite and talc, replacing early serpentine (at <400°C;
Schroeder and John, 2004; Karson et al., 2006). Hydrothermal circulation dur-
ing exhumation has resulted in multistage hydration and alteration, in addi-
tion to significant heat and mass transfer and the development of the Lost
City Hydrothermal Field (Boschi et al., 2002; Früh-Green et al., 2003; Boschi
et al., 2008; Seyfried et al., 2015). Ultramafic rocks from the Southern Wall
of the Massif are commonly extensively hydrated, and protolithic minerals
are rarely well preserved (especially within serpentinized dunites). Metaso-
matic talc-amphibole-bearing rocks are common within the fault zone where
mafic and ultramafic lithologies are juxtaposed, and document overprinting
of a first generation of serpentinization by localised metasomatism at mod-
erate to high temperatures (270–350°C) and low fluid/rock ratios (Boschi
et al., 2006, 2008). The shear zone is cut by more continuous, discrete faults
forming late during exhumation through bending and unloading (Karson
et al., 2006). The fault structures reported within the upper 750m of Hole
U1309D are N-S striking and E-dipping and are interpreted as brittle to semi-
brittle fractures in the detachment fault footwall which have facilitated the
alteration within the gabbroic section (Pressling et al., 2012).

Borehole logging of Hole U1309D provided constraints on the present
thermal gradient, and likely thermal structure of the Atlantis Massif detach-
ment fault system. The thermal profile of Hole U1309D suggests conduc-
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tive cooling at depths of greater than 750 m, and cooling in the top 750 m
with borehole temperatures rising to almost 150°C at 1400 mbsf which rep-
resents a a gradient of 113°C/km (Blackman et al., 2014). Extrapolation of
this geotherm to depth implies the 250°C and 350°C isotherms would cor-
respond to depths of approximately 2.2 and 3.1 km, respectively; the 780°C
isotherm is estimated to be at approximately 7 km below the axial valley
floor (Schoolmeesters et al., 2012), assuming an initial 46

◦ fault dip (Morris
et al., 2009).

The Lost City Hydrothermal Field vents moderate temperature (<40 to
90°C), high-pH (9-11), low f (O2) fluids to the seafloor (Früh-Green et al.,
2003; Kelley et al., 2005, 2001; Denny et al., 2016). Vent fluids exhibit δ18O
compositions between +0.2 and +0.7 ‰, which is positively correlated with
fluid temperature and inversely with Mg abundances (Kelley et al., 2005),
suggesting mixing between seawater and serpentinization fluids with δ18O
≥ +0.7‰. The hydrothermal fluids issuing from Lost City vent sites have
elevated silica levels consistent with interaction with mafic units (Seyfried
et al., 2015). Elevated concentrations of trace alkalis (Cs, Rb, Li) point to-
wards relatively low fluid/rock mass ratios, but could also reflect strong
alteration of gabbroic rocks (Seyfried et al., 2015). Modelling of permeability
structure within the massif suggests that the vent field has been localised
by faulting associated with the transform fault, and modelled fluid temper-
atures increase rapidly with depth (Titarenko and McCaig, 2016), consis-
tent with previous peridotite-fluid equilibrium modelling (Foustoukos et al.,
2008). Methane, hydrogen and dissolved organic carbon species (including
formate) are present in vent fluids and are likely produced during serpen-
tinization, at temperatures of >110 °C (Kelley et al., 2005; Proskurowski
et al., 2006, 2008; Lang et al., 2010). The vent system hosts unique microbial
communities in the vicinity of large carbonate chimneys within a field of
generally diffuse venting (Kelley et al., 2001; Früh-Green et al., 2003; Kelley
et al., 2005). Seawater-like Nd-isotopic compositions of serpentinites (imply-
ing high water/rock ratios) may relate to low-temperature alteration associ-
ated with the Lost City Hydrothermal Fluid, at a later stage than fluid flow
along the detachment (Delacour et al., 2008; McCaig et al., 2013).

2.3 Samples

IODP Expedition 357 was conducted aboard the RRS James Cook (NERC,
UK), and utilized the seafloor rock drills RockDrill2 (British Geological Sur-
vey) and MeBo (Meeresboden-Bohrgerät 70, from the Center for Marine En-
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Figure 9: Setting and geology of the Atlantis Massif. a) Location of the Atlantis
Massif along the Mid-Atlantic Ridge. b) Bathymetric topography in the vicinity
of the Atlantis Massif (central topographic high; Früh-Green et al., 2016a). The
Atlantic axial valley is to the East, and the Atlantis Transform to the South of the
Massif. c) General geological characteristics, redrawn after Blackman et al. (1998),
Tucholke et al. (2008) and Boschi et al. (2008). Approximate locations of Expedition
357 sites are shown above the massif surface (abbreviated to the last two digits).

vironmental Sciences, Bremen, Germany Freudenthal and Wefer, 2013) to
recover core samples from the surface of the Massif in water depths of 820-
1560 m (Früh-Green et al., 2016a). Seventeen shallow holes were drilled
across nine sites along the southern wall of the Atlantis Massif, with mate-
rial recovered from eight holes (max. 16.44 mbsf; Früh-Green et al., 2016a).
Drilling penetrated into the uppermost portions of the outcropping detach-
ment shear zone, and recovered both the thin overlying sedimentary cover
and sediment-basement interface. Core description occurred during the Ex-
pedition onshore science party at MARUM (Bremen, Germany). The sites
can generally be divided into ’Western’, ’Central’ and ’Eastern’ groups cor-
responding to longitudinal sections along this transect (Figures 9 and 10).
This investigation focuses solely on serpentinites, and in particular the ser-
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pentine minerals. Samples used in this study are from five of the eight
sites for which material was recovered. Nineteen samples of altered and
veined serpentinized harzburgites and serpentinized dunites were collected
from the selected Western (M0071), Central (M0069, M0072 and M0076) and
Eastern (M0068) Sites. Individual samples used here are tabulated below
(Table 1, and relevant IODP Expedition 357 hole and sample data are given
in Appendix 1). The Eastern site M0068 has been interpreted as a likely
mass-wasting deposit down-slope from the summit of the Massif, and the
Western site M0071 which was interpreted as an ex-situ rubble deposit as-
sociated with bathymetric ridges atop the massif (Früh-Green et al., 2016a).
Samples taken from the Central sites are considered representative of in-situ
basement, and are also closest to the Lost City Hydrothermal Field (Früh-
Green et al., 2016a).
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Figure 10: Locations of Expedition 357 Sites for samples investigated in this study,
slightly modified after Früh-Green et al. (2016a).



2.
3

S
a

m
p

l
e

s
3

9

Table 1: Table of individual samples used in this study, and their locations with respect to Expedition 357 Sites and recovered cores.

Site Hole Core Top Depth IGSN Lithology Serp. % Mesh I II III
Section mbsf

Eastern Sites
M0068 B 4R1 4.41 ICBR0357EXYW001 Impregnated Harz. <2 x
M0068 B 4R1 4.97 ICBR0357EXEX001 Serp. Harz. 50-60 x

Western Sites
M0071 A 1R1 0.28 ICBR0357EXE9101 Serp. Dunite 100 x
M0071 B 1R1 0.07 ICBR0357EXYA101 Serp. Harz. 95-100 x a x
M0071 B 1R1 0.54 ICBR0357EXSA101 Serp. Harz. 80 x x
M0071 B 2R1 1.91 ICBR0357EX19101 Serp. Harz. 90 x x x
M0071 B 2R1 1.93 ICBR0357EX19101 Serp. Harz b

100 x x
M0071 B 3R1 4.05 ICBR0357EXCG101 Serp. Lherz. 45-55 x x
M0071 C 1R1 0.43 ICBR0357EX76101 Serp. Harz 100 x x
M0071 C 1R1 0.62 ICBR0357EX4H101 Serp. Harz. 100 x x
M0071 C 2R1 3.26 ICBR0357EXQH101 Serp. Harz. 90-95 x x x
M0071 C 2R2 3.7 ICBR0357EX5I101 Serp. Harz. 90-95 x

Central Sites
M0069 A 10R1 15.5 ICBR0357EXO1101 Serp. Harz. 95-100 x
M0072 B 6R1 8.14 ICBR0357EXLC101 Talc-Amph Schist c

100 x
M0072 B 8R1 11.12 ICBR0357EXEE101 Serp. Dunite d

100 x x
M0076 B 3R1 4.24 ICBR0357EXN3101 Serp. Dunite 100 x
M0076 B 4R3 6.83 ICBR0357EXV4101 Serp. Harz. 95-100 x x
M0076 B 5R1 7.29 ICBR0357EX85101 Serp. Harz. 100 x x x
M0076 B 5R1 7.96 ICBR0357EX05101 Serp. Harz. 100 x x x x

a Magnetite concentrated in specific linear regions and/or coarsened, serpentine mesh not strongly delineated by magnetite.
b Sample dominated by parallel veins adjacent to mafic alteration. Contains minor antigorite veins, following/overprinting
previous lizardite veins.
c Mesh-like concentrations of magnetite, other serpentine textures not preserved.
d Secondary olivine possible along altered margin, associated with melt/high-T deformation. Mode-I banded chrysotile veins
localised to specific region, likely driven by hydrofracture associated with melt influx.
Serpentinization degree is estimated visually considers sections of samples which are unaffected by other alteration styles
(e.g. talc-amphibole alteration), and considers principally the relative abundances of protolithic relict minerals and serpentine
minerals. The presence of serpentine mesh and specific morphologies of veins are noted, with veins as follows: I - Lizardite-
chrysotile veinlets (some exhibiting shear textures, others spaced), II - banded and fibrous Mode-I chrysotile veins, III - late
chrysotile veins with minimal internal texture, typically with higher birefringence.
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2.4 Methods

Polished thin sections were prepared and examined by optical microscopy
and on a JEOL6610 Scanning Electron Microscope at the Research School of
Earth Sciences at the Australian National University (RSES, ANU). Raman
spectroscopy was conducted at the Research School of Physics, ANU with a
532nm laser coupled to an optical microscope at magnifications of 20-100x.
Serpentine polymorphs were distinguished according to hydroxyl stretching
peaks in the wavenumber spectral range of 3550-3850 cm-1 (Petriglieri et al.,
2015; Groppo et al., 2006; Auzende et al., 2004). Raman spectra are attached
in Appendix 2A.

2.4.1 Trace Element Analysis

LA-ICP-MS analysis of serpentine, olivine, orthopyroxene and talc was con-
ducted for five samples at the Institute of Geological Sciences, University of
Bern on a Elan DRC-e quadrupole ICP-MS coupled to a GeoLas-Pro 2006

193 nm ArF Excimer laser. The laser was operated with a 5Hz repetition
rate and samples were analysed with a spotsize of 44-160 µm. Ablation was
conducted in a He atmosphere, and a mixed Ar-He-H2 carrier gas. Torch
position and lens tuning were adjusted to optimise signal stability and sen-
sitivity across all masses, with a particular focus on enhancing sensitivity of
the light masses. Standards were analysed approximately every hour. The
glass GSD-1G was used as the calibration standard, and analysed with a
spotsize of 44-60 µm (the most common spotsize used for samples). Prior to
analysis, each spot was briefly cleaned with 2-3 laser pulses using a larger
aperture to minimise the effects of surface contamination. Data reduction
was conducted with the SILLS program (Guillong et al., 2008). Data below
the limit of quantification (3 times the limit of detection) or within 2σ of zero
has been omitted. For each sample, between 21 and 54 spots were analysed.
Other than the rare serpentine veinlets (2 analyses), results presented for
each texture are aggregated from a number of spots (from a minimum of
16 up to 56 analyses). Elements analysed include Li, B, Mg, Al, Si, Ca, Cr,
Mn, Fe, Ni, As, Rb, Sr, Y, Nb, Sb, Pb, Th, and U. Ratios of Mg and Fe abun-
dances are used to derive serpentine Mg#. Repeatability of a the NIST612

secondary reference material was generally in the range 2.5-10%, 2σ. For a
number of elements, repeatability was ±≤ 2.5% (for B, Al, Mn, Rb, Sr, Nb,
Sb), and only Fe has poorer repeatability (± 15% for 40 µg/g). For the sec-
ondary reference material, accuracy of elemental abundances were within
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10% of reference values (Jochum et al., 2011a) except for B, As (which were
underestimated by 15-20%), and Fe, Y, Sb and Th (which were overestimated
by up to 22%). Magnesium was used as an internal standard, and estimated
abundances used were 26.3 wt% for serpentine phases, 19.2 wt% for talc,
15.3 wt% for chlorite, 15.0 wt% for tremolite, 9.0 wt% for clinopyroxene, 21.1
wt% for orthopyroxene and 29.2 wt% for olivine (both olivine and orthopy-
roxene estimated to have Mg# = 0.9). LA-ICP-MS trace element analyses are
tabulated in Appendix 2B.

2.4.2 SHRIMP δ18O

Oxygen isotope compositions of serpentine, orthopyroxene and olivine were
measured on SHRIMP SI at the Australian National University, following
a protocol developed by Ickert et al. (2008) and Ireland et al. (2008). This
work was conducted following previous work by Scicchitano et al. (2018),
and concurrently with two similar studies for which the SIMS data was
also acquired in this lab (Rouméjon et al., 2018a; Noël et al., 2018). A Cs-
zeolite source was used to produce a 12nA Cs+ primary beam, which was
focused through a 120µm Köhler aperture to produce a 25-30µm spot. An
electron gun was used to provide charge neutralisation of the insulator min-
eral surfaces. The Cerro del Almirez antigorite serpentinite Al06-44A was
used as the primary serpentine reference material (δ18O=+8.30 ± 0.12 ‰;
Scicchitano et al., 2018; Padrón-Navarta et al., 2011). Repeatability of oxy-
gen isotope analyses for Al06-44A was typically 0.5-0.7 ‰ (2SD). San Carlos
Olivine (SCO) standard was used as the primary standard for olivine and
orthopyroxene† (δ18O = +5.27‰; Ahn et al., 2012), and as a secondary refer-
ence material for serpentine analyses. All reference materials were mounted
in together with samples, and were located at the centre of each mount to
ensure accurate measurements. Repeatability of SCO oxygen isotope analy-
ses on a single mount was 0.4-0.6 ‰. Typical Faraday detector voltages for
olivine and serpentine reference materials were 5.5-6.7V and 5-6V, respec-
tively. The standard error on the mean of reference measurements has been
propagated into sample uncertainties (typically 0.1 ‰ for serpentine and
0.05 ‰ for olivine and orthopyroxene). For each sample, between 8 and 32

† No specific orthopyroxene standard was available, hence orthopyroxene values are less ac-
curately quantified and should be regarded as information-only. Few orthopyroxene mea-
surements were conducted, and the discussion below centres almost entirely on olivine and
serpentine measurements.
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SHRIMP δ18O analyses were performed. All measurements of serpentine
δ18O compositions are tabulated in Appendix 2C.

Each of the different serpentine polymorphs exhibit different sputtering
behaviour; the structure of the serpentine minerals results in a matrix bias
correlated to polymorph and, in the case of chrysotile, orientation (Scicchi-
tano et al., 2018). Repeated measurements of the three natural reference ma-
terials characterised by Scicchitano et al. (2018) has allowed quantification
of matrix bias of lizardite and chrysotile relative to the antigorite primary
standard. To check and calibrate polymorph-related matrix bias during this
work, lizardite and chrysotile reference materials (Scicchitano et al., 2018)
were also analysed throughout these sessions, and the mean bias relative
to antigorite (lizardite-antigorite, chrysotile-antigorite) subtracted from rele-
vant sample analyses‡. Previous investigations of these serpentine reference
materials revealed no significant matrix bias related to serpentine major el-
ement composition (although noting this is limited to the reference mate-
rials analysed, and cannot be confidently extrapolated, especially towards
compositional endmembers) (Scicchitano, 2018). However, matrix biases be-
tween different Mg-silicates were observed, with up to -3‰ bias for San
Carlos Olivine relative to antigorite, and -0.8‰ bias for lizardite relative
to antigorite (no systematic polymorph-related bias between chrysotile and
antigorite was evident; Scicchitano et al., 2018). In this investigation, we ob-
served similar systematics but slightly different measured magnitudes for
biases averaged over all sessions, with measured biases relative to antigorite
of +0.3 ± 0.15 ‰ (2SE) for chyrsotile, -0.35 ± 0.12 ‰ (2SE) for lizardite and
-2.28 ‰ ± 0.05 ‰ (2SE) for San Carlos Olivine. The bias of chrysotile cor-
responds principally to chrysotile oriented vertically (such that the primary
beam crosses the chrysotile fibres orthogonally, and inclined at 45

◦ with re-
spect to the target surface), where measured bias relative to the reference
value is +0.8 ± 0.2 ‰; horizontally-oriented chrysotile was not observed to
exhibit significant matrix biases on average. This is similar to the reported
magnitude difference for measurements previously conducted on SHRIMP
II by Scicchitano et al. (2018). While an orientation-based correction would
be possible through the use of EBSD mapping of analytical targets and tar-
geted measurement of the orientational bias in chrysotile, this approach has
not been used here; chrysotile measurements are not corrected for orienta-
tion effects. In most cases, chrysotile is randomly oriented (e.g. mesh cores,
radially-variable mesh rims), but for fibrous and banded veins orientation

‡ Note that rather than use the longer-term averages measured by Scicchitano et al. (2018) here
we’ve used the mean value from an individual session for matrix bias correction.
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effects could be an issue (although notably, SHRIMP mounts had no specific
orientation with respect to these veins).

Uncertainties on sample analyses are estimated using internal uncertain-
ties (up to approximately 0.15 ‰), uncertainty on the mean value of the ref-
erence material (0.1 ‰) and uncertainty on the matrix bias correction value
(up to approximately 0.15 ‰), and when added in quadrature amount to ±
0.24 ‰ for an individual spot (95% confidence).

A number of thin sections were observed to exhibit microscale poros-
ity, especially within mesh cores and/or on the edges of large veins. In
many cases, this is likely related to sample preparation processes (i.e. the
use of 30µm thin sections, which can easily be over-polished) and need not
reflect natural porosity. Regardless, areas where porosity of thins sections
was observed in post-SHRIMP backscattered electron images tended to ex-
hibit lower measured δ18O values, and in most cases δ18O <0 ‰. Similarly,
measured totals for EPMA spots on equivalent samples (Atlantis Massif and
Southwest Indian Ridge serpentinite prepared in the same manner) exhibit-
ing the same effect were lower for samples were porosity was observed at the
microscale (down to 60%) and δ18O values were well below expected values§.
This trend likely reflects either the inclusion of small amounts of epoxy (δ18O
<-50 ‰) effecting measured δ18O values and/or strong effect of porosity on
sputtering processes; the first of these effects may possibly be mitigated in
the future by the use of thicker sections (>80µm). Where the association
of porous structure and very low δ18O values was observed, analyses were
excluded. Additionally, olivines found within sample M0072B-8R1-11.12m
typically exhibited very low δ18O values (in most cases <0 ‰, and generally
lower than the expected 5.5 ‰), and for the purpose of this investigation
these analyses have been excluded from the dataset. These low δ18O values
were reproduced in more than one part of the section, suggesting the causes
are geological and not analytical in nature. The most likely explanation is
inclusions: the specific olivines appear to be metamorphic in nature and in
places seem to contain small inclusions. If these olivines contain inclusions
of magnetite (with both low δ18O and significant potential for matrix bias)
or potentially even fluid, the low δ18O values may simply reflect this fact.
Given the different context of these olivines, they may also exhibit a reduced
δ18O compared to nearby mantle olivines - but due to the inclusion-rich na-
ture of these specific olivines, spot sizes smaller than achievable on SHRIMP

§ Analyses conducted on additional samples from the Atlantis Massif and the Southwest In-
dian Ridge in collaboration with Dr. Stéphane rouméjon, ETH Zürich. In similar samples
prepared in the same way, a scheme where spots with EPMA totals below 80% were rejected
was used (Rouméjon et al., 2018a)



44 Microscale Oxygen Isotope Investigation of Serpentinization

SI would be required to spatially resolve the olivines, and hence measure
their actual δ18O compositions.

2.5 Results

2.5.1 Sample Petrography

The Expedition 357 cores recovered contain highly heterogeneous rock types,
alteration styles and degrees of deformation (Früh-Green et al., 2016a). The
majority of samples recovered were serpentinized ultramafic rocks and do-
lerites, with significant intervals of talc-amphibole-chlorite schist. One sam-
ple investigated here is a harzburgite which has been impregnated by gab-
broic melt (gabbroic veins are locally found in serpentinized harzburgite,
and impregnated harzburgite occurs over a limited interval at Site M0068;
Früh-Green et al., 2016a). In this impregnated harzburgite interval, small
serpentine veinlets cut through fractured olivine (M0068B-4R1-4.41m, Fig-
ure 11b) found within harzburgitic clasts adjacent to a feldspathic gabbroic
matrix (Figure 11e). Alteration styles described during core logging in the
preliminary report included serpentinization, talc-amphibole-chlorite meta-
somatism, oxidation, rodingitization¶ and hydration (’other’) in the Expe-
dition 357 preliminary report, referring to the hydration of mafic rocks in-
cluding gabbros, dolerites and basalts (Früh-Green et al., 2016a). Alteration
follows a progression from relatively pervasive serpentinization through to
localised talc-amphibole-chlorite metasomatism, commonly overprinting ser-
pentinization (Früh-Green et al., 2016a). Oxidation was observed as colour
changes between units, and was most commonly described in serpentinized
harzburgites and dunites; oxidation of talc-rich loose cobbles was associated
with sharp colour changes from green to deep reddish colours within outer
portions of the clasts (Früh-Green et al., 2016a).

Within serpentinites, serpentinization degree ranges from minimal (M0068B-
4R1-4.41m, with just a few small serpentine veins) through moderate (M0068B-
4R1-4.97m, a serpentinized harzburgite with abundant relict olivine) to com-
plete (serpentinized dunites M0076B-3R1-4.24m, M0071A-1R1-0.28m, serpen-
tinized harzburgite M0071C-1R1-0.62m). Serpentinized harzburgites from
the Atlantis Massif are dominated by lizardite, and typically contain chrysotile
as either veins or a second generation of matrix serpentine (e.g. mesh cores).

¶ Described principally at Site M0072. Most ’rodingites’ described did not have typical rodin-
gite assemblages of chlorite-diopside-(hydro)garnet when subsequently observed at the mi-
croscale (M. Lilley, 2017 Expedition 357 Post-Cruise Meeting, Liguria).
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a) b)

c) d)

e)

Figure 11: Petrographic examples of interplay between serpentinization, magmatic
impregnation and talc-amphibole-chlorite metasomatism. a) Alteration front be-
tween serpentine mesh and tremolite-talc assemblages (M0071C-2R2-3.7m). b) Talc-
tremolite-chlorite schist texture, with serpentine preserved only in larger sections
of shear zone selvages (M0072B-6R1-8.14m). Deformation is most intense adjacent
at the boundary between clasts and fine-grained material. Inclusions are present
within the shear zone - and may have been boudinaged. c) Serpentine veinlets
through composite olivine-orthopyroxene clasts within the impregnated harzbur-
gite (M0068B-4R1-4.41m). d) Banded serpentine veins associated with potential
localised serpentine dehydration (M0072B-8R1-11.12m). Olivine is present only ad-
jacent to the brown banded zone (mineralogy likely talc-tremolite and additional
unidentified minerals) which contains no serpentine minerals. e) Feldspathic gab-
broic matrix between peridotitic clasts in sample M0068B-4R1-4.41m.
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Serpentinites commonly exhibit a well developed mesh texture (e.g. Fig-
ure 12b, c), with variable elongation and spacing. Where present, relict
olivine is typically associated with thin lizardite-chrysotile veinlets (e.g. Fig-
ure 12a, Figure 11c). Some samples are crosscut by fibrous and/or banded
chrysotile veins of varying sizes (100µm to 1.5cm, e.g. Figure 12c, Figure
11d). Where both polymorphs are found together, lizardite is commonly
textually earlier. One sample contains minor antigorite veins cross-cutting
a chrysotile-dominated matrix (M0071B-2R1-1.91m, Figure 12e). Antigorite
forms after the principal phase of serpentinization as rare veins in serpenti-
nite near mafic lithologies (as described here, Figure 12) or alteration to vein
selvages (e.g. Rouméjon et al., 2016), but it is overall a volumetrically minor
phase. Serpentine phases have generally been grouped by texture into five
textural groups as tabulated below (Table 2).

Table 2: Sequence of serpentine textures observed in Atlantis Massif samples. In-
dicators for general relative timing between stages is given, as textural examples
shown above.

Stage Serpentine Texture Relative Timing Note

1 Serpentine Veinlets Before Mesh e.g. Figure 12a
2 a Mesh Rims After Veinlets and before Mesh Cores + one-stage mesh.

b Mesh Cores After Mesh Rims
3 Bastite Before Veins e.g. Figure 12c
4 Fibrous and Banded Veins After Mesh Serpentine and Bastites e.g. Figure 11d
5 Large Late Chrysotile Veins After Mesh and Fibrous-Banded Veins e.g. Figure 12f

Olivine is preserved in a limited number of samples (M0072B-8R1-11.12m,
M0068B-4R1-4.97m). Where present, olivine contains abundant fine crack-
s/veinlets of lizardite and chrysotile. Within some early veinlets, Raman
spectra exhibit characteristic peaks of both lizardite and chrysotile at mag-
nifications of 100x (suggesting both phases are present together at scales of
<5µm). In the sample with highest modal abundance of olivine (M0068B-
4R1-4.97m, of approximately 35%; Figure 12a), chlorite-tremolite±talc as-
semblages are found within veins up to 5mm wide through fractured olivine
and pyroxenes (and appear to overprint adjacent serpentine), and redis-
tribute iron to form cloudy aggregates of magnetite in vein selvages (Fig-
ure 12a). These veins are re-exploited by later chrysotile veins; stepped
chrysotile vein orientations across sheared tremolite±talc suggest this oc-
curred during deformation (Figure 12a, right hand side). Chrysotile bastites
(serpentine pseudomorphs after orthopyroxene) occasionally preserve or-
thopyroxene cores. Magnetite typically decorates the serpentine mesh, with
a varying modal abundance between samples. In zones of hydrothermal re-
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crystallization (e.g. adjacent to large veins), magnetite is found as either
distributed or coarse aggregates (e.g. adjacent to large chrysotile veins,
magnetite is found at or ahead of the recrystallization front, M0076B-7R1-
10.44m; Figure 12f). Alteration of serpentinites to tremolite±talc bearing as-
semblages typically involves coarsening and/or remobilisation of previous
magnetite textures, and talc-altered bastites also commonly have cleavages
delineated by elongate magnetite crystals (e.g. M0071C-2R2-3.7m). With the
exception of the talc-amphibole-chlorite altered M0072B-6R1-8.14m, serpen-
tinites show minimal evidence of deformation after serpentinization.

a) b)

c) d)

e) f)



48 Microscale Oxygen Isotope Investigation of Serpentinization

Figure 12: Relevant petrographic features and textures of the Atlantis Massif ser-
pentinites, focusing on overprinting alteration and serpentinite textures giving both
contextual and timing information. a) Alteration features of olivine-bearing ser-
pentinite (M0068B-4R1-4.97m). Multiple stages of early lizardite-chrysotile veins
are present, with the first offsetting olivine grains. Olivine grains preserve ori-
ented cores, with outer zones typically forming subgrains at random orientations.
Chlorite-tremolite-talc veins are present nearby, and have been subsequently re-
exploited by chrysotile veins (stepped across the deformed alteration zone - up-
per right). b) Typical textures within serpentinized dunite with localised magnetite
present along mesh boundaries, and preserved large relict chromites (M0071A-1R1-
0.28m) . Mesh cores are distinct adjacent to chromite, top and typically appear
darker. Secondary alteration minerals are present throughout (dark brown and
orange in colour), and late calcite veins are present. c) Typical mesh serpentinite
textures (sample M0069A-10R1-15.5m), with magnetite defining slightly elongate
mesh boundaries and bastite after orthopyroxene (core of bastite, bottom left). Mi-
nor relict chromite is present adjacent to bastite (centre). d) Serpentinized lherzolite,
exhibiting variable serpentinization textures observed after clinopyroxene, olivine
and orthopyroxene (M0071B-3R1-4.05m). Olivine is strongly fractured at a fine scale,
and best preserved adjacent to large pyroxenes. Clinopyroxene is in the initial
stages of being consumed by serpentine along outer margins and along fractures.
A fibrous chyrsotile veins is observed to cut through serpentine mesh along the
lower edge of the thin section. Fracture orientiation, and the elongation direction of
the serpentine mesh generally follow the edges of adjacent large mineral grains. e)
Strongly veined serpentinite exhibiting all three serpentine polymorphs (M0071B-
2R1-1.91m). Chrysotile is the dominant polymorph within the darker matrix, and
is found between lizardite veins. Antigorite is found along the margins of lizardite
veins in one part of the thin section. Vein sets, including fibrous chrysotile veins vis-
ible at the top of the sample, are all sub-parallel. The upper surface of the sample is
altered, and exhibits an assemblage of chlorite (fine grained alteration and rosettes),
opaque minerals, minor tremolite and clinopyroxene. f) Thick banded chrysotile
veins, associated with localised magnetite concentrations adjacent to recrystallised
serpentine (M0076B-7R1-10.44m).

In samples where more than one generation of lizardite-chrysotile vein-
lets are found (M0068B-4R1-4.97m, M0076B-5R1-7.96m), the first is com-
monly sheared and/or offset (Mode-II veinlets, offsetting olivine grains)
prior to being crosscut at high angles by similarly sized non-deformed lizardite-
chrysotile veinlets (Mode-I veinlets). Later veining is dominated by Mode-I
banded and fibrous chrysotile veins. Fibrous chrysotile veins form lensoid
to continuous veins with fibres oriented perpendicular to the vein interface
(indicating extension perpendicular to the average vein orientation). In one
sample, large fibrous chrysotile veins are limited in extent (<1cm) and con-
tained within a small area (≈1×1.5 cm), adjacent to a textural zone contain-
ing olivine (Figure 11d). Banded serpentine veins of variable thicknesses
(100s of µm to mm) are observed in some sections (e.g. M0076B-5R1-7.96m,
M0071B-2R1-1.91m, M0076B-7R1-10.44m), with the larger endmembers as-
sociated with selvage recrystallization and remobilisation of magnetite. An
additional vein morphology is observed with minimal internal vein struc-
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ture; these otherwise are similar, and generally have similar orientations.
These veins are significantly deflected by larger crystals in the serpentinite
except where intersecting them at high angles (e.g. bastites and/or relict or-
thopyroxene in M0071B-2R1-1.91m, M0071B-1R1-0.07m). Where fibrous and
banded chrysotile veins are both present in individual samples, they have
similar orientations and crosscut earlier sheared veins orthogonally. Some
orange-coloured late banded chrysotile veins are seen to crosscut one an-
other (M0071C-2R1-3.26m). Fibrous and banded chrysotile veins are locally
crosscut by later oxidised veins which are locally associated with carbonates
(e.g. M0076B-7R1-10.44m, Figure 12f). Within multi-stage mesh serpentinite,
where serpentine mesh contains two polymorphs, lizardite is found within
mesh rims and chrysotile within mesh cores (e.g. M0071A-1R1-0.28m, Fig-
ure 12b, RHS above chromite).

Serpentinite (both veining and mesh texture) is locally overprinted by
talc-tremolite±chlorite assemblages; this is present generally as alteration
adjacent to talc-dominated shear zones of <10cm in width (Früh-Green
et al., 2016a). Talc-tremolite alteration after serpentine occurs in a both dif-
fuse manner overprinting serpentine mesh (where serpentine mesh becomes
patchy, bastite/orthopyroxene is replaced by amphibole and magnetite is
concentrated; M0071C-2R2-above3.7m, Figure 11a), and directly adjacent to
large late veins (M0076B-5R1-7.96m) and in shear zones (e.g. M0072B-6R1-
8.14m, Figure 11b)). In only a few samples, serpentine is found with a brown
(oxidation?) alteration texture (particularly in mesh cores, e.g. M0071A-1R1-
0.28m; Figure 12b lower left corner). Additionally, sections of core which are
ascribed to gabbroic impregnation of peridotite also exhibit distinct alter-
ation colouring suggesting preferential oxidation (Früh-Green et al., 2016a),
potentially linked to the oxides associated with altered olivines at the thin
section scale (Figure 11c, e).

2.5.2 Trace Elements

Serpentinites from Atlantis Massif contain a number of minerals exhibiting
contrasting trace element abundance patterns (Tables 3, 4; also see figures at
the end of this chapter). A limited number of analyses have been conducted
on protolithic phases (olivine, orthopyroxene), where preserved in serpenti-
nite samples. High abundances of fluid-mobile elements (B, Sr) in olivines
may be due to either the presence of small inclusions or small serpentine
veins. Generally, serpentine is enriched in fluid-mobile elements (B, Sr, U
± Li, Pb, As, Sb) relative to protolithic precursors (e.g. up to >300 µg/g B
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and 1.9 µg/g U vs. 0.077 µg/g B and 0.0047 µg/g U in the depleted mantle
and 4.5 µg/g B and 0.0033 µg/g U in seawater), and matrix serpentine has
similar abundances of compatible elements to depleted mantle precursors
(Ni, Cr, ± Mn).

Lizardite and chrysotile in samples M0071A-1R1-0.28m and M0071C-
1R1-0.62m exhibit enrichment of As and Sb, highest in mesh serpentine.
Early tremolite exhibits significant enrichment in Y, Nb (M0068B-4R1-4.97m;
see Figure 23 at the end of the chapter). Serpentine from sample M0072B-
8R1-11.12m exhibits enrichment in HFSE (Nb, Th), which is only observed
elsewhere in the much less serpentinized sample M0068B-4R1-4.97m. While
olivine and orthopyroxene analyses were targeted towards grains with mini-
mal cracks or inclusions, some analyses exhibit enrichments in fluid-mobile
elements, which in most cases likely indicates inclusion of small pieces of ser-
pentine along edges or fine fractures. Chrysotile-dominated mesh cores in
the sample M0071A-1R1-0.28m likely contain some carbonate inclusions, as
observed in significant Ca, Sr enrichment. Where present, chlorite displays
similar but slightly less enriched trace element abundance patterns relative
to serpentine, with typical enrichments in Cr-Mn-Li. Relative differences
between serpentine polymorphs are observed in the serpentinized harzbur-
gite M0068B-4R1-4.97m and serpentinized dunite M0071A-1R1-0.28m: in the
less serpentinized harzburgite M0068B-4R1-4.97m, lizardite veinlets are en-
riched in most trace elements relative to chrysotile (especially Cr), while
in the serpentinized dunite M0071A-1R1-0.28m differences may be due to
the presence of other minor mineral inclusions, with brown chrysotile mesh
cores enriched in Nb, Pb, As, Sb, Sr and Ca.
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Table 3: Representative LA-ICP-MS trace element analyses of phases within Atlantis Massif serpentinites. Element abundances are in µg/g.
Values not shown are below detection limit. Abbreviated terms used for minerals and texture are as follows: Bas - bastite, Ctl - chrysotile.

Sample M0069A-10R1-15.5m M0068B-4R1-4.97m

Min/Texture Opx Mesh Rim Mesh Core Bas Ctl Vein Chl Ol Opx Liz Vein Ctl Vein Trem Chl

Rb 0.17 0.09 0.21 0.092 0.1 0.42 0.5 1.17 0.138 0.699

U 0.27 0.9 0.76 1.89 1.14 0.14 0.003 1.02 0.0121 0.153

Th 0.003 0.0007 0.025 0.019 0.124

B 16.1 124 85 156 57 16.3 0.13 0.19 147 92 1.44 4.17

Nb 0.027 0.03 0.045 0.04 0.0024 0.038 0.68 0.091 10.1 1.25

Pb 0.018 0.23 0.31 0.06 0.09 0.011 0.076 0.042 0.112 0.008

Sr 1.85 2.5 4.7 2.2 2.1 1.92 0.023 5.2 0.93 3.63 0.66

Ca 16200 370 270 420 340 1080 234 19800 630 480 60000 177

Li 3.9 0.5 0.37 5.3 1.6 29.4 2.49 4.41 15.3 5.2 0.38 4.19

As 0.13 0.09 0.046 0.12 0.34 0.426 0.51 0.022

Sb 0.014 0.046 0.024

Y 0.83 0.17 0.22 1.4 0.19 0.047 0.0087 0.57 15 2.02 713 2.07

Cr 1510 520 460 840 950 3900 854 1280 930 1190 784 983

Mn 6900 35 100 6300 2.4 4100 65.9 6730 40 0.5 243 10.2

Ni 1440 2700 2100 2380 1080 1490 2470 890 1540 517 870 1449
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Table 4: Representative LA-ICP-MS trace element analyses of phases within Atlantis Massif serpentinites. Values not shown are below detection
limit. Element abundances are in µg/g. Abbreviated terms used for minerals and texture are as follows: Bas - bastite.

Sample M0071C-1R1-0.62m M0071A-1R1-0.28m M0072B-8R1-11.12m

Min/Texture Mesh Serp. Bas Chl Mesh Core Mesh Rim Ctl Vein Ol Mesh Serp. Fine Ctl Vein Bkgnd. S. Chl

Rb 0.048 0.064 0.017 0.022 0.031 0.052 0.033 0.037 0.095 0.058

U 0.67 1.29 0.49 0.38 0.285 0.356 0.0048 0.036 0.052 0.009

Th 0.058 0.049 0.081

B 52.1 92 28.4 38 31.1 40.4 0.13 49.3 93 260 21.4

Nb 0.03 0.017 0.01 0.006 0.0024 0.149 0.32 0.57 0.26

Pb 0.027 0.022 0.034 0.011 0.027 0.095 0.14

Sr 1.76 2.15 0.298 5.8 1.67 5.7 1.03 1.11 5.3 0.4

Ca 180 260 85 260 130 290 234 127 220 690 130

Li 1 1 2.49 1 1 1

As 3.54 3.02 1.41 12.2 9.6 10 0.087 0.147

Sb 0.046 0.07 0.026 0.09 0.069 0.109 0.017

Y 0.28 0.76 0.164 0.072 0.13 0.085 0.0087 2.35 0.35 4.8 3.09

Cr 297 392 254 309 263 364 854 1167 413 1720 491

Mn 310 7000 4500 180 177 101 65.9 2 66 230 9330

Ni 2090 2200 1230 1000 1350 850 2470 232 3270 3950 1680
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Serpentine veinlets and late veins are enriched in Li, Mn and Rb relative
to other serpentine textures, but depleted in Ni and Cr (Figure 14). For exam-
ple, the olivine-bearing sample M0068B-4R1-4.97m contains thin serpentine
veinlets (Figure 12a) which exhibit boron abundances of 90-150 µg/g but
uranium abundances below detection limit. Mesh serpentine exhibits some
of the most enriched boron and U abundances, the highest Ni among the ser-
pentine textures and Cr abundances intermediate between bastites and later
serpentine veins (Figure 14). Mesh serpentine also exhibits the largest range
in Mg#, extending from 0.95 all the way down to 0.7 (Figure 13). Bastites
(almost all chrysotile) typically contain higher abundances of most fluid mo-
bile elements (especially boron and uranium, up to >300 µg/g and 1.9 µg/g,
respectively; Table 3) and also exhibit the highest Al, Cr abundances of the
serpentine textures (Figure 14). Late serpentine veins have particularly low
Cr, Ni abundances (generally <10 µg/g and <1000 µg/g) and fluid mobile
element abundances similar or lower than those of mesh serpentine (Figures
14, 13). Veins are particularly enriched in Li, Rb and Mn relative to other
serpentine generations (Figure 14). While a range of Mg# is observed, most
veins have Mg# above 0.8 (Figure 13).

2.5.3 Oxygen Isotopes

In-situ oxygen isotope compositions of serpentine exhibit significant ranges
within and between samples, with individual spot δ18O = 0 to +6 ‰ (Figure
16, Table 5). Mean oxygen isotope compositions of serpentine phases cor-
rected for matrix bias extend from +4.0 down to +0.6 ‰ (Table 5). Sites have
relatively similar mean δ18O values, with Site 68 exhibiting serpentine δ18O
= +1.7 to +3.1 ‰, Site 71 δ18O = +0.5 to +3.8 ‰, and Site 72 with marginally
higher overall δ18O values of +2.2 to +4.0 ‰ (Table 5, Figure 16).

For Western Sites, serpentine veinlets have sample mean δ18O values of
+2.3 to +2.8 ‰ (two samples, 26 spots; Table 5). For Eastern Sites, mesh
rim and matrix serpentine have sample average δ18O values of +1.1 to +2.3
‰, mesh cores have sample average δ18O values of -0.2 to +2.3 ‰, bastites
have sample average δ18O values of 0.5-3.1 ‰ and late serpentine veins have
sample average δ18O values of +0.5 to +2.8 ‰ (three samples, 18 spots). For
Central Sites, serpentine veinlets have a mean δ18O value of +4.4 ‰ (one
sample, 2 spots), mesh rim and matrix serpentine has sample average δ18O
values of +1.3 to +4.4 ‰, mesh cores have a mean δ18O value of +2.9 ‰ (one
sample, five spots), bastites have mean δ18O values of +2.0 to +2.9 ‰ (two
samples, 9 spots) and late serpentine veins have mean δ18O values of +1.2
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Figure 13: Scatterplots of serpentine magnesium number (Mg / [Mg + Fe]) against
those of other trace elements (in ppm), plotted by texture. Background data repre-
sents the array of serpentinite trace element abundances observed in Mid-Atlantic
serpentinites (using the compilation from Peters et al., 2017).
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Figure 14: Scatterplots of serpentine boron abundances against those of other trace
elements (all in µg/g), plotted by texture. Background data represents the array
of serpentinite trace element abundances observed in Mid-Atlantic serpentinites
(using the compilation from Peters et al., 2017).
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to +3.3 ‰ (three samples, 16 spots). The serpentinized harzburgite M0071C-
1R1-0.62m exhibited the most consistent oxygen isotope composition, with
chrysotile with δ18O = +0.7 ± 0.28 ‰, 2SE).

Measurements on olivine from Site 71 exhibited δ18O values of +4.0 to
+6.0 ‰ (averaging +5.3 ‰), olivines from Site 72 had δ18O values of +4.6 to
+5.5 ‰ (averaging +5.0 ‰) and olivines from Site 68 had δ18O values of +4.9
to +5.5 (averaging 5.1 ‰). Oxygen isotope measurements of orthopyroxene
from Site 68 standardised to San Carlos Olivine had a range of δ18O values
of +2.8 to +3.1 ‰ (averaging +3.0 ‰). All of these measurements are below
the expected mantle δ18O value of +5.5 ‰, and may indicate significant
matrix bias relative to the olivine reference material. The orthopyroxene
measurements are not discussed below, as without an appropriate reference
material the values are not properly calibrated.

Where chrysotile forms after lizardite (e.g. as mesh cores or serpentine
veins), it is typically observed to have lower δ18O (Table 5, Figure 16). The
magnitude of the difference between generations of serpentine varies, with
differences in average offsets between lizardite and chrysotile of -0.3 to -1.8
‰ (with greater local variations also observed). Where observed, antigorite
veins exhibited the highest δ18O within the sample M0071B-2R1-1.91m (δ18O
= +3.5 ‰; Figure 15, Figure 12f). Serpentine veins typically exhibit the lowest
δ18O within each sample (e.g. M0076B-5R1-7.29m, where chrysotile veins are
2.2 ‰ lower than mesh serpentine), and bastite δ18O is commonly lower or
equal to the matrix serpentine, and similar to chrysotile veins. Serpentine
found interstitial between remnant cracked olivine is commonly found with
veins cored by magnetite, and have much lower δ18O (-0.1 to +1.9 ‰ in
M0071B-3R1-4.05m, +1.7 to +3.1 ‰ in M0068B-4R1-4.97m; Figure 15b) than
nearby olivine (+4.0 to +6.0 ‰). Recrystallised serpentine adjacent to a large
banded vein acquires similar δ18O to the vein (M0076B-7R1-10.44m, Figure
15a).

The major components of heterogeneity are observed at intra-sample and
inter-sample scales. No significant correlations with larger-scale spatial pa-
rameters are observed (e.g. depth of sample, site location from East to West;
Figure 16a. Also see Figure 25 at the end of this chapter), and while con-
sistent patterns between textures and serpentine polymorphs are observed,
serpentine textures do not exhibit consistent δ18O values across all holes (
Figure 16a).
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a)

b) c)

Figure 15: Examples of in-situ oxygen isotope measurements (blue), annotated val-
ues are bias-corrected δ18O. a) Antigorite vein re-exploiting lizardite veins through a
chrysotile dominated matrix (M0071B-2R1-1.91m) , b) SHRIMP spots exhibiting par-
ticularly low δ18O observed both within wide banded chrysotile veins (right, centre
left) and recrystallised serpentine formed adjacent to them (upper left; M0076B-7R1-
10.44m), c) SHRIMP spots within lizardite-chrysotile veinlets cutting relict olivine
(M0068B-4R1-4.97m).
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Table 5: In-situ oxygen isotope compositions of serpentine from the Atlantis Massif, tabulated by serpentine textures. Mean δ18O and standard
error are given with the number of analyses used for the mean.

Sample Serp Veinlets Mesh Rim/Matrix Mesh Core Bastite Late Serp Vein
n Mean δ18O SE n Mean δ18O SE n Mean δ18O SE n Mean δ18O SE n Mean δ18O SE

Eastern Sites
M0068B-4R1-4.41m 8 2.8 0.3
M0068B-4R1-4.97m 18 2.3 0.1

Western Sites
M0071A-1R1-0.28m 13 1.8 0.1 8 0.6 0.1
M0071B-1R1-0.07m 4 2.3 0.2 2 2 0.1 2 2.3 0.4
M0071B-1R1-0.54m 4 1.9 0.1 2 0.5 0.3 2 1.5 0

M0071B-2R1-1.91m 9 1.7 0.1 2 1.6 0.3 3 0.5 0.3
M0071B-2R1-1.93m 5 1.3 0.1 2 3.1 0 11 2.8 0.1
M0071B-3R1-4.05m 22 2 0.2
M0071C-1R1-0.43m 2 2.2 0.2 2 2.3 0.1 4 1.6 0.1
M0071C-1R1-0.62m 8 1.1 0.1 2 -0.2 0.2 2 0.5 0

M0071C-2R1-3.26m 11 1.8 0.2 1 1.4 2 1.8 0 4 1.6 0.2
M0071C-2R2-3.7m 6 2.3 0.1 2 2 0.2 3 2 0.1

Central Sites
M0069A-10R1-15.5m 2 4.4 0.1 10 3.9 0.4 7 2.9 0.6
M0072B-6R1-8.14m 9 3.8 0.2
M0072B-8R1-11.12m 5 3.3 0.9 6 2.6 0.3
M0076B-3R1-4.24m 10 3.6 0.2
M0076B-4R3-6.83m 5 4.4 0.1 5 2.9 0.4 2 2 0.2 1 3.3
M0076B-5R1-7.29m 11 2.6 0.3
M0076B-5R1-7.96m 13 3.1 0.2
M0076B-7R1-10.44m 10 1.3 0.2 9 1.2 0.3
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2.6 Discussion

Previously measured bulk δ18O compositions for Southern Wall serpentinites
ranges from +2 ‰ to +6.7 ‰ (Boschi et al., 2008), which could be pro-
duced by seawater at high water/rock ratio and relatively high temperatures
of >250°C. Samples of serpentinite, talc schist, diabase, gabbro, troctolite,
and harzburgite from Hole U1309D have δ18O values ranging from +1.4 to
+5.6 ‰ across alteration percentages from 1-100% (with no samples with
δ18O>+5.7 ‰, the postulated unaltered crustal average; McCaig et al., 2013,
and references therein), likely indicating alteration temperatures above 200-
250°C (Shanks, 2001). Samples of serpentinites have δ18O = 2.5-3.2 ‰ (Mc-
Caig et al., 2013), falling within a more restricted range than samples from
the top of the Southern Wall - measured here and by Boschi et al. (2008).
However, the interpretation of these measurements is complicated by the
bulk rock samples having slightly different mineralogy, and amalgamating
multiple stages of serpentinization. Here we present in-situ measurements
extending to significantly lower δ18O values (from a maximum of +6.2 to be-
low 0 ‰; all texture-based averages are below +5‰, Table 5), and showing
a general trend towards lower oxygen isotope compositions for later serpen-
tine textures. By targeting individual textures, we can show that a significant
degree of heterogeneity exists within individual samples and that more in-
formation regarding the hydrothermal system can be extracted relative to
bulk-rock δ18O measurements.

2.6.1 Petrographic Constraints

Alteration at the Atlantis Massif records multiple stages of serpentinization
with generalised sequence from incipient serpentinization and serpentine
veinlets (volume of serpentine � olivine+orthopyroxene), through forma-
tion of interconnected serpentine mesh (either homogeneous mesh or mesh
rims followed by mesh cores) and bastites to late mode-I chrysotile veins
(fibrous veins, banded veins) and talc-amphibole-chlorite alteration after ser-
pentinite (as discussed below and tabulated in Table 2). The sequence of
these stages can be well-established in some cases, but the timing of ser-
pentinization of olivine vs. orthopyroxene is more difficult to establish in
completely-serpentinized samples (although, minor orthopyroxene is com-
monly observed at the cores of bastites, and bastites are commonly cross-cut
by late serpentine veins). As incompletely formed bastites are found ad-
jacent to completely serpentinized serpentine mesh, bastites are generally
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Figure 16: In-situ oxygen isotope compositions of Atlantis Massif serpentine across
the five sites investigated, and grouped by serpentine textures. Colours distinguish
serpentine polymorphs. Note that scatter about axis labels is intended only to better
show relative density of points.
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thought to form after the initial development of serpentine mesh but prior
to late veining.

The presence of multiple serpentine polymorphs within Atlantis Massif
serpentinites suggests that they have formed over a range of conditions, and
provides clues towards understanding the multi-stage serpentinization his-
tory of the Massif. Atlantis Massif serpentinites are typified by serpentine
textures dominated by lizardite which precedes chrysotile. Lizardite is typ-
ically assumed to be a lower-temperature polymorph, but has temperature
stability ranges strongly overlapping with chrysotile, and slightly with antig-
orite (e.g. Mével, 2003; Evans, 2010, see Chapter 1 for more information), and
thus these polymorphs alone cannot be used to make strong inferences re-
garding changes in serpentinization temperature. The formation of lizardite
veins through a chrysotile-dominated matrix, which are then re-exploited
by localised antigorite, could be interpreted as an overall increase in serpen-
tinization temperature. However, the presence and stability of individual
polymorphs is also influenced by a number of additional parameters (Si, Al
activities, fluid pressure, metastability; Dungan, 1979; O’Hanley et al., 1989;
Bromiley and Pawley, 2003; Evans, 2004). Given the known mobility of silica
during alteration of the Atlantis Massif (Boschi et al., 2006; Rouméjon et al.,
2018b), this may have been the most significant contributor to the presence
of antigorite.

The observed textural sequence of serpentinization stages suggests evolu-
tion towards higher fluid activity. Fractured olivine and orthopyroxene con-
taining small serpentine veinlets require relatively small amounts of fluid.
The presence of serpentine veinlets within peridotite clasts of the impreg-
nated harzburgite suggests that initial serpentinization stages were fluid-
limited and may have occurred at depths equivalent to those of the cross-
cutting gabbroic veining and minor magmatism||. The presence of dual-
stage serpentine mesh (most evident in dunites) attests to non-continuous
serpentinization, with incomplete serpentinization followed by a hiatus po-
tentially linked to intermittent but increasing fluid supply, and the tran-
sition between thermodynamically-controlled (mesh-rims) and kinetically-
controlled (mesh cores) reactions with higher fluid activities (consistent with
the presence of chrysotile rather than lizardite within mesh cores; Evans,
2004, and references therein).

||The impregnated harzburgites observed are confined to specific intervals within the Expe-
dition 357 core which also contain gabbroic veins, and may represent focusing of gabbroic
magma in the vicinity of the detachment (Früh-Green et al., 2016a).



62 Microscale Oxygen Isotope Investigation of Serpentinization

With regard to vein morphology, the difference between the fibrous and
banded veins may relate to fluid pressure. The formation of fibrous chrysotile
veins oriented parallel to vein opening direction requires that serpentine pre-
cipitation formation keeps up with vein opening (to avoid discontinuities),
while banded veins likely record sequential multiple vein opening events
(following arguments of Andreani et al., 2007, for very similar vein sets at
the Kane transform at 23

◦C on the MAR). The formation of mode-I serpen-
tine veins (i.e. minimal transverse motion associated with fracturing) which
cross-cut almost all previous textures requires supralithostatic fluid pres-
sures at low differential stresses (Cox, 2010). These veins have likely formed
in shallower environments, and potentially through deformation-controlled
upward fluid flow along the detachment zone. Hydrothermal flux acts to re-
lax thermal gradients - influx of cooler fluids into the detachment zone from
above reduces temperatures at depth, but as they flow upwards they buffer
temperatures and slow cooling. This scenario has been suggested for the
upper sections of Hole U1309D based on thermal profiles constructed from
paired with U-Pb zircon ages and magnetic remanence data (Schoolmeesters
et al., 2012), which experiences relatively rapid cooling until around 200-
250°C, where temperatures are suggested to be buffered by hydrothermal
circulation at depths of 1.5-4 km below the axial valley.

In addition to generally increasing fluid activities, later alteration assem-
blages suggest the presence of multiple contrasting fluids within the detach-
ment fault zone. The talc-tremolite±chlorite alteration, as is documented
both here (Figure 11a) and during previous investigations (Boschi et al., 2006,
2008) suggests the transient presence of a fluid with higher SiO2 abundances
and contrasting geochemistry to those involved in serpentinization. These
specific assemblages are generally linked to deformational and metasomatic
processes within the detachment fault, serpentinization can be inferred to
occurred at multiple levels within the detachment fault system - including
at conditions above those inferred for the talc-tremolite metasomatism (270-
350°C; Boschi et al., 2008).

2.6.2 Modelling Serpentine δ18O

The oxygen isotope composition of serpentine can be used to constrain the
temperature and water/rock ratio of serpentinization, given the assump-
tion of equilibrium isotope fractionation. With regards to different serpen-
tine polymorphs, no polymorph-specific oxygen isotope fractionation is ex-
pected, as under equilibrium conditions minerals with similar structure and
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composition have very similar isotope fractionations (e.g. chlorite and ser-
pentine have nearly identical fractionation behaviour; Wenner and Taylor,
1971; Zheng, 1993b). The oxygen isotope composition of serpentine in equi-
librium with a fluid is a function of the fluid δ18O composition and temper-
ature, and is moderated by the relative amount of fluid under fluid-limited
conditions (at integrated water/rock ratios of less than about 10 in closed
systems, Figure 19). A fractionation constraint together with a mass balance
constraint can be used to estimate the serpentine in equilibrium with a fluid
and bulk rock composition over a range of temperature and water/rock ra-
tios (with the caveats mentioned above with regards to fluid fluxes; McCaig
et al., 2013; Bickle, 1992). Thus serpentine δ18O composition together with a
known or assumed fluid δ18O composition can be used to partially constrain
minimum temperatures and water/rock ratios during serpentinization. A
number of closed and open system fractionation models have been pub-
lished, where the equivalent integrated water rock ratio between open and
closed system is given by W/ROpen = ln(W/RClosed + 1) (e.g. Taylor, 1977;
Gregory et al., 1989). With these models, a number of additional param-
eters (including shifts in pH, f (O2) and dissolved major element activities)
are assumed to be emergent properties essentially dictated by the extent and
nature of fluid-rock interaction. Under a closed system model where whole
rocks are approximated by serpentine, the model constraints are (where m
denotes mass; equation is similar to the equation of Taylor, 1977, with the
modification that mass is also able to be transferred between water and rock):

δ18OSerp = δ18OH2O − ∆18OH2O−Serp (12)

δ18OH2O+Rock ·m(H2O + Rock) = δ18OH2O ·m(H2O) + δ18ORock ·m(Rock)
(13)

During exhumation of mantle material along a detachment fault, temper-
atures are generally expected to decrease and fluid fluxes increase, through
exposure to brittle deformation and proximity to seawater source. If serpen-
tinization occurs exclusively at high temperature, serpentinization at higher
water/rock ratios will exhibit lower δ18O compositions (Figure 19b). Below
150°C, serpentine δ18O values increase with higher water/rock ratio (Fig-
ure 19b). Decreasing temperature will also induce higher serpentine δ18O
values during exhumation (Figure 19a). While at high temperatures, fluid
infiltration and continued serpentinization drives fluids to higher δ18O val-
ues, there exists a possibility at low temperature that fluids evolve towards
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negative δ18O values, and this fluid with low δ18O would allow serpentinites
to exhibit lower values even at low temperatures. However, to be realistic
this scenario would require the presence and general abundance of serpen-
tinites which show evidence of formation at low temperature, some of which
will have much higher δ18O values. Given no significant volume of serpen-
tinite (or altered mafic rocks) with particularly high δ18O values have been
found at the Atlantis Massif, this mechanism is unlikely to explain the low
serpentine δ18O values observed (Figure 16).

Estimating Serpentinization Temperatures

Published models for serpentine-water oxygen isotope fractionation vary sig-
nificantly with regard to their temperature sensitivity (Figure 17). For given
∆18OSerp-H2O, estimated temperatures for each model are more similar at
higher temperature and low ∆18OSerp-H2O. Notably, the three models are
constructed by different means: Zheng (1993b) represents a theoretical cal-
culation, Früh-Green et al. (1996) is constructed from empirical models and
Saccocia et al. (2009) is an experimental calibration. Here we utilise the in-
termediate model, being that of Zheng (1993b) which is continuous to low
temperature whereas the calibration of Saccocia et al. (2009) is only over
the temperature range 250-450°C. The differences between the models are
lesser at higher temperatures (i.e. these results are the most robust across
models; Figure 17), and interpretations are generally centred on the relative
differences in estimated temperatures. Given estimated temperatures are
commonly high, the differences between models principally influence the
magnitude of estimated temperature variation in the system. (i.e. more for
Früh-Green et al. (1996) or less for Saccocia et al. (2009) relative to Zheng
(1993b)). Uncertainties on temperatures estimated from ∆18OSerp-H2O are
asymmetric due to the nonlinear temperature-∆18O relationship, and higher
in the high-T direction. This effect is stronger for higher temperatures, as
∆18O becomes less sensitive to temperature changes. The uncertainties on
individual SHRIMP δ18O analyses (of approximately ± 0.24 ‰, 95% confi-
dence interval) result in temperature uncertainties of up to 18 °C (which are
highest at high temperature, and for the flatter models of Früh-Green et al.,
1996; Zheng, 1993b). However given the average internal uncertainty of 0.1
‰ and the fact that most calculated temperatures are in the range where

d(T)
d(∆18O)

is moderate, most calculated temperatures have uncertainties in the
range of 6-12 °C (excluding uncertainty from differences between models).

Despite the uncertainty in comparing different studies, all the studies
agree that serpentine δ18O composition is controlled by temperature and
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Figure 17: Existing models for oxygen isotope fractionation between serpentine and
water over a relevant temperature range (Zheng, 1993b; Früh-Green et al., 1996;
Saccocia et al., 2009). Note that the fractionation calibration of Saccocia et al. (2009)
is limited to between 250 and 450°C. Given the assumption of serpentinite forming
from seawater-derived fluids, temperature estimates based on serpentine δ18O differ
significantly between models at higher ∆18O (e.g. estimated temperature where
∆18O = +3‰ varies by ≈80°C). For lower ∆18O, temperature estimates are more
similar (e.g. a range of ≈35°C for ∆18O = 0‰).

fluid δ18O value, which can be assumed to represent both i) the fluid source
δ18O composition and ii) the degree of fluid-rock interaction over the inte-
grated flow path. Notably, with a single measured variable (δ18O), these
parameters cannot be resolved, as all the fluids represent evolved seawater.
As a first-pass, we assume that time-integrated fluid fluxes are high, and
serpentinization temperatures can be estimated for the case of seawater in-
filtration into abyssal peridotite. Using the fractionation model of Zheng
(1993b) and a fluid δ18O value of 0 ‰, the estimated temperature of serpen-
tinization varies from 150°C to 350°C (distributions plotted for individual
sites and serpentine textures below, Figure 18). These are useful minimum
temperature estimates.

The effects of variations of integrated fluid fluxes between different ser-
pentinites can also be explored, with note that values described are at best
minima (and other cautionary notes described above; McCaig et al., 2013;
Bickle, 1992). Serpentinization reactions require the addition of mass to a
rock (e.g. incorporation of up to 13 Wt% H2O in a completely serpentinized
rock), and as fluid is consumed during the process, fluid/mineral ratios of
at least 0.13 are required for complete serpentinization. Assuming the addi-
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Figure 18: Distributions of estimated minimum temperatures (estimated to have
formed from fluids with a seawater δ18O composition of 0‰, rather than an evolved
fluid such as those venting at the LCHF with +0.2 to +0.7‰) at which serpen-
tine would be in equilibrium with seawater for individual serpentine analyses. a)
Grouped per site and serpentine polymorph, and b) Grouped by texture and poly-
morph. Minimum temperatures are estimated using the serpentine-water fraction-
ation of Zheng (1993b) and an estimated fluid composition of 0‰.

tional silica required for the serpentinization of olivine (Eqn. 9) can be sup-
plied from orthopyroxene and has a mantle δ18O composition, the effective
minimum ’fluid/mineral’ molar oxygen ratio for complete serpentinization
would be 0.2̇ (ratio of moles of oxygen sourced from the fluid to moles of
oxygen originally contained within the mantle rock). If instead the olivine
serpentinization reaction involved fluid-mobile silica equilibrated with the
fluid, the relevant minimum would be 0.5 (as the effective moles of oxygen
with a fluid-like composition are greater). The equivalent mass ratios of
fluid-derived oxygen to rock-derived oxygen are 0.3 and 0.73, respectively.
Given initial starting compositions (here seawater at 0 ‰ and abyssal peri-
dotite at +5.5 ‰; mantle composition sourced from Mattey et al., 1994), a
model can be constructed over a range in temperature and fluid/mineral
ratio. Generally, oxygen isotope compositions are buffered by the dominant
oxygen component (either rock or fluid) and fluid-mineral fractionations in-
crease with decreasing temperature (Figure 19).

If the Lost City vent fluids are assumed to be directly linked to the serpen-
tinites (without significant oxygen isotope exchange during upwards fluid
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transport), serpentinization conditions can be further restricted based on
vent fluid compositions (δ18O = +0.2 to +0.7 ‰, Kelley et al., 2005). The vent
fluids with high δ18O values are consistent with high-temperature serpen-
tinization, with estimated serpentinization fluids having δ18O values >+0.7
‰ (and potentially higher in lower W/R scenarios; hydrothermal fluids up
to 2.4‰ have been observed at the Kane Fracture Zone Campbell et al., 1988).
Combining these constraints, we can ascribe measured isotope compositions
to potential formation conditions (lines, or bands in T-water/rock ratio as
seen in Figure 20), based on this aforementioned assumption of a direct vent
fluid-serpentinite link. Given the extended hydrothermal history, the fluids
sampled by the vents may only represent one stage of the evolution. Alterna-
tively, while the vent fluids indicate involvement in active serpentinization,
the extensive serpentinization throughout the massif suggests relict olivine
near the surface of the Massif in this location is minor. Instead the fluid
chemical characteristics may partially derive through fluid-rock exchange
during fluid flow, meaning that the fluid and serpentinite δ18O could less
coupled. Further constraint may only be achieved with measurement of
inter-mineral isotope fractionation to provide independent temperature esti-
mates.
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Figure 19: Oxygen isotope fractionation models as a function of a) temperature, con-
toured for water/rock ratio, b) water/rock ratio, contoured for temperature (values
are in °C). Models constructed from those presented in Zheng (1993b), assuming
influx of seawater (0‰) into an unaltered peridotite (+5.5‰).

The changes in serpentine δ18O composition observed between lizardite
and chrysotile range in magnitude between -0.3 and -1.8 ‰ must repre-
sent changes in serpentinization conditions. Assuming that the serpentiniz-
ing fluid source does not change and that pre-existing serpentine is not
recrystallised, decreases in δ18O values can represent increases in temper-
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Figure 20: Closed-system equilibrium serpentine oxygen isotope fractionation
model contoured across both temperature and water/rock ratio. Model is con-
structed assuming influx of seawater (0‰) into an unaltered peridotite (+5.5‰).
Solid lines indicate serpentine compositions, and dashed lines indicate equilibrium
hydrothermal fluid compositions. Shaded regions represent likely serpentinization
conditions which are able to be inferred from serpentine δ18O compositions, assum-
ing a link to vent fluids (δ18O values up to +0.7‰). Three relevant examples are
shown. The first (bottom right shaded field) illustrates δ18OSerp >+4‰ correspond-
ing to low fluid fluxes but high temperature, generating an evolved fluid with δ18O
>+1 ‰ (minimal constraint on temperature can be achieved based on serpentine
δ18O values). The second is a restricted field constructed from the constraints of
δ18OSerp >+4‰ and fluids with δ18O equivalent to those observed in the Lost City
vents (0.2-0.7‰). The third illustrates relevant conditions for formation of +0.5‰
<δ18OSerp <+1.5‰ corresponding to the low δ18O values observed in late serpen-
tine phases such as veins and bastites (and fluids with δ18O values between +0.2 and
+0.7‰). For this third field, estimated temperatures are in the range 250->350°C,
and higher fluid fluxes are required. Models constructed from fractionation model
of Zheng (1993b).
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ature and/or increases in water/rock ratio. While significant temperature
increases are not generally expected for exhuming terranes, the Atlantis Mas-
sif contains intermixed mafic and ultramafic material, and intrusion of do-
lerites has occurred syn-exhumation; additional sources of heat are present
and hence temperature increases cannot be explicitly ruled out. The abil-
ity and requirements for each of these two endmember processes to induce
decreases in serpentine δ18O values can be assessed. Regarding isoflux con-
ditions with an increase in serpentinization temperature, shifts to lower ser-
pentine δ18O values require i) that the initial serpentinization event was at
high fluid/rock ratio (at low water/rock ratio increases in temperature in-
duce only minor changes to δ18O values) and ii) temperature increases of 70-
100°C are required to reduce δ18O compositions by 1.8 ‰. Alternatively for
isothermal increasing flux conditions, decreases in serpentine δ18O values by
1.8 ‰ require i) that serpentinization began at >200°C (and likely >250°C),
and ii) that an increase in water/rock ratio of 0.5-1 order of magnitude is
required. Under a scenario where temperature is generally decreasing over
time, greater increases in flux are required. Overall, the simplest and most
efficient mechanism for the shifts observed between lizardite and chrysotile
is an increasing water/rock where serpentinization initiates at >250-350°C,
and a second generation of serpentinization occurs above 200°C at higher
water/rock ratios (approximately 1-2 orders of magnitude). In the sample
which contains an antigorite vein (M0071B-2R1-1.91m), the serpentine poly-
morphs exhibit an atypical sequence of chrysotile→lizardite→antigorite. While
the presence of antigorite supports the hypothesis of high temperature ser-
pentinization (>250°C), it’s presence in this sequence likely represents the
effects of decreasing water/rock ratios and increasing fluid silica activities.
This scenario is also supported by the presence of the antigorite vein at the
interface between serpentinite and a chlorite-altered mafic rock, and antig-
orite exhibiting the highest δ18O value of the three polymorphs present in
the sequence.

2.6.3 Constraints from Trace Element Compositions

Serpentinized peridotites are commonly enriched in a range of fluid-mobile
elements relative to their protoliths, but typically experience minimal change
in abundance of compatible trace elements (Kodolányi et al., 2012; Deschamps
et al., 2013). During serpentinization, most olivine-compatible elements (Cr,
Ni) are expected to be mobilised to a relatively low degree, with serpentine
likely to retain similar abundances to precursor minerals (e.g. Kodolányi
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et al., 2012). Fluid-mobile elements present in seawater are commonly strongly
enriched in serpentinites compared to peridotite protoliths (Kodolányi et al.,
2012; Deschamps et al., 2013). The partitioning of boron and uranium be-
tween seawater and serpentine is not precisely constrained, but given the
typical enrichment within serpentinites worldwide (Kodolányi et al., 2012;
Deschamps et al., 2013) these elements may partition strongly into serpen-
tine.

For Atlantis Massif serpentinites, systematic differences in serpentinite
trace element abundances correlated to precursor phases and textural con-
text. Fluid mobile elements typically exhibit enrichment in serpentine phases
relative to olivine and orthopyroxene precursors (Figures 14, 13; see also Fig-
ure 23 at the end of the chapter). Serpentinization temperature will exert
control on the partitioning, with an positive relationship observed between
serpentinite δ18O compositions and boron abundance suggested to indicated
that at higher temperatures boron partitions into the fluid (Bonatti et al.,
1984). Based on this suggested relationship, if temperature variations are
causing shifts in serpentine δ18O values, the positive correlation between ser-
pentine δ18O values and boron should be observed. However this would also
be observed if variations in water/rock ratio were inducing the shifts in δ18O,
where above the temperature reversal, lower water/rock ratio corresponds
to higher δ18O values and boron abundance (higher fluid salinity, and higher
dissolved boron abundances). The incorporation of boron into serpentine is
also favoured by high pH, where both aqueous boron species and boron in
serpentine are tetrahedrally coordinated (Foustoukos et al., 2008; Pabst et al.,
2011). For the Atlantis Massif, serpentine textures which exhibit lower δ18O
values also have lower boron abundances (Figure 21), consistent with the
relationship observed by Bonatti et al. (1984). The depleted mantle contains
0.077 µg/g B (Marschall et al., 2017) and 0.0047 µg/g U (Salters and Stracke,
2004), and seawater contains 4.5 µg/g B (or 407 µmol/kg; Spivack et al., 1987)
along with 0.0033 µg/g U. During serpentinization, the dominant source of
boron and likely uranium will be seawater, and the relative enrichment in
these fluid mobile elements can be used to constrain minimum fluid/rock
ratios during alteration of harzburgites and dunites by seawater.

Boron abundances vary strongly between serpentinization textures at the
Atlantis Massif, reflecting interplay between temperature, pH, relative fluid
fluxes and the history of the fluid. In the olivine-bearing sample M0068B-
4R1-4.97m, boron abundances of 90-150 µg/g are observed in thin serpen-
tine veinlets, suggesting that boron is strongly portioning into serpentine
during even incipient alteration. In near-completely serpentinized harzbur-
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gites, bastites typically exhibit the highest boron abundances. Based on mass
balance, the most extreme enrichment within bastite of 313 µg/g represents
relative enrichment to seawater of approximately 70x (M0071C-1R1-0.62m,
Table 4). Alternatively, boron may partially also be enriched after initial ser-
pentinization (e.g. as suggested for serpentinites from the Southwest Indian
Ridge; Rouméjon et al., 2015). In strongly serpentinized samples, signifi-
cant enrichments in uranium are observed (e.g. 1.9 µg/g U in bastite from
M0069A-10R1-15.5m at >575 seawater abundances, Table 3). The solubility
of uranium is sensitive to oxidation state, and highest under oxidising condi-
tions (Frost, 1985). In this sense, serpentine forming under reducing condi-
tions uranium supply with fluids will be lessened, explaining the relatively
low abundances of uranium in early serpentine veins (Table 3). If uranium is
precipitated from seawater via a redox reaction (e.g. 2 ·UO3Fluid + 4 · FeOOl

= 2 ·UO2Serp + 2 · Fe2O3Mag), iron sequestered into magnetite may result in
correlated increasing uranium and serpentine magnesium number. For the
Atlantis Massif serpentinites, if any trend is observed it is that uranium abun-
dances increase with decreasing Mg# (Figure 13), but these trends are notably
across different serpentine textures. In the absence of secondary incorpora-
tion of uranium into serpentine (e.g. during recrystallization), the presence
of significant amounts of uranium in later serpentine phases requires that
significant amounts of uranium are being input via. seawater, and that the
fluid phase is relatively oxidised during these stages. Both of these require-
ments suggest relatively high fluid fluxes. Similarly, relative enrichment of
As and Sb likely reflects oxidising alteration of previous sulfide phases; the
enrichment fo As and Sb in serpentinized harzburgites and dunites from
Site 71 (not in-situ) may reflect near-surface oxidative weathering processes.

2.6.4 Serpentinization Conditions

A range of possible serpentinization temperatures and likely relative fluid
fluxes are discussed above, and can be placed in the context of the ther-
mal structure and history of the Atlantis Massif. The enrichment in fluid
mobile elements in later stages of serpentinization (mesh serpentine, veins
and bastites) supports an argument for serpentinization under high inte-
grated fluid/rock ratios, and suggests that the temperature estimates above
(Figure 18) are likely to be relatively accurate after initial serpentinization
stages. The similar maximum estimated temperatures across these stages of
serpentinization likely reflects a sustained or periodic hydrothermal system
within the detachment fault driven by fluids escaping from depth, consis-
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Figure 21: Relationship between serpentine δ18O compositions measured on
SHRIMP, and boron abundances measured by LA-ICP-MS. For each of the sam-
ples where both have been measured, for each serpentine texture the average δ18O
values and boron abundance are plotted as points, and the absolute ranges plot-
ted as boxes. Note the general positive correlation between δ18O values and boron
abundance.

tent with suggestions for delayed cooling of the gabbroic core within Hole
U1309D (sustaining temperatures of 200-250°C at depths of 1.5-4km below
the axial valley; Schoolmeesters et al., 2012). Initial hydration occurs under
largely rock-buffered conditions, while increasing flux of seawater drives
widespread serpentinization and formation of serpentine enriched in fluid
mobile elements (especially B, U). For initial serpentinization stages - early
veinlets and mesh rims - evidence exists for relatively low water rock ratios
(i.e. <1), under which conditions serpentine δ18O composition is largely a
function of water rock ratio and temperature sensitivity is reduced (Figures
19, 20). Given the known exhumational history of the Massif, the interac-
tion between magmatic and hydrothermal systems, and the requirement for
circulation of hot fluids from depth, these initial serpentinization stages are
very likely formed at similar or greater temperatures than subsequent gen-
erations (likely ≥350°C). High fluid pressures and progressive unloading
during exhumation have formed fibrous and banded extensional serpentine
veins at temperatures of ≈200-330°C. Increased fluid fluxes are consistent
with the transition from ductile through to brittle deformation, and increases
in permeability through deformation both along the detachment within the
footwall through unloading. The textural sequence of serpentinization (es-
pecially extensional veins) is overall similar to those observed at the MARK
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fracture zone, where serpentinization is inferred to begin at 300-350°C and
continue towards the establishment of a hydrothermal system (Andreani
et al., 2007; Dilek et al., 1997).

Numerical hydrothermal modelling conducted to investigate the effects
of topography and permeability structure on the Lost City Hydrothermal
Field, suggest relatively homogeneously low temperatures at depth within
the Southern Wall - especially moving away from the relatively warm gab-
broic core and towards the Atlantis Transform (<110 °C after 5-50 thousand
years of hydrothermal activity Titarenko and McCaig, 2016). Notably, no
serpentinites have oxygen isotope ratios consistent with serpentinization un-
der particularly low temperatures, consistent with their localisation and ser-
pentinization within the detachment fault system; deeper drilling into ser-
pentinites within the Southern Wall may find serpentinites with higher δ18O
values (rather than being serpentinized at depth during detachment-focused
fluid flow, these may have been serpentinized after detachment faulting and
exhumation, much closer to the seafloor). The vent fluids involved in active
serpentinization may not be linked to deep serpentinization directly (instead,
serpentinization may be occurring within olivine bearing sections within the
upper sections of the Massif at depths greater than those drilled during Exp.
357).

Serpentine Mg# and magnetite abundances are variable within and be-
tween serpentinite samples, and may also provide some indication with re-
gard to serpentinization temperature and/or progress. Notably, an overall
negative correlation between mean serpentine δ18O values and mean Mg#
for individual textures between different samples is observed (Figure 22),
confirming a potential link between higher water/rock ratios (and/or higher
temperature) serpentinization and serpentine Mg#. Magnetite modal abun-
dances principally vary based on protolith; serpentinized dunites contain
low modal abundances of magnetite (e.g. Figure 12b) and serpentinized
harzburgites tend to form magnetite-delineated serpentine mesh and/or
localised concentrations of magnetite (e.g. Figure 12a,c). Despite having
higher magnetite abundances, measured serpentine Mg# is not distinctly
higher within harzburgite serpentinization textures (e.g. bastites; although
large overall ranges are present, Figure 22).

Calculated serpentinization temperatures correspond to subsurface con-
ditions at depths of up to several kilometres, suggesting generally long path-
lengths for hydrothermal circulation. The maximum serpentinization tem-
peratures described here correspond well to estimated depth of seismicity



74 Microscale Oxygen Isotope Investigation of Serpentinization

inferred to relate to hydration along detachment fault systems (up to 7 km;
deMartin et al., 2007; McCaig et al., 2013).

1 0 1 2 3 4 5 6 7
18O ( )

0.70

0.75

0.80

0.85

0.90

0.95

1.00

M
g#

Serp Veinlets
Mesh Rim/Matrix
Mesh Core
Bastite
Serp Vein

Figure 22: Relationship between serpentine δ18O compositions measured on
SHRIMP, and Mg# measured by LA-ICP-MS. For each of the samples where both
have been measured, for each serpentine texture the average δ18O and Mg# are plot-
ted as points, and the absolute ranges plotted as boxes. Note the general negative
correlation between serpentine δ18O values and Mg#.

2.7 Implications for Hydrogen Generation

Additionally, estimated minimum serpentinization temperatures fall within
ranges which are particularly productive with regards to hydrogen genera-
tion. Serpentinization temperatures in the range 200-330°C produce the most
hydrogen, at the fastest rates (Eqn. 11; as serpentinization is sluggish and
Fe partitions into brucite at low temperature, and olivine-serpentine Fe-Mg
exchange is more efficient at high temperature; McCollom and Bach, 2009;
Klein et al., 2009, 2013; McCollom et al., 2016)**. Furthermore, given that
serpentine δ18O composition appears to be principally controlled by differ-
ences in water/rock ratio, the inverse correlation between serpentine δ18O
values and serpentine Mg# (Figure 22) suggests that at higher water/rock
ratios (lower δ18O values) more magnetite may be being formed (sequester-
ing Fe, leading to higher Mg#). This is consistent with both higher water
activities and more oxidised conditions, given the mechanism for hydrogen
generation (Eqn. 11, both of which should drive the reaction to the right).

**This is especially true where external sources of silica exist (Klein et al., 2009), and silica
mobility has been inferred for the Atlantis Massif (Boschi et al., 2006; Rouméjon et al., 2018b).
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Notably, the serpentine Fe3+ content has not been quantified, this could also
contribute to hydrogen formation (Andreani et al., 2013). Overall, the later
stages of serpentinization (with low δ18O values; most chrysotile, including
bastites, mesh cores and late serpentine veins) observed in the Atlantis Mas-
sif may contribute disproportionately to hydrogen generation. Serpentiniza-
tion within the deeper subsurface (at depths of potentially up to multiple
kilometres) is likely responsible for a large part of hydrogen within Lost City
vent fluids (consistent with estimated temperatures for hydrogen generation
higher than vent temperatures; Proskurowski et al., 2006). The longevity of
the hydrothermal system at shallower levels and continued hydrogen pro-
duction at depth will be at least partially dependent on i) the continued
infiltration of fluid into the detachment and ii) the continued exhumation/p-
resence of warm material along the detachment to sustain serpentinization
temperatures.

2.8 Conclusion

A sequence of hydration and alteration events are observed in the Southern
Wall of the Atlantis Massif, corresponding to prolonged hydrothermal cir-
culation within the Atlantis Massif detachment. Significant oxygen isotopic
heterogeneity is present within serpentinites, and investigation of individual
serpentine textures provides improved resolution of likely serpentinization
conditions relative to previous bulk-rock δ18O measurements. Initial hydra-
tion has likely begun at depths greater than 4km within the detachment,
where hydrothermal, magmatic and deformational processes overlap signif-
icantly. Serpentine mesh and vein networks have developed in response to
increased fluid influx at temperatures of 150-350°C, potentially forming an
extensive hydrothermal system. Given that serpentinization has occurred
at depth (fluid path lengths of up to several kilometres), the link between
Atlantis Massif serpentinites and the Lost City Hydrothermal Field may be
more distal than previously thought, and the direct correlation of detach-
ment related serpentinites with vent fluids may not yield accurate insights
into the low-T hydrothermal system.
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Figure 23: Trace element compositions of phases within Atlantis Massif serpen-
tinites. For each sample investigated, all individual analyses are plotted. Back-
ground field represents the array of serpentinite trace element abundances observed
in Mid-Atlantic serpentinites (using the compilation from Peters et al., 2017). Trace
element abundances normalised to Primitive Mantle of Palme and O’Neill (2014).
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Figure 24: Trace element compositions of serpentine polymorphs within Atlantis
Massif samples. Serpentine analyses are grouped by texture. Background field rep-
resents the array of serpentinite trace element abundances observed in Mid-Atlantic
serpentinites (using the compilation from Peters et al., 2017). Trace element abun-
dances normalised to Primitive Mantle of Palme and O’Neill (2014).
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Figure 25: Measured serpentine δ18O compositions within Atlantis Massif serpen-
tinites across the five sites investigated. Mean compositions of serpentine poly-
morphs are also plotted in black.
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Abstract

The alteration of oceanic crust has a profound influence on Earth’s geochem-
ical cycles. We investigated halogens and noble gases within serpentinized-
peridotites and gabbros recovered during IODP Expedition 357 from the
Atlantis Massif, which represents a sediment-poor oceanic core complex
formed at a slow-spreading centre. The aim was to improve constraints
on the processes controlling the incorporation of halogens and noble gases
in serpentinized oceanic lithosphere. Samples include variably altered and
veined serpentinized harzburgites and serpentinized dunites, hydrated gab-
bro and talc-amphibole-chlorite metasomatised rocks (typically after serpen-
tinized peridotite), and were collected from five sites in an East to West tran-
sect across the Massif (Sites M0068, M0069, M0071, M0072, M0076). Samples
vary in alteration extent and style, including partial serpentinization, com-
plete serpentinization, veined serpentinites and talc-amphibole alteration.

Halogen and noble gas abundances in serpentinites, talc-amphibole schist
and hydrated gabbro have been measured by noble gas mass spectrome-
try of both irradiated and non-irradiated samples. The lizardite-chrysotile
serpentinites within the Atlantis Massif exhibit low halogen and noble gas
abundances (e.g. 70-430 µg/g Cl, 4.7-15 x 10

-14 mol/g 36Ar) relative to
other lizardite-chrysotile serpentinite localities worldwide. Serpentinites re-
tain mantle-like Br/Cl with a wide variation in I/Cl extending over a range
of three orders of magnitude above seawater values. Iodine enrichment of
up to 530 ng/g is observed within two relatively oxidised serpentinites. In
contrast, the majority of serpentinites between 1.0 and 37 µg/g I. Serpen-
tinites and hydrated gabbros exhibit distinct depletion of Kr and Xe rela-
tive to atmospheric 36Ar. Talc-amphibole-chlorite schists have lower halogen
abundances than serpentinites (e.g 20-174 µg/g Cl), exhibit lower Br/Cl and
I/Cl with increasing Cl abundance. These geochemical features point to a
complex interplay between mineral partitioning, the alteration history of the
Massif and the tectonic setting.
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3.1 Introduction

The oceanic crust covers more than 60% of the Earth’s surface (Schubert
and Sandwell, 1989), and 30% of mid-ocean ridges are represented by slow-
spreading centres (Dick et al., 2003). Chemical interaction between the oceanic
crust and seawater exerts a major control on long-term geochemical cycles,
with the alteration of fast- and slow-spread crust contributing differently to
geochemical cycling. Seafloor serpentinites are commonly formed through
the hydration of mantle peridotite at slow- to ultraslow-spreading ridges
(e.g. Dick, 1989; Dick et al., 2003), along transform faults and at passive
margins. Magma-poor slow- to ultraslow-spreading centres represent sig-
nificant portions of modern ridge segments (Dick et al., 2003). Extension at
slow-spreading ridges is accommodated by long-lived, large-offset asymmet-
ric normal faults and detachment faults which commonly form oceanic core
complexes such as the Atlantis Massif, and other serpentinite-dominated
terranes (Dick et al., 2003; Cannat et al., 2006; Tucholke et al., 2008; Smith
et al., 2008). Serpentinization involves the hydration of olivine and orthopy-
roxene to form serpentine and magnetite, and is commonly associated with
other hydrous phyllosilicates (including chlorite, brucite and/or talc). Ser-
pentinization reactions efficiently incorporate fluid-mobile elements such as
halogens, noble gases, B, Sr and U into the lithosphere (Ulmer and Tromms-
dorff, 1995; Kendrick et al., 2013; Kodolányi et al., 2012; Deschamps et al.,
2013; Peters et al., 2017). To assess the likely impact of serpentinites on
subduction element budgets and cycling efficiencies for halogens and noble
gases (Kendrick et al., 2011; Kendrick, 2018; Sumino et al., 2010), the starting
composition of the seafloor serpentinites must be known.

Incompatible, fluid mobile elements are enriched in Earth’s surface reser-
voirs and can be used to constrain fluid-rock interaction on the seafloor and
during subduction (e.g boron; Boschi et al., 2006; Marschall et al., 2008). The
halogens and noble gases represent two contrasting groups of strongly in-
compatible fluid mobile elements and a relatively small number of stud-
ies have investigated their behaviour in altered oceanic crust (Chavrit et al.,
2016; Kendrick et al., 2011, 2013, 2015). Noble gases dissolved in seawater
are trapped in sedimentary material and hydrous minerals in altered oceanic
crust or lithosphere (Kendrick et al., 2015; Chavrit et al., 2016; Matsuda and
Nagao, 1986; Staudacher and Allègre, 1988). The heavy halogens (Cl, Br,
I) all have high solubilities in aqueous fluids and are useful monitors of
seawater infiltration processes. Chlorine has been investigated in the most
detail because it is the dominant anion in seawater, and a number of studies
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have investigated the chlorine abundance and isotope ratios in seafloor rocks
(e.g. Magenheim et al., 1995; Vanko, 1986; Kendrick et al., 2015; Barnes and
Sharp, 2006; Bonifacie et al., 2008; Sano et al., 2008; van der Zwan et al., 2015).
Iodine is a biophilic, redox sensitive element that is strongly enriched in ma-
rine sediments and organic matter (Elderfield and Truesdale, 1980; Fuge and
Johnson, 1986; Luther et al., 1995; Zhou et al., 2017). Previous studies have
shown that seafloor serpentinites preserve a range of Br/Cl and I/Cl similar
to sedimentary pore waters (e.g. Kendrick et al., 2013). This suggests the
heavy halogens must all have similarly high compatibilities in serpentine,
but the extent to which halogens might be fractionated between different al-
teration minerals is poorly known. As seawater is strongly enriched in Cl, Br,
and atmospheric noble gases relative to the mantle, these elements are also
useful geochemical tracers of subducted oceanic components being recycled
into the mantle (Kendrick et al., 2017; Ozima and Podosek, 2002).

The Southern Wall of the Atlantis Massif is ideally positioned to incor-
porate significant abundances of halogens and noble gases from seawater.
Large integrated fluxes of seawater have passed through the Massif, form-
ing serpentinites at relatively high temperatures in the range 150-250°C and
water/rock ratios from 2 to >10

6 (Boschi et al., 2006, 2008; Foustoukos et al.,
2008; Delacour et al., 2008). This study was undertaken to investigate the
halogen composition of hydrated and altered seafloor lithologies with vari-
able alteration mineralogy and minimal sediment cover. An important aim
was to test if seawater-like halogen abundance ratios are preserved in serpen-
tinites distal from sedimentary sources. The lithologies investigated were
sampled by seafloor drilling undertaken in a transect along the Southern
Wall of the Atlantis Massif during IODP expedition 357 (Früh-Green et al.,
2016a). This area is a serpentinite-dominated section of the oceanic core
complex exhibiting various structural, petrological and geochemical features
that document exhumation, magmatism and serpentinization and metaso-
matism of the oceanic crust at a slow spreading ridge (Blackman et al., 2002;
Schoolmeesters et al., 2012; Boschi et al., 2008; Denny et al., 2016). The South-
ern Wall exhibits heterogeneous lithologies (Früh-Green et al., 2016a), and a
multistage serpentinization history beginning at high temperatures (Boschi
et al., 2008, see previous Chapter). Additionally, the magmatic and thermal
history (e.g. intrusion of gabbros, dolerites, and persistence of a thermal
source within the gabbroic core) of the Southern Wall of the Massif, which
overprints the earliest serpentinization, could have resulted in thermal dif-
fusive loss of noble gases in altered lithologies. The results provide infor-
mation on how tectonic setting and near-axis seafloor alteration processes
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together control halogen and noble gas abundances in serpentinized ultra-
mafic crust entering subduction zones.

3.2 Geological Setting

The Atlantis Massif is an oceanic core complex located at 30
◦N on the the

Mid-Atlantic Ridge (MAR, Figure 26a,b), and is host to the Lost City Hy-
drothermal Field (LCHF, Figure 26c; Kelley et al. 2001; Blackman et al. 1998;
Früh-Green et al. 2003). The Atlantis Massif was one of the first localities
investigated to test models for the formation of oceanic core complexes
(Cann et al., 1997; Blackman et al., 1998, 2002). The seafloor morphology and
crustal structure have been investigated in detail, with samples recovered by
dredges and submersible dives during the MARVEL2000 project (Blackman
et al., 2002) and by drilling during IODP Expeditions 304/305 (Blackman
et al., 2011). Hole U1309D drilled into the gabbro-dominated central dome
during IODP Expeditions 304/305 reached a depth of 1415 mbsf, and pro-
vided a new understanding of large-scale magmatic history, lithospheric ac-
cretion, and deformation in an oceanic core complex (Blackman et al., 2011;
Tamura et al., 2008; Grimes et al., 2008; Godard et al., 2009; Drouin et al.,
2009; Schoolmeesters et al., 2012). The previous investigations have indi-
cated that the core of the massif has experienced a high degree of melt in-
jection and impregnation prior to or during exhumation. This has occurred
over multiple scales and can be observed in limited sections of the Expedi-
tion 357 Core from Southern Wall of the Massif (Früh-Green et al., 2016a), as
well as within thin-sections and core from the Central Dome (Tamura et al.,
2008). The intrusion of the gabbros and related melts may have occurred in a
near-ridge setting prior to the beginning of faulting on the detachment zone
(Tamura et al., 2008). The large gabbroic bodies were likely emplaced within
the central dome syn-tectonically during exhumation over the past 1.5-2 Ma
(consistent with the age estimate from half-spreading rate; Blackman et al.,
2011; Grimes et al., 2008; Blackman et al., 2002).

The detachment fault surface is exposed along the upper surface of the
Southern Wall, and terminated to the south by the Atlantic transform fault
(Figure 26b, c). The detachment shear zone consists of strongly foliated to
mylonitic serpentinites and talc schists; a series of faults across a zone up
to 100 m thick have accommodated deformation and uplift (Karson et al.,
2006; Schroeder and John, 2004; Blackman et al., 2002). Strain was localised
to the detachment fault during exhumation by reaction-softening and fluid-
assisted fracturing at greenschist- and sub-greenschist conditions; these semi-
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brittle to brittle structures contain tremolite, chlorite and talc replacing ser-
pentine at <400°C ( Schroeder and John, 2004; Karson et al., 2006). Metaso-
matic talc-amphibole-bearing rocks are common within the fault zone, com-
monly formed through replacement of serpentine by Si-rich fluids at mod-
erate to high temperatures (270-350

◦C) and low fluid/rock ratios (based on
δ18O, Sr-isotope, B and δ11B results; Boschi et al., 2008). Gabbroic intervals
of <1 m, and typically on scales of ≈ 10-20 cm (Figure 27, with a hydrated
example shown below in Figure 28d) are found as a relatively minor compo-
nent within the serpentinite-dominated Southern Wall, where gabbroic melt
has also locally impregnated peridotites (Früh-Green et al., 2016b). Basaltic
breccias are observed within the Southern Wall cover sequences, and do-
lerites are relatively common lithology within the deeper sections of the Cen-
tral Sites drilled during IODP Expedition 357 (Figure 27; Früh-Green et al.,
2016b). Dolerites appear to have intruded talc-amphibole-chlorite schists
along the detachment fault, with chilled margins and grainsize gradients ob-
served in fractured pieces of dolerite during core description (Früh-Green
et al., 2016a).

Whole-rock oxygen, boron, strontium and neodymium isotopic data sug-
gests that serpentinization has resulted from the infiltration of seawater-
derived fluids at 150-250°C and at high water/rock ratios of 2-10

6 (Boschi
et al., 2008; Delacour et al., 2008; Foustoukos et al., 2008; Seyfried et al.,
2015).

Harzburgites and dunites from the Southern Wall are extensively hy-
drated, with protolithic minerals rarely well preserved. The Atlantis Mas-
sif has experienced multistage serpentinization, and records a complex hy-
drothermal history during exhumation (Boschi et al., 2002; Früh-Green et al.,
2003; Boschi et al., 2008; Delacour et al., 2008; Seyfried et al., 2015). The
Lost City Hydrothermal Field situated near the summit of the Southern
Wall vents low-temperature (<40-90°C), high-pH (9-11), low f (O2) fluids
and hosts unique microbial communities (Kelley et al., 2001; Früh-Green
et al., 2003; Kelley et al., 2005; Denny et al., 2016). Vent fluids have variable
temperature, Mg concentrations and δ18O = +0.2 to +0.7 ‰VSMOW, that is
interpreted to result from mixing between seawater and the hydrothermal
fluids (Kelley et al., 2005). The highest temperature fluids have the lowest
Mg concentrations and δ18O = +0.7‰, interpreted to be representative of
the serpentinization fluids (Kelley et al., 2005). The Lost City hydrothermal
vent fluids have Cl concentrations (546-549 mmol kg-1), close to seawater
concentration of 553 mmol kg-1 (Kelley et al., 2001). These chlorinities are
within the range typical of seafloor hydrothermal systems (including the
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high-temperature vents at Logatchev; Kelley et al., 2001; Schmidt et al., 2007),
but lower than the values of >750 mmol kg-1 reported for the higher tem-
perature Rainbow field (Kelley et al., 2001). The Lost City vent fluid Br/Cl
ratios are within 3% of seawater (Seyfried et al., 2015). Vent fluids also
contain abiogenic hydrogen, methane and dissolved organic carbon, which
is interpreted to have been generated by serpentinization reactions (Kelley
et al., 2005; Proskurowski et al., 2006; Lang et al., 2010).
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Figure 26: Setting and geology of the Atlantis Massif. a) Location of the Atlantis
Massif along the Mid-Atlantic Ridge (MAR). b) Bathymetric topography in the vicin-
ity of the Atlantis Massif (central topographic high; Früh-Green et al., 2016b). The
Atlantic axial valley is to the East, and the Atlantis Transform to the South of the
Massif. c) General geological characteristics of the Atlantis Massif, with Expedi-
tion 357 sites sampled for this investigation numbered above the Massif surface.
Redrawn after Blackman et al. (1998), Tucholke et al. (2008) and Boschi et al. (2008).

3.2.1 Samples

IODP Expedition 357 conducted aboard the RRS James Cook (NERC, UK)
utilised the seafloor drilling rigs RockDrill2 (British Geological Survey) and
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Meeresboden-Bohrgerät 70 (MeBo, from the Center for Marine Environmen-
tal Sciences, Bremen, Germany Freudenthal and Wefer, 2013) to recover
cores of up to 16 m in length from the surface of the Massif in water depths of
820-1560 m (Früh-Green et al., 2016b). Seventeen shallow holes were drilled
across nine sites along the southern wall of the Atlantis Massif, with mate-
rial recovered from eight of the holes drilled (Früh-Green et al., 2016b). The
drill sites can be divided into ’Western’, ’Central’ and ’Eastern’ groups cor-
responding to longitudinal sections along the transect. The samples selected
for this study come from five of the sites (Table 6), and relevant IODP Ex-
pedition 357 hole and sample data are given in Appendix 1), including the
Eastern site M0068, preliminary interpreted as a deposit formed by down-
slope mass wasting of serpentinite, gabbro and basaltic rubble (Früh-Green
et al., 2016b). The Western site M0071 which represents a rubble deposit as-
sociated with bathymetric ridges on top the massif (Früh-Green et al., 2016b).
Given the position and ex-situ nature of core from the Eastern and Western
Sites, these samples can considered to be relatively locally sourced, poten-
tially from slightly higher on the Massif (i.e. closer to the Central Sites),
but given the timing of deposition is not known it cannot be considered a
pristine transect of basement rocks. Samples were also taken from in-situ
material recovered from the Central sites M0069, M0072 and M0076, which
are closest to the Lost City Hydrothermal Field (see Chapter 2 for site loca-
tions; Site 76 is only a few hundred metres from the LCHF; Früh-Green et al.,
2016b). Drilling penetrated into the uppermost portions of the outcropping
detachment shear zone, and recovered both the thin overlying sedimentary
cover and sediment-basement interface (Früh-Green et al., 2016b).

The cores recovered contained highly heterogeneous lithologies, types of
alteration and degrees of deformation (Früh-Green et al., 2016b). The major-
ity of core recovered consisted of serpentinized ultramafic rocks, dolerites,
and talc-amphibole-chlorite schist (Figure 27). Alteration styles observed in
Expedition 357 included as serpentinization, talc-amphibole-chlorite meta-
somatism, oxidation, rodingitization* and hydration of mafic rocks includ-
ing gabbros, dolerites and basalts (Früh-Green et al., 2016b). Alteration fol-
lows a progression from relatively pervasive serpentinization through to lo-
calised talc-amphibole-chlorite metasomatism (commonly overprinting ser-
pentinization, e.g. Figure 28c; Boschi et al., 2006, 2008; Früh-Green et al.,
2016b). Samples investigated for this study span much of the range in min-

* Described principally at Site M0072. Most ’rodingites’ described did not have typical rodin-
gite assemblages of chlorite-diopside-(hydro)garnet when observed at the microscale (M. Lil-
ley, 2017 Expedition 357 Post-Cruise Meeting, Liguria).
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eralogy and alteration texture observed within the lithologies recovered dur-
ing Expedition 357. Samples include a range of protolithic compositions
(harzburgite, dunite, gabbro), moderate- to high-degrees of serpentinization
(including normal mesh development and serpentine-veining), and different
modal mineralogy of alteration phases (in particular, the talc-amphibole±chlorite
assemblage).

Individual samples are notated their core identifiers, and also all have
International Geo Sample Numbers (IGSN, Table 6). Samples described be-
low have been grouped into three categories based on mineralogy and tex-
ture: i) serpentinites, ii) hydrated gabbros and iii) talc-amphibole-chlorite
rocks. This study focused primarily on the serpentinites, which represent
the most abundant rock type found at the Southern Wall. Relatively fresh to
minimally-altered magmatic rocks including basalts and dolerites were not
investigated.
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Table 6: Table of individual samples used in this study, and their locations with respect to Expedition 357 Sites and recovered cores. Samples with
multiple subparts are denoted with single letter extensions to their IGSN as shown below (e.g. ICBR0357EXTX001—A). Note that Abbreviated
sample groups are as follows: S - serpentinites, TA - talc-amphibole-chlorite altered rocks, HG - hydrated gabbros, IH - impregnated harzburgite.

Site Hole Core Top Depth IGSN Lithology Classification
Section mbsf

Eastern
M0068 B 4R1 4.41 ICBR0357EXYW001 Impregnated Harzburgite IH
M0068 B 4R1 4.97 ICBR0357EXEX001 Serpentinized Harzburgite S
M0068 B 4R1 5.23 ICBR0357EXTX001—A Talc-Amph-Altered Gabbro; ’Fresh’ end of alteration profile. TA
M0068 B 4R1 5.23 ICBR0357EXTX001—B Talc-Amph-Altered Gabbro; Intermediate section of alteration profile. TA
M0068 B 4R1 5.23 ICBR0357EXTX001—C Talc-Amph-Altered Gabbro; Most altered end of alteration profile. TA
M0068 B 6R1 6.32 ICBR0357EXMU001—A Talc-Amph Altered Serpentinite; Green-colored centre of clast. TA
M0068 B 6R1 6.32 ICBR0357EXMU001—B Talc-Amph Altered Serpentinite; Red-brown outer rim of clast. TA

Western
M0071 A 1R1 0.28 ICBR0357EXE9101 Serpentinized Dunite S
M0071 A 2R1 3.14 ICBR0357EX8A101 Hydrated Gabbro HG
M0071 B 2R1 1.93 ICBR0357EX19101 Veined Serpentinized Harzburgite S
M0071 B 2R1 1.96 ICBR0357EX29101 Chlorite-Altered Gabbro HG
M0071 C 1R1 0.62 ICBR0357EX4H101 Serpentinized Harzburgite S

Central/Northern
M0069 A 10R1 15.5 ICBR0357EXO1101 Serpentinized Harzburgite S
M0072 B 6R1 8.14 ICBR0357EXLC101—A Talc-Altered Serpentinite TA
M0072 B 6R1 8.14 ICBR0357EXLC101—B Talc-Chl-Amph Schist TA
M0072 B 8R1 11.12 ICBR0357EXEE101 Serpentinized Dunite S
M0076 B 5R1 7.29 ICBR0357EX85101 Serpentinized Harzburgite S
M0076 B 7R1 10.44 ICBR0357EXL7101 Veined Serpentinized Harzburgite S

Additional abbreviations used are as follows: Harz - Harzburgite, Gb - Gabbro, Chl - Chlorite, Amph - Amphibole, Impreg - Impregnated.
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3.3 Methods

Polished thin sections were prepared from 33 samples across 8 holes and
examined using optical microscopy. A selection of these were then exam-
ined in greater detail using a JEOL6610 Scanning Electron Microscope at
the Research School of Earth Sciences at the Australian National University
(RSES, ANU). Raman spectroscopy was conducted to identify serpentine
polymorphs at the Research School of Physics, ANU. Lizardite, chrysotile
and antigorite were distinguished according to hydroxyl stretching peaks
in the wavenumber spectral range of 3550-3850 cm-1 (Petriglieri et al., 2015;
Groppo et al., 2006; Auzende et al., 2004).

Twelve of the 33 samples were selected for investigations of halogens and
noble gas abundances (Table 6). These samples were chosen to encompass
the range of common lithologies recovered during IODP Expedition 357,
and have been taken from multiple sites and depths across the Southern
Wall transect (Table 6). Halogens (Cl, Br, I) were measured as noble gas iso-
tope proxies (38ArCl , 80KrBr, 128XeI) produced by sample irradiation. Small
pieces of rock (30-45mg) were carefully selected from the thin section billets
and removed with a diamond saw. For samples exhibiting significant hetero-
geneity (e.g. alteration zones, heterogeneous distribution of veining), multi-
ple distinct subsamples were taken from each zone. A total of 16 samples
and subsamples (Table 6) were then washed in acetone and milli-Q water in
an ultrasonic bath for 30 seconds to remove dust and laboratory contamina-
tion (but kept to a short duration to avoid dissolution of rock components).
Cleaned samples were wrapped in aluminium foil and packed together with
irradiation monitors into a silica glass canister for irradiation at the McClel-
lan Research and Reactor Center, University of California Davis.

Sample irradiation converts a small portion of the K, Cl, Br, I and Ca
in the sample into noble gas proxy isotopes, which can be precisely mea-
sured by noble gas mass spectrometry. The irradiation production ratios
(38ArCl/Cl, 80KrBr/Br, 128XeI/I, 37ArCa/Ca, and 39ArK/K) were monitored
using the Hb3gr flux monitor (1072 Ma Roddick, 1983), scapolite standards,
and potassium and calcium salts for monitoring Ar-interference reactions
(Kendrick, 2012; Kendrick et al., 2013). Following irradiation, samples were
returned to the ANU noble gas laboratory and removed from the aluminium
foil packets. Samples comprising multiple grains were re-packed in Sn-foil
and placed together with large samples comprising a single rock fragment
into the ultra-high vacuum sample holder. The sample holder was baked at
≈ 120 °C overnight to remove loosely adsorbed atmospheric contaminants
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and achieve ultrahigh vacuum (e.g. Kendrick et al., 2013). Each sample was
successively dropped into a tantalum resistance furnace and noble gases
were released by heating the sample in two 20-minute heating steps: a low
temperature clean up step at 300°C and the main heating step at 1500°C.
The gases released by heating were purified in three stages over a period of
four hours, using a combination of hot and cold Ti and Zr-Al getters. The
purified noble gases were then expanded into the MAP-215-50 noble gas
mass spectrometer and analysed for isotopes of Ar, Kr, and Xe in 7 cycles
of peak-hopping over a period of 50 minutes. Daily air calibrations were
used to determine instrument sensitivity and mass discrimination, and typ-
ically had reproducibilities of 0.1% for 40Ar/36Ar, 0.6% for 84Kr/36Ar and
1.3% for 129Xe/36Ar (2SE). The furnace was outgassed at 1600°C and getters
were activated after the analysis of each sample. Standard corrections were
made for instrument blank measurements, mass bias, Ar-interferences and
radioactive decay of 37Ar are made following Kendrick (2012).

In addition to the irradiated samples investigated for halogens, 4He, 20Ne
(as well as 36Ar, 40Ar, 84Kr, 130Xe) were measured on non-irradiated sample
aliquots using the VG5400 noble gas mass spectrometer at the ANU. For
noble gas analysis, representative sub-samples of 100-110 mg were required.
Samples were cleaned with milli-Q water in an ultrasonic bath, dried and
wrapped in Sn-foil. Noble gases were extracted using a single fusion step
at 1600°C in a tantalum resistance furnace. The samples were exposed to a
Ti foil bulk getter during the 30 minute fusion step, and then on a second
Ti foil getter at 600°C, giving a total purification time of 180 minutes. The
sample was then adsorbed onto a cryogenic head at 33 K. The head was
subsequently warmed to release fractions of He, Ne, Ar, Kr, and Xe in se-
quence. The He, Ne and Xe fractions were transferred directly to the mass
spectrometer for analysis. The Ar and Kr fractions were each purified for
an additional 30 minutes on Ti and Zr-Al getters prior to inlet into the mass
spectrometer. The instrument was calibrated by analysis of an atmospheric
heavy gas standard and the Helium Standard of Japan (HESJ, Matsuda et al.,
2002). Following the analysis of a sample, the furnace and getters were out-
gassed at 1650°C over a period of 24 hours and the getters activated. Cor-
rections were made for Ne interferences including for 40Ar++, hydrocarbons
(mass-42

++) and 44CO++
2 (see Honda et al., 1993, 2004) and small instrument

blanks, which had atmospheric compositions and represent approximately
2.4%, 5.3%, 0.13%, 0.01%, 0.5% of the total sample gas (for He, Ne, Ar, Kr,
and Xe, respectively).
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3.4 Results

3.4.1 Sample Petrography

A selection of different lithologies from the Atlantis Massif have been anal-
ysed, and these have been classified into four groups: i) serpentinized peri-
dotites, ii) talc-amphibole-chlorite altered rocks, iii) hydrated gabbros and
iv) an impregnated harzburgite. Serpentine polymorphs are major phases
in eleven of the sixteen samples, and they are a minor phase within talc-
amphibole schist (as relict minerals), hydrated gabbro (after previous olivine,
pyroxene; found alongside chlorite after plagioclase) and an impregnated
harzburgite (where they occur as veinlets through olivine and orthopyrox-
ene).

The majority of serpentinized peridotites contain both lizardite and chrysotile
polymorphs, commonly forming a variably elongate and spaced mesh, and
also as fine veinlets. Where both polymorphs are found together, lizardite
is typically earlier (e.g. as mesh rims, where chrysotile forms mesh cores
and wider serpentine veins). Sample M0071B-2R1-1.93m contains minor
antigorite veins cross-cutting a chrysotile-dominated matrix†. Relict olivine
(Fo90-91) is present in a limited number of samples (M0068B-4R1-4.97m, M0068B-
4R1-4.97m, M0068B-4R1-5.23m part C and very minor in M0072B-8R1-11.12m),
and orthopyroxene is occasionally preserved within bastite cores in contact
with mesh and vein serpentine. Lizardite is the principal serpentine phase
found within incipiently-serpentinizing olivine (e.g. Figure 28a) although
small or isolated veinlets often contain chrysotile. Bastites are most com-
monly composed of chrysotile, and often preserve minor fractions of relict
orthopyroxene (e.g. Figure 28b). Lizardite bastites are found in one sample
within a dense vein network (M0071B-2R1-1.93m), and in places orthopy-
roxene is replaced directly by chlorite without forming bastite-type textures
(including in sample M0071C-1R1-0.62m). Magnetite is found in variable
modal abundance, typically delineates the serpentine mesh (e.g. Figure 28b,
d) and is concentrated in zones of hydrothermal recrystallization (within
selvages of large veins, e.g. Figure 28a). Chlorite-amphibole veins are ob-
served in the olivine-rich sample M0068B-4R1-4.97m, and were observed to
crosscut most fine serpentine vein networks, but are locally crosscut by later
chrysotile veins.

† Antigorite has also been described within selvages adjacent to serpentine veins (Rouméjon
et al., 2016), but is overall a volumetrically minor phase.



3.4 Results 93

The impregnated harzburgite (M0068B-4R1-4.41m) contains olivine and
pyroxene porphyroclasts within (and in places cross-cut by) a feldspar-bearing
matrix, interpreted to represent an impregnating melt (Figure 28g; M0068B-
4R1-5.23m part A may be an altered equivalent). The dominant hydrous
phases are talc and amphiboles, but olivine porphyroclasts contain small
lizardite and chrysotile veins which are cut by the gabbroic matrix, sug-
gesting impregnation occurred within a partially hydrated peridotite. Alter-
ation profiles between talc-chlorite dominated rocks and slightly talc-altered
impregnated harzburgite are also represented by the three-parts of sample
M0068B-4R1-5.23m (Part A being the least altered, and Part C being the
most altered). Both the impregnated harzburgite (M0068B-4R1-4.41m) and
serpentinized dunite core sections (e.g. M0071A-1R1-0.28m) exhibit visible
oxidation, and a fine-grained brown alteration texture is observed in a num-
ber of serpentinites (the exact mineralogy has not been established here).

One of the hydrated gabbros analysed here (M0071A-2R1-3.14m) retains
much of the primary texture (Figure 28d), where plagioclase is partially
to completely chloritized and oriented chlorite veins are present; the other
(M0071B-2R1-1.96m) is strongly dominated by randomly oriented fine-grained
chlorite.

Deformation of serpentinite and gabbroic samples is generally limited to
extensional fracturing, where vein infillings are most commonly chrysotile.
In samples where more than one set of lizardite ± chrysotile veinlets are
found, the first is commonly sheared prior to being roughly perpendicularly-
crosscut by similarly sized non-deformed veinlets. Late discontinuous exten-
sional serpentine veins are dominated by chrysotile. Serpentinite (both vein-
ing and mesh texture) is locally overprinted by talc-tremolite±chlorite as-
semblages; this is present generally as alteration adjacent to talc-dominated
shear zones of width <10cm. For more detail on serpentinization textures,
see the previous chapter.

a) b)
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c) d)

e) f)

g)

Figure 28: Examples of samples investigated for halogen and noble gas composi-
tions: a) M0068B-4R1-4.97m, a partially serpentinized harzburgite, b) Serpentine
veins through harzburgitic clasts in impregnated harzburgite M0068B-4R1-4.41m,
c) M0072B-6R1-8.14m, a talc-amphibole schist after serpentinite, d) M0071A-2R1-
3.14m, a hydrated gabbro with patchy chloritized plagioclase, e) M0071A-1R1-
0.28m, a serpentinized dunite with serpentine mesh overprinted by dark-coloured
semi-opaque alteration minerals, f) M0069A-10R1-15.5m, a serpentinized harzbur-
gite with orthopyroxene relics embedded in bastite. g) Impregnated harzburgite
M0068B-4R1-4.41m, containing a gabbroic matrix between peridotitic clasts.
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3.4.2 Halogens

The lithologies recovered from the Atlantis Massif exhibit significant varia-
tion in their halogen concentrations. The lizardite-chrysotile serpentinites
contain 70-430 µg/g Cl, 66-1160 ng/g Br, and 2-530 ng/g I (Table 7, Fig-
ure 29; data reduction for halogen measurement data is tabulated in Ap-
pendix Table 3B, and results are compiled with noble gas data in Appendix
Table 3C). The highest iodine abundance of 530 ng/g is found within the
serpentinized dunite M0071A-1R1-0.28m. The two altered gabbroic sam-
ples M0071A-2R1-3.14m and M0071B-2R1-1.96m contain 19-125 µg/g Cl, 43-
383 ng/g Br and 10-13 ng/g I. Sample M0071B-2R1-1.96m, which is domi-
nated by chlorite, contains the higher halogen abundances, whereas sample
M0071A-2R1-3.14m which has only patchy chlorite exhibits the lower of the
two. Samples consisting of talc-amphibole-chlorite±serpentine assemblages
contain 20-174 µg/g Cl, 26-47 ng/g Br and 1-3 ng/g I. The impregnated
harzburgite (M0068B-4R1-4.97m) contains 422 µg/g Cl, 69 µg/g Br and 101

µg/g I (Table 7).
Each lithology appears exhibit a characteristic range of Br/Cl-I/Cl (Fig-

ure 30). The serpentinites, hydrated gabbros and impregnated harzburgite
retain Br/Cl ratios around 0.002 that overlap the mantle value. The I/Cl of
these samples ranges from 8 that is intermediate of seawater and the mantle
up to a maximum of 2413 that is typical of organic-rich sedimentary material
(30). The least altered samples, with the highest modal abundance of relict
minerals have I/Cl closest to the mantle range. Iodine abundances are not
strongly correlated to chlorine, and as a result samples with lower chlorine
abundances exhibit higher I/Cl (in a similar fashion to altered oceanic crust,
Figure 30; Chavrit et al., 2016).

The samples affected by talc-amphibole-chlorite alteration have much
lower Br/Cl ratios extending to values as low as approx. 0.0002. There
is positive correlation between Br/Cl and I/Cl among these samples; the
samples with the highest Cl abundances have the lowest Br/Cl and I/Cl ra-
tios. Serpentinites have low K/Cl (<0.026 to 1.1) and generally high Cl/Ar
(Cl/36Ar = 14-540 × 10

6). Gabbroic and talc-amphibole altered samples ex-
hibit intermediate K/Cl (1-7 for talc-amphibole altered samples, 6-12 for
altered gabbro) and lower molar Cl/Ar ratios than serpentinites (Cl/36Ar =
5-74 x 10

6). Serpentinites have K/Cl of 0.03-1.1, talc-amphibole altered rocks
have K/Cl of 1.1 to 6.8, hydrated gabbros have K/Cl of 6.3 to 12 and the
impregnated harzburgite has K/Cl of 21.2.
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Table 7: Results of halogen analyses, expressed as mass fractions and ratios. Seawater and mantle compositions are added for reference. Compo-
sitions for seawater and the mantle are also given for reference (Kendrick, 2018; Palme and O’Neill, 2014, and references therein). Abbreviated
sample groups are as follows: S - serpentinites, TA - talc-amphibole-chlorite altered rocks, HG - hydrated gabbros, IH - impregnated harzburgite.

Sample Group K Cl Br I Br/Cl I/Cl K/Cl Cl/36Ar
µg/g 2σ µg/g 2σ ng/g 2σ ng/g 2σ ×10−3

2σ ×10−6
2σ 2σ ×106

2σ

M0068B-4R1-4.97m S 30 1.1 28 0.9 66 0.7 7.3 0.11 2.37 0.16 262 19 1.1 0.16 16 6

M0069A-10R1-15.5m S 11 0.9 432 13 1155 6 10.1 0.09 2.68 0.07 24 0.8 0.03 0.01 166 3

M0071A-1R1-0.28m S 16 0.5 237 7 394 2.1 528 6 1.66 0.04 2222 85 0.07 0.01 149 4

M0071B-2R1-1.93m S 50 1.6 69 2 135 0.7 7.2 1.94 0.08 104 5 0.71 0.08 14 0.9
M0072B-8R1-11.12m S 16 1.4 295 9 656 2.4 0.05 2.23 0.07 8 0.4 0.06 0.01 157 4

M0076B-5R1-7.29m Pt. A S 213 7 601 4 14.9 0.15 2.83 0.09 70 2.7 69 3

M0076B-7R1-10.44m S 50 1.4 379 12 609 4 36.5 0.22 1.61 0.05 96 3.1 0.13 0.02 541 12

M0068B-4R1-5.23m Pt. A TA 559 13 83 3 47 0.3 2.8 0.1 0.57 0.02 34 3 6.8 0.59 75 6

M0068B-4R1-5.23m Pt. B TA 128 3 44 1.6 47 0.2 0.9 0.06 0.65 0.04 20 3 2.9 0.33 58 10

M0068B-4R1-5.23m Pt. C TA 96 3 60 2 33 0.5 1.7 0.04 0.55 0.03 29 2 1.6 0.13 34 6

M0068B-6R1-6.32m Pt. A TA 198 5 174 6 34 0.5 2.1 0.07 0.2 0.01 12 0.9 1.1 0.1 35 1.7
M0068B-6R1-6.32m Pt. A TA 132 3 68 2 33 0.2 1.8 0.06 0.49 0.02 26 2.1 1.9 0.31 35 5

M0072B-6R1-8.14m Pt. B TA 40 2 20 1.1 26 0.4 1.5 0.15 1.31 0.16 74 21 2 0.38 5 3

M0071A-2R1-3.14m HG 232 6 19 0.8 43 0.3 12.9 0.18 2.2 0.2 669 72 12 2 7 4

M0071B-2R1-1.96m HG 785 19 125 4 383 3 9.7 0.16 3.07 0.09 78 4 6.3 0.99 52 3

M0068B-4R1-4.41m IH 884 42 2 69 0.3 100.9 1.1 1.65 0.11 2413 172 21.2 1.88 16 4

Seawater 380 19300 970 66000 3300 58 6 3.4 0.2 3 0.3 0.0197 0.0017 16

Mantle 260 40 5 2 13 6 0.3 0.1 2.6 1.6 60 31 52 38 0.09

The noble gas proxy isotopes were preferentially released in the high-temperature heating steps but the 300
◦C heating step contributed averages of 6, 7 and 13% of

the total toward Cl, Br and I (maximum 15% for Cl and Br - both in the hydrated gabbro M0071A-2R1-3.14m - and maximum 31% for I, in the serpentinite M0076B-
5R1-7.29m).
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3.4.3 Noble Gases

Measurements conducted on the VG-5400 (He-Xe, single-stage fusion) and
MAP (Ar-Xe, two-stage fusion) are tabulated below with measured noble
gas abundances and relative abundance ratios (normalised to 36Ar and air
NG/36Ar ratios; Table 8 and Figure 31; individual noble gas analyses for
each isotope are given in Appendix 3A and results are compiled with halo-
gen data in Appendix Table 3C). Hydrated gabbros and the impregnated
harzburgite were only analysed on the MAP, and hence no He-Ne data were
acquired. The sample aliquots investigated on both the VG-5400 and MAP
are indicated to have fairly uniform Ar, Kr and Xe abundances in serpen-
tinized dunite M0072B-8R1-11.12m and serpentinized harzburgite M0069A-
10R1-15.5m, but concentrations that vary by 2-4 times in samples olivine-
bearing serpentinized harzburgite M0068B-4R1-4.97m and talc-amphibole-
schist M0072B-6R1-8.14m (Table 8). The magnitude of the differences be-
tween the duplicate sample aliquots is similar to that between subsamples
analysed on only the MAP (e.g. talc schist sample M0068B-6R1-6.32m), and
it is attributed to mineralogical and geochemical heterogeneity of the sam-
ples which in some cases include veins. The noble gases abundance patterns
are scattered around the composition of 25°C seawater (Figure 32).

Of six samples measured on the VG-5400, five contained measurable 4He
(0.7-1.9 × 10

-12 mol g-1) and all have F(4He) much greater than seawater val-
ues. With the exception of one olivine-rich sample, 3He was consistently
near or below the detection limit (approximately 5.8 × 10

-18 ccSTP/g). A
relatively small range in 20Ne abundances was observed (5.6-15 × 10

-15 mol
g-1), with F(20Ne) values either side of seawater values. Similarly, 36Ar abun-
dances vary between 2.7-15 × 10

-14 mol g-1. 84Kr abundances were 2.6-64

× 10
-16 mol g-1, with corresponding F(84Kr) values between 0.13 and 2.42.

130Xe abundances range between 5.9 and 250 × 10
-18 mol g-1, and F(130Xe)

values between 0.5 and 17.3.

Serpentinite F(84Kr) values are typically lower than seawater, and on
average lower than seafloor and forearc serpentinites measured previously
Kendrick et al. Figure 32; 2013. The hydrated gabbros (M0071A-2R1-3.14m,
M0071B-2R1-1.96m) exhibits a noble gas fractionation pattern similar to the
talc-amphibole-chlorite schists, with F(130Xe) between seawater and mantle
values. Serpentinites are observed to have neon fractionation values both
enriched and depleted relative to seawater (F(20Ne) = 0.16 to 0.43), which
are higher than those found in seafloor and forearc serpentinites from other
localities (Figure 32 Kendrick et al., 2013). The least-altered serpentinite
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Figure 29: Abundances of chlorine, bromine and iodine within Atlantis Massif sam-
ples. Seawater and mantle halogen ratios are shown as dashed lines for reference.
Data for seafloor and forearc serpentinites are from Kendrick et al. (2013), altered
oceanic crust data are from Chavrit et al. (2016) and Zhang et al. (2017). Data for
amphiboles from (Kendrick et al., 2015).
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Figure 30: Halogen abundance ratios of Atlantis Massif samples, separated by litho-
logical grouping. Uncertainties for individual samples are shown, but are typically
smaller than the symbol size. The halogen abundance ratios of sedimentary pore
fluids are shown for reference (Fehn et al., 2000, 2003, 2006, 2007a,b; Muramatsu
et al., 2001, 2007; Tomaru et al., 2007, 2009; Lu et al., 2008; Martin et al., 1993). Data
for seafloor and forearc serpentinites from Kendrick et al. (2013), amphibole data
from (Kendrick et al., 2015), and altered oceanic crust data from Chavrit et al. (2016).
Mantle and seawater estimates are from Kendrick (2018).

(amphibole-bearing, olivine-rich sample M0068B-4R1-4.97m) exhibits rela-
tively low F(20Ne) of 0.16, equivalent to that of the completely serpentinized
harzburgite M0071C-1R1-0.62m. Serpentinites which are near-completely
hydrated and commonly contain secondary veining exhibit low F(84Kr), and
in general F(84Kr)>F(84Kr)SW and F(84Kr)� F(130Xe).
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Table 8: Abundances and relative fractionation of noble gases in Atlantis Massif samples. Noble gas abundances are given in mol g-1. Noble gas
fractionation values are obtained by normalising sample noble gases to 36Ar and air NG/36Ar ratios. Abbreviated sample groups are as follows:
S - serpentinites, TA - talc-amphibole-chlorite altered rocks, HG - hydrated gabbros, IH - impregnated harzburgite.

Sample Group Instrument 4He 20Ne 36Ar 84Kr 130Xe 40Ar/36Ar σ F4He F20Ne F36Ar F84Kr F130Xe
×10−12 ×10−15 ×10−14 ×10−16 ×10−18

68B-4R1-4.97m S VG 0.76 9.9 12 35 99 389 1 37 0.16 1 1.4 7

68B-4R1-4.97m S MAP 5 14 24 287 14 1 1.4 4.2
69A-10R1-15.5m S VG 1 12 5.2 3.1 9.3 296 1 120 0.43 1 0.29 1.6
69A-10R1-15.5m S MAP 7.3 4.8 18 294 8 1 0.32 2.1
71A-1R1-0.28m S MAP 4.6 7.9 15 327 14 1 0.82 2.7
71B-2R1-1.93m S MAP 12 62 250 283 1 1 2.4 17

71C-1R1-0.62m S VG 1.2 8.4 10 2.6 5.9 290 1 73 0.16 1 0.13 0.5
72B-8R1-11.12m S VG 0.72 5.5 2.9 14 296 1 79 1 0.26 2.2
72B-8R1-11.12m S MAP 5.3 4.8 16 288 10 1 0.43 2.5
76B-5R1-7.29m Part A S MAP 8.8 4.6 21 538 15 1 0.25 2

76B-7R1-10.44m S VG 5.6 4.7 4 14 295 2 0.23 1 0.41 2.6
76B-7R1-10.44m S MAP 3 11 21 364 42 1 1.8 6.2

68B-4R1-5.23m Part A TA MAP 4 17 17 347 19 1 2 3.6
68B-4R1-5.23m Part B TA MAP 2.7 6.7 16 346 34 1 1.2 4.9
68B-4R1-5.23m Part C TA MAP 4.7 12 43 333 20 1 1.2 7.8
68B-6R1-6.32m Part A TA MAP 15 35 120 304 4 1 1.1 6.7
68B-6R1-6.32m Part B TA MAP 6.1 29 56 317 15 1 2.3 7.9
72B-6R1-8.14m TA VG 1.9 15 5.5 20 55 290 2 210 0.53 1 1.7 8.6
72B-6R1-8.14m Part B TA MAP 13 64 130 315 6 1 2.4 8.8

71A-2R1-3.14m HG MAP 8 18 35 306 9 1 1.1 3.7
71B-2R1-1.96m HG MAP 7.9 24 53 1 1.5 5.8

68B-4R1-4.41m IH MAP 7.8 24 52 353 9 1 1.5 5.8

SW 1.7 5800 3400 12000 12000 296 0.29 0.32 1 1.74 3

Mantle 62 3.3 0.25 1.4 2.6 >50000 150000 2.5 1 2.7 9

Air, seawater and mantle compositions are added for reference. Where multiple analyses are noted for the same sample, the first has been conducted using the
VG5400 using single-stage fusion, and the second on the MAP-215 using two-stage fusion (at 300, 1500°C, with sum of both stages presented; no He-Ne data). Air
composition from Sano et al. (2013), after Nier (1950b,a) and de Laeter et al. (2003). Seawater composition given for 25°C from Ozima and Podosek (2002); Kendrick
et al. (2013); Kendrick (2018). Mantle abundance data from Holland and Ballentine (2006); Ballentine et al. (2005).
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Figure 31: Abundance of noble gases within Atlantis Massif serpentinites, relative to
other recent serpentinite measurements (Kendrick et al., 2011, 2013). Seawater com-
position from Ozima and Podosek (2002); Kendrick et al. (2013); Kendrick (2018).
Mantle composition from Holland and Ballentine (2006).

All samples exhibit neon isotope compositions within uncertainty of at-
mospheric values (20Ne/22Ne = 9.8, 21Ne/22Ne = 0.0296 Ozima and Podosek,
2002). Excess argon is observed in some samples, with combined measure-
ments from the VG5400 and MAP-215 exhibiting 40Ar/36Ar up to 538 ± 15

(1σ; Figure 33). The reference age of 2 Ma shown as a slope in this diagram is
greater than the oldest zircon ages within the adjacent gabbroic core (Grimes
et al., 2008). Sample 40Ar/36Ar is generally in the range 300-370, with the
highest value recorded in the serpentinite sample M0076B-5R1-7.29m on the
MAP-215, where K was below detection. The highest 40Ar/36Ar for which a
sample were K was above detection limits on the MAP-215 was (40Ar/36Ar =
364± 42, 1σ; Figure 33). For the six measurements conducted on the VG5400,
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Figure 32: Noble gas fractionation from terrestrial atmospheric abundance patterns
for Atlantis Massif samples relative to 36Ar. Fractionation patterns for seawater at
25
◦C are plotted for reference (after Ozima and Podosek, 2002; Sano et al., 2013;

de Laeter et al., 2003). Mantle abundance data from Holland and Ballentine (2006);
Ballentine et al. (2005). Seafloor and forearc serpentinite data are from Kendrick
et al. (2013). Sediment data are from Staudacher and Allègre (1988).

only the olivine-rich sample M0068B-4R1-4.97m exhibited significant excess
Ar, with 40Ar/36Ar = 389 ± 1.3.

3.5 Discussion

Serpentinites at the Atlantis Massif can provide information regarding ser-
pentinization in the absence of significant sedimentary cover. Additional
geochemical components may be incorporated into serpentinites after their
initial formation (typically in a near-ridge setting), but the serpentinites here
provide a window into the beginning of the geological journey of the oceanic
crust which will eventually be consumed by subduction. The multiple al-
tered lithologies recovered from the Atlantis Massif have a large range in
halogen and noble gas abundances and relative abundance ratios (Figures
29, 30, 31, 32). The serpentinites have lower abundances of both halogens
and noble gases than reported previously for seafloor serpentinites from
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Figure 33: Potassium-argon isochron for Atlantis Massif samples for t=2 Ma, an
upper-limit on the age of recent plutonic rocks within the Central Dome. Colours
of symbols refer to different lithologies: serpentinites (grey), hydrated gabbros
(brown), talc-amphibole-chlorite schists (blue) and impregnated harzburgite (or-
ange). Initial 40Ar/36Ar composition estimated as atmosphere/seawater value of
296. Samples with 40Ar/36Ar contain excess radiogenic argon retained from mantle
protoliths or incorporated from mafic plutonic rocks.

other locations including Hess Deep, 15
◦
20’N Fracture Zone, or the Iberian

and Newfoundland passive margins (Kendrick et al., 2013). The ensuing
discussion explores possible reasons for this difference and attempts to link
noble gas and halogen abundance and compositional data with sample pet-
rography and different styles of alteration. In addition, the data are com-
bined with previous observations of Atlantis Massif geology (e.g. Blackman
et al., 2002, 2011) and the Lost City hydrothermal fluids (e.g. Kelley et al.,
2001) to provide further insight into alteration processes and hydrothermal
circulation.

3.5.1 Halogen and Noble Gas Abundances

Abyssal serpentinites contain on average 2400 µg/g Cl (a range between
460-6640 µg/g has been found previously; Deschamps et al., 2013; Kendrick
et al., 2013) and also have high concentrations of the other halogens Br and
I (Kendrick et al., 2013). Serpentinites usually have very fine grain size and
fluid inclusions have never been reported. Halogens and noble gases are
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therefore likely to be accommodated in either interstitial nano-porosity or
structural sites (e.g. halogens replacing the hydroxyl group; Miura et al.,
1981; Rucklidge, 1972; Rucklidge and Patterson, 1977; Kendrick et al., 2013;
Sharp and Barnes, 2004).

As might be expected, the abundances of halogens tend to be highest
in the most altered samples (particularly for Br, Cl; Table 7). However, the
Atlantis Massif serpentinites with 28-432 µg/g Cl have considerably lower
halogen abundances than those observed in other seafloor serpentinites from
other settings (abyssal serpentinized harzburgites average 2800 µg/g Cl ;
Barnes and Sharp, 2006; Kendrick et al., 2013; Deschamps et al., 2013, Fig-
ure 29b). The incorporation of 2800 µg/g of Cl into serpentine represents
a H2O/Cl mass ratio of 46.4, similar to the ratio for seawater at H2O/Cl =
48.5. Serpentine-dominated rocks with Cl below ≈ 2800 µg/g exhibit frac-
tionation from seawater compositions. The abundances reported here of
20-430 µg/g correspond to H2O/Cl ratios of 300-6500 which is significantly
fractionated from the seawater value and probably reflects preferential incor-
poration of water over Cl into the serprntine structure at high water/rock
ratios. Previous work indicates that Cl abundances increase as a function of
depth in basaltic ocean crust (e.g. Barnes and Sharp, 2006; Sano et al., 2008).
However, the cores recovered during Expedition 357 have a maximum depth
of 16m meaning this cannot be tested by the current study. Bastites are typi-
cally found with higher chlorine abundances than adjacent mesh serpentine
(e.g. Bonifacie et al., 2008). In the case of the Atlantis Massif samples, bastite-
bearing serpentinized harzburgite (e.g. M0069A-10R1-15.5m, M0076B-7R1-
10.44m with 379-432 µg/g Cl) appear to contain greater Cl abundances than
bastite-free samples (e.g. M0076B-5R1-7.29m, M0071A-1R1-0.28m, M0072B-
8R1-11.12m with 213-297 µg/g Cl), consistent with Cl-rich bastite at the At-
lantis Massif (bastites are also enriched in B, U; see previous Chapter).

The halogen abundance ratios (Br/Cl and I/Cl) of relatively compara-
ble seafloor serpentinites from the Mid Atlantic Ridge, Hess Deep, in ad-
dition to the Iberian and Newfoundland passive margins have been found
to have compositions similar to organic-rich sedimentary marine pore fluids
Kendrick et al. (2013, ; 70-99% serpentinized, having mostly harzburgitic pro-
toliths). The halogen abundance ratios of the serpentinites investigated here
have significantly lower Br/Cl than reported for serpentinites previously,
that are lower than seawater and sedimentary pore waters (Figure 30). Taken
collectively, the serpentinites, and talc-amp schists have Br/Cl and I/Cl that
span a large portion of the published range for altered oceanic crust, and
are most similar to those reported for amphibole-rich altered oceanic crust
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from fast-spreading ridges in the Pacific region (Chavrit et al., 2016). In
general, the least altered samples preserve halogen abundance ratios most
similar to mantle compositions (the incipiently serpentinized harzburgite
M0068B-4R1-4.97m, and altered gabbro M0071A-2R1-3.14m which have Cl
abundances of 42 and 19 µg/g; Figure 30). Seawater Br/Cl is only slightly
higher than the mantle ratio, and as the depleted mantle contains approxi-
mately 5 µg/g Cl (Kendrick, 2018), it is the likely source of most Cl within
altered rocks (containing up to 430 µg/g Cl). The presence of Br/Cl ratios
similar to the mantle likely represents slight fractionation through prefer-
ential trapping of Cl, and/or mobilisation of a small halogen component
from the altered crust and lithosphere (e.g. as mentioned in Kendrick et al.,
2015). Strongly veined serpentinites (e.g. M0076B-7R1-10.44m and M0071B-
2R1-1.93m) exhibit no distinct halogen or noble gas features that distinguish
them from other serpentinites, suggesting formation from similar fluids to
those involved in earlier serpentinization. Serpentinites largely retain Br/Cl
ratios similar to the mantle and seawater (0.0020-0.0035, Figure 30), but the
I/Cl ratios are significantly more variable.

The variations in K/Cl of the altered lithologies from the Atlantis Mas-
sif reflect both the variation in K/Cl of protoliths and the incorporation
or mobilisation of K and Cl during alteration. The low K/Cl of serpen-
tinites (0.03 to 1.1) reflects their low initial K content and ability of serpen-
tine to accommodate Cl but not K. Within the gabbros, K/Cl will vary with
the degree of hydration and mineralogy; K/Cl in the chlorite-dominated
Cl-rich (125 µg/g Cl) sample M0071B-2R1-1.96m has the lower K/Cl (6.1),
while the gabbro which preserves plagioclase has the higher K/Cl (12). Talc-
amphibole schist have K/Cl ratios similar between those of serpentinites and
hydrated gabbros (from 1.1 to 6.8), reflecting higher K abundances (40-559

µg/g, with the highest K found in a talc-altered equivalent to the impreg-
nated harzburgite M0068B-4R1-4.41m) but intermediate Cl abundances. The
range observed likely corresponds partially to the inclusion of serpentinite
relicts (e.g. M0072B-6R1-8.14m, Figure 28c), variations in modal mineralogy
(between talc, amphibole and chlorite) and derivation from fluids interacting
with mafic units (as suggested by Boschi et al., 2006, 2008). The impregnated
harzburgite which has a feldspar-rich matrix (Figure 28g, centre) has the
highest K/Cl of any sample investigated here (21.2), reflecting the relatively
minimal hydration (with only minor serpentine, chlorite and talc).

The variable I/Cl ratios of serpentinites recovered from the Atlantis Mas-
sif is unlikely to be related to fluid interaction with sediment-equilibrated
porewaters, as has been suggested for serpentinites elsewhere (e.g. Kendrick
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et al., 2013) for two reasons. Firstly, in contrast with previous studies the At-
lantis Massif serpentinites have Br/Cl significantly lower than pore waters
(Figure 30), and secondly, sediments are virtually absent from the massif.
There is a thin cover of carbonate-dominated sediments of up to a few me-
tres thick in the upper cores at Site M0069, but the cover is typically <1 m
thick at other sites investigated during Expedition 357 (Früh-Green et al.,
2016b). The alternative more likely explanation for the low Br/Cl and high
I/Cl ratios of some serpentinites from the Atlantis Massif is that they were
generated through fractionation during serpentinization reactions and do
not reflect the original composition of the serpentinizing fluids. The speci-
ation of the iodine during serpentinization is not known, however, under
favourable conditions iodine species can be readily adsorbed onto clay min-
erals and other sedimentary matter on the seafloor (Fuge and Johnson, 1986)
and potentially also incorporated into carbonates (Claret et al., 2010; Lu et al.,
2010; Feng and Redfern, 2018).

While the strong iodine enrichment observed in forearc serpentinites is
best explained by the influence of sedimentary pore waters, moderate en-
richment in I/Cl and fractionation of Br/Cl can occur in serpentinization, as
demonstrated by these samples from the Atlantis Massif. Alteration by talc
and amphibole can reduce the Br/Cl and I/Cl of serpentinites, highlight-
ing the important control of serpentinite mineralogy on halogen abundance
ratios.

Noble Gases

Noble gases are likely to be present in the altered lithologies in intersti-
tial sites, nanoporosity and dissolved in the host mineral structure. Exper-
imental studies have shown that hydrous minerals such as amphibole and
serpentine host noble gases in vacant ring sites (Jackson et al., 2013, 2015).
The noble gas abundances in Atlantis Massif serpentinites are significantly
lower than lizardite-chrysotile serpentinites from Mid-Ocean Ridge and pas-
sive margin settings (0.3-6.9 × 10

-12 mol/g and 0.34-0.86 × 10
-12 mol/g, re-

spectively; Figure 31; Kendrick et al., 2013). Furthermore, serpentinites from
the Atlantis Massif have lower 36Ar abundances than antigorite serpentinites
from Erro Tobbio, which has experienced much higher metamorphic grade
(36Ar = 0.86-1.7 ×, 10

-12 mol/g; Kendrick et al., 2013). A number of po-
tential reasons exist for the low noble gas abundances observed, including
limited incorporation (e.g. from fluids with low abundances) and limited
retention (e.g. thermal loss of noble gases), and these are discussed below.
Talc-amphibole-chlorite schists are commonly enriched in heavy noble gases
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(130Xe abundances of 120-130 × 10
−18 mol g-1 in talc schists M0068B-6R1-

6.32m part A and M0072B-6R1-8.14m) relative to most serpentinites (with
the exception of one veined sample, 130Xe abundances of below 100 × 10

−18

mol g-1). Given that relative to serpentine, amphiboles have higher solubil-
ity of lighter noble gases (and either equal or potentially lower solubilities
of heavy noble gases; Jackson et al., 2015), this difference may not be driven
by solubility but rather by interaction with different fluids.

Talc-Amphibole-Chlorite Schists and the Significance of Amphibole

Amphiboles are major hosts of halogens in many of these samples, including
altered serpentinites and talc-amphibole-chlorite schists. This is especially
true for the talc-amphibole-chlorite metasomatic rocks, which have interme-
diate chlorine abundances but distinctively low Br/Cl and I/Cl ratios (20-174

µg/g Cl; Table 7, Figure 30). These rocks are observed to form through al-
teration of serpentinites, typically adjacent to mafic lithologies (and likely in
response to mafic-equilibrated fluids at elevated temperatures; Boschi et al.,
2006, 2008). Samples affected by talc-amphibole±chlorite alteration are pro-
gressively depleted in Br relative to Cl (i.e. decreasing Br/Cl with increasing
Cl abundance). With an affinity for chlorine, amphibole is known to frac-
tionate halogens in high-temperature alteration zones of the altered oceanic
crust (e.g. Kendrick et al., 2015; Chavrit et al., 2016), and can have Br/Cl 3-5
times lower than coexisting fluids (Kendrick et al., 2015). The trend observed
in Br/Cl and I/Cl for the talc-amphibole-chlorite schists is compatible princi-
pally with mixing between serpentinite (the protolith of most talc-amphibole
chlorite schists) and typical amphibole compositions (e.g. those of Kendrick
et al., 2015). The talc-dominated lithologies measured here exhibit low halo-
gen abundances generally. Even in the presence of amphibole (a known host
for Cl), the halogen concentrations in talc schist samples are relatively low
(e.g. M0072B-6R1-8.14m contains 20 µg/g Cl), suggesting contributions to
the halogen budget from chlorite and talc may be relatively minor. Similarly,
talc-rich samples from 15

◦
20’N on the MAR have lower concentrations of

structurally bound chloride than associated serpentinites (100-400 µg/g vs.
up to 6100 µg/g; Leg 209, Hole 1268A Barnes et al., 2009). As talc is likely
generally a halogen-poor phase, the halogen budget is likely dominated by
the amphiboles within talc-amphibole-chlorite rich rocks, consistent with the
trend observed in chlorine abundance and Br/Cl-I/Cl ratios measured here.

The halogen abundance ratios of talc schists (20-174 µg/g Cl) are lower
than proximal serpentinites (28-430 µg/g Cl). For example, Central site
serpentinites contain 200-430 µg/g Cl, while the nearby talc-schist M0072B-
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6R1-8.14m contains 20 µg/g. The alteration of serpentinite with up to 13

wt% H2O to talc schist with 2.2-4.8 wt% H2O (for pure talc-tremolite) would
release halogen bearing fluids which are particularly enriched in bromine
and iodine (talc schists have lower Br/Cl and I/Cl than most serpentinites).
Thus, Br- and I-rich fluids released by the talc-amphibole alteration might
contribute to the high I/Cl observed in some serpentinites.

Geochemistry of Iodine

Serpentinites with 0.9-530 ng/g iodine measured in this study are enriched
relative to the depleted mantle (<1 ng/g; Kendrick, 2018), and in some
cases relative to seawater (58 ng/g, Figure 29b); iodine partitions strongly
into the Atlantis Massif serpentinites. Iodine has a number of different po-
tential sources, and is effected by redox and adsorption processes to a greater
degree than chlorine or bromine. Iodate is the dominant iodine species in
seawater, but is likely quickly reduced to iodide in a reducing subsurface
serpentinizing system (e.g. as seen in soils and sediments; Elderfield and
Truesdale, 1980; Fuge and Johnson, 1986; Luther et al., 1995; Lu et al., 2010;
Zhou et al., 2017). The two likely sources of major variations in iodine abun-
dance (and hence I/Cl) at the Atlantis Massif are the presence of minor
iodine-rich phases (clay minerals‡, carbonates, Fe-oxyhydroxides, and/or
organic matter, which can all concentrate iodine) and redox changes (either
at the surface in contact with iodate-bearing seawater, or through changes
to oxygen fugacity through active serpentinization). The Atlantis Massif
hosts microbial communities within the uppermost sections, and also pro-
duces volatile organic carbon phases abiotically at depth (Kelley et al., 2005;
Brazelton et al., 2006; Delacour et al., 2008; Lang et al., 2010). Recently, or-
ganic gels associated with serpentine have been discovered in Mid Atlantic
Ridge serpentinites, and are suggested to be directly involved in low temper-
ature (<200°C) serpentinization reactions (Ménez et al., 2018). Neither clays
nor organic phases are observed at the hand-sample scale and whereas fine-
grained semi-opaque sections of alteration minerals exist in thin sections of
the samples studied here, they have not been systematically examined and
may well contain clay minerals or organic phases which may increase the
observed whole-rock iodine abundances.

In the case of Atlantis Massif serpentinites, oxidation may in some cases
be linked to enrichment in iodine, the inverse of the expected relationship.

‡ The different mineral surface structure (particularly surface charges, and potentially the abil-
ity to incorporate some iodine species within the interlayer space) is one likely cause of
enhanced adsorption of iodine species in clays relative to serpentine.
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Both samples with I/Cl >10
-3 also exhibit a bulk colour distinctly more

brown/red than surrounding serpentinites, suggesting some degree of ad-
ditional sample oxidation (i.e. beyond the formation of magnetite, observed
in serpentinized dunite M0071A-1R1-0.28m§ and the impregnated harzbur-
gite M0068B-4R1-4.97m). In these samples, it is instead suggested that the
presence of clays forming during weathering-style alteration may explain
the extreme iodine enrichment relative to chlorine (I/Cl >10

-3, Figures 30;
e.g. through adsorption and/or incorporation into clay minerals, Fuge and
Johnson, 1986). Clay minerals and oxides are present in most recovered At-
lantis Massif serpentinites, as identified by XRD during the Expedition 357

onshore science party (up to 5% clay relatively common; Früh-Green et al.,
2016a). The low abundances of iodine within these rocks generally makes
the elemental abundances particularly sensitive to even small amounts of ad-
sorption. The absence of iodine enrichment within the talc-amphibole schists
is best explained by preferential weathering of the serpentinites, exclusion
of iodine from amphibole and general absence of clay in the talc-amphibole
schists (as observed in XRD results from the onshore science party; Früh-
Green et al., 2016a).

Potential Thermal Loss of Noble Gases

Alteration temperatures and thermal histories likely exert a strong control
on the ability to incorporate and retain noble gases in seafloor samples. The
presence of antigorite and serpentine with light oxygen isotope compositions
(down to <0 ‰) are consistent with serpentinization occurring at relatively
high temperature (250-350°C; see Chapter 2). Additionally, the presence of
abundant mafic intrusions in the vicinity of the detachment fault surface,
including small gabbroic intervals (both gabbros and impregnated harzbur-
gites), the syn-tectonic dolerites in addition to the still-hot large plutonic gab-
broic core (which provides a conductive heat source for present hydrother-
mal circulations; Titarenko and McCaig, 2016) provides a mechanism for
thermal loss of noble gases. While magmatic units provide significant heat
sources, assuming that noble gases are contained dominantly within ser-
pentine, the maximum temperatures relevant for consideration are limited
to those below the upper stability of serpentine at low pressure (400-500°C
depending on pressure; O’Hanley et al., 1989; Mével, 2003), and more specif-
ically within temperatures at which chrysotile and lizardite are the domi-
nant serpentine polymorphs (Mével, 2003; Evans, 2004). Diffusion-limited

§ The sample M0071A-1R1-0.28m also exhibits significant enrichment in redox-sensitive chal-
cophile elements (As, Sb; see previous chapter).
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thermal loss of noble gases would favour heavy noble-gas enrichment, and
the preferential (to complete) loss of He. The diffusion of noble gases has
previously been observed to be relatively rapid in an experimental setting
(e.g. heating of 20-40 mg chips of serpentinite at 300°C over 20 minutes
can extract more than 20% of Ar, and equilibration rates are high for noble
gases; Kendrick et al., 2013; Jackson et al., 2015). Neither diffusion rates
nor closure temperatures of noble gases in serpentine within natural sys-
tems are well quantified, but heating associated with localised magmatism
such as the dolerite intrusions would generally be transient (potentially be-
ing rapidly dissipated by hydrothermal circulation) and temperatures cor-
responding to chrysotile-lizardite stability are relatively low. However, in
the presence of fluids, the short-scale diffusive loss of noble gases from ser-
pentine to fluid coupled to adjective flow could be an efficient mechanism
of gas loss. Alternatively, fluids may contribute gases to serpentinites via
similar mechanisms given appropriate gas abundances and temperatures; in
the presence of active circulation systems these mechanisms are difficult to
constrain. Diffusive loss of noble gases may partly explain the particularly
low abundances of noble gases at the Atlantis Massif.

3.5.2 Serpentinizing Fluids: Salinity and Potential Gas Phases

The minimal deviation from seawater salinity or seawater Br/Cl in the Lost
City vent fluids (Kelley et al., 2001) has been suggested to reflect minimal ac-
tive serpentinization within the uppermost part of the hydrothermal system
(as suggested by Allen and Seyfried, 2004), but is also consistent with high
fluid fluxes suggested for serpentinization (W/R ratios likely �2, Fous-
toukos et al., 2008; Boschi et al., 2008). Whereas vent fluids sample a system
with high average water/rock ratio, complex fluid flow patterns likely exist
at depth, especially in the vicinity of the permeable detachment fault sys-
tem (also see the Chapter 2). Therefore it is possible that localised regions
of the hydrothermal system could have experienced lower water/rock ra-
tios, which has significant bearing on the expected fluid pre-enrichment of
halogens, noble gases and other trace elements in seawater through prefer-
ential removal of water by serpentine. The serpentinites around the Lost
City have largely formed at depth within the detachment fault, and both
serpentinite δ18O compositions and trace element abundances indicate that
water/rock ratios have progressively increased during serpentinization (see
Chapter 2). The relatively low halogen and noble gas abundances measured
in Atlantis Massif samples are also consistent with high integrated fluid
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fluxes. Given that halogens and noble gases are less compatible in serpen-
tine than water, serpentinization will increase their abundances in the resid-
ual fluid. Serpentine formed from evolved higher-salinity fluids will likely
contain higher abundances of halogens and noble gases. The presence of low
concentrations of both halogens and noble gases generally observed at the
Atlantis Massif is thus compatible with minimal alteration to fluid salinity
through serpentinization, possible only at high integrated fluxes. Variations
observed in chlorine abundances between serpentinites may be explained
by changes in fluid salinity (e.g local variation of fluid-rock ratio, but given
the low abundances brines are unlikely), or potentially formation at differ-
ent temperatures. In localised hydrothermal systems, fluid/rock ratio typ-
ically decreases and salinity increases towards the periphery of the system.
With regards to the Atlantis Massif, high-temperature hydrothermal circula-
tion has been concentrated within the upper surface of the detachment zone
(sampled by all holes drilled during Expedition 357), suggesting that chlo-
rine abundances in serpentinites beneath the detachment fault (at depths of
100’s of metres) may be higher than those exposed at the surface.

Additionally, early veinlets and bastites are significantly enriched in sea-
water derived trace elements (particularly B, U; see Chapter 2), suggesting
either infiltration of evolved pre-enriched fluids (i.e. high salinities) or pref-
erential incorporation into serpentine. However, in samples which contain
serpentine predominately as small veinlets in contact with relict olivine and
orthopyroxene (e.g. serpentinized harzburgite M0068B-4R1-4.97m and im-
pregnated harzburgite M0068B-4R1-4.41m), chlorine abundances remain rel-
atively low (28 and 42 µg/g Cl), and Cl/36Ar ratios are also at the lower end
of the range exhibited by altered samples at the Atlantis Massif (both have
Cl/36Ar = 16 × 10

6) and equivalent to seawater (Cl/36Ar = 16 × 10
6). The

Cl/36Ar ratios of serpentinites range between depleted to enriched relative
to seawater (seawater Cl/36Ar = 16 × 10

6; Kendrick et al., 2013), suggest-
ing fractionation of Cl and 36Ar occurred during serpentinization. Noble
gases are also fractionated from one another, as evidenced by the range of
fractionation patterns (Figure 32). Mechanisms which could result in vari-
able Cl/36Ar and noble gas fractionation within the altered rock at Atlantis
Massif and noble gas fractionation ratios include i) presence and/or incor-
poration of a phase-separated component (different fluids), ii) fractionation
during formation and incorporation into alteration minerals, or iii) modifica-
tion through secondary fluid-rock interaction or heating which preferentially
incorporates or removes one component (different retentivity).
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The physical properties of noble gases vary systematically down the
group as a function of atomic number, and non-smooth noble gas fraction-
ation patterns (Figure 32) suggest that multiple subsurface processes have
contributed to the fractionated noble gas patterns of the Atlantis Massif
serpentinites. Ring structures within mineral frameworks (or specifically,
the corresponding large-radius interstices) exert a strong control on noble
gas solubility in a number of minerals (including the serpentine minerals
and amphiboles), and induce distinctive He-Ne-Ar solubility patterns with
changes in ring-structure topology (Jackson et al., 2013, 2015); antigorite ex-
hibits a particularly distinctive concave-up pattern for He-Ne-Ar, whereas
amphiboles exhibit linear trends with Henry’s constants decreasing from
He to Ar (with solubilities equal-to or greater than those for antigorite; Jack-
son et al., 2015). When normalised to 36Ar, the samples can be seen to have
F(NG)Ar, Air fractionated from the seawater composition (Figure 32; the sig-
nificance of high 4He/36Ar is discussed below). The 4He-20Ne-36Ar pattern
observed in Atlantis Massif serpentinites likely partially reflects the solubil-
ity of these noble gases within serpentine, and specifically their incorpora-
tion into ring structures (measurements of noble gas solubility in antigorite
suggest the Henry’s constant for Ne is an order of magnitude lower than for
He-Ar; Jackson et al., 2015). The similar noble gas fractionation patterns ex-
hibited between the talc-amphibole-chlorite schist (M0072B-6R1-8.14m) and
serpentinized harzburgite (M0069A-10R1-15.5m) despite the difference in
mineralogy suggests that the noble gas pattern of talc-amphibole-chlorite
schist may be inherited from the pre-alteration mineralogy rather than solely
controlled by solubility.

The abundances of noble gases in fluids are particularly sensitive to the
presence of a gas phase due to their strong partitioning, and hence phase sep-
aration is an efficient mechanism to fractionate halogens from noble gases.
However, while the Atlantis Massif preserves records of hydrothermal pro-
cesses over a range of temperatures, phase separation of fluids has not been
described for the low-temperature hydrothermal system. Temperatures re-
quired for phase separation increase with depth, with estimated phase sep-
aration temperatures for the Atlantis Massif water depths starting at 250-
350°C at the surface of the Massif (at pressures of ≥ 10 MPa; Driesner and
Heinrich, 2007). Given the low halogen abundances measured in serpen-
tinites, and uniformity of the Lost City vent fluids, there is little evidence for
phase separation within the uppermost sections of the hydrothermal system.
There remains a chance that phase separation may have occurred at depth
during the extended hydrothermal history. Given the overall low halogen
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abundances in the serpentinites, assuming the halogens and noble gas com-
positions reflect interaction with the same fluid, it’s unlikely that this fluid
had experienced significant phase separation (although incipient phase sepa-
ration could produce a relatively noble gas depleted by minimally halogen
enriched residual fluid). Whereas the oxygen isotope compositions of ser-
pentinites do suggest serpentinization at relatively high temperatures (at
least for oceanic serpentinites), the temperatures required for phase sepa-
ration are at conditions where olivine remains relatively stable and little
serpentine will form. Serpentine formation and PT-driven phase separation
likely occur to a large extent in different places, and to form serpentine from
phase-separated fluids, significant fluid circulation at depth will likely be
required. Serpentinization itself may also contribute to the observed low
noble gas abundances, if H2 and CH4 are produced through redox reactions
(along with associated organic carbon species; e.g. Proskurowski et al., 2006;
McCollom et al., 2016) in sufficient quantity to form a free gas phase which
could strip noble gases from the serpentinizing fluid ahead of the hydration
front. The fluids venting on the seafloor contain dissolved gases including
H2 and CH4 (Kelley et al., 2001); methane excursions during drilling at West-
ern and Central sites were observed during IODP Expedition 357, associated
with visible bubbles at the Western sites (these events were typically associ-
ated with the basement-sediment interface; Früh-Green et al., 2016b). While
a separate gas phase may exist on the surface, deeper drilling intervals were
not recorded to be associated with bubble releases and these gases appear
to represent surface degassing of hydrothermal fluids. The low abundances
of noble gases, like the halogens, are potentially also best explained by the
relative fluid fluxes. In addition to alteration processes which initially in-
corporate noble gases into hydrous alteration minerals, cryptic adsorption
and leaching processes may be active much later in the hydrothermal history.
The possibility for continued exchange between fluids and altered rocks is
enhanced by the continued hydrothermal circulation, elevated ambient tem-
peratures and continued contact between fluids (which can diffusively and
advectively transport noble gases) and phyllosilicate alteration minerals (in
which noble gases are likely held within mineralogical caged ring structures,
rather than tightly bonded to the mineral structure). Importantly, sedimen-
tary pore fluids are not involved and these compositions result from frac-
tionation mechanisms.
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3.5.3 Radiogenic Noble Gases

Elevated concentrations of the 4He-producing uranium and thorium in ser-
pentine likely contributes to 4He enrichment, with serpentinite generating
radiogenic helium in-situ. The likely timing of serpentinization is between
the age of crustal accretion (from nearby Hole U1309D, estimated to be 1.08

to 1.28 Ma; Grimes et al., 2008) and the establishment of the modern hy-
drothermal system (approximately 30,000 years; Früh-Green et al., 2003).

The serpentinized harzburgite M0068B-4R1-4.97m contains 0.8 × 10
-12

mol g-1 4He, exhibits 40Ar/36Ar of 389 and is enriched in heavy noble gases
relative to most other Atlantis serpentinites (with a 130Kr abundance of 99

× 10
−18 mol g-1). Within this sample, serpentine veins contain up to 1.0

µg/g U and 0.6 µg/g Th. Over periods of 30,000 and 1.28 million years, this
translates to He production of 1.84 × 10

-13 and 7.87 × 10
-12 mol g-1 (using

general formula for U-Th-He dating of Lippolt et al. 1994, and updated
uranium decay constants of Schoene et al. 2006; Eqn. 14, below).

[4He] =8 · [238U] · (eλ238·t − 1)+

7 · [235U] · (eλ235·t − 1)+

6 · [232Th] · (eλ232·t − 1)

Where: λ232 =1.5499× 10−10 y−1

λ235 =9.8569× 10−10 y−1

λ232 =4.9475× 10−11 y−1

(14)

Helium ingrowth without loss would require nearly 130,000 years to ac-
cumulate to this level. As serpentine comprises approximately 50% of this
rock by volume, the predicted helium abundance would need to be roughly
halved for effective comparison, doubling the estimated age of He ingrowth
to 260,000 years. Another almost-completely serpentinized sample (M0069A-
10R1-15.5m) contains up to 2.4 µg/g uranium (maximum U in bastites, with
typical matrix serpentine abundances of ≈ 0.5-1.0 µg/g) and Th abundances
of up to 30 ng/g translate to estimated maximum contributions of 3.89 ×
10

-13 mol g-1 and 1.66 × 10
-11 mol g-1 of 4He over the course of 30,000 and

1.28 million years, respectively. The measured 4He abundance of 1.0 × 10
-12

mol g-1 would require approximately 77,000 years of He ingrowth. The
timescales required for He ingrowth to account for the measured He abun-
dances are within the published age constraints for serpentinization, and
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suggest that serpentinites have either ingrown 4He for periods longer than
the temporal extent of the recent hydrothermal system, or acquired 4He from
fluids. Given the uncertainty on timing of serpentinization, no significant ex-
cess He can be inferred.

In contrast, many of the Atlantis Massif samples have 40Ar/36Ar ratios
higher than can be explained by in-situ accumulation (Figure 33), and hence
contain excess argon. The different behaviours of 4He (in-situ) and 40Ar ·
(an initial excess) is explained by the different retentiveness of He and Ar in
serpentinites and the relative abundances of the parent elements (U, Th and
K).

Sample 40Ar/36Ar values which exhibit no distinct trend with Cl/36Ar
(e.g. towards air with Cl/36Ar = 0, 40Ar/36Ar = 296) suggest that the range
of values generally represents geological variation rather than contamination
with air. Seawater contains 7.7 × 10

−7 mol g-1 36Ar, and has a 40Ar/36Ar ra-
tio of 296. The two samples with lowest 40Ar/36Ar values measured on
the MAP-215-50 (serpentinized harzburgite M0068B-4R1-4.97m at 287 and
veined serpentinite M0071B-2R1-1.93m at 284) have Cl/36Ar close to sea-
water values (16 and 14, respectively), consistent with direct incorporation
of a seawater-derived fluid into hydrous minerals (serpentine, chlorite and
amphibole). Potential sources for the 40Ar excess in a number of other sam-
ples include either the mafic crust (40Ar/36Ar values of basaltic glass ranges
up to at least 1000-3000, commonly with a more radiogenic vesicular gas
component; e.g. Marty et al., 1983; Jambon et al., 1985; Sarda et al., 1985)
or oceanic sediments (with 40Ar/36Ar at least slightly higher than seawater,
and up to at least 670; Matsuda and Nagao, 1986; Staudacher and Allègre,
1988). Given the absence of sediments, the excess argon is likely derived
from nearby plutonic mafic rocks where alteration of feldspars may release
radiogenic argon.

3.5.4 Influences on Near-Axis Seafloor Serpentinite Geochemistry

The differences between seafloor serpentinites formed in different settings
(e.g. slow-spreading ridges, below fast-spread mafic crust, at passive mar-
gins or forearcs) may provide information regarding the incorporation of
halogen and noble gas signatures into alteration minerals (e.g. potential
effects of serpentinization temperature, presence of sediments and crustal
age).

The absence of a sedimentary cover at the Atlantis Massif may affect
both the halogen and noble gas budgets within serpentinites. In contrast to
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serpentinites from passive margins (with often thick sedimentary cover) and
forearc settings (where fluids are likely partially derived from the sedimen-
tary cover of the down-going plate), the fluids involved in serpentinization
at the Atlantis Massif have not been influenced by interaction with siliceous
sediments. Sediments can contain significant budgets of trapped noble gases
which have compositions fractionated from seawater (including a distinctive
depletion in Ne relative to seawater; Podosek et al., 1980; Matsuda and Na-
gao, 1986; Staudacher and Allègre, 1988), and also contain pore fluids with
Br/Cl and I/Cl ratios higher than seawater (Fehn et al., 2000, 2003, 2006,
2007a,b; Muramatsu et al., 2001, 2007; Tomaru et al., 2007, 2009; Lu et al.,
2008; Martin et al., 1993). The relative depletion of Ne in other seafloor ser-
pentinites (approximately 0.5 orders of magnitude below measured averages
for the Atlantis Massif for passive margin serpentinites) may simply be ex-
plained by the incorporation of sedimentary Ne. Similarly, incorporation
of a sedimentary-equilibrated Br component would result in Br/Cl ratios
similar to seawater. The passive margin serpentinites analysed by Kendrick
et al. (2013) were formed at temperatures <250°C and are suggested to have
formed during Cretaceous rifting, prior to accumulation of a significant sed-
iment pile. The contrast between the Atlantis Massif and serpentinites mea-
sured by Kendrick et al. (2013) may principally reflect tectonic setting, with
the Atlantis Massif having i) high integrated fluid fluxes at the Atlantis Mas-
sif, and ii) the absence of a sedimentary cover - both due to its position at
the intersection of a mid-ocean ridge and oceanic transform fault.

3.6 Implications for Geochemical Cycling

The halogen, water and (non-radiogenic) noble gas abundances of the con-
vecting mantle are buffered on geological time scales by the subduction of
altered oceanic crust and sediments (Holland and Ballentine, 2006; Kendrick,
2018). With regards to serpentinites, recent models of halogen and noble
gas inputs into subduction utilise compositions of serpentinites from the
Mid-Atlantic Ridge (15

◦
20’N Fracture Zone), Hess Deep, and passive mar-

gins (Iberia, Newfoundland) in addition serpentinized forearcs (Mariana,
Guatemala) (Kodolányi et al., 2012; Kendrick et al., 2013, who analysed sam-
ples from the same localities). The serpentinites analysed in this study have
similar overall abundances of halogens to the altered mafic crust, but sub-
stantially higher H2O/halogen ratios, and lower noble gas abundances (by
approximately an order of magnitude) than either the altered mafic crust or
other known measured serpentinite localities. The contribution of abyssal
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sediment-poor serpentinites formed at slow spread ridges to subduction en-
vironments will accordingly be lower than estimates for serpentinites cur-
rently published (Kendrick et al., 2011, 2013). However, this is the start of
the journey, and rocks equivalent to this may be further altered before arriv-
ing at the subduction zone (e.g. see Klein et al., 2017). The subduction of
abyssal serpentinites similar to the Atlantis Massif will result in a distinctly
H2O-rich component relative to other known subducted reservoirs. Salinity
is known to have significant effect on the magnitude of mass transfer and
metasomatism associated with subduction fluid cycling, and Cl abundance
is closely linked to specific subduction geochemical signatures (e.g. LILE,
REE; Keppler, 2017). Based on the chlorine abundance of the serpentinites
from the Atlantis Massif, dehydration fluids from rocks formed under a sim-
ilar tectonic setting would be likely to release relatively dilute/low-salinity
dehydration fluids.

Altered oceanic crust similar in nature to the Atlantis Massif is limited
to slow-spread centres. While slow-spread centres are relatively abundant
worldwide (comprising approximately 30% of spreading segments, Dick
et al., 2003), the majority of ridge segments are represented by fast-spread
crust (e.g. the Pacific). Additionally, fast spread crust is typically mirrored
by active subduction along convergent margins; the areal extent and rate
of consumption of fast-spread crust is much higher, and thus it contributes
much more to global budgets. Incorporation of Atlantis-like serpentinites
into global subduction models may only slightly decrease estimates for sub-
duction budgets of Cl, Br, I and the the noble gases.

3.7 Conclusion

The investigation into halogens and noble gases within serpentinites at the
Atlantis Massif has revealed a number of novel geochemical features. These
reflect mineral partitioning, the hydrothermal history and tectonic setting of
the Massif. In some cases, mantle geochemical signatures are preserved in
the serpentinites and other altered rocks.

Sample mineralogy is observed to exert control on a number of ele-
mental abundances. Talc-amphibole-chlorite schist samples show trends in
Br/Cl-I/Cl with increasing chlorine towards previously measured amphi-
bole halogen abundances (in Mathematician Ridge metagabbros; Kendrick
et al., 2015), suggesting a strong control by amphibole partitioning for these
metasomatised lithologies. Iodine abundances were observed to be partic-
ularly variable, and are seemingly not directly related to bulk mineralogy
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or alteration degree. Given the adsorbent tendency of iodine, and the en-
richments observed here associated with samples which show bulk-scale ev-
idence for oxidation, it may be hosted in microphases such as clay minerals
forming during a late oxidising alteration phase.

Serpentinite uranium and thorium abundances are sufficiently high that
the measured He abundances may be entirely He-ingrowth due to radio-
genic decay within the timeframe for serpentinization of the Atlantis Massif
detachment fault. Additionally, traces of excess argon, with 40Ar/36Ar much
higher than values expected based on an isochron at 2 Ma (greater than the
expected maximum age of the nearby gabbroic central dome). The relatively
low abundances of argon and heterogeneous nature of the massif - especially
with regard to presence of plutonic mafic rocks - have together contributed
to the presence of the excess argon signature.

The distinctive geochemical features of serpentinites from different tec-
tonic environments has been previously noted (from multiple perspectives
including halogens and noble gases, e.g. Deschamps et al., 2013; Kendrick
et al., 2013; Martin et al., 2016). With regard to the Atlantis Massif, the rela-
tively low abundances of halogen and noble gas abundances serve as one ex-
ample of serpentinites formed in a slow-spreading ridge environment with
minimal siliceous sediment, and which have experienced high integrated
fluid fluxes. The distinct seawater-like Br/Cl and concave-up F(36Ar)-F(84Kr)-
F(130Xe) of the Atlantis Massif serpentinites may also be distinctive of the tec-
tonic setting. The relationship to deeper serpentinized sections of the Massif
is worth further investigation to both constrain the likely nature of bulk ser-
pentinized lithosphere in this setting and nature of the relationship between
shallow and deep serpentinites in the vicinity of the Lost City Hydrothermal
Field.
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Abstract

Fluid-rock interaction within the altered oceanic crust and across the slab-
mantle boundary during subduction facilitate metasomatism, arc magma-
tism, recycling of a dehydrated slab into the deeper mantle over geological
timescales. An investigation of metamorphic fluid-rock interaction within a
section of subducted upper oceanic crust has been conducted in the UHP
Lago di Cignana Unit and underlying Zermatt-Saas serpentinites near Val-
tournenche (NW Italian Alps). Garnet commonly grows in the presence of
metamorphic fluids, and is present within metasedimentary and eclogitic
lithologies at Lago di Cignana. Microscale geochemical analysis of garnets
has revealed systematic evolution of garnet trace element and oxygen iso-
topic composition with observed garnet major element zonation. Initial
growth zones throughout most lithologies typically conform to expected
metamorphic compositional trends documenting multiple garnet forming
reactions, while outer growth zones within a select few samples exhibit
evidence of multiple stages of metasomatism requiring infiltration of ex-
ternally derived fluids. Garnet oxygen isotope compositions provide use-
ful constraints on fluid sources from contrasting reservoirs; in two samples
an ultramafic-derived fluid can be confidently identified as a metasomatic
agent, likely preceded by fluids derived from nearby mafic units. Metaso-
matism has occurred near peak metamorphic conditions prior to the rapid
exhumation of the Lago di Cignana unit. Garnet records of external fluid
infiltration are concentrated within through the base of the unit, suggesting
focused fluids infiltration due to permeability contrasts between metasedi-
mentary and eclogitic lithologies. In addition, metasomatic infiltration of
external fluids described here is compared to previous petrological and geo-
chemical evidence for fluid transport at the locality.
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4.1 Introduction

Subduction zones facilitate long-term, large-scale geochemical cycling through
reincorporation of crustal material into the mantle coupled to generation
of continental crust through arc magmatism. The distinctive geochemistry
of arc magmas is generated by the contribution of multiple slab compo-
nents (Hawkesworth et al., 1993; McCulloch and Gamble, 1991; Pearce, 1982;
White and Dupré, 1986), and reflects the contribution of a suite of incom-
patible and fluid-mobile elements from subducted sediments and altered
oceanic crust and serpentinized lithosphere (including K, Cs, Rb, Ba, U, Th,
Sr, Pb, Be, and LREE Plank and Langmuir, 1993; Plank, 2014; Staudigel,
2014; Kodolányi et al., 2012; Bebout, 2014). The magnitude of mass transfer
within subduction zones derives from the tectonic juxtaposition of chemi-
cally diverse lithologies and transient exposure to aqueous fluids (Schmidt
and Poli, 2003; Bebout, 2013; Schmidt and Poli, 2014) and eventually melts
(Hermann et al., 2006; Hermann and Rubatto, 2014). Metamorphic fluids
are generated in the upper oceanic crust over multiple intervals during pro-
grade subduction (e.g. Schmidt and Poli, 2014; Bebout, 2014; Peacock, 1990;
van Keken et al., 2011). We analysed samples from the well-studied ultra-
high-pressure (UHP) metaophiolite locality at Lago di Cignana (NW Italian
Alps) to investigate records of fluid infiltration events occurring during pro-
grade subduction and early exhumation within the upper oceanic crustal
section. Targeted analysis of sequential garnet growth zones for oxygen iso-
topes and trace elements is used to elucidate the sequence of garnet-forming
fluid-rock interaction events.

The Lago di Cignana Unit consists of a small fault-bounded block of
coesite-eclogite facies upper oceanic crust containing a sequence of serpen-
tinites, metabasalts and metasediments (representing the Jurassic Piedmont-
Ligurian seafloor; Reinecke, 1991; van der Klauw et al., 1997; Reinecke, 1998).
This unit has been described as a coherent segment of former oceanic crust
(Compagnoni and Rolfo, 2003; Reinecke, 1991, 1998), and represents the
deepest-known slice of subducted oceanic crust preserved at the surface (P-
T conditions of 590-630 °C and 2.7-3.2 GPa; Groppo et al., 2009; Reinecke,
1998). The relatively intact structure of the unit enables reliable delineation
of lithological interactions from seafloor to deep subduction; and the small
overall volume allowing rapid exhumation has minimised the influence of
post-peak re-equilibration (Reinecke, 1998). Additionally, the unit preserves
known records of fluid cycling at pressures similar to sub-arc conditions.
Previous studies have documented prograde devolatilization and decarbon-
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ation reactions within metapelites (Bebout et al., 2013; Frezzotti et al., 2011;
Cook-Kollars et al., 2014), and localised fluid-mediated geochemical interac-
tion between serpentinites and sediments (Scambelluri et al., 2015a; Selver-
stone and Sharp, 2013). Additionally, isotope compositions of carbonate-
bearing metasediments are consistent with infiltration of low δ18O fluids,
which are likely partially involved in decarbonation reactions (Cook-Kollars
et al., 2014).

Oxygen isotopes are commonly utilised in investigations of metamor-
phic systems due to their predictable temperature-dependent fractionation
between mineral and fluid phases (e.g. Clayton et al., 1972; O’Neil, 1986;
Zheng, 1993b), and can be used to assess the extent of interaction with ex-
ternally derived fluids (Miller et al., 2001; Putlitz et al., 2000; Bebout, 2014).
In open systems multiple fluid-rock interaction events typically induce a de-
gree of heterogeneity at the mineral scale (especially at low temperature; e.g.
Martin et al., 2014). In-situ analysis can provide information at the scale of
mineral zonation, which can then be linked to the temporal evolution of the
sample to construct P-T-time-fluid histories (e.g. Martin et al., 2014; Page
et al., 2014; Rubatto and Angiboust, 2015).

In order to trace the multistage evolution of the Lago di Cignana Unit, ro-
bust minerals have to be targeted. Garnet is a common mineral within most
slab lithologies which has a relatively wide high-pressure stability range.
Garnet commonly grows throughout prograde metamorphism within both
metasedimentary and meta-basaltic lithologies, typically at the expense of
hydrous minerals and hence involving the production of a free fluid phase,
making it an effective monitor for dehydration (e.g. Baxter and Caddick,
2013; Dragovic et al., 2015). Additionally, it is mechanically robust and resis-
tant to dissolution. Garnets within metasediments and metabasalts at Lago
di Cignana are well preserved, and through rapid heating and cooling near
peak conditions have escaped diffusion overprinting of zonation and min-
eral inclusions (Reinecke, 1998). Geochemical analysis of garnet can provide
valuable constraints on metamorphic histories, revealing information on pro-
tolithic composition, P-T-t paths and fluid infiltration events (e.g. King et al.,
2004; Page et al., 2014; Russell et al., 2013). Under subduction metamorphic
conditions, relatively small shifts in garnet δ18O values (of ≈ +1 ‰) are
observed to occur with shifts in temperature in closed systems (e.g. Kohn,
1993; Skelton et al., 2002; Martin et al., 2006; Kohn, 2014). Changes in oxy-
gen isotope composition greater than ≈ 1 ‰ indicate significant bulk-rock
metasomatism (e.g. Russell et al., 2013; Page et al., 2014; Martin et al., 2014;
Rubatto and Angiboust, 2015).
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Multiple potential sources of metasomatic agents are present within the
upper oceanic crust. Serpentinites contain a large fraction of the bound wa-
ter in the subducted upper oceanic lithosphere beyond the forearc (Hacker,
2008), and are commonly identified sources of metamorphic fluids at high
pressure (e.g. Angiboust et al., 2014). Serpentinites commonly inherit vari-
able δ18O compositions from seafloor hydration at a range of conditions
(oceanic serpentinites exhibit a range in oxygen isotope compositions re-
lated to to geological setting; most abyssal serpentinites have δ18O = +3 to +5

‰, Mével, 2003; Wenner and Taylor, 1973), and hence potential heterogene-
ity must be considered. Therefore, in this study we have also investigated
the composition and variation within the Zermatt-Saas Unit serpentinites
directly underlying the Lago di Cignana Unit to assess their potential as a
source of metasomatic fluid. Nearby metabasaltic units and metasediments
also contain significant portions of bound H2O, and are likely sources of
metamorphic fluid. Metasedimentary lithologies typically have significantly
different bulk-rock δ18O (commonly 10-30 ‰, depending on the provenance
and abundance of marine carbonates in the protolith) relative to the under-
lying serpentinized lithosphere and/or altered oceanic crust (typically be-
tween 5‰ and 10‰ for upper sections of altered oceanic crust, and below
5‰ for sections altered at higher temperatures; e.g. Stakes and Taylor, 1992;
Barnicoat and Cartwright, 1995; Cartwright et al., 1999).

This study uses detailed in-situ geochemical analysis to unravel fluid
transfer between units in subducted upper oceanic crust. We have anal-
ysed major, trace and oxygen isotopic compositions of zoned garnets within
metasediments and eclogites. We link geochemical zonation to prograde his-
tory, from intermediate to deep subduction. Highly zoned metasedimentary
garnets preserve records of multi-stage metasomatism driven by externally
derived fluids.

4.2 Geological Setting

The Zermatt-Saas zone lies within the northern section of the Piedmont-
Ligurian oceanic units of the Penninic domain in the Western Alps (Fig-
ure 34). This domain has commonly been divided into a greenschist to
epidote-blueschist facies unit (Combin zone) and an eclogite facies to UHP
unit (Zermatt-Saas zone, Bearth, 1976) separated by the Gressoney Shear
Zone/Combin Fault (Ballèvre and Merle, 1993; Reddy et al., 1999; Forster
et al., 2004; Kirst and Leiss, 2017). The Zermatt-Saas zone consists of meta-
peridotites, metagabbros, metabasalts and serpentinites (Figure 35; Bearth,
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1967, 1976; De Giusti et al., 2003), overlain in some locations by a thin
cover of Jurassic-Cretaceous oceanic metasediments (metapelites, marbles
and metacherts; Bearth, 1967, 1976). The Lago di Cignana Unit lies within
the upper section of the Lower Unit of the Zermatt-Saas zone (Figure 36;
Forster et al., 2004; Groppo et al., 2009). The lower unit has alternately been
interpreted as either a continuous, near homogeneous unit (e.g. Angiboust
et al., 2009), or as a sequence of several tectonic slices (Bousquet et al., 2008;
Groppo et al., 2009; Reddy et al., 1999).

Peak conditions for the lower unit of the Zermatt-Saas ophiolite are es-
timated to be approximately 2.7-2.8 GPa at 550-660 °C (Figure 37; Groppo
et al., 2009; Zanoni et al., 2016; Rebay et al., 2012; Barnicoat and Fry, 1986).
The homogeneity in peak metamorphic conditions and timing across the
Zermatt-Saas Zone have previously been suggested to reflect a high degree
of coupling and derivation from a single unit (Angiboust et al., 2009; Gouzu
et al., 2016). Within the Lago di Cignana Unit, the discovery of coesite as rare
inclusions in tourmaline and pyrope-rich garnet (Reinecke, 1991, 1998) led
to the identification of localised ultra-high-pressure metamorphism at 2.7-
3.2 GPa and 590-630 °C (Reinecke, 1991, 1998; Groppo et al., 2009), as also
supported by the presence of microdiamond inclusions in garnet within Mn-
nodules (Frezzotti et al., 2011). In contrast to previous suggestions that many
lithologies were extensively re-equilibrated during exhumation, more recent
pseudosection modelling suggests that the mineral assemblages are consis-
tent with peak to early exhumation P-T conditions (upper blueschist-eclogite
facies, Bebout et al., 2013). Zermatt-Saas (U)HP rocks were exhumed to ap-
proximately lower crustal levels at ca. 39 Ma, and prior to being juxtaposed
against the Combin Zone at mid-crustal levels at ca. 38 Ma (Kirst and Leiss,
2017). The initial exhumation of the Zermatt-Saas units (i.e. from HP-UHP
conditions) is inferred to have occurred during overall crustal shortening,
prior to significant thrusting (Pleuger et al., 2007).

Within the Lago di Cignana metasediments, the infiltration of fluids into
calcschists has driven decarbonation reactions facilitating the formation of
Grs-rich garnet and lawsonite (Cook-Kollars et al., 2014). These fluids are
suggested to be derived from pelitic metasediments, which have been doc-
umented to undergo significant devolatilization reactions at temperatures
above 500°C (Cook-Kollars et al., 2014; Bebout et al., 2013). The discovery
of microdiamonds in metamorphosed Mn nodules also attests to significant
mobility of CO2-rich fluids at elevated pressures (Frezzotti et al., 2011). Fluid
inclusions within these garnets contain several carbon phases in addition to
bicarbonate, and carbonate ions; such fluid inclusions contained no chlo-
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rides (Frezzotti and Ferrando, 2015). Within the well-studied eclogitic sam-
ple Cig 91-1 (van der Klauw, 1998; van der Klauw et al., 1997; Reinecke,
1998; King et al., 2004), garnets have been used to infer the breakdown of
clinozoisite and titanite with associated fluid loss (King et al., 2004). The
widespread presence of lawsonite pseudomorphs in the Zermatt-Saas eclog-
ites (e.g. Bearth, 1973; Angiboust et al., 2009) suggests that lawsonite break-
down may have been another fluid source during prograde metamorphism.
Within the Zermatt-Saas serpentinites, textural features present throughout
the unit record predominantly seafloor and prograde processes; minor antig-
orite recrystallization has occurred during greenschist facies retrogression,
but no evidence for extensive serpentinite dehydration is found (Li et al.,
2004). Veins within serpentinites enveloping the metasedimentary unit ex-
hibit enrichment in sediment-derived fluid-mobile elements (including U,
Th, Nb, Ta, Ce, Y, As, Sb; Scambelluri et al., 2015a). Chlorine isotope
constraints suggest minimal prograde interaction between units prior to ex-
humation; interaction between isotopically modified sediments and serpen-
tinites is suggested to occur only during exhumation (Selverstone and Sharp,
2013).

Oxygen isotope compositions of metabasalts, blueschists and eclogites
throughout the Zermatt-Saas Zone have δ18O values of +4.4 to +9.5 ‰, with
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Figure 37: Overview of pressure-temperature constraints of the Lago di Cignana
Unit (red) and the Zermatt-Saas ophiolite (green). References are as follows; 1:
Reinecke (1991), 2: Reinecke (1998), 3: Groppo et al. (2009), 4: Angiboust et al.
(2009), 5: Barnicoat and Fry (1986), 6: Cartwright and Barnicoat (2002), 7: Bucher
et al. (2005), 8: Negro et al. (2013), 9: Rucinski-Stanek (2013), 10: Zanoni et al. (2016),
11: Rebay et al. (2012). Qz ←−→ Coe transition from Bohlen and Boettcher (1982),
Ab←−→ Jd+Qz reaction estimated from thermodynamic database of Holland (1980).
Antigorite out reaction estimated for Zermatt-Saas serpentinites by Padrón-Navarta
et al. (2013). Graphite-diamond transition taken from Frezzotti and Ferrando (2015).
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Evans (2010)



4.2 Geological Setting 129

serpentinites at Valtournenche observed to have significantly lower oxygen
isotope compositions (δ18O = +1.5 to +3.2 ‰; Barnicoat and Cartwright, 1995;
Cartwright et al., 1999). Metasediments across the Zermatt-Saas area exhibit
high δ18O values relative to the mafic units. Bulk rock oxygen isotope compo-
sitions of δ18O = +19.5 to +24.4 ‰ in calcareous schist, δ18O = +12.3 to +14.3
‰ in quartzites and δ18O = +8.3 to +16.1 ‰ in pelites (with smaller local
variations of <3 ‰, Cartwright et al., 1999). Oxygen isotope comparisons of
mineral pairs within metasediments are consistent with HP metamorphism
at 550-600 °C (Cartwright et al., 1999). Limited garnet oxygen isotope com-
positions from eclogitic units have δ18O = +4.3 to +5.4 ‰ (Cartwright et al.,
1999). Previously analysed manganese garnet nodules at Lago di Cignana
exhibit δ18O = +17.4 to +17.9 ‰, and are encased in quartz with δ18O = +18.1
to +18.7 ‰ (Frezzotti et al., 2011).

The absolute timing of metamorphism in the Zermatt-Saas and Lago di
Cignana Unit have been investigated using multiple geochronometers over
the previous two decades, predominantly utilising garnet and white micas
from mafic lithologies. The ophiolite and overlying sediments have ages of
161-165 Ma, based on zircon U-Pb ages of the Mellichen and Allalin metagab-
bros and the Lago di Cignana metasediments (Rubatto et al., 1998). The ophi-
olite experienced Cretaceous oblique subduction under the Adriatic margin
prior to high pressure metamorphism during Eocene collision of the Adriatic
margin with the Briançonnais terrane (Beltrando et al., 2010a). Garnet Sm-
Nd and Lu-Hf dating have yielded results suggesting an extended period
of prograde garnet growth, with garnet growth beginning approximately at
70-80 Ma (and 11-14 kbar) within the eclogites and extending to a suggested
metamorphic peak near 40 Ma (Lapen et al., 2003; Skora et al., 2009, 2015;
Amato et al., 1999). Prograde eclogitic and metasedimentary zircon growth
has occurred at 44.1 ± 0.7 Ma (Rubatto et al., 1998), and garnet-hosted white
mica inclusions exhibit Ar-Ar ages of 43-45 Ma (Gouzu et al., 2006). The
base of the Zermatt-Saas ophiolite yields younger garnet Lu-Hf ages (41-38

Ma) than the Upper Unit, interpreted to record a later prograde history or di-
achronous subduction (Skora et al., 2015). Matrix phengites exhibit variable
but generally younger Ar-Ar ages (36.4 ± 1.4 Ma, Gouzu et al., 2006). Simi-
larly, Rb-Sr analysis of phengite inclusions in garnet from Triftji suggest that
phengites retain prograde Rb-Sr ages of 43.6-44.9 Ma, while matrix phen-
gites are reset during exhumation and exhibit ages of 39.5-40 Ma (deMeyer
et al., 2014).
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4.3 Methods

4.3.1 Sampling

Samples of metasediments and eclogites have been collected along the south-
ern shore of Lago di Cignana (Figure 36). Over two sampling campaigns,
samples of eclogites, calcschists, oxidised manganiferous quartzites, and
metaquartzite were collected from the unit. Additionally, a number of ser-
pentinite samples were collected from the underlying Zermatt-Sass unit along
a transect from Perreres to Lago di Cignana (Figure 35).

4.3.2 EMPA

Major element analyses of garnet were conducted on a Cameca SX-100 elec-
tron microprobe with four wavelength dispersive spectrometers at RSES,
ANU. Analysis was conducted with a 100 nA electron beam accelerated to
15 kV, with signals measured on TAP (Na, Mg, Al, Si, P), PET (K, Ca, Ti, Cr,
Mn) and LLIF (Ni, Fe, Mn, Cr, Ti) spectrometers, using peak counting times
of 10-30 s and background counting times half that of peak counting times.
Na and K were analysed first to avoid beam damage effects. A suite of
mineral reference materials was used for standardisation. Garnet reference
material reproducibility for major elements was 0.4-0.8%; reproducibility for
the minor to trace components Ti and Cr was 1.6 and 15.6%, respectively.
Major element mapping was conducted on a JEOL-8200 electron microprobe
at the Institute of Geological Sciences, University of Bern, operated with an
accelerating voltage of 15 kV and a 100 nA beam focused to a spot of ap-
proximately 1 µm. Most major elements were analysed using wavelength
dispersive spectroscopy (WDS; Si, Ca, Fe, Mg, Al, O), and other elements
analysed using energy dispersive spectroscopy (EDS; Mn, Ti, La, Ce, Zr, S,
K, Na, P). Images were acquired with dwell times of 80-150ms and step sizes
of 1-3 µm. Prior to data export, element maps were processed and reduced
in XMapTools (Lanari et al., 2014).

4.3.3 LA-ICP-MS

Trace element analyses were conducted on a HP Agilent 7700 quadrupole
ICP-MS coupled to a 193nm ArF Excimer laser, with a 5 Hz repetition rate
and fluence of 50 mJ and spotsize of 47 µm. Ablation was conducted in
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a He atmosphere, and a mixed Ar/H2 carrier gas was used. Torch posi-
tion and lens tuning were adjusted to maximise signal stability and sensi-
tivity across all masses, subject to maintaining low abundance of molecular
species (ThO+/Th+ was used a proxy, and maintained at or below 0.5%).
NIST612 was used as a primary standard (reference values compiled from
GeoRem, Dec 2009), with NIST610 and BCR-2G used as secondary reference
materials. Standard bracketing was conducted with eight sample analyses
between each full set of standards. Analyses identified as compromised by
inclusions (e.g. through monitoring of Zr, P, S, Ti signals for characteristic
spikes) have been excluded from this dataset. Data which is below the limit
of quantification (3 times the limit of detection) or within 2σ of zero have
been omitted. Data reduction was conducted with Iolite 2.3, using the trace
element internal standardisation routine (TraceElementsIS, Woodhead et al.,
2007; Paton et al., 2011).

4.3.4 SHRIMP δ18O

Garnet oxygen isotope analyses were performed on SHRIMP II at ANU, us-
ing a 15-30 nA Cs+ primary beam and spot size of 25-30 µm. Mounts were
outgassed in a vacuum oven for an extended period of time prior to analysis,
and coated with 50-70 nm of aluminium. An electron gun was used to pro-
vide a defocused electron beam to minimise charging of the insulating target
surface. Analyses were predominately conducted on grain mounts of garnet
separates containing both whole garnets and garnet fragments. Analyses
of sample C13b garnets were conducted previously on small areas cut from
thin sections containing whole garnets. The reference material UWG-2 was
used to standardise sample analyses (δ18O = +5.8‰SMOW, Valley et al., 1995).
Where drift in instrumental calibration has been corrected, a simple linear
regression model was constructed from repeated measurements of UWG-2.
Post-drift correction uncertainty on the mean value for UWG-2 was ≤ 0.12

‰ (± 2SE) for all SHRIMP measurement sessions presented here, and this
uncertainty has been propagated for external uncertainty estimates.

Measurement bias related to variation in target composition is a well
known phenomenon in SIMS. Multiple correction schemes to minimise the
effect of target composition on isotopic measurements have been published
(e.g. Eiler et al., 1997; Vielzeuf et al., 2005b; Page et al., 2010; Ickert and
Stern, 2013); here we use the garnet matrix bias correction scheme of Martin
et al. (2014) as it has been determined on SHRIMP-SI and cross-validated
on SHRIMP-II. Estimates of matrix bias are expressed relative to the UWG-2
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reference material. Even in garnet with high XSps (which can induce bias
up to 2.3‰, Martin et al., 2014), the correction is dominated by XGrs com-
ponents. A Broken Hill spessartine sample (SPSBH, 68% Spessartine, ANU
Collection #24844; Martin et al., 2014) was used to quantify the expected
matrix bias (v.s. laser fluorination value of +8.13 ± 0.13 ‰, 2σ). The ref-
erence material was measured during two separate standard-brackets, with
weighted average measurements of δ18O = +9.44 ± 0.55 ‰ (2σ), +9.71 ±
0.18 ‰ (2σ), respectively. This corresponds to a matrix bias of between +1.3
and +1.6 ‰, with a weighted mean estimate of +1.4 ± 1.2 ‰(2SE, n=19) for
this session. Matrix bias corrections as described in Martin et al. (2014) were
applied to the data using EMPA spots located within 20 µm of SHRIMP
spots; a maximum correction of 1.9 ‰ was applied. Uncertainty in the ma-
trix bias correction is also incorporated into external uncertainty estimates
for individual SHRIMP spots. The average uncertainty on individual garnet
sample δ18O matrix-corrected analyses is 0.22 ‰ (2σ), with the maximum
uncertainty being 0.45 ‰.

Serpentinite oxygen isotope analyses were performed on SHRIMP SI at
ANU, using a similar sample preparation and analytical routine to that de-
scribed above for garnet. The Cerro del Almirez serpentinite Al06-44A was
used as a reference material (δ18O = +8.3 ± 0.12‰, Scicchitano et al., 2018;
Padrón-Navarta et al., 2011; Alt et al., 2012). Repeatability of the reference
material was ± 0.78‰ (2σ), and the uncertainty on the mean value of ±
0.13‰ (2SE) has been incorporated into presented data. Analyses were con-
ducted on millimetre-sized sub-samples of rock mounted in epoxy with the
reference material. No bias related to antigorite orientation or composi-
tional variation has been observed (at least within the typical Mg# ranges
for ophiolitic serpentinites; Scicchitano et al., 2018), and given the Zermatt
Saas serpentinites are strongly antigorite-dominated, the Cerro del Almirez
antigorite provides a useful matrix-matched reference material. The average
uncertainty on individual serpentine samples δ18O analyses is 0.20 ‰, with
the maximum individual spot δ18O uncertainty being 0.23 ‰. Analyses were
conducted in areas free of visible magnetite, as even small abundances of
magnetite may offset SHRIMP analyses to light compositions (∆18OMag-Serp

= ≈ -5‰ at 500
◦C Wenner and Taylor, 1971).
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4.4 Results

4.4.1 Sample Petrography

The metasedimentary package at Lago di Cignana contains a number of
compositionally variable sub-units, some with a high degree of local hetero-
geneity. Metasediments consist of oxidised manganiferous schists, calcschist,
quartz-phengite-garnet schists (metaquartzites) and quartz-rich schists con-
taining meta-mafic material (following the terminology of Reinecke, 1998).
Some of these lithologies have been described in detail and used to pro-
vide a range of thermobarometric constraints on prograde history (Reinecke,
1991, 1998; van der Klauw, 1998).

The lithologies present at Lago di Cignana follow a sequence from eclog-
ites through Mn-rich sediments to quartz-rich schists and calcschists (Figure
38). Mafic lithologies can be found as inclusions within sediments, in places
as either small rounded fragments or on the larger scale as boudins (e.g. Fig-
ures 39a, 39c, 40a). In quartz-rich metasedimentary lithologies mafic frag-
ments are present as spheroidal to slightly elongate inclusions of cm-scale
dominated by radially-oriented acicular actinolite (Figure 40a). Within sub-
units at Lago di Cignana, metasedimentary assemblages differ on scales of
<10cm to metres; while some changes are likely gradational, banding on the
hand sample scale is also observable (e.g. Figure 39e).

Approx.
300m
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Quartzite

s, Calcsch
ists a

nd Micaschists
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s and Calcsch
ists

Eclogites
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C34
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C33
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Figure 38: Simplified schematic stratigraphy of the Lago di Cignana Unit, with
locations of individual samples indicated. Dimensions in diagram are approximate,
but the Lago di Cignana Unit itself is on the order of 300m thick (from eclogites
through to upper quartzites and calcschists; Reinecke, 1998; Forster et al., 2004).

Samples were taken from a transect across the Lago di Cignana Unit,
including each of the major lithologies presented in Figure 38 (Table 24).
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The stratigraphically deeper samples were taken from the manganese schists
and overlying sediments (C11 and C23; C13, C32, C33). The uppermost
samples were taken from sections underneath the metasomatic upper bound
of the unit in close succession (calcschist C36, and metaquartzite C37*, and
phengite schist C38 all within 50cm). The upper surface of the unit where
in contact with prasinitic material - altered mafic lithologies - sedimentary
lithologies grade into an undulating/folded metasomatic zone dominated by
epidote, white micas ± (2-15cm, Figure 39f). The following is an overview
of sample in order of inverse stratigraphic height.

* Including attached manganese nodules similar to those analysed by Frezzotti et al. (2011,
2014). However, the nodules previously analysed originated from the southern half of the
unit, West of the Refugio (Frezzotti et al., 2014). This is approximately 100-150m south of the
outcrop where these metaquartzite-hosted nodules are found, and given the orientation of
the unit (dipping to the NW; Forster et al., 2004), are at a lower structural level.
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Figure 39: A selection of field and sample images from the Lago di Cignana Unit.
a) Mafic boudins in garnet-rich metasediments in the upper section of the unit. b)
The ’nose’ outcrop and interface between underlying sediments and mafic ’prasi-
nite’ meta-mafic lithologies. c) Large mafic clast within banded metasediments. d)
Sample C22 exhibiting strong compositional banding, analogous to that observed in
sample C13. e) Wider section of the metasomatic boundary observed at the contact
between the Lago di Cignana metasediments and overlying metamafic lithologies.
Undulating lighter bands contain abundant epidote, white micas and feldspars.



1
3

6
G

a
r

n
e

t
R

e
c

o
r

d
s

o
f

M
e

t
a

s
o

m
a

t
i
s
m

Table 9: Table of individual samples used in this study, and their assemblages. For sample locations refer to Figure 36. Samples with numbers of
30 and above (i.e. from C30) were collected during the 2014 sampling campaign.

Lithology Sample Assemblage Note

Eclogite C15 Grt-Gln-Chl-Rt

C21 Omp-Gln-Grt-Phg-Rt Qz-Ttn vein; Gln much more abudnant near vein

C30 Grt-Omp-Phg-(Gln?)

C31 Grt-Omp-Phg-Gln-Chl-Opaques Locally contains Qz in Grt pressure shadows and veinlets

C34 Grt-Omp-Gln-Phg-Rt-Chl Large Phg-Rt-Gln vein

Manganiferous Schist C11 Qtz-Grt-Phg-Pie-Tur-Braunite/Mag Banded sample; pseudomorphs after Mn nodules?

C23 Qtz-Grt-Phg-Pie-Tur-Braunite/Mag-Chl Banded sample; pseudomorphs after Mn nodules?

Amphibole Quartzite C13b Qtz-Grt-Act-Omp-Ep-Ttn-Rt-Chl Banded sample

Calcschist C25 Qtz-Phg-Cc-(Dol?)-Chl-Ep-Tur-Ox./Hydrox. Foliated; dolomite weathered out.

C36 Qtz-Cc-Phg-Chl-Ox-Ep-(Grt)-(Tur) Granoblastic with minor Phg foliation; garnets

Phengite Schist C33 Qtz-Grt-Phg-Chl-Cc-Ep-Tur-Ab-Mag-Po-Cpy Foliated; thick Phg bands

C38 Qtz-Grt-Phg-Chl-Cc-Ep-Tur-Ab-Ox./Hydrox. Foliated

Metaquartzite C37 Qz-Grt-Phg-Ep-Tur Lws pseudomorphs?
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Samples taken from the underlying Zermatt-Saas unit are planar-foliated
antigorite serpentinites ± magnetite; they are generally similar to those de-
scribed by Li et al. (2004). Serpentinites exhibit variations in grainsize, fab-
ric and also magnetite abundances. The uppermost serpentinite adjacent
within the Lago di Cignana Unit (Z1) exhibits large grains of elongate antig-
orite, rare nodules of titanian clinohumite (4 wt% Ti) and localised undu-
lose calcite veins forming a planar fabric (Figure 40d). Other Zermatt-Saas
serpentinites exhibit poorly oriented antigorite interspersed with up to ≈5

vol% magnetite, typically as aggregates of 5-100 µm crystals. One sample ex-
hibits locally concentrated magnetite intergrown with serpentine (Z15), and
another has been partially altered to form a talc-tremolite assemblage (Z14).

Mafic rocks sampled from the Lago di Cignana Unit consist of omphacite
± glaucophane (present as both alteration after omphacite and isolated crys-
tals within omphacite-dominated matrix), garnet, phengite, rutile, minor ret-
rograde chlorite and other opaque oxides (Table 24); they vary in mineral-
ogy between a ’blueschist’ and ’eclogite’ assemblage (notably, the transition
is typically difficult to identify; Spear, 2003, ; see Figure 40g for an alteration
profile). Garnets are typically large - >300-500 µm, variable depending on
spacing of garnet cores - and have inclusion rich cores. One eclogite shows
a clear zonation from a omphacite to glaucophane-dominated matrix ad-
jacent to a quartz-titanite vein. The most internal eclogite sampled (C34)
contains minor distributed glaucophane within an omphacite-garnet matrix
and a coarse phengite vein, around which coarser glaucophane and rutile
are observed. Where present, quartz is observed in either garnet pressure
shadows (extending from garnets along phengite-omphacite defined folia-
tion, e.g. phengite eclogite C31) or as veins.

Manganiferous schists exhibit a matrix of quartz, piemontite, phengite, gar-
net, abundant zoned dravitic tourmaline, minor apatite and locally abun-
dant braunite-magnetite (Table 24). Garnets are typically small and idiomor-
phic, and these rocks are typically devoid of carbonates; these rocks are
roughly equivalent to piemontite-garnet-phengite schists described by Rei-
necke (1998). Phengite, braunite-magnetite, piemontite ± garnet are domi-
nantly found in phacoidal to rhombic aggregates within the undulose fabric†,
punctuated by quartz-rich zones (principal assemblage shown in Figure 40b).
One of the manganiferous schist samples exhibited two lithological domains
with a slight difference in colour (orange vs. greenish), and garnets were
separated from each domain (C11A and C11B).

† These aggregates are potentially pseudomorphs after lawsonite.
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Figure 40: Images of thin sections exhibiting major petrographic features. a)
Spheroidal to slightly elongate mafic inclusions in metasedimentary sample C32,
present as aggregates of actinolite and chlorite. b) Typical mineralogy and texture
exhibited by the manganiferous schists, with small idiomorphic garnets throughout
a quartz-dominated matrix. Garnet, piemontite, braunite and tourmaline are con-
centrated within bands delineated by Mn-bearing phengite to form a rough planar
fabric. c) Common textures observed in calcschists, including a garnet replaced
primarily by chlorite. d) Ti-clinohumite aggregate and carbonate vein within the
foliated antigorite serpentinite Z1, found at the base of the Lago di Cignana Unit.
e) Garnetite nodule attached to sample C37 exhibiting typical inclusion-rich cores
of garnet, distinct colour gradation over the nodule and network of interconnected
quartz within which the nodule is found. f) Phengite wrapping around inclusion-
bearing garnets in phengite schist sample C33 within a quartz-rich matrix; grainsize
variations are visible locally. g) Zoned alteration of omphacite eclogite C21, exhibit-
ing gradational retrograde alteration to glaucophane adjacent to a titanite-bearing
quartz vein.
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The omphacite-bearing amphibole quartzite (C13) contains garnet in a matrix
of quartz, amphibole, omphacite, clinozoisite, epidote and chlorite. Acces-
sory minerals include apatite, rutile and titanite. At the hand-sample scale,
compositional banding potentially representing interbedding of siliceous
sediment and volcanic material can be observed (e.g. similar to sample C22,
Figure 39d; Rucinski-Stanek, 2013).

Two phengite schists were sampled from either end of the stratigraphic sec-
tion (Figure 38), both consisting of quartz, phengite (in places after parago-
nite), garnet, chlorite, epidote, relatively minor carbonates, minor albite and
amphibole (Table 24). Cracked garnets are commonly altered to chlorite ±
phengite; chlorite is in places cross-cut by phengite. Rutile is commonly re-
placed by titanite (±minor zircon), and REE-rich epidote is replaced by REE-
poor epidote. Matrix phengite is deflected by garnet porphyroblasts (Figure
40). The sample from the bottom of the section contains accessory miner-
als including dravitic tourmaline, apatite, rutile, zircon, titanite, pyrrhotite
(near-idiomorphic to rounded, partially altered to silica-Fe oxide aggregates,
and cut by chlorite) and minor chalcopyrite. This sample exhibits greater
phengite modal abundance (which wraps around garnets, Figure 40f), more
across-foliation grainsize variation and the presence of rare near-rhombic
pseudomorphs aligned with the phengite-defined fabric. The sample from
the top of the section contains opaque non-euhedral Fe-oxides with undu-
lose boundaries.

Calcschist samples (C25, C36) are dominated by a matrix of quartz and
calcite interspersed with phengite and minor epidote (together defining a
planar fabric), clinoamphibole, clinozoisite, and dravitic tourmaline (Table
24). The matrix assemblage varies between quartz-phengite dominated (with
a stronger foliation) to carbonate ± phengite dominated (e.g. granoblastic
texture of C36). In the sample C36 a zonation between a carbonate-bearing
matrix through to a quartz-phengite-epidote matrix is observed, including
aggregates of quartz-phengite-epidote-chlorite (likely after previous garnet).
Garnet porphyroblasts are inclusion rich and commonly partially to com-
pletely replaced by chlorite (Figure 40c). Accessory minerals include porous
Fe-oxyhydroxides after former dolomite, and rare blue-green zoned dravite.

One sample of metaquartzite adjacent to large metamorphosed manganese
nodules (garnetite, cm-dm in diameter, Figure 40e) contains small zoned gar-
nets (<100 µm to 500 µm) within a matrix dominated by quartz; a moder-
ately folded fabric is defined by spaced bands of phengite, epidote± chlorite.
Relative to the phengite-rich schists above, this sample is relatively poorer
in phengite (which is here found as thin plates within the fabric, rather than
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dispersed throughout the sample and wrapping garnets), contains smaller
zoned garnets, and contains little carbonate or albite. Phacoidal aggregates
of phengite, garnet, minor chlorite and opaque oxides follow the phengite-
defined fabric - the presence of large aggregates of chlorite here is another
distinguishing feature. Minor phases include dravitic tourmaline and sul-
fides; zircon is an accessory phase. Garnet nodules contain inclusion-rich
slightly rounded reddish garnets within a network of quartz, with zones
dominated by quartz containing larger garnets commonly with few inclu-
sions and minor phengite; these nodules are thought to be similar or equiv-
alent to those investigated by Frezzotti et al. (2011). The boundary between
the quartzite matrix and Mn-garnetite nodule is marked by phengite, am-
phibole ± talc.

4.4.2 Garnet Composition

A large range in garnet composition is observed across and within individ-
ual lithologies at Lago di Cignana (Figures 41, 41). Many of the lithologies
described above each contain garnet with characteristic garnet composition
and zonation patterns (e.g. Figure 43); the major element and isotopic com-
positions of individual growth phases are tabulated below (means by garnet
growth zones presented in Table 10, and examples of individual analyses
at the end of this manuscript). For quartz-rich metasedimentary samples
which exhibit strong contrast between individual garnet growth zones, each
zone is described individually below. As observed in backscattered elec-
tron images, eclogitic garnets have relatively smooth unidirectional zonation
from core to rim while metasedimentary garnets exhibit a series of stepwise
changes in garnet chemistry from core to rim (Figure 43). Some metased-
imentary samples investigated in this study exhibit evidence of derivation
from heterogeneous protoliths (typically in the form of compositional layer-
ing, as observed in hand sample; e.g. Figure 39d). In addition to sample-
scale mineralogical banding, this includes spatial modulation of garnet grain
density and size (on the thin section to outcrop scale) and the presence
of multiple garnet growth patterns (overall zonation sequence and major
element compositions), as discussed further below. For this reason, the
omphacite-bearing amphibole quartzite garnets have been split into multi-
ple groups thought to reflect distinct local garnet growth systematics. Exam-
ples of garnet zonation on which classifications have been made are shown
below (Figure 43). Summaries of overall trends in garnet trace element abun-
dances and δ18O compositions across the unit are given below, followed by
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descriptions of the major features of garnet compositional zonation organ-
ised by lithology. All EPMA datapoints and element map data are presented
in Appendix 4A and 4B, respectively.

Garnet compositions follow inter- and intra-zone trends which can be
classified as either normal (i.e a bell-shaped Mn profile Hollister, 1966) or in-
verse zoning, where XSps increases outwards. Equivalently, normal garnet
zonation is expected to exhibit increasing XPyr with increasing temperature.
In all of the samples studied, normal zonation is observed within inner meta-
morphic garnet zones. Inverse zonation is found in a number of samples,
typically comprising the outer 1-2 individual growth zones. The transition
between ’normal’ and ’inverse’ zonation is typically marked by a significant
shift in geochemistry commonly specific to the individual lithology. While
described as ’inverse’ here, the direction of normative composition shift is
lithology dependent. This can be best observed in the coupled shift of XPyr
and δ18O, where outer garnet zones converge towards a small range in XPyr
and δ18O (see below). Andradite is generally a minor component (as es-
timated from stoichiometry), but may increase in abundance within outer
zones.

Additionally, significant systematic zonation of trace elements is observed,
concordant with observations of major elements above (examples of means
by garnet growth zones presented in Tables 11, 12). Additionally, examples
of individual analyses are tabulated at the end of this manuscript. The REE
commonly provide coherent perspective on likely growth conditions and/or
garnet growth reactions, and sample systematics are enumerated below for
the individual lithologies. Garnet core REE patterns are similar across most
metasediments, while REE patterns of outer zones commonly diverge be-
tween different lithologies (Figure 44). All LA-ICP-MS points presented here
are tabulated in Appendix 4C.

In-situ garnet oxygen isotope compositions have been measured for sam-
ples from the metasedimentary and metabasaltic units. Between 20-50 anal-
yses were acquired for each sample, corresponding to the degree of hetero-
geneity and availability of suitable spot locations (e.g. Figure 45). Overall
oxygen isotope results, with a range in mean δ18O values across described
individual growth zones from +18.6 down to +2.2 ‰ (Figure 46; Table 10,
and additionally a number of individual spots tabulated at the end of this
manuscript). All SHRIMP garnet δ18O analyses are tabulated in Appendix
4D, together with corresponding EPMA and LA-ICP-MS analyses. Metased-
imentary garnet cores exhibit oxygen isotope compositions of +13.5 to +18.2
‰, with outward zoning typically exhibiting either minor δ18O increases (on
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Figure 41: Ternary major element compositions of garnets from Lago di Cignana,
coloured according to oxygen isotope composition. Cooler colours indicate lower
δ18O values. Symbols are used to differentiate zones, whereby zonation is generally
represented by a transition from circles to higher degree polygons (circle-triangle-
square-hexagon-diamond) and represent core-to-rim (I-V) profiles. Crosses are used
for where zones are not distinguished.



4.4 Results 143

Alm+Sps

Py Grs
30 35 40 45 50 55 60 65 70

Zone I
Zone II
Zone III
Zone IV
Zone V
Unassigned

2

4

6

8

10

12

14

16

18

20

18
O

Phengite Schist

Alm+Sps

Py Grs
30 35 40 45 50 55 60 65 70

Zone I
Zone II
Zone III
Zone IV
Zone V
Unassigned

2

4

6

8

10

12

14

16

18

20

18
O

Calcschist

Alm+Sps

Py Grs
30 35 40 45 50 55 60 65 70

Zone I
Zone II
Zone III
Zone IV
Zone V
Unassigned

2

4

6

8

10

12

14

16

18

20

18
O

Metaquartzite

Figure 42: Ternary major element compositions of garnets from Lago di Cignana,
coloured according to oxygen isotope composition. Cooler colours indicate lower
δ18O values. Symbols are used to differentiate zones, whereby zonation is generally
represented by a transition from circles to higher degree polygons (circle-triangle-
square-hexagon-diamond) and represent core-to-rim (I-V) profiles. Crosses are used
for where zones are not distinguished.
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Table 10: Mean normative garnet composition and oxygen isotope compositions of
samples, and where applicable, individual growth zones.

Sample Zone Count Py Alm And Grs Sps δ18O Range Mean δ18O 2σ
‰ ‰ ‰

Eclogites
C31 10 18 65 1.1 16 0.6 7.8 - 9.4 8.5 0.53

C15 7 17 60 1.3 20 1.7 7.6 - 8.9 8.1 0.45

C21 12 13 61 1.4 23 2.3 7.1 - 8.2 7.6 0.34

Mn. Schists
C11A 1 1 32 0.5 10 57 18.2

2 3 27 3.2 0.5 11 59 16.3 - 17.3 16.8 0.51

3 5 14 12 1.2 19 55 12.2 - 17.0 14.6 1.7
C11B 1 4 28 0.5 11 61 16.3 - 17.3 16.8 0.42

2 3 18 0.7 13 68 15.3 - 17.5 16.5 1.14

3 3 14 0.7 13 72 15.0 - 16.0 15.5 0.52

4 1 6 1 0.3 14 79 15.3
C23 1 1 11 0.5 10 78 16.9

2 4 20 0.4 10 69 16.6 - 17.9 17.6 0.65

3 11 32 0.5 10 58 16.4 - 17.7 17.2 0.39

4 2 10 0.4 11 78 15.2 - 16.2 15.7 0.71

5 2 1.3 1.4 12 86 9.9 - 9.9 9.9 0.3

Amph. Qzite
C13b-I 1 7 2.6 49 25 23 11.0 - 14.4 13.5 1.17

2 7 10 66 19 4.9 15.6 - 16.8 16 0.43

3 7 8 51 37 3.9 2.4 - 7.0 5.5 1.45

C13b-II 1 9 19 31 15 35 11.1 - 16.5 13.6 2.01

2 7 18 2 15 65 11.9 - 13.8 12.6 0.67

3 5 8 49 23 20 13.5 - 14.6 14.1 0.44

4 6 9 62 27 1.4 6.2 - 6.6 6.3 0.3
5 7 10 51 35 4 5.2 - 5.8 5.5 0.3
6 10 9 52 35 4.8 2.0 - 2.7 2.4 0.3

C13b-III 1 5 12 61 19 8 10.2 - 12.7 12.2 1.09

2 7 12 58 26 4.2 7.7 - 15.2 9.3 2.68

3 13 9 52 35 3.4 1.1 - 3.3 2.2 0.56

Phengite Schists
C33 1 21 3.3 54 1.4 23 19 16.5 - 18.2 17.1 0.55

2 13 7 65 1 18 9 17.1 - 18.1 17.5 0.48

3 16 10 58 1.9 26 4.3 7.4 - 13.0 9.6 2.42

4 21 15 53 1.8 24 6 3.7 - 9.7 5.1 2.37

C38 10 6 66 1.3 21 6 16.9 - 18.3 17.7 0.58

Calcschists
C25 5 4.5 42 1.8 25 26 17.3 - 18.7 18.1 0.58

C36 6 3.9 40 1.8 25 29 17.9 - 18.7 18.2 0.31

Metaquartzite
C37 1 6 13 8 0.7 11 67 17.5 - 18.9 18 0.51

2 7 24 5 0.6 10 60 18.0 - 18.8 18.5 0.31

3 8 14 32 1 15 37 17.1 - 18.7 17.9 0.66

4 2 10 49 1.3 17 24 16.0 - 17.5 16.8 1.08

Oxygen isotope spots used for mean compositions correspond to points where matrix bias can be confi-
dently calculated using a proximal EPMA spot; a number of additional spots are present. Uncertainties
on mean δ18O values are restricted to minimum values of 0.3‰, corresponding to typically external preci-
sion on a single SHRIMP spot. Garnet normative compositions have units of mol%. Elemental abundances
below detection limit are not shown. A list of example individual analyses is presented below in Table 17
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a) b)

c) d)

e) f)

Figure 43: BSE images of typical zonation observed in manganese schist,
metaquartzite and phengite schist garnets. Note that images are acquired under
a range of contrast-brightness settings to highlight zonation features and are not
directly comparable. Garnet images a-d show positions of laser pits. a) Two garnets
from the manganiferous schist sample C11a, with the garnet on the right exhibiting
zones I-IV, b) An example of rare thick rim of Sps-rich zone V in manganiferous
schist sample C23 containing inclusions of rutile, with an average δ18O value of
≈ +10‰. Zones I-III are observable as a small core with a small zircon at the cen-
tre and rutile inclusion at the edge of Zone III. c, d) Typical garnet from sample
metaquartzite C37, exhibiting Zones I-IV. Garnets contain both rutile and zircon
inclusions (c). e, f) BSE images of phengite-schist C33 garnet grain separates and
in-situ thin section of garnet with Zones I-IV.
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the order of +0.1 to +0.7 ‰, e.g. C37) or consistent decreases in zone-average
δ18O with subsequent garnet growth and/or alteration. The observed iso-
topic zonation of metasedimentary garnets is generally step-wise, and not
all successive garnet zones are associated with oxygen isotope offsets. No-
tably, the largest within-zone ranges of δ18O values are observed in the outer
garnet rims. Oxygen isotope compositions of eclogitic garnets exhibit consis-
tent compositions of +7.6 to +8.5 ‰, with relatively minor variations within
individual garnet (maximum ranges of 0.8 ‰). Coupled variation between
garnet major element chemistry and δ18O values is observed between garnet
growth zones in a number of samples (Figure 47).
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Table 11: Mean REE abundances of garnets from each lithology, separated by garnet zone where applicable. Numbers of averaged analyses are
given (n) and REE abundances are given in µg/g. Elemental abundances below detection limit are not shown. A list of example individual
analyses is presented below in Table 15.

Sample Zone n La Ce Pr Nd Sm Eu Gd Tb Dy Ho Er Tm Yb Lu

Eclogites
C31 7 0.006 0.004 0.002 0.1 1.4 1.8 13 3 17 3.3 8.9 1.2 7.4 1.2
C15 4 0.001 0.01 0.002 0.06 0.7 1 10 5.4 55 12 33 4.4 26 3.5
C21 7 0.02 0.03 0.005 0.08 0.7 0.8 7.1 2.9 26 5.6 17 2.4 16 2.4

Mn. Schists
C11A 1 1 0.001 0.005 0.004 0.1 0.8 0.8 9.9 4.8 49 10 24 2.6 15 2.2

2 3 0.01 0.0002 0.02 0.2 0.2 2.2 1.4 24 9.9 50 11 99 18

3 3 0.0007 0.006 0.002 0.05 0.4 0.4 4.7 3 47 14 45 6 34 4.3
C11B 1 3 0.01 0.02 0.004 0.04 0.2 0.2 2.2 1.2 19 6.2 23 3.4 21 2.6

2 3 0.0003 0.002 0.0006 0.003 0.02 0.01 0.2 0.2 5.3 3 19 4.6 41 6.7
3 2 0.002 0.003 0.0003 0.007 0.04 0.06 1 0.9 16 6.3 29 5.7 41 5.8

C23 1 1 0.004 0.0002 0.01 0.02 0.3 0.2 3.4 1.1 3.6 0.6 3.9 0.6
2 3 0.003 0.005 0.04 0.2 0.1 1.2 0.3 3.4 0.9 3.2 0.5 3.8 0.6
3 6 0.0002 0.004 0.0007 0.006 0.02 0.03 0.4 0.3 5.7 2.6 12 2.1 15 2.4
4 2 0.01 0.02 0.004 0.04 0.2 0.3 4.2 1.7 16 4 12 1.8 12 2

5 2 0.0003 0.02 0.0005 0.008 0.02 0.02 0.2 0.1 1.6 0.6 2.9 0.6 4.5 0.8

Phengite Schists
C33 1 15 0.01 0.06 0.008 0.1 0.5 0.4 4.2 1.3 13 4.1 19 4.4 46 11

2 10 0.005 0.03 0.004 0.06 0.7 0.6 8.8 3.5 35 8.3 26 3.7 23 2.8
3 13 0.002 0.01 0.003 0.08 0.5 0.4 3.9 1.6 15 2.6 5.7 0.7 4 0.6
4 14 0.003 0.005 0.002 0.06 0.5 0.5 5.3 2.2 16 2.2 4.4 0.5 3.3 0.5

C38 8 0.01 0.04 0.008 0.1 0.6 0.5 6.2 2.2 19 3.3 7.5 1 7.2 1.2

Calcschist
C25 9 0.001 0.01 0.001 0.008 0.06 0.05 0.8 0.6 11 4.6 22 4.4 34 5.4

Metaquartzite
C37 1 3 0.008 0.08 0.003 0.04 0.5 0.5 6 2.1 16 3.3 9.3 1.4 10 1.5

2 3 0.0004 0.01 0.002 0.03 0.3 0.2 2.9 1.4 18 4.4 13 1.9 12 1.9
3 5 0.006 0.001 0.02 0.1 0.1 1.8 0.8 9 2.4 7.3 1 6.3 0.9
4 2 0.001 0.003 0.0006 0.03 0.3 0.4 5.2 2 16 2.8 7.2 1 6 0.8
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Table 12: Mean trace element abundances of garnets from each lithology for elements other than the REE, separated by garnet zone where
applicable. Numbers of averaged analyses are given (n) and trace element abundances are given in µg/g. Elemental abundances below detection
limit are not shown. A list of example individual analyses is presented below in Table 16.

Sample Zone n Cs Rb Ba Th U Nb Pb Sr P Zr Hf Ti Li Y V Sc Cr Ni

Eclogites
C31 7 0.007 0.06 0.07 0.004 0.009 0.1 0.004 0.04 40 6.3 0.1 230 1.3 88 52 78 55 4.7
C15 1 0.06 0.02 31 0.8 0.009 330 1 340 48 82 86 6

C21 6 0.008 0.03 0.09 0.002 0.03 0.008 0.2 43 11 0.4 180 1.1 140 34 78 67 7.2

Mn. Schists
C11A 1 1 0.009 0.03 0.002 0.02 0.04 50 0.7 0.01 100 0.5 290 1 62 42 7

2 3 0.008 0.1 0.3 0.02 0.07 46 0.6 0.009 90 4.4 260 0.2 150 44 5.2
3 3 0.006 0.08 0.001 0.003 0.04 0.03 39 0.4 0.007 160 5.8 360 6.7 70 50 5.7

C11B 1 3 0.006 0.06 0.04 0.008 0.006 0.3 0.04 62 0.9 0.01 170 5.1 170 0.2 44 26 4.5
2 3 0.008 0.03 0.001 0.002 0.8 0.03 0.02 43 0.6 0.005 210 4 96 0.1 78 42 4.6
3 2 0.002 0.05 0.001 0.0006 0.03 0.04 32 0.2 0.008 110 4.3 190 0.2 77 26 4.9

C23 1 1 0.001 0.001 0.03 0.01 32 0.7 0.002 330 6.2 43 0.08 12 23 4.1
2 3 0.008 0.01 0.001 0.007 0.04 0.004 44 0.3 0.01 180 4 37 0.3 14 36 5.2
3 6 0.005 0.02 0.01 0.002 0.0006 0.002 0.06 0.02 48 0.4 0.01 86 4.7 91 0.3 50 38 4.8
4 2 0.002 0.04 0.02 0.005 0.008 0.2 0.02 29 0.6 0.02 370 1.4 140 0.1 37 62 3

5 2 0.02 0.3 1.3 0.3 0.4 0.06 26 1.5 0.03 780 1.6 23 5.8 40 92 5.6

Phengite Schists
C33 1 15 0.02 0.06 0.2 0.1 0.2 0.4 0.06 0.5 48 13 0.4 550 11 120 78 170 64 7.4

2 9 0.6 0.06 0.03 0.04 0.2 0.04 0.03 0.1 47 19 0.6 190 7.9 230 35 110 58 5.9
3 13 0.4 0.03 0.2 0.02 0.07 0.005 0.02 0.08 34 3.9 0.1 170 4.5 68 33 67 120 8.1
4 14 0.005 0.02 0.04 0.1 0.03 0.02 0.01 30 9.1 0.3 160 3.6 60 36 48 98 6.4

C38 8 0.002 0.02 0.06 0.08 0.2 0.2 0.05 0.2 44 17 0.4 270 11 86 41 79 55 7.3

Calcschist
C25 9 0.2 0.06 0.01 0.01 0.02 1.3 0.07 0.08 38 4 0.1 510 10 150 47 67 120 8.4

Metaquartzite
C37 1 3 0.4 4.5 4.3 0.06 0.01 0.5 0.3 0.3 42 3.2 0.09 560 2.5 87 8.4 37 25 9.4

2 3 0.3 3.7 40 0.002 0.001 0.05 0.5 0.5 45 0.6 0.02 180 0.4 120 1.1 45 34 8.7
3 5 0.004 0.1 0.2 0.01 0.01 0.004 0.02 0.01 37 2.4 0.06 140 4 71 15 49 39 7.3
4 2 0.01 0.04 0.2 0.1 0.03 0.03 30 0.3 0.002 170 1.6 79 13 35 150 5.4
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Eclogitic garnets from samples C15, C21, and C31 are reasonably large
(up to ≈500 µm). Garnets contain inclusions of phengite and rutile; rutile
is generally concentrated in garnet rims. Garnets are dominated by Alm
(consistently >55%), and outward growth zonation of garnets is principally
towards more Pyr-rich compositions at the expense of Grs. Growth zonation
is not well defined and compositional shifts vary in position radially. Gar-
nets from samples C31 and C15 exhibit visible veining and a ’flame’ texture
(similar to some textures present in retrogressive alteration of Norwegian
eclogitic garnets; Straume and Austrheim, 1999). Garnets also exhibit over-
printed growth zonation adjacent to rutile inclusions and following cracks.
Rare earth element patterns vary between individual samples, but all are
among the most enriched in the mid-REE (MREE). A range in heavy REE
(HREE) is observed between samples, including the development of ’sinu-
soidal’ type patterns in the sample C31 (Figure 44). The oxygen isotope
compositions of eclogitic garnet populations range between +7.6 to +8.5 ‰.
Between eclogite samples, garnet major element and oxygen isotope differ-
ences are correlated (e.g. pyrope component positively correlated to δ18O
composition, Table 10), with C31 garnet exhibiting the highest δ18O values.

Garnets from manganiferous schists exhibit up to five zones (I-V), differ-
ing slightly in number and composition between samples (Table 10, Fig-
ure 43). Garnet cores commonly contain inclusions of quartz, Fe±Mn ox-
ides, piemontite and zircon; garnet rims contain inclusions of quartz, zircon,
Fe±Mn oxides and rutile. In sample C11, at least three main growth phases
of garnet are observed, each becoming more spessartine-rich (up to 80% for
outer rim) and pyrope-poor outwards (Table 10). Garnets from two differ-
ent sections of the sample C11 (distinguishable based on bulk rock colour)
exhibit different REE patterns: garnets from C11A exhibit HREE depletion
without significant change to MREE during growth of garnet cores and gar-
net rims with a flat to slightly negative trend for the HREE, and garnets
from C11B have cores which exhibit concurrent MREE and HREE depletion
and garnet rims which generally exhibit increasing MREE and HREE out-
wards. In sample C23 up to five compositional zones are observed (I-V;
Figure 48), with a similar inclusion assemblage to those from C11. Quartz
can be observed within all zones, with rutile, iron oxide and zircon observed
in Zones II-V; phengite can be found in zones III-V. Garnet cores are the most
spessartine-rich of all samples. The pyrope normative component increases
outwards and peaks at Zone III, and outward garnet growth is increasingly
spessartine rich. The two subsamples of the sample C11 - C11A and C11B
- exhibit slightly different histories; C11B core garnets are roughly compo-
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Figure 44: Chondrite-normalised garnet REE profiles samples of eclogites and
metasediments from Lago di Cignana, with individual zones identified. Chondrite
composition of Palme and O’Neill (2014) used for normalisation.
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Figure 45: Examples of garnet SIMS spots for oxygen isotope analyses. a) Eclogitic
garnet from sample C15, b) garnet from calcschist C36, c) garnets from manganifer-
ous schist C23, d) garnet from phengite schist C33.
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Figure 46: Garnet oxygen isotope zonation by lithological group. Note that individ-
ual samples are shown with different symbols, and oxygen isotope analyses which
have not been assigned to a specific zone are shown to the left of respective pan-
els (denoted Unass.). Dashed lines show profiles of median δ18O across zones for
individual samples.

sitionally equivalent to the C11A Zone II (with regards to major elements
and δ18O composition; Table 10). Outward zonation of garnet is typically
associated with slightly decreasing δ18O, with outermost zones exhibiting a
drop in δ18O values (down to +9.9‰ in outermost Sps-rich zone for sample
C23; Figure 48, Table 10).

Garnets from the omphacite-bearing amphibole quartzite C13b were previ-
ously investigated by Rucinski-Stanek (2013). Garnets were here reclassified
into three groups based on texture and composition, with up to six zones
each (Figure 49, e.g. Figure 50). Generally garnets evolve from Sps-Pyr
to Alm-Grs normative compositions (Figure 50). The first of the three gar-
net groups - C13b-I - corresponds to garnets with similar zonation to the
phengite schist C33, with idiomorphic inclusion-rich cores followed by a
conformable first rim. The first garnet rim is cross-cut and overgrown by the
second compositionally zoned outer rim (Figure 49a). The second group -
C13b-II - corresponds to garnets similar to those observed in the manganifer-
ous schists (C11, C23) and the metaquartzite C37, albeit with more complex-
ity (Figure 50). Up to six zones can be recognised, although typically not
all are present in individual garnets (Figure 49b). The last group of garnets
exhibits growth zonation not observed in other samples, including complex
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Figure 47: Relationships between major element and oxygen isotope compositions
(XPyr-δ18O), represented by zone-by-zone compositional averages. Samples are
coloured according to lithological grouping, and arrows are used to indicate pro-
gression of outward growth between mean zone compositions.

textures preserved within high-XSps, low-δ18O areas of garnet here inter-
preted as altered garnet cores (notably, these areas are adjacent to cracks
and garnet inclusions; Figure 49c). While zone-resolved trace element data
is not provided for these garnets, the oxygen isotope compositions provide
a useful comparison to other Lago di Cignana samples. Notably, outer gar-
net zones across all three groups converge to low δ18O values and a similar
pyrope abundance (+2 to +6‰, XPyr ≈ 0.1; Figure 47).

A series of at least four garnet growth zones are observed for the phen-
gite schist C33 (Figures 43e-h, 51), with sequential zones exhibiting increases
in normative pyrope component outwards (Figure 52). Garnets are com-
monly dominated by large garnet cores (300-500 µm across) with additional
individual garnet growth zones occurring at scales of approximately 10-300

µm. Outer zones of garnet contain inclusions of quartz, rutile, dolomite,
zircon and apatite, with micas observed only in the outer rims. Rims and
intermediate zones have experienced variable retrogression and alteration
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Figure 48: Summary of geochemical zonation observed in the manganiferous schist
garnets from sample C23. Zone-based compositional averages of normative garnet
components, garnet δ18O values and garnet REE abundance (normalized to chon-
drite).

to chlorite, in some samples resulting in the formation of chlorite-rimmed
garnet and locally the formation of atoll garnets via selective alteration of
Mn-Ca rich cores. Garnet cores (Zone I) exhibit depletion in spessartine
and pyrope outwards (towards more Alm-rich compositions), terminating
in sharp idiomorphic boundaries with the subsequent first garnet rim (Zone
II). Fractionation of the HREE is rapid during this stage (REE/CI ≥ 5000

down to 10; Figure 44). The cores of garnets are typically rich in fine inclu-
sions of quartz and subordinate carbonates (calcite ± dolomite), with zircon
and rutile also observed in outer sections. The first garnet rims (Zone II)
are almandine-rich and exhibit depletion of spessartine outwards. They con-
tain minimal inclusions, and exhibit an anomalous enrichment of Na at the
interface with garnet cores with a general enrichment in Ti‡. An increase
in MREE and slight depletion of HREE is observed with outward growth.
While inclusions are rare, they are also diverse; quartz, white mica, chal-
copyrite, rutile, epidote/allanite, apatite, calcite, dolomite and other Fe-Mg
carbonate assemblages are all observed within this growth stage. The second
garnet rims (Zone III) are of variably pyrope-rich compositions, and contain
the lowest spessartine content. The second rim is locally compositionally

‡ Additional element maps attached in digital appendix.
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Group I Group II Group III

Figure 49: BSE images of C13b garnet groupings by column. See text for further
details. a) Garnet textures assigned to C13b-I, b) Garnet textures assigned to C13b-II,
c) Garnet textures assigned to C13b-III.

zoned (e.g. Sep20-1, Sep22-1; Figure 43e-h), and is observed to overprint the
first garnet rims forming an undulated diffuse boundary (Figure 51). While
exhibiting similar REE compositions to the first garnet rims, in the second
rim HREE are observed to increase outwards. The second rim contains a
limited assemblage of inclusions, consisting of quartz, epidote, zircon, rutile
and apatite. The outer rim (Zone IV) consists of a Mn-enriched resorptive
zone at the boundary with previous growth zones, which is overgrown by
garnet exhibiting Mn-depleted, Mg-rich composition (Figure 52). The inner
Mn-rich section of this zone exhibits flat HREE patterns equivalent to the
upper compositions of the second garnet rim, and contains inclusions of ru-
tile, white mica and zircon; the outer zone hosts no inclusions and typically
exhibits moderately to strongly depleted HREE patterns (and generation of
strongly humped patterns, Figure 44). Between garnet zones, δ18O composi-
tions first increase before sequentially decreasing outwards (Figure 52) in a
similar fashion to garnets from the amphibole quartzite C13b - albeit corre-
lated to slightly increasing XPyr.
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Figure 50: Summary of geochemical zonation observed in the omphacite-bearing
amphibole quartzite Group 2 garnets. Zone-based compositional averages of nor-
mative garnet components and garnet δ18O values.

Calcschist garnets (C25, C36) are ubiquitously inclusion-rich (see Figure
43b for an example) and have Alm-Sps-Grs compositions; compositional
variation observed is principally variation in Alm-Sps, and no distinct zones
are observed. Garnet cores contain fine inclusions of quartz and calcite. Gar-
net rims contain larger inclusions of quartz and calcite. Inclusion density
inhibited LA-ICP-MS analysis of garnets from the sample C36, but REE pat-
terns from the sample C25 show consistent compositions which are depleted
in MREE and have slightly inclined to flat HREE at abundances >100 times
chondrite. Garnet oxygen isotope compositions are identical between the
two calcschist samples (+18.1 and +18.2‰), and no significant oxygen iso-
tope zonation has been measured.

Garnets from the metaquartzite adjacent to a manganese garnetite nodule
(C37) exhibit four principal zones (I-IV), relatively similar in nature to the
manganese schists described above. Some garnets contain small rounded
spessartine-rich central cores; others exhibit cracking of garnet cores (or-
thogonal to radial) and associated enrichment in Alm-Grs components. Gar-
net rims are successively enriched in almandine and depleted in spessartine
component (Zones III-IV, Figure 53). The interface between garnet cores and
first garnet rims is commonly rounded, and the thickness of this zone varies
radially (Figure 43c-d). A thin outer rim is observed on most garnets, com-
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Figure 51: Detailed manganese maps of two garnets from the phengite schist.

monly with a relatively consistent thickness 25-50 µm. Garnets typically ex-
hibit flat HREE patterns, with a large range in abundances from 1-100 times
chondritic abundances. Garnet δ18O composition initially increases between
Zones I-II before locally decreasing outwards in Zones III-IV by only a small
degree (Figure 47, 53). Overall, garnets from the metaquartzite have higher
overall δ18O values than those in the manganese schists, but follow a similar
trend. The change in δ18O trend is marked by growth of Alm-normative gar-
net and complementary decrease in Sps-component. The lowest δ18O values
are observed in Zone IV, which is approximately 1.7‰ lighter than Zone II.

4.4.3 Serpentine Oxygen Isotope Compositiosns

In-situ oxygen isotope analysis of serpentine presented weighted average
δ18O values from +1.1 to +6.1‰ for groups of analyses on individual sam-
ples (Table 13). Individual spot analyses against the Cerro del Almirez antig-
orite reference materials Al06-44A are tabulated in Appendix Table 4E. The
sample closest to the Lago di Cignana section exhibits the highest δ18O com-
position - although is represented by only two points with different δ18O
values; the sample is strongly foliated and may be heterogeneous. The up-
per and lower sections of the transect show different oxygen isotope compo-
sitions, with a difference in oxygen isotope composition of 2-3‰ observed
across a sheared transition zone (in the vicinity of 7.6148

◦E, 45.8857
◦N), de-

creasing to the lowest value in a sample of serpentinite containing banded
talc-tremolite.
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Figure 52: Summary of geochemical zonation observed in the phengite schist gar-
nets. Zone-based compositional averages of normative garnet components, garnet
δ18O values and garnet REE abundance (normalized to chondrite).

4.5 Discussion

Zoned metasedimentary garnets within the Lago di Cignana Unit preserve
a wealth of geochemical information which can be linked to metamorphic
processes. Of particular note, and the focus of the discussion below, is the ex-
treme zonation of garnet δ18O values and presence of garnet rims with δ18O
values approximately 15‰ lower than garnet cores. Notably, this is in stark
contrast to the metamorphic trend expected in closed-system metapelites
(shift of ≈ +1‰; Kohn, 2014), and requires infiltration of externally-derived
fluids inducing significant metasomatism. The discussion below highlights
some of the details and major implications of the garnet geochemical records,
including potential fluid sources and context of metasomatism relative to the
well-constrained P-T-t history at Lago di Cignana.

4.5.1 Garnet Elemental Growth Records

The population of metasedimentary and metabasaltic garnets can be used to
place constraints on the high pressure metamorphic history and fluid infil-
tration events at Lago di Cignana. The compositions of garnet growth zones
during metamorphism is controlled by bulk rock chemistry, P-T conditions,
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Figure 53: Summary of geochemical zonation observed in the metaquartzite garnets.
Zone-based compositional averages of normative garnet components, garnet δ18O
values and garnet REE abundance (normalised to chondrite).

and growth rate (e.g. Spear and Daniel, 2001; Konrad-Schmolke et al., 2005;
Chernoff and Carlson, 1999; Lanari and Engi, 2017). Garnet chemical zona-
tion can thus be used to constrain i) changes in P-T, ii) changes in reactive
bulk chemistry (modal abundances changes), iii) matrix-diffusion controlled
fractionation and iv) metasomatism. The populations of garnets analysed
have been sourced from strongly heterogeneous lithologies with multistage
metamorphic histories, and are likely to record a series of different processes,
timing and degree of open system behaviour. During normal prograde
growth of garnet, thermodynamic models and natural observation show that
XPyr increases with temperature, XSps decreases with increasing tempera-
ture and pressure (creating a typical ’bell-shaped’ profile), while XAlm peaks
at a certain temperature around ≈550°C and decrease with pressure (Hollis-
ter, 1966; Spear, 2003; Kohn, 2014; Lanari and Engi, 2017; Konrad-Schmolke
et al., 2008). Overall prograde garnet should become more magnesian with
increasing temperature, even if there is significant garnet fractionation (La-
nari and Engi, 2017). Sharp step-wise changes in garnet chemistry, in minor
or trace elements, may be related to major equilibrium phases changes dur-
ing prograde history (e.g. Reinecke, 1998; Konrad-Schmolke et al., 2008). The
range of observed garnet zonation patterns at Lago di Cignana reflects mul-
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Table 13: Sampling coordinates and averages of oxygen isotope measurements for
serpentinites from the Zermatt-Saas ophiolite transect, presented in order of sam-
pling from Lago di Cignana towards Perreres. *: Uncertainty on the mean for
serpentinite Z14 has been expanded to be greater than minimum repeatability on
the reference material.

Sample Longitude Latitude n δ18O Range Av. δ18O σ Note
◦ ◦ ‰ ‰ ‰

Z1 45.87852 7.59442 2 5.3 - 6.4 6.1 Strongly foliated

Z2 45.87268 7.60328 14 2.8 - 3.8 3.4 0.3

Z5 45.87777 7.6144 14 2.4 - 4.1 3.2 0.5

Z6 45.87827 7.61817 8 0.4 - 4.2 2.8 1.6

Z7 45.88045 7.6164 14 3.1 - 4.0 3.6 0.3

Z8 45.88572 7.6148 14 4.1 - 5.2 4.6 0.3 Within shear zone

Z14 45.90012 7.61435 6 0.9 - 1.2 1.1 0.3* With banded talc-trem.

Z15 45.90367 7.61552 9 1.2 - 1.9 1.6 0.3

Z17 45.907 7.61343 14 1.5 - 2.9 2.2 0.4

tiple garnet growth reactions and variable degrees of open system behaviour,
as discussed below.

Importantly, garnet growth zonation is well preserved at Lago di Cig-
nana, particularly in eclogitic garnet and in cores of metasedimentary gar-
nets. Changes to growth chemistry through diffusional re-equilibration are
minimal in these samples due to relatively low temperature and preserva-
tion of sharp boundaries between garnet growth zones in several samples
(Figure 43). Similar to observations of Reinecke (1998), only early garnet
cores exhibit diffusional relaxation; all outer garnet zones described here
exhibit either sharp boundaries or undulating ill-defined boundaries with
outer inversely zoned garnet that are attributed to resorption. Retention of
sharp compositional boundaries for garnet major element profiles (e.g. Fig-
ure 51) and significant isotopic heterogeneity suggests that garnets have not
remained at temperatures greater than 500

◦C for extended periods of time
(i.e >10 My, Crank, 1975; Caddick et al., 2010), although may have experi-
enced protracted histories at lower temperatures as suggested by geochrono-
logical constraints (Skora et al., 2015).

Regarding the formation of metapelitic garnet with inverse zonation at
Lago di Cignana, the previous interpretation made by Reinecke (1998) of con-
tinued ’closed-system’ growth of garnet during exhumation (forming garnet
with roughly constant XGrs, increasing XSps and decreasing XPyr; e.g Tuc-
cillo et al., 1990; Dietvorst, 1982) is inconsistent with more recent thermody-
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namic constraints (particularly for the amount of garnet grown with ’inverse’
zonation). On the tight HP-LT PT loop experienced by Lago di Cignana (Fig-
ure 37), retrograde garnet growth is expected to be unlikely to impossible,
given predicted negative slope of garnet isogrades (Spear, 2003). Instead,
’inverse’ garnet growth likely reflects open system behaviour and ingress of
external fluids, potentially changing the activity of major components (e.g.
Mg, Ca), such that the equilibrium garnet mode increases (and in most cases,
minor garnet resorption occurs). This scenario is also required by the large
shift in isotopic composition of ’inverse’ zoned garnets, as detailed below.

The major and trace element composition of individual garnet zones, in
addition to the inclusion assemblages, commonly reflects the specific garnet-
forming reaction and metamorphic phase assemblage (especially true for
closed system metamorphic growth). The garnet-in reaction encountered
in these rocks likely involved the consumption of chlorite (Spear, 2003). The
metamorphic conditions at which this reaction occurs are influenced by bulk
rock major element compositions and mineralogy. The stability of the garnet-
chlorite assemblage is expanded in Ca- and Mn-rich bulk compositions (as
is common at Lago di Cignana), potentially from approximately 440-450

◦C
(Spear, 2003). Descriptions of garnet growth from metasedimentary litholo-
gies at higher temperatures typically involve phases such as amphibole, mi-
cas, epidote, lawsonite and aluminosilicates. Accurately reconstructing gar-
net growth reactions requires bulk-rock compositions (corrected for effects
of metasomatism), and potentially greater knowledge of original phase as-
semblages - which can be used in thermodynamic models of metamorphic
garnet formation (e.g. Lanari and Engi, 2017).

Relationship to Previous Investigations

The piemontite-garnet-phengite-talc-quartz schists Cig87/7 and Cig91/4 of
Reinecke (1998) exhibit similar petrography and garnet major element chem-
istry to the manganiferous schists described here. Based on major element
chemistry, the first generations of garnet in these lithologies (prograde I1)
are similar to manganese schist C23 garnet cores, while the outer zones
across all manganese schists (C11b-IV and C23-IV,V) likely correspond to
Reinecke’s Grt II and III, previously suggested to form during decompres-
sion and greenschist facies overprint, respectively (at temperatures of ≈400-
520°C Reinecke, 1998). The major element compositions of manganese schist
C23-II, III, and zones I±II in manganese schist C11 are roughly equivalent
to the UHPM garnet I2, noted to form within Al-rich domains. Relative to
the garnet-phengite-carbonate bearing calcschist Cig90/25, cores observed
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in phengite schist C33 and all garnets from phengite schist C38 roughly
correspond to the prograde Grt I1 from Mn-rich silicate domains. The subse-
quent progression of garnet growth observed in garnet from phengite schist
C33, amphibole quartzite C13 and metaquartzite C37 are not well described
by comparison to the paragenesis of Reinecke (1998). The ’reverse’ zoned
garnets described by Reinecke (1998), rather than relating to retrograde gar-
net growth as previously suggested, may record metasomatism as is dis-
cussed further below.

Garnet Minor and Trace Element Growth Zoning

One of the simplest trends observable in garnets is fractionation of compat-
ible elements, best visible in initial garnet growth zones in the metasedi-
mentary lithologies. Similarly, resorption processes - dissolution of garnet
prior to precipitation of smaller volumes of compatible-element enriched
garnet - have contributed greatly to the observed garnet zonation records
at Lago di Cignana (e.g. as observable in BSE images as bright rims e.g.
Figure 43). Assessment of fractionation and resorption trends are most
commonly made relative to highly compatible, slowly-diffusing elements.
Most commonly, Mn and the HREE are used as an index of fractionation
due to predictable partitioning behaviour. The overall abundance and ob-
served fractionation Mn will be moderated by the presence of other host
minerals including piemontite and braunite ([Mn2+][Mn3+]6SiO12), both of
which are variably present together throughout the unit. Given that multi-
ple manganese-bearing phases are present in manganiferous schists, normal
fractionation patterns may not be observed - rather, Mn-zoning may reflect
variations in partitioning and/or shifts in modal abundances. HREE are not
major elements in most other abundant rock forming minerals, with the pos-
sible exception of epidote, and should reliably fractionate during outward
normal growth, such that cores are relatively enriched and rims exhibit flat-
ter to ’humped’ patterns.

With regards to deciphering potential geochemical contributions to gar-
net from individual phases, the rare earth elements can often provide valu-
able petrogenetic information (e.g. Konrad-Schmolke et al., 2008; El Korh
et al., 2009) in addition to providing a measure on garnet fractionation. Rare
earth elements released during the consumption of a specific mineral con-
tributing to garnet growth are often directly incorporated, allowing garnet
to acquire an ’inherited’ REE contribution. As different minerals partition
REE differently, changes to garnet REE patterns can occasionally be used
to constrain the specific minerals involved in the growth reaction in the ab-
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sence of identifiable reaction textures - especially if coupled to additional
geochemical information. Relevant phases to consider are those which are
both Al-rich (Al is typically the limiting factor for garnet growth) and con-
tain REE; here general trends expected from epidote minerals and amphi-
boles are summarised (e.g. from El Korh et al., 2009; Deer et al., 2013; Bebout,
2014).

Together with garnet, epidote is a common phase which exerts control
over REE; relative to garnet it is relatively enriched in LREE and depleted in
HREE (El Korh et al., 2009). Epidote is stabilised in the lithologies with high
CaO and Fe2O3, and has a relatively wide stability range. Garnet growing
in equilibrium with epidote will exhibit steeper REE patterns; consumption
of epidote to form garnet can induce ’humped’ REE patterns through the in-
corporation of MREE. Amphiboles and clinopyroxenes typically have more
even distributions of the rare earths; garnet growth from these minerals can
result in enrichments in LREE ± MREE; amphiboles exhibit higher overall
trace element abundances, and are more likely to contribute to garnet REE
patterns (in addition to HFSE), especially in metasedimentary rocks.

The phengite schist C33, studied here in relative detail, is one exam-
ple of the potential use of REE to better constrain garnet forming reactions.
The REE systematics of garnet growth in the phengite schsit C33 follows
similar trends to those observed in eclogitic garnets by Konrad-Schmolke
et al. (2008), where changes in garnet forming reactions correspond to differ-
ent garnet growth zones and REE patterns. In particular, garnet formation
through consumption of epidote generates garnet with characteristic MREE
enrichment, and the formation of broad inclusion-bearing Pyr-rich zones
with L-MREE enrichment could correspond to the amphibole-out reaction.
While garnets typically comply to a normal growth model with outward-
fractionating HREE, some garnet rims exhibit increasing MREE-HREE out-
wards opposite to the expected fractionation trend (e.g. C33 Zone 3). In the
absence of resorption§, increasing MREE and HREE with outward growth
require either an increase in supply of REE to garnet. Increasing REE supply
may be facilitated by i) faster matrix diffusion rates (e.g with increasing tem-
perature Skora et al., 2006; Moore et al., 2013), ii) supply of REE from exter-
nal fluids or iii) fluid-influx driven reaction of local REE-bearing phases (e.g.
smaller Mn-HREE rich garnets, or epidote/clinozoisite), allowing resupply
of REE to garnet. Given the relatively consistent, low-Sps, high-Pyr compo-
sition of C33 Zone 3, we suggest fluid infiltration has either carried REE or
- more likely - facilitated local release of REE, potentially via Ostwald ripen-

§ The volume of garnet growth is large relative to previous domains, and Mn contents are low.
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ing facilitated by dissolution of the small garnets. Relatively low solubilities
of HREE in fluids, strong partitioning into garnet and observed significant
outward increase in REE, fluid-dominated REE supply would require high
and progressively increasing fluid flux (simply based on a mass-balance ar-
gument); a more complex scenario.

In nearby manganese schists, rare thick Mn-rich garnet rims (C23, Figure
43b) exhibit high-Mn, REE-depleted patterns, a Ce-anomaly and low δ18O
values (Figure 48). The distinct composition and texture of these garnets
suggests that they have likely been generated via a different garnet growth
mechanism to those described above. In the absence of other manganese
phases, garnet rims with enriched Mn are typically attributed to resorption
processes. Manganiferous metasediments described here contain both brau-
nite and piemontite, and the assumption of fractionation control on man-
ganese may be an insufficient approximation. Fluid infiltration may have
released manganese from Mn silicates/oxides, contributing to the high man-
ganese content, and potentially influencing garnet δ18O compositions. In the
case where braunite is implicated in garnet growth, the oxygen isotope com-
position of the garnet may reflect incorporation of ’oxide-like’ light oxygen
signature - especially if such minerals have not extensively re-equilibrated
since initial growth at low temperatures (e.g. ∆18OQtz-Magnetite = ≈+6.67‰ at
600°C, and higher at lower T; Zheng, 1991). The likely involvement of such
phases may be suggested by the significant enrichment in elements includ-
ing Ti, V, and Cr ± Zr, Nb (principally HFSE, Table 12) yet relative depletion
of Y (an element which should be enriched in garnet-only resorption).

The transition metals and HFSE are commonly useful indicators of phase
stabilities, particularly with regards to metal oxide phases including rutile.
Some of these elements also exhibit fractionation trends, with abundances
roughly proportional to Mn (e.g. Ti, V for phengite schist C33). Addi-
tional variation can be seen in abundances of Hf, Zr, Nb. In sample C33,
with regards to the these elements, some are observed to fractionate propor-
tionally with Mn (including Ti and V), while Sc follows a sinusoidal trend.
Chromium increases in outer growth zones in sample C33, and is generally
at greatest abundances in outer growth zones.

The LILE are commonly used as indicators of fluid-rock interaction due
to their relative incompatibility and affinity for aqueous fluids, but the rela-
tively minor partitioning of LILE into garnet render the group of elements
less useful than in other minerals (e.g. micas, tourmaline). While some gar-
net zones slightly higher measured LILE abundances (Cs, Rb, Pb ± Sr), LILE
zonation is not particularly dramatic and enriched zones are not consistently
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correlated to zones associated with metasomatism based on δ18O composi-
tion. These elements are likely predominately hosted within fluid inclusions,
rather than the garnet itself (which are known to occur in Lago di Cignana
garnets, e.g. Frezzotti et al., 2011, 2014).

4.5.2 δ18O Constraints on Metasomatism: Fluid Sources and Context

Garnets from metasediments at Lago di Cignana exhibit a large range in oxy-
gen isotope compositions, commonly with garnet rim compositions much
lighter than garnet cores (Table 10, Figure 47). Importantly, the magnitude
of variation observed in garnets from single samples are commonly greater
than those expected for normal prograde growth of garnet (+≈1 ‰; Kohn,
1993, 2014). Such changes cannot result from internal re-equilibration of high
pressure rocks, and dramatic changes in δ18O values (>10 ‰) are rarely ob-
served except in shallow hydrothermal systems in the presence of contrast-
ing isotope compositions and temperature gradients (e.g. low-δ18O meteoric
fluids; D’Errico et al., 2012; Crowe et al., 2001; Jamtveit and Hervig, 1994).
An effective mechanism for the high magnitude shift is the infiltration of
externally derived fluids. Given the magnitude of the oxygen isotope shifts
observed in some lithologies, mass balance constraints suggest that fluids
were i) voluminous and ii) of much lower δ18O values than the metasedi-
mentary lithologies.

The likely isotopic composition of potential metasomatic agents - and
hence potential fluid sources - can be estimated based on mineral-fluid equi-
librium oxygen isotopic fractionation (here using fractionation models of
Zheng, 1993a,b). At metamorphic conditions similar to the metamorphic
peak at Lago di Cignana, the garnet-water fractionation (∆18OGrt-H2O) is -2.9
‰ (600-650°C; Zheng, 1993b)¶. As the isotopically lightest garnet composi-
tions are found with compositions of ≈ +2‰, the fluids in equilibrium with
these rims are predicted to have maximum δ18OH2O values of approximately
+4.9‰ (with a mass balance constraint, predicted fluid δ18O values will be
lower) ||. The potential sources of deep metamorphic fluids with such low
δ18O values (+4.5‰ or lower) are limited, with the most likely candidate

¶ Note that this assumes garnet grew directly in the presence of the fluid (the principal oxygen
source), or that garnet grew immediately after a strong metasomatic event, and inherited
the low-δ18O signature form growth in equilibrium with/from other metasomatised rock-
forming minerals.

||For comparison, over the temperature interval 600-650°C aqueous fluids in equilibrium with
calcschist and eclogitic garnets measured here (which exhibit limited δ18O zonation and
likely correspond to equilibrium compositions) have predicted δ18OH2O values of +21.7 to
+22.1 ‰ and +11.3 to +12.5 ‰, respectively.
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being hydrated ultramafic rocks such as the adjacent Zermatt-Saas serpen-
tinites (for which oxygen isotope compositions have been measured; Table
13). Between temperatures of slightly under 500°C ≈ 630°C ultramafic rocks
can experience brucite dehydration at temperatures on the order of <500°C
releasing up to 2 Wt% water, followed by antigorite dehydration beginning
at ≈ 630°C releasing approximately 5 Wt% water (Padrón-Navarta et al.,
2013). At temperatures of 600-650°C, fluids in equilibrium with the (likely
dehydrating) antigorite serpentinites have ∆18OSerp-H2O of between -1.7 and
-1.8‰ (Zheng, 1993b). The range of serpentine δ18O values (+1.1 to +6.1
‰) translates to predicted δ18OH2O = +2.9 to +7.9 ‰, consistent with the
expected compositions of the aforementioned low δ18O externally derived
fluid.

Both of these reactions involve the formation of olivine, which is present
but not abundant nor widespread through the Zermatt-Saas serpentinites
(Rebay et al., 2012). While they have experienced overall similar high pres-
sure histories to the Lago di Cignana Unit, the Zermatt-Saas serpentinites
have not reached the UHP conditions as recorded in the metasediments, but
instead slightly lower pressures. However other similar serpentinites down-
slab (which the Lago di Cignana Unit was once juxtaposed against) could
easily have reached serpentine dehydration conditions and released fluids
before the Lago di Cignana unit was detached and exhumed. Overall the
compositions are compatible with metasomatism of the metasediments by
fluids derived from units equivalent to the Zermatt Saas serpentinites.

The flow and equilibration of other external metamorphic fluids within
serpentinites prior to metasedimentary infiltration (i.e. circulation of vol-
umes of fluid without dehydration) could also generate low-δ18O fluids**,
but this would require an additional viable initial fluid source which con-
tains sufficient volumes of bound water to be released then circulated through
the serpentinites.

In addition to the low δ18O garnet endmember, other garnet zones form-
ing with decreasing δ18O values outwards likely also indicate some degree
of metasomatism. In the case where garnet δ18O composition is intermedi-
ate between the metasedimentary oxygen component (represented by garnet
cores and metamorphic rims) and fluids in equilibrium with eclogites, the
hydrated mafic lithologies are also a viable fluid source. Samples which
have garnet zones within this approximate range include the phengite schist
C33 (Zone III, δ18O = +9.6 ± 2.4 ‰, Figure 52), manganese schists (multi-

**And where garnet is stable, even form garnet with low-δ18O values, given the effective Grt-
Serpentine fractionation (∆18OGrt-H2O - DOSerp-H2O) changes little with temperature.
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ple, down to +9.9 ‰, Figure 48), amphibole quartzite C13b (multiple, Fig-
ure 50) and the metaquartzite C37 (Zones III-IV, +16.8 to +17.9 ‰, Figure
53). The potential distinction between mafic and ultramafic fluid sources (i.e.
low amounts of ultramafic-derived fluid or higher amounts of mafic-derived
fluid) largely falls to garnet trace and major element compositions. Eclogitic
fluids produced near peak conditions at Lago di Cignana may be generated
through the dehydration of glaucophane (2.3 wt % H2O), epidote minerals
(1.7-2 wt % H2O) and/or lawsonite (11.5 wt % H2O). For an average basaltic
eclogite at 2.7 GPa, the lawsonite-out reaction occurs in the vicinity of 600°C
and the glaucophane out-reaction (Gln→ Omp) about 50°C higher at 650°C
(e.g. Konrad-Schmolke et al., 2005, ; the lawsonite-out reaction has a positive
P-T slope, while the glaucophane-out reaction occurs at lower-T at higher
pressure). Lawsonite is not observed in eclogites investigated here (nor
lawsonite pseudomorphs), but can be found in other nearby Zermatt-Saas
eclogites (e.g. Groppo et al., 2009; Angiboust et al., 2009; Bearth, 1973) and
phacoidal to rhombic mineral aggregates in metasediments described above
likely represent pseudomorphs after metasedimentary lawsonite. Glauco-
phane is present in Lago di Cignana eclogites, as both an alteration after
omphacite and as isolated crystals in an omphacite-dominated matrix; some
eclogites may preserve the glaucophane-out ’frozen-in’ reaction assemblage
(a reaction similar to Zoisite + Glaucophane = Garnet + Omphacite + Parag-
onite + Quartz + H2O), suggesting that mafic rocks were likely dehydrating
immediately prior to exhumation, providing one plausible source of eclogite-
derived fluids at high pressure. While not documented here, an additional
fluid-producing reaction observed within a Lago di Cignana eclogite is the
breakdown of coexisting titanite (through reaction with coexisting clino-
zoisite) forming HREE- and Hf-enriched garnets at or shortly following the
blueschist-eclogite transition (Cig91-1; King et al., 2004). Garnet δ18O compo-
sition increases in excess of predicted metamorphic δ18O (positive) shift are
also observed (e.g C13 Group 1 garnets, with an increase of 2.5‰; Table 10),
suggesting formation during interaction with high-δ18O fluids - potentially
derived from adjacent metasediments during devolatilization reactions (e.g.
as suggested previously at Lago di Cignana; Bebout et al., 2013).

Significant changes in mineral δ18O must be accompanied by some bulk
rock changes in δ18O, and given the large amount of fluid required to achieve
this, changes in bulk rock major and trace element composition are also ex-
pected. Notably, while clearly altered, the bulk-rock composition of phengite
schist C33 is not significantly changed relative to expected pelitic/psammitic
compositions; the bulk rock retains 2.3 Wt% MgO (Plank, 2014, ; major ele-
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ment composition for this sample given in Appendix Table 4F). Instead ’local-
bulk’ compositions may be more relevant for garnet growth (as described by
Lanari and Engi, 2017). Similarly, minimal evidence of major changes to
bulk rock composition is preserved in mineral assemblages in other samples.
The likely preservation of bulk-rock major element composition during al-
teration of the phengite schist (C33), together with formation of low δ18O
garnet rims (<+5‰) suggests metasomatism by high-flux yet relatively di-
lute metamorphic fluids (i.e. fluids with high oxygen content, yet relatively
low ability to buffer other elements). The major element composition of gar-
nets converges to XPyr ≈ 10-15 (Figure 47), and within these outer garnet
rims large shifts in garnet δ18O values do not correspond to significant ma-
jor element shifts. Given these constraints, it is likely that the formation of
garnet rims occurred at roughly stable metamorphic conditions (or equiva-
lently, over a short time interval), and that metasomatism progressed during
garnet growth. Local changes in magnitude of fluid flux may contribute to
the variation in δ18O values observed in outer garnet rims. The contrast ob-
served here between oxygen and other elements also attests to the difficulty
in assessing the extent of fluid-rock interaction and metasomatism in such
settings.

4.5.3 Timing of and Metamorphic Conditions

The context of metasomatism of the metasedimentary samples largely de-
termines the potential implications with regards to larger-scale processes.
A range of constraints can be placed on the timing and metamorphic con-
ditions of external fluid infiltration. High pressure metamorphic minerals
such as rutile are common inclusions in both metamorphic garnet cores and
outer rims (e.g. C33 Zones I-II), despite commonly being absent from outer
inversely zoned metasomatic rims (where SiO2 is the dominant inclusion).
The exhumation of the Lago di Cignana Unit has been rapid, and while the
initial exhumation is the least well-constrained portion of the P-T path, it
experienced cooling upon decompression (Reinecke, 1998). An increase in
garnet mode under isochemical conditions would be inhibited along such
a path (Spear, 2003), and without evidence of metasomatism garnet growth
would be inferred to have occurred exclusively within the prograde to peak
evolution.

In the non-isochemical case, there are subsets of geochemical trajectories
which would stabilise either an increase or decrease to the garnet mode. And
even in the case of potential increases via metasomatism, such effects would
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need to outweigh the competing effect of rapid exhumation (i.e. higher
degree metasomatism required for increased post-peak exhumation). Given
the postulated fluid sources are mafic-ultramafic units, it is indeed likely that
significant metasomatism could push the metasediments to higher garnet
mode even after partial exhumation. The implications of thermal flux, mass
balances and potential metasomatic reactions for this particular scenario re-
quire further modelling to understand how metasomatism has altered the
expected garnet mode.

Garnet growth zones with metasomatic (here, principally identified by
low δ18O) geochemical signatures are ubiquitously found as garnet rims.
Thus it can be inferred that the major metasomatic event(s) followed rela-
tively closed-system metamorphic reactions, and represent the latest signif-
icant events to occur in these rocks prior to significant exhumation, likely
near peak conditions. The observation of metasomatism towards peak con-
ditions is also consistent with the enhanced ability for aqueous fluids to
transport mass at high PT (especially for fluids produced close to the second
critical endpoint of H2O at 2.5-3.5 GPa and 700°C; Hermann et al., 2006).

With regards to potential fluid sources, plausible mechanisms exist for
the generation of metasomatic agents fitting the geochemical constraints de-
scribed above. No evidence for extensive dehydration of serpentinite mate-
rial within the Zermatt-Saas Ophiolite is observed (no olivine is found in
surrounding serpentinites, but can be found elsewhere in the Zermatt-Saas),
but the Lago di Cignana Unit has likely been in contact with higher-pressure
material closer to antigorite-out conditions. Additionally, the long-distance
transport of antigorite-derived fluids cannot be ruled out, especially given
suggestions of similar occurrences within HP exhumational shear zones and
pre-existing vein systems channelising antigorite dehydration fluids at Mon-
viso (Spandler et al., 2011; Angiboust et al., 2014).

Potential Links to Decarbonation

Carbonate-rich metasediments have high potential for high-pressure decar-
bonation during infiltration of external H2O-rich fluids (e.g. Kerrick and
Connolly, 2001; Connolly, 2005; Gorman et al., 2006; Kelemen and Manning,
2015; Scambelluri et al., 2016). This process has been documented across
the Western Alps (including at Lago di Cignana; Cook-Kollars et al., 2014),
and evidence for carbon-rich fluids at high pressure includes garnet-bound
microdiamond-bearing fluid inclusions in the upper sections of the Unit
(Frezzotti et al., 2011). An open system fluid-driven decarbonation model
suggests that fluids derived from serpentinite are particularly significant
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with regards to decarbonation of oceanic crust (Gorman et al., 2006). Influx
of serpentinite-derived fluids at Lago di Cignana - particularly at the large
fluid-rock ratios required to generate garnet with δ18O = +2 to +3 ‰ - thus
has high potential to generate C-O-H bearing fluids through decarbonation
reactions (such as those implicated for microdiamond inclusion formation).
Diamond-forming fluids are suggested to be relatively oxidised and H2O
rich (Frezzotti et al., 2014).

Serpentinite dehydration can produce fluids significantly more oxidised
than QFM (Debret and Sverjensky, 2017), and generally fit the description
of requirements posited by Frezzotti et al. (2014). The isotopic compositions
of garnets from manganese garnetite nodules analysed by Frezzotti et al.
(2011, +17.4 to +17.9 ‰) are roughly equivalent to host lithologies adjacent
to nodules higher in the stratigraphic sequence (here sample C37 has garnet
with δ18O = +18.6 down to +16.8 ‰; C37 Zone III δ18O = +17.9 ± 0.7 ‰,
Table 10) and appear to reflect minimal metasomatism. Also, across the unit
shifts in garnet δ18O are not commonly linked to marked increases in gar-
net Grs/And content, as may be expected if garnets were growing during
a reaction involving destabilisation of calcium-bearing carbonates (note that
most of the garnet in calcschists, where these reactions may occur, is now
replaced by chlorite). While the serpentinite-derived fluids provide a plau-
sible mechanism for decarbonation, a direct link cannot be implicated here;
further targeted detailed microanalysis may provide such information (in-
cluding identification of microdiamonds in garnet nodules from this sample
set).

4.5.4 Localisation of Fluid Flux

Samples of metasediments that show evidence of extreme buffering of gar-
net δ18O (i.e. down to <+5‰) during metasomatism are predominately
localised within the lower sections of the unit, specifically above the eclogite-
metasediment boundary (Figures 38, 36). Permeability contrasts such as that
between the relatively impermeable eclogite and overlying metasediment
can have the effect of diverting flow and concentrating flux at boundaries
(Ague, 2007); the presence of both C13 and C33 between lower-permeability
mafic units at the Western edge of the LCU (Figure 36) may have contributed
to increased degrees of fluid flux. Reactive permeability through porosity-
forming de-carbonation reactions (aragonite/dolomite → Grs/And) may
have also contributed to localisation of fluid flux.



4.5 Discussion 171

In the above analysis, the oxygen isotope compositions of fluids are as-
sumed to be relatively un-modified during transport, with the assumption
that pathways are either channelised or short (see an example in Rubatto and
Angiboust, 2015). The modification of metamorphic fluids presents a compli-
cation for interpretation of garnet oxygen isotope signatures relative to fluid
sources. Integrated interaction with sedimentary units should buffer fluids
towards sediment δ18O compositions; if the fluid δ18O composition is pre-
served along the flow path, either rock-fluid ∆18O was equivalent to δ18ORock-
δ18OFluid, or more realistically fluid fluxes were very high. Carbonate- and
quartz-dominated sediments will have nonzero positive rock-fluid ∆18O (likely
in the range of +1 to +3‰) over relevant temperatures, and would hence
cause low-δ18O fluids to tend towards metasedimentary δ18O over the flow
path (in the case of Zermatt-Saas metasediments, ≈ +15 to +25 ‰). The
formation of garnets with much lower δ18O values than typical sedimen-
tary δ18O compositions suggests either i) high fluxes of fluids derived from
serpentinites along a sediment-dominated/slab-interface flow path or ii) fluids
traversing along a serpentinite-dominated flow path which would not modify
fluid δ18O composition. The flow path cannot be reliably reconstructed as
both endmember scenarios are plausible.

The fluid-influx events at Lago di Cignana have been recorded by gar-
net growth, and have thus occurred at peak conditions or along the latter
stages of prograde metamorphism. High pressure fluid flux and exhuma-
tion processes are known to have inherently close links, derived partially
from the role of fluids localising deformation (Miller et al., 2002), and the
ability of exhumational deformation and/or mechanical breakup to create
fluid-focusing permeability contrasts (e.g. Ague, 2007). The preservation
of HP to UHP features is also favoured by channelised fluid flow within
discrete shear zones (e.g. Miller et al., 2002). Also, the link between serpen-
tinites and exhumed UHP oceanic crust is also inherent; the exhumation and
preservation of UHP oceanic crust requires low total volumes, rapid exhuma-
tion and has been suggested to be coupled to the presence of relatively low
buoyancy serpentinites (e.g. Hermann and Rubatto, 2014; Hermann et al.,
2000). The initial isothermal uplift following UHP has previously been sug-
gested to be buoyancy driven, and triggered by influx and accumulation of
fluid within the metasediments themselves (with fluid influx driving resorp-
tion of phengite, garnet and dolomite prior to uplift; Reinecke, 1998). The
peak metamorphic conditions recorded in the ZS ophiolite roughly coincide
with the upper P-T stability of antigorite, and the exhumation of the ophio-
lite complex has been suggested to be coupled to the dehydration reaction
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(Bucher et al., 2005). The peak conditions and tectonic setting are similar
to the Monviso ophiolite (Angiboust et al., 2012), potentially suggesting a
common slab detachment and exhumation mechanism, and a general expla-
nation for presence of HP-UHP ophiolitic material as km-scale tectonic slices
throughout the Western Alps (Agard et al., 2009; Angiboust et al., 2011).

4.5.5 A Note on Zermatt-Saas Protoliths

In samples without intense metasomatism, garnet provides a rough mini-
mum estimate for equilibrium†† whole-rock δ18O composition, with the up-
per bound is given by garnet δ18O+∆18OQtz/Cc-Grt (the latter being approx-
imately +3.5 to +4.0 ‰ at peak conditions, and slightly higher at lower
temperatures; Zheng, 1993b). For example, near-homogeneous garnets
with δ18O = +17 to +18 ‰ (e.g. calcschist), equilibrium bulk rock compo-
sitions are estimated to be approximately +20.5 to +22 ‰. Estimates of local
sedimentary bulk-rock oxygen isotope composition have been presented by
Cartwright et al. (1999), and are generally within the range expected for ma-
rine sediments globally (on the order of +10 to +20 ‰, Hoefs, 2009; Eiler,
2001). The light oxygen isotope compositions of the amphibole quartzite
are consistent with derivation from a protolith differing in bulk mineralogy
and/or bulk rock δ18O compositions from other sediments (e.g. contain-
ing pelitic and/or mafic material/volcanoclastics as previously suggested
by Rucinski-Stanek, 2013). The preservation of sedimentary banding (e.g. as
previously suggested by Reinecke, 1991), and local presence of inter-layered
pelitic/psammitic and volcanoclastic material explains both the low δ18O
values and presence of multiple types of garnet zonation patterns (Rucinski-
Stanek, 2013).

Eclogites from Lago di Cignana contain relatively isotopically homoge-
neous garnet populations with δ18O = +7.6 to +8.5 ‰ (Table 10). Metabasaltic
material from Lago di Cignana has higher δ18O values relative to other eclog-
ites from the Zermatt-Saas Zone (where eclogite garnets exhibit δ18O= +4.3
to +5.4‰, Cartwright et al., 1999). Given the lack of isotopic zonation within
eclogitic garnets, relatively homogeneous populations and similar mean val-
ues between eclogite samples, this isotopic enrichment on the order of 2

to 4 ‰ most likely originated from seafloor alteration well prior to garnet
growth. Similar isotopic shifts are observed in the uppermost oceanic crust
(e.g. as in the Semail ophiolite; Gregory and Taylor, 1981; Stakes and Tay-

††Strongly isotopically zoned garnets suggest the occurrence of metasomatism, and in many
rocks this assumption is likely invalid given the preserved heterogeneity.
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lor, 1992), consistent with the seafloor derivation of the metasediments and
metabasalts at Lago di Cignana.

In-situ serpentine δ18O measurements presented here are consistent with
previous bulk-rock δ18O measurements of serpentinites rocks near Valtour-
nenche (+1.2 to +3.2 ‰, Cartwright et al., 1999). The serpentinite closest to
the Lago di Cignana metasediments exhibits the highest δ18O composition
(although represented by only two points with differing δ18O). Notably, the
location and context of the serpentinite sample (as a shear-bounded sliver,
and at the top of the serpentinite sequence) precludes any distinction be-
tween potential protolithic (i.e. serpentinization temperature) or metaso-
matic (fluid-rock interaction/exchange) derivation based on the oxygen iso-
tope composition alone. Small increases in δ18O values are observed down
the transect (to a lower structural level), and a relatively sharp offset in ser-
pentine δ18O values is observed along the transect (from ≥+4.0 down to
+1.3‰, coinciding with a late shear zone). Serpentine δ18O compositions
return to higher values beyond this point, and hence the isotopic offset may
be the result of structural offset along the shear zone rather than metasoma-
tism due to fluid flow (which could be expected to form symmetrical δ18O
trends). Assuming minimal alteration from protoliths and little dehydration
(consistent with Li et al., 2004), the oxygen isotope compositions of serpen-
tine fit with relatively high temperature serpentinization, occurring above
150°C (and potentially up to ≈ 300°C; Wenner and Taylor, 1974; Früh-Green
et al., 1996; Zheng, 1993a) and fall within the range expected for abyssal
serpentinites globally (e.g. Mével, 2003).

4.6 Implications, Conclusions and Future Work

An investigation of garnet geochemical zonation within a section of deeply
subducted upper oceanic crust at Lago di Cignana has revealed multiple
sequential pulses of external fluid infiltration. Fluids were potentially from
multiple distinct sources, with the most likely candidates being eclogites
and serpentinized ultramafic rocks. Fluids have been focused through the
lower section of the unit, likely due to the permeability contrast between
metasediments and eclogites. Metasomatism occurred at high pressure, and
relatively close to the metamorphic peak, at around 90 km depth. The pres-
ence of serpentinites enriched in sediment-derived trace elements (includ-
ing in Ol+Ti-chu+Chl veins Scambelluri et al., 2015a) attests to the ability
of fluids to transport elements out of metasedimentary units. The descrip-
tion of ultramafic-derived metasomatic fluids passing through high pressure
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metasediments under high flux conditions provides a plausible mechanism
for transferring sedimentary trace element signatures into the subduction
channel and/or mantle wedge in the absence of sediment melt (i.e. cold sub-
duction geotherms). Furthermore, the influx of externally derived aqueous
fluids has likely triggered decarbonation of calcschists, facilitating transport
of carbon out of the metasedimentary unit and contributing to carbon cy-
cling in the deeper sections of a subduction zone.

The occurrence of metasomatism along the prograde path allows the pro-
cesses documented here to be reliably linked to subduction geochemical
cycling; if such processes occurred during exhumation, the potential con-
tribution of these processes to subduction geochemical cycling may be less
direct.

This investigation has revealed previously undocumented metasomatism
at Lago di Cignana, and uncovered detailed (yet complex) records of meta-
morphic and metasomatic processes. Continued investigation of metased-
imentary samples from Lago di Cignana would further contribute to this
knowledge; particularly worthwhile avenues of research which could follow
include:

1. Analysis of garnet inclusions

The isotopic analysis of quartz/coesite inclusions in garnets would
provide temperature constraints based on predicted fractionation with
uncertainties on the order of ±20°C, based on uncertainty of oxy-
gen measurements and sensitivity of the oxygen isotopic fractionation.
Zircon, rutile and phengite inclusions could also be used to provide
thermobarometric constraints in addition to absolute geochronological
ages.

2. Modelling the effects of metasomatism on the expected garnet growth
patterns, to confirm the viability of metasomatism during early ex-
humation, and by extension, the significance for mass transfer in sub-
duction systems

3. Major and trace element mapping and/or traverses across garnets

The identification of individual garnet forming reactions within
these samples will require more detailed petrographic analysis, but
quantification of garnet compositions for individual stages could also
be used to back-calculate likely reactions (or alternatively, modelled;
e.g. Lanari and Engi, 2017). Here detailed compositional mapping was
applied only to a single sample, but provided previously unobserved
information in a quantifiable manner.
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4. Linking to additional mineral systems (e.g. Ca-silicates, phengite, ac-
cessory phases)

With regards to fluid cycling and associated metasomatism, the in-
fluence and response of lithologies within the subducted oceanic crust
is simultaneously controlled by multiple mineral systems. An inte-
grated approach will not only provide more information (’resolution
of events’), but also allow for more robust and testable geological in-
terpretation of specific geochemical trends observed.
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Table 14: Examples of garnet major element analyses conducted using EMPA. Major element oxide abundances are in wt%, and garnet normative
compositions in mol%. Elemental abundances below detection limit are not shown. Andradite component estimated based on stoichiometry, as
Fe3+Fe2+ were not measured.

ID Zone SiO2 TiO2 Al2O3 Cr2O3 FeO MnO MgO CaO Total Py Alm Grs Sps Uv And Ca-Ti Gt

C11A-2.1C 1 38.6 0.1 22.1 0.01 0.7 26.6 8.4 4.0 100.7 32.0 10.3 57.2 0.5 0.03

C11A-2.2M 2 38.1 0.06 21.6 0.03 0.9 28.3 6.8 4.5 100.5 26.0 11.6 61.6 0.01 0.7 0.02

C11A-2.3R 3 37.1 0.08 20.6 0.01 17.2 13.9 2.1 9.6 100.9 8.6 32.1 25.0 31.7 0.01 2.5 0.06

C11A-9.1C 2 38.3 0.02 22.1 0.02 0.5 27.9 7.5 4.0 100.5 28.6 10.4 60.5 0.5 0.01

C11A-9.2M 3 37.5 0.04 21.4 0.02 1.0 31.0 4.3 5.0 100.4 17.0 13.3 68.9 0.01 0.7 0.02

C11B-3.1 1 38.6 0.05 22.5 0.2 27.3 8.1 4.0 100.8 30.6 10.5 58.5 0.4 0.01

C11B-3.2 2 37.0 0.03 21.2 0.02 0.8 30.4 4.6 5.2 99.5 17.8 13.6 67.6 0.01 1.0 0.01

C11B-3.3 3 36.3 0.04 20.9 0.01 0.8 34.8 2.4 3.9 99.2 9.8 10.4 79.1 0.6 0.01

C23-7.1C 3 38.6 0.02 22.2 0.01 0.4 27.2 8.1 4.0 100.7 30.6 10.4 58.5 0.4 0.01

C23-7.2M 3 38.8 0.02 22.4 0.01 0.5 25.2 9.7 3.7 100.5 36.4 9.4 53.7 0.5 0.01

C23-7.3R 4 36.5 0.05 20.9 0.01 0.7 34.9 2.3 3.7 99.2 9.3 10.3 79.9 0.5 0.02

C23-13.3C 2 37.9 0.03 21.9 0.01 0.5 30.3 6.0 3.7 100.5 23.2 9.9 66.5 0.4 0.01

C23-13.4M 3 38.5 0.02 22.2 0.01 0.6 26.2 9.0 3.7 100.3 33.9 9.5 56.0 0.5 0.01

C23-13.2M 3 38.6 0.02 22.3 0.01 0.5 28.4 7.5 3.6 101.0 28.6 9.5 61.5 0.3 0.01

C23-13.1R 4 37.3 0.08 21.2 0.9 34.0 2.8 4.2 100.6 11.2 11.6 76.9 0.4 0.03

C23-11.1M 5 35.6 0.12 19.2 0.03 2.4 37.0 0.3 4.5 99.3 1.1 11.6 85.7 0.01 1.5 0.04

C23-11.2M 5 35.9 0.14 19.3 0.02 2.5 37.0 0.3 4.4 99.6 1.4 11.5 85.7 0.01 1.3 0.05

ARS-C13G4-3 1.1 37.4 0.14 21.1 22.3 9.8 0.6 8.6 2.0 50.0 25.0 22.0
ARS-C13G4-5 1.2 37.9 0.03 21.4 28.5 3.1 3.0 6.2 12.0 63.0 18.0 7.0

ARS-C13G4-14 1.3 39.0 0.1 20.8 22.1 2.0 1.9 13.9 8.0 49.0 39.0 4.0
ARS-C13G2-1 2.1 38.1 0.02 21.3 10.3 21.8 5.8 2.4 23.0 22.0 7.0 48.0
ARS-C13G4-4 1.1 37.4 0.14 21.1 22.3 9.8 0.6 8.6 2.0 50.0 25.0 22.0
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Table 14: (continued)

ID Zone SiO2 TiO2 Al2O3 Cr2O3 FeO MnO MgO CaO Total Py Alm Grs Sps Uv And Ca-Ti Gt

ARS-C13G4-6 1.2 37.9 0.03 21.4 28.5 3.1 3.0 6.2 12.0 63.0 18.0 7.0
ARS-C13G6-7 2.4 38.3 0.23 20.0 28.4 0.8 2.3 10.0 9.0 62.0 27.0 2.0

ARS-C13G6-10 2.5 38.3 0.06 21.2 24.6 1.6 2.4 11.8 9.0 54.0 33.0 4.0
ARS-C13G6-13 2.6 38.2 21.7 22.6 2.8 2.6 12.0 10.0 50.0 34.0 6.0
ARS-C13G13-6 3.1 38.3 0.08 20.9 23.7 5.5 1.9 9.7 8.0 53.0 27.0 12.0
ARS-C13G13-9 3.2 38.1 0.07 21.1 25.3 1.5 2.1 11.8 9.0 53.0 33.0 3.0

ARS-C13G13-12 3.3 38.0 0.18 21.2 24.7 1.6 2.3 12.0 9.0 48.0 34.0 3.0
C33-6.1C 2 36.9 0.04 21.6 0.01 30.0 5.2 1.8 5.6 101.3 7.1 64.8 15.5 11.8 0.7 0.02

C33-6.3 3 37.2 0.02 21.6 0.02 27.8 2.2 3.0 8.8 100.8 11.8 58.0 23.6 4.9 0.01 1.5 0.02

C33-6.4 4 37.7 0.04 22.0 0.03 25.4 1.4 4.8 9.4 100.9 19.0 51.4 24.8 3.0 0.02 1.7 0.03

C33-9.1C 1 36.5 0.08 21.4 0.02 26.5 6.4 0.8 9.1 101.0 3.2 55.4 24.7 14.7 0.02 1.8 0.06

C33-9.3 2 37.1 0.06 21.7 0.02 29.9 4.7 1.7 6.4 101.8 6.9 63.7 17.6 10.8 0.01 1.0 0.03

C33-9.2 2 36.7 0.05 21.5 0.01 31.8 3.2 1.8 5.9 101.1 7.4 68.0 16.1 7.4 1.0 0.02

C33-12.1 4 37.4 0.22 21.3 0.03 24.2 4.3 3.4 10.0 101.1 13.4 48.3 26.2 9.8 0.02 2.2 0.17

C33-12.2 2 37.3 0.03 21.8 0.04 28.3 3.1 1.7 9.1 101.7 6.7 60.0 24.9 7.1 0.03 1.3 0.02

C38-2.1 36.7 0.05 21.5 0.03 32.9 1.5 1.8 6.4 101.1 7.4 70.2 17.6 3.6 0.01 1.2 0.03

C38-8.1 36.5 0.12 21.2 0.02 25.2 7.8 0.6 9.4 101.0 2.2 52.2 25.4 18.1 0.02 2.0 0.09

C38-8.2 36.4 0.04 21.3 0.03 30.4 3.5 1.1 7.5 100.6 4.5 65.3 20.8 8.1 0.02 1.3 0.02

C38-23.1 36.8 0.1 21.4 0.02 26.2 6.4 0.6 9.4 101.2 2.4 55.6 25.7 14.8 0.01 1.4 0.08

C38-23.2 36.8 0.07 21.4 0.02 33.3 2.2 1.5 6.1 101.5 6.0 71.2 16.7 5.0 0.01 1.1 0.03

C25-12.1 36.9 0.07 20.9 0.01 20.1 12.0 1.2 9.4 100.8 4.7 40.5 25.4 27.4 0.01 1.9 0.05

C25-14.1 36.9 0.08 21.0 0.04 20.5 12.0 1.0 9.2 101.0 4.1 41.8 24.8 27.5 0.03 1.7 0.06

C25-4.2 37.1 0.02 21.1 0.03 21.1 10.8 1.3 9.4 101.2 5.4 42.9 25.4 24.6 0.02 1.7 0.01

C36-3.1 36.7 0.14 21.0 0.02 24.5 5.7 1.3 10.7 100.4 5.2 50.4 28.9 13.2 0.02 2.3 0.12
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Table 14: (continued)

ID Zone SiO2 TiO2 Al2O3 Cr2O3 FeO MnO MgO CaO Total Py Alm Grs Sps Uv And Ca-Ti Gt

C36-3.2 36.1 0.05 21.1 0.01 19.6 14.7 1.0 7.2 99.8 3.9 40.5 19.8 34.3 0.01 1.4 0.03

C36-6.1 36.6 0.13 20.9 0.02 18.5 14.2 0.9 9.1 100.6 3.7 37.0 24.6 32.7 0.02 1.9 0.1
C36-6.2 36.1 0.23 20.8 0.04 14.4 17.3 0.5 9.9 99.5 1.9 28.3 27.2 40.4 0.03 2.0 0.19

C36-7.1 36.7 0.12 21.1 0.02 19.2 13.3 1.2 8.6 100.5 4.9 39.3 23.5 30.7 0.01 1.5 0.09

C37-8.3C 1 38.4 0.04 22.1 0.01 5.5 24.0 6.8 4.6 101.6 26.2 8.3 12.1 52.8 0.7 0.01

C37-8.2R 4 36.8 0.02 21.3 0.02 19.1 14.4 3.4 5.4 100.7 13.9 37.2 14.5 33.1 0.01 1.3 0.01

C37-8.1R 3 37.8 0.03 21.8 0.01 17.8 15.8 3.5 5.3 102.2 13.9 35.6 14.3 35.4 0.01 0.8 0.01

C37-14.1C 1 36.8 0.12 20.8 0.02 3.3 34.3 1.5 4.0 100.8 6.0 3.6 11.0 78.7 0.01 0.6 0.04

C37-14.2M 2 37.8 0.03 21.4 0.01 0.9 31.1 5.1 4.4 100.8 19.7 11.5 68.1 0.8 0.01

C37-14.3R 4 37.0 0.06 21.2 0.03 28.3 6.9 1.5 6.6 101.8 6.1 59.2 17.7 15.7 0.01 1.2 0.03

C15-5.2 37.6 0.08 21.5 0.04 28.7 1.2 4.1 7.8 101.3 16.4 58.8 20.7 2.6 0.02 1.5 0.05

C15-7.1 37.5 0.08 21.5 0.02 29.7 1.0 3.5 7.9 101.4 13.8 61.3 21.0 2.3 0.01 1.5 0.05

C15-7.2 38.2 0.09 21.8 0.01 27.1 0.8 5.1 8.3 101.7 20.0 55.0 21.7 1.9 0.01 1.3 0.06

C15-10.1 37.4 0.05 21.6 0.02 30.5 1.2 3.2 7.5 101.6 12.6 63.3 20.0 2.7 0.01 1.4 0.03

C21-2.1 37.0 0.12 21.6 0.03 29.1 0.8 3.9 7.8 100.6 15.6 59.9 20.8 1.9 0.02 1.7 0.07

C21-4.1 37.4 0.05 21.8 0.02 29.2 0.8 3.1 8.7 101.4 12.6 60.8 23.3 1.8 0.01 1.6 0.03

C21-9.1 37.9 0.05 22.1 0.01 27.3 0.6 4.5 8.9 101.5 17.5 56.1 23.6 1.3 0.01 1.4 0.03

C21-11.1 37.2 0.07 21.8 0.02 29.2 0.7 3.8 8.1 101.0 15.2 60.0 21.5 1.6 0.01 1.7 0.04

C21-11.2 37.3 0.04 21.8 0.01 29.7 0.8 3.5 7.9 101.2 13.8 61.7 21.1 1.8 0.01 1.5 0.03

C30-7.1 38.1 0.05 22.0 0.03 27.1 1.0 4.1 9.3 101.9 16.1 55.4 24.7 2.2 0.02 1.5 0.04

C30-8.1 38.1 0.06 22.0 0.02 28.2 0.6 4.9 7.5 101.8 19.2 58.2 20.0 1.4 0.01 1.1 0.03

C30-14.1 37.8 0.09 22.0 0.03 27.2 0.9 5.3 7.7 101.3 20.8 55.4 20.4 2.0 0.02 1.4 0.06

C30-17.1 38.2 0.02 22.5 0.02 28.5 0.3 7.1 4.9 101.8 27.7 57.8 12.9 0.8 0.01 0.9 0.01

C30-17.2 37.5 0.03 22.1 0.03 31.3 0.3 4.6 5.6 101.7 18.4 64.8 15.0 0.7 0.02 1.1 0.01
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Table 14: (continued)

ID Zone SiO2 TiO2 Al2O3 Cr2O3 FeO MnO MgO CaO Total Py Alm Grs Sps Uv And Ca-Ti Gt

C31-1.1 36.9 0.11 21.2 0.02 31.2 0.9 1.8 8.8 101.2 7.2 65.4 23.4 2.1 0.02 1.8 0.08

C31-3.1C 37.2 0.07 21.6 0.02 31.5 0.6 3.7 6.4 101.3 14.9 65.3 16.9 1.5 0.01 1.4 0.03

C31-3.2 37.4 0.05 21.8 0.02 32.7 0.3 3.4 6.1 101.8 13.4 68.5 16.3 0.7 0.01 1.1 0.02

C31-6.1 37.8 0.03 22.2 0.01 29.6 0.2 6.3 5.3 101.5 24.6 59.8 14.0 0.4 1.1 0.01

C31-13.2 37.8 0.06 22.0 0.03 31.6 0.2 3.9 6.2 102.0 15.4 66.6 16.8 0.4 0.01 0.8 0.03
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Table 15: Examples of garnet REE abundances analyses conducted using LA-ICP-MS. All abundances are in units of µg/g. Elemental abundances
below detection limit are not shown. Significant figures presented are based on abundance uncertainties for individual measurements including
propagation of reference material repeatability.

ID Zone La Ce Pr Nd Sm Eu Gd Tb Dy Ho Er Tm Yb Lu

C11A-2.1C 1 0.001 0.005 0.004 0.1 0.84 0.81 9.9 4.8 49.0 10.0 23.6 2.59 15.1 2.2
C11A-2.2M 2 0.018 0.0002 0.03 0.31 0.3 3.7 1.93 24.7 6.4 20.1 2.78 17.0 2.42

C11A-2.3R 3 0.013 0.26 0.24 3.8 2.7 42.4 11.5 29.6 3.4 16.6 2.01

C11A-9.1C 2 0.009 0.08 0.09 1.4 1.12 24.0 11.1 56.0 11.2 88.0 13.9
C11A-9.2M 3 0.001 0.009 0.001 0.04 0.17 0.2 2.6 1.85 35.0 13.7 53.0 7.8 47.2 6.13

C11B-3.1 1 0.004 0.001 0.001 0.007 0.03 0.024 0.31 0.11 1.34 0.37 1.18 0.18 1.19 0.15

C11B-3.2 2 0.0003 0.0003 0.0001 0.001 0.002 0.07 0.057 1.8 1.36 10.9 2.86 23.7 3.5
C11B-3.3 3 0.002 0.003 0.007 0.07 0.1 1.8 1.6 27.0 8.6 31.8 5.6 39.4 5.6
C23-7.1C 3 0.002 0.001 0.01 0.03 0.022 0.36 0.18 2.3 0.7 2.5 0.38 2.5 0.38

C23-7.2M 3 0.0001 0.006 0.03 0.056 0.74 0.56 9.7 3.4 11.9 1.88 12.9 2.14

C23-7.3R 4 0.017 0.032 0.005 0.05 0.27 0.34 4.6 1.68 14.5 3.6 11.1 1.7 12.0 2.1
C23-13.3C 2 0.005 0.007 0.04 0.043 0.56 0.31 4.1 1.13 3.7 0.51 3.4 0.53

C23-13.4M 3 0.003 0.0008 0.01 0.025 0.22 0.21 4.9 2.7 13.0 2.43 18.0 2.9
C23-13.2M 3 0.001 0.001 0.003 0.013 0.22 0.22 4.8 2.86 15.0 3.0 22.1 3.7
C23-13.1R 4 0.002 0.008 0.002 0.02 0.22 0.26 3.9 1.78 18.2 4.5 13.0 1.83 11.5 1.81

C23-11.1M 5 0.014 0.02 0.024 0.26 0.14 2.4 0.91 4.2 0.83 6.2 1.13

C23-11.2M 5 0.0003 0.031 0.0005 0.008 0.01 0.012 0.06 0.062 0.87 0.32 1.52 0.32 2.8 0.52

C33-6.1C 2 0.001 0.006 0.002 0.04 1.06 1.02 17.4 6.3 47.6 7.9 17.9 2.22 13.5 1.78

C33-6.3 3 0.006 0.037 0.005 0.09 0.57 0.44 4.8 1.7 12.4 1.95 3.7 0.38 2.0 0.25

C33-6.4 4 0.008 0.002 0.11 0.71 0.54 5.5 1.67 9.2 1.19 1.84 0.16 0.94 0.1
C33-9.1C 1 0.003 0.03 0.005 0.06 0.32 0.28 3.3 0.96 6.9 1.58 5.2 0.85 6.9 1.07

C33-9.3 2 0.008 0.002 0.03 0.44 0.52 8.8 5.7 103.0 39.4 159.0 25.5 159.0 18.7



4.
6

I
m

p
l

i
c

a
t

i
o

n
s,C

o
n

c
l

u
s
i
o

n
s

a
n

d
F

u
t

u
r

e
W

o
r

k
1

8
1

Table 15: (continued)

ID Zone La Ce Pr Nd Sm Eu Gd Tb Dy Ho Er Tm Yb Lu

C33-9.2 2 0.006 0.002 0.03 0.41 0.35 4.6 1.56 12.8 2.33 5.7 0.73 4.5 0.63

C33-12.1 4 0.001 0.001 0.05 0.32 0.26 2.9 1.47 17.6 4.0 10.4 1.08 5.3 0.54

C38-2.1 0.0002 0.008 0.002 0.08 0.89 0.74 7.9 1.72 9.3 1.34 3.1 0.47 3.4 0.65

C38-8.1 0.02 0.06 0.009 0.09 0.33 0.28 3.3 1.06 7.4 1.42 4.3 0.72 5.8 1.05

C38-23.1 0.05 0.25 0.023 0.14 0.24 0.19 2.9 1.22 11.4 2.7 10.4 2.0 18.0 3.1
C38-23.2 0.0007 0.002 0.012 0.16 0.17 2.2 0.86 8.2 1.71 4.5 0.69 4.6 0.71

C25-12.1 0.001 0.002 0.04 0.045 0.78 0.58 12.7 5.7 27.0 4.7 32.0 3.9
C25-14.1 0.0001 0.01 0.013 0.043 0.54 0.44 8.7 3.9 21.1 5.2 48.0 7.8
C25-4.2 0.005 0.05 0.057 0.81 0.55 11.1 5.1 24.4 4.4 31.9 4.9

C37-8.3C 1 0.012 0.042 0.004 0.06 1.11 1.33 15.5 5.7 46.0 9.2 26.0 4.0 28.0 4.3
C37-8.2R 4 0.0002 0.03 0.36 0.41 5.2 1.94 12.5 1.88 4.1 0.54 3.4 0.48

C37-8.1R 3 0.001 0.04 0.39 0.45 5.8 2.15 13.1 1.57 2.6 0.29 1.51 0.21

C37-14.1C 1 0.005 0.14 0.04 0.38 0.22 1.8 0.36 2.2 0.51 1.42 0.2 1.58 0.23

C37-14.2M 2 0.0007 0.022 0.002 0.03 0.19 0.16 1.5 0.41 3.1 0.67 1.98 0.3 2.0 0.32

C37-14.3R 4 0.001 0.003 0.001 0.03 0.32 0.38 5.1 2.11 18.6 3.72 10.3 1.39 8.6 1.17

C15-5.2 0.0001 0.06 0.74 1.0 11.8 6.4 66.0 13.4 35.0 4.4 24.6 3.03

C15-7.1 0.001 0.001 0.02 0.4 0.69 8.0 5.4 68.0 16.5 49.4 6.9 40.6 4.9
C15-7.2 0.003 0.025 0.004 0.06 0.57 0.86 9.6 5.9 62.0 13.1 34.6 4.5 25.0 3.1

C15-10.1 0.001 0.014 0.002 0.1 1.11 1.38 12.0 4.02 23.5 3.96 11.1 1.84 14.8 2.87

C21-2.1 0.001 0.04 0.51 0.72 7.8 4.71 55.8 13.1 38.0 5.0 29.2 3.6
C21-4.1 0.001 0.05 0.34 0.43 3.8 1.91 20.8 5.2 17.5 2.78 18.3 2.74

C21-9.1 0.003 0.001 0.05 0.54 0.63 4.8 1.89 14.9 2.76 7.2 1.05 7.7 1.36

C21-11.1 0.001 0.04 0.45 0.44 3.8 1.4 11.8 2.29 6.2 0.83 5.3 0.81

C21-11.2 0.001 0.012 0.005 0.1 0.96 1.18 10.4 3.9 30.1 5.6 16.1 2.34 15.6 2.16
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Table 15: (continued)

ID Zone La Ce Pr Nd Sm Eu Gd Tb Dy Ho Er Tm Yb Lu

C30-7.1 0.004 0.001 0.06 0.4 0.5 3.9 1.39 13.2 3.3 11.4 1.81 13.5 2.3
C30-8.1 0.001 0.008 0.002 0.12 1.56 2.05 16.3 4.6 28.8 5.03 13.4 1.93 13.2 1.93

C30-14.1 0.0001 0.001 0.11 1.56 2.34 21.8 9.2 78.0 14.2 36.6 4.88 27.7 3.06

C30-17.1 0.002 0.002 0.09 0.7 0.86 5.8 1.33 8.1 1.46 3.5 0.42 2.3 0.33

C30-17.2 0.001 0.004 0.14 1.18 1.38 9.0 1.92 10.4 1.61 3.6 0.43 2.6 0.35

C31-1.1 0.01 0.009 0.001 0.006 0.08 0.38 3.1 2.62 41.9 12.2 35.9 4.4 23.1 2.63

C31-3.1C 0.004 0.004 0.14 1.4 2.15 20.1 4.7 18.3 2.11 5.1 0.77 6.5 1.36

C31-3.2 0.001 0.004 0.001 0.12 1.8 2.31 17.4 3.4 12.7 1.46 3.2 0.47 3.9 0.8
C31-6.1 0.002 0.1 1.48 1.98 13.1 2.71 12.4 1.77 4.4 0.55 3.8 0.67

C31-13.2 0.002 0.002 0.17 1.7 1.99 16.1 3.24 16.2 2.58 6.6 0.9 5.9 1.05
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Table 16: Examples of garnet trace element abundances (exclusive of REE) from analyses conducted using LA-ICP-MS. All abundances are in
units of µg/g. Elemental abundances below detection limit are not shown. Significant figures presented are based on abundance uncertainties
for individual measurements including propagation of reference material repeatability. Analyses with likely zircon or phengite inclusions have
been excluded (Zr ¿ 100 ppm, Rb ¿ 1 ppm).

ID Zone Cs Rb Ba Th U Nb Pb Sr P Zr Hf Ti Li Y V Sc Cr Ni

C11A-2.1C 1 0.009 0.03 0.002 0.02 0.04 50.0 0.72 0.011 102.0 0.5 290.0 1.0 62.0 42.0 7.0
C11A-2.2M 2 0.005 0.02 0.013 0.02 58.0 1.2 0.016 147.0 0.7 189.0 0.13 58.0 66.0 6.0
C11A-2.3R 3 0.06 0.001 0.005 0.1 0.019 35.0 0.39 0.008 166.0 4.5 311.0 8.7 40.3 29.0 6.6
C11A-9.1C 2 0.08 0.015 0.05 40.0 0.38 73.0 4.2 290.0 0.14 154.0 31.0 4.4
C11A-9.2M 3 0.003 0.08 0.005 0.03 40.0 0.38 0.003 118.0 4.7 340.0 0.18 106.9 46.0 5.0

C11B-3.1 1 0.001 0.008 0.004 68.0 0.1 0.004 154.0 2.4 14.2 0.16 4.5 9.3 4.6
C11B-3.2 2 0.006 0.02 0.002 0.025 0.018 41.0 0.5 0.002 116.0 2.3 51.0 0.1 57.5 40.0 4.0
C11B-3.3 3 0.001 0.05 0.001 0.0002 0.05 0.03 28.0 0.21 0.008 144.0 4.4 260.0 0.21 65.2 21.0 5.0
C23-7.1C 3 0.001 0.01 0.23 0.007 55.0 0.21 90.0 1.9 26.2 0.25 7.8 34.0 4.1
C23-7.2M 3 0.004 0.03 0.024 0.011 52.0 0.51 0.005 84.0 4.6 132.2 0.28 40.0 38.0 4.9
C23-7.3R 4 0.004 0.04 0.02 0.005 0.009 0.17 0.04 30.0 0.73 0.016 380.0 1.4 127.0 0.1 41.0 60.0 3.1

C23-13.3C 2 0.01 0.02 48.0 0.11 0.004 145.0 3.0 47.2 0.32 9.0 54.0 5.0
C23-13.4M 3 0.003 0.03 0.01 0.04 0.013 45.0 0.44 0.007 100.0 5.8 89.0 0.41 68.0 41.0 5.0
C23-13.2M 3 0.002 0.02 0.003 0.02 42.0 0.41 0.012 81.0 5.2 98.0 0.14 78.0 35.0 5.0
C23-13.1R 4 0.001 0.03 0.006 0.25 0.008 28.0 0.39 0.016 359.0 1.4 157.0 0.11 32.1 64.0 2.8
C23-11.1M 5 0.02 0.05 0.28 0.05 0.02 27.0 1.9 0.04 840.0 1.6 34.0 4.8 44.1 96.0 3.2
C23-11.2M 5 0.023 0.5 2.6 0.27 0.72 0.1 24.0 1.02 0.017 730.0 1.6 11.1 6.8 35.0 87.0 8.0
C33-6.1C 2 0.001 0.05 0.009 0.03 0.016 0.029 0.04 27.0 1.4 0.04 182.0 6.2 194.0 38.0 126.0 38.0 6.0
C33-6.3 3 0.016 0.026 0.16 0.027 0.03 34.0 10.0 0.4 157.0 1.8 56.7 32.0 30.7 207.0 8.0
C33-6.4 4 0.003 0.01 0.001 0.05 0.021 0.014 31.0 4.0 0.09 176.0 1.2 34.0 36.0 18.9 162.0 9.0

C33-9.1C 1 0.008 0.12 0.2 0.07 0.27 0.17 0.05 0.3 35.0 24.0 0.5 456.0 9.2 43.0 81.0 62.0 81.0 6.2
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Table 16: (continued)

ID Zone Cs Rb Ba Th U Nb Pb Sr P Zr Hf Ti Li Y V Sc Cr Ni

C33-9.3 2 0.003 0.27 0.09 0.4 0.07 0.03 0.13 26.0 30.0 0.8 230.0 11.7 1051.0 42.0 135.0 58.0 7.0
C33-9.2 2 0.005 0.04 0.03 0.02 0.11 0.011 0.026 0.029 34.0 10.0 0.2 224.0 7.9 60.0 41.0 78.0 59.0 5.0

C33-12.1 4 0.01 0.03 0.009 0.013 0.011 26.0 0.27 0.012 144.0 2.0 115.0 39.2 96.0 213.0 8.0
C38-2.1 0.02 0.02 0.1 0.002 0.019 0.012 35.0 10.0 0.13 212.0 11.6 37.2 35.2 109.0 39.0 6.0
C38-8.1 0.01 0.1 0.17 0.13 0.03 0.5 80.0 11.0 0.4 452.0 10.9 40.4 69.6 71.0 41.0 7.0

C38-23.1 0.02 0.06 0.22 0.3 0.1 0.2 0.6 70.0 30.0 0.7 413.0 8.6 76.0 68.0 69.0 57.0 16.0
C38-23.2 0.004 0.01 0.01 0.02 1.0 0.01 34.0 1.2 0.03 400.0 10.9 44.3 28.5 94.0 51.0 4.8
C25-12.1 0.011 0.04 0.011 0.03 0.012 0.03 34.0 5.0 0.13 293.0 10.6 188.0 37.5 65.0 76.0 8.0
C25-14.1 0.006 0.05 0.004 0.006 0.04 34.0 3.0 0.05 565.0 15.0 143.0 41.6 33.2 132.0 8.0
C25-4.2 0.004 0.06 0.006 0.03 0.004 0.017 38.0 7.0 0.2 383.0 12.1 169.0 45.6 86.0 99.0 8.0

C37-8.3C 1 1.1 13.0 6.8 0.07 0.024 0.04 0.6 0.7 56.0 1.0 0.04 210.0 2.9 240.0 24.0 97.0 44.0 18.0
C37-8.2R 4 0.01 0.04 0.2 0.2 0.022 0.04 31.0 0.22 160.0 2.3 55.0 13.2 32.7 114.0 5.0
C37-8.1R 3 0.001 0.01 0.001 0.001 0.001 0.019 0.003 38.0 0.34 0.004 82.0 2.1 51.2 7.9 27.9 66.0 7.0

C37-14.1C 1 0.002 0.06 0.14 0.08 0.015 1.3 0.14 0.05 32.0 6.3 0.14 920.0 2.6 15.7 0.6 8.0 24.0 4.2
C37-14.2M 2 0.04 0.02 0.002 0.001 0.09 0.09 0.04 42.0 1.1 0.03 290.0 0.2 21.4 0.31 10.5 33.0 8.0
C37-14.3R 4 0.03 0.01 0.033 0.016 30.0 0.37 0.002 178.0 1.0 103.0 13.1 38.1 179.0 5.7

C15-5.2 0.06 0.02 31.0 0.8 0.009 333.0 1.0 340.0 47.9 81.6 86.0 6.0
C15-7.1 0.004 0.08 0.013 0.026 0.002 0.024 28.0 160.0 3.1 361.0 0.4 419.0 46.4 77.0 69.0 7.0
C15-7.2 0.004 0.06 0.01 0.14 0.26 0.008 0.06 40.0 640.0 13.0 360.0 0.5 334.0 52.5 66.8 66.0 6.3

C15-10.1 0.002 0.01 0.1 0.28 0.01 0.006 0.03 28.0 700.0 13.0 182.0 0.1 98.9 31.5 98.0 68.0 4.0
C21-2.1 0.007 0.06 0.004 0.014 30.0 0.26 0.014 262.0 1.2 332.0 70.6 104.0 71.0 8.0
C21-4.1 0.001 0.04 0.007 0.011 33.0 0.37 151.0 0.6 136.2 20.5 64.0 62.0 7.0
C21-9.1 0.011 0.03 0.001 0.003 0.009 0.008 35.0 0.48 126.0 0.8 72.0 31.9 72.2 52.0 9.0

C21-11.1 0.01 0.002 0.05 0.02 28.0 30.0 1.0 126.0 0.5 65.0 22.4 59.0 69.0 5.0
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Table 16: (continued)

ID Zone Cs Rb Ba Th U Nb Pb Sr P Zr Hf Ti Li Y V Sc Cr Ni

C21-11.2 0.005 0.03 0.04 0.27 0.006 0.09 42.0 180.0 3.5 273.0 0.8 147.0 27.3 61.0 98.0 6.0
C30-7.1 0.006 0.02 0.007 0.07 0.001 0.008 34.0 40.0 0.8 184.0 91.0 50.8 61.0 142.0 6.0
C30-8.1 0.08 0.04 0.01 0.11 0.007 0.015 36.0 38.0 0.6 330.0 0.9 127.0 59.7 39.4 81.0 6.0

C30-14.1 0.006 0.07 0.001 0.014 31.0 0.7 0.018 398.0 1.3 359.0 39.8 32.5 78.0 7.0
C30-17.1 0.003 0.005 39.0 0.35 0.004 61.0 0.4 39.8 17.4 54.6 65.0 4.0
C30-17.2 0.002 0.01 0.001 0.004 0.002 38.0 0.79 0.005 147.0 0.7 43.8 27.4 38.2 123.0 4.2
C31-1.1 0.004 0.06 0.001 0.005 0.06 0.002 0.11 33.0 1.6 0.04 460.0 1.6 363.0 173.0 113.0 21.0 6.0

C31-3.1C 0.003 0.01 0.01 0.005 0.009 0.004 0.011 37.0 20.0 0.4 268.0 1.8 50.0 38.6 73.0 60.0 6.0
C31-3.2 0.014 0.21 0.13 0.007 0.02 0.15 0.011 0.05 37.0 20.0 0.3 400.0 1.4 34.7 37.9 71.8 59.0 4.0
C31-6.1 0.03 0.001 0.002 0.01 39.0 0.43 0.004 103.0 0.6 44.4 29.5 68.4 11.2 4.0
C31-13.2 0.02 0.004 0.02 39.0 1.1 0.018 190.0 1.8 53.1 36.6 70.6 132.0 5.0
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Table 17: Examples of garnet SHRIMP oxygen isotope analyses.

ID Zone Measured δ18O ± Grs Sps And Py Alm Total Bias UWG 2SE Corrected δ18O ±
‰ ‰ ‰ ‰ ‰ ‰

C11A-2.1C 1 19.0 0.17 10.3 57.2 0.5 32.0 0.7 0.12 18.2 0.29

C11A-2.2M 2 18.3 0.19 11.6 61.6 0.7 26.0 0.9 0.12 17.3 0.31

C11A-2.3R 3 13.8 0.21 25.0 31.7 2.5 8.6 32.1 1.6 0.12 12.2 0.33

C11A-9.1C 2 17.1 0.16 10.4 60.5 0.5 28.6 0.8 0.12 16.3 0.28

C11A-9.2M 3 16.0 0.15 13.3 68.9 0.7 17.0 1.2 0.12 14.7 0.29

C11B-3.1 1 17.6 0.17 10.5 58.5 0.4 30.6 0.8 0.12 16.8 0.29

C11B-3.2 2 18.8 0.2 13.6 67.6 1.0 17.8 1.3 0.12 17.5 0.32

C11B-3.3 3 17.2 0.18 10.4 79.1 0.6 9.8 1.1 0.12 16.0 0.3
C23-7.1C 3 18.3 0.16 10.4 58.5 0.4 30.6 0.8 0.12 17.5 0.28

C23-7.2M 3 18.0 0.2 9.4 53.7 0.5 36.4 0.6 0.12 17.4 0.3
C23-7.3R 4 17.4 0.19 10.3 79.9 0.5 9.3 1.1 0.12 16.2 0.3

C23-13.3C 2 18.7 0.18 9.9 66.5 0.4 23.2 0.9 0.12 17.9 0.29

C23-13.4M 3 18.2 0.2 9.5 56.0 0.5 33.9 0.6 0.12 17.6 0.3
C23-13.2M 3 17.1 0.18 9.5 61.5 0.3 28.6 0.7 0.12 16.4 0.29

C23-13.1R 4 16.4 0.19 11.6 76.9 0.4 11.2 1.2 0.12 15.2 0.3
C23-11.1M 5 11.3 0.14 11.6 85.7 1.5 1.1 1.4 0.12 9.9 0.28

C23-11.2M 5 11.3 0.17 11.5 85.7 1.3 1.4 1.4 0.12 9.9 0.3
ARS-C13G4-3 1.1 15.4 0.24 25.0 22.0 2.0 50.0 1.3 0.11 14.1 0.36

ARS-C13G4-5 1.2 16.2 0.24 18.0 7.0 12.0 63.0 0.5 0.11 15.7 0.36

ARS-C13G4-14 1.3 4.2 0.22 39.0 4.0 8.0 49.0 1.8 0.11 2.4 0.35

ARS-C13G2-1 2.1 16.1 0.25 7.0 48.0 23.0 22.0 0.2 0.11 15.9 0.28

ARS-C13G4-4 1.1 15.4 0.25 25.0 22.0 2.0 50.0 1.3 0.11 14.1 0.37

ARS-C13G4-6 1.2 16.4 0.25 18.0 7.0 12.0 63.0 0.5 0.11 15.9 0.37
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Table 17: (continued)

ID Zone Measured δ18O ± Grs Sps And Py Alm Total Bias UWG 2SE Corrected δ18O ±
‰ ‰ % % % % % ‰ ‰ ‰ ‰

ARS-C13G6-7 2.4 7.5 0.23 27.0 2.0 9.0 62.0 1.2 0.11 6.3 0.35

ARS-C13G6-10 2.5 7.2 0.22 33.0 4.0 9.0 54.0 1.5 0.11 5.7 0.35

ARS-C13G6-13 2.6 3.6 0.22 34.0 6.0 10.0 50.0 1.6 0.11 2.0 0.35

ARS-C13G13-6 3.1 13.9 0.23 27.0 12.0 8.0 53.0 1.3 0.11 12.7 0.35

ARS-C13G13-9 3.2 9.5 0.21 33.0 3.0 9.0 53.0 1.5 0.11 7.9 0.34

ARS-C13G13-12 3.3 4.2 0.21 34.0 3.0 9.0 48.0 1.6 0.11 2.6 0.34

C33-6.1C 2 17.5 0.15 15.5 11.8 0.7 7.1 64.8 0.4 0.12 17.1 0.3
C33-6.3 3 9.7 0.2 23.6 4.9 1.5 11.8 58.0 1.0 0.12 8.8 0.34

C33-6.4 4 6.6 0.15 24.8 3.0 1.7 19.0 51.4 1.1 0.12 5.5 0.31

C33-9.1C 1 18.4 0.14 24.7 14.7 1.8 3.2 55.4 1.2 0.12 17.1 0.3
C33-9.3 2 17.9 0.2 17.6 10.8 1.0 6.9 63.7 0.6 0.12 17.3 0.33

C33-9.2 2 18.5 0.17 16.1 7.4 1.0 7.4 68.0 0.4 0.12 18.1 0.32

C33-12.1 4 5.0 0.19 26.2 9.8 2.2 13.4 48.3 1.3 0.12 3.8 0.33

C33-12.2 2 18.4 0.2 24.9 7.1 1.3 6.7 60.0 1.1 0.12 17.3 0.34

C38-2.1 18.8 0.16 17.6 3.6 1.2 7.4 70.2 0.5 0.12 18.3 0.32

C38-8.1 18.3 0.17 25.4 18.1 2.0 2.2 52.2 1.4 0.12 17.0 0.31

C38-8.2 18.3 0.17 20.8 8.1 1.3 4.5 65.3 0.8 0.12 17.5 0.32

C38-23.1 18.2 0.2 25.7 14.8 1.4 2.4 55.6 1.3 0.12 16.9 0.33

C38-23.2 18.6 0.15 16.7 5.0 1.1 6.0 71.2 0.4 0.12 18.2 0.31

C25-12.1 20.2 0.17 25.4 27.4 1.9 4.7 40.5 1.5 0.12 18.7 0.32

C25-14.1 19.4 0.16 24.8 27.5 1.7 4.1 41.8 1.5 0.12 17.9 0.31

C25-4.2 18.7 0.11 25.4 24.6 1.7 5.4 42.9 1.5 0.12 17.3 0.29

C36-3.1 19.9 0.18 28.9 13.2 2.3 5.2 50.4 1.5 0.12 18.4 0.32
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Table 17: (continued)

ID Zone Measured δ18O ± Grs Sps And Py Alm Total Bias UWG 2SE Corrected δ18O ±
‰ ‰ % % % % % ‰ ‰ ‰ ‰

C36-3.2 19.2 0.18 19.8 34.3 1.4 3.9 40.5 1.2 0.12 18.0 0.32

C36-6.1 20.3 0.18 24.6 32.7 1.9 3.7 37.0 1.6 0.12 18.7 0.32

C36-6.2 19.9 0.17 27.2 40.4 2.0 1.9 28.3 1.9 0.12 18.0 0.31

C36-7.1 19.4 0.15 23.5 30.7 1.5 4.9 39.3 1.4 0.12 18.0 0.3
C37-8.3C 1 18.8 0.17 12.1 52.8 0.7 26.2 8.3 0.8 0.12 18.0 0.29

C37-8.2R 4 18.2 0.17 14.5 33.1 1.3 13.9 37.2 0.7 0.12 17.5 0.3
C37-8.1R 3 18.2 0.2 14.3 35.4 0.8 13.9 35.6 0.7 0.12 17.5 0.32

C37-14.1C 1 18.7 0.18 11.0 78.7 0.6 6.0 3.6 1.2 0.12 17.5 0.3
C37-14.2M 2 19.8 0.17 11.5 68.1 0.8 19.7 1.1 0.12 18.8 0.29

C37-14.3R 4 16.7 0.18 17.7 15.7 1.2 6.1 59.2 0.7 0.12 16.0 0.32

C15-5.2 8.8 0.18 20.7 2.6 1.5 16.4 58.8 0.8 0.12 8.0 0.33

C15-7.1 9.0 0.2 21.0 2.3 1.5 13.8 61.3 0.8 0.12 8.2 0.34

C15-7.2 9.8 0.19 21.7 1.9 1.3 20.0 55.0 0.8 0.12 8.9 0.33

C15-10.1 8.3 0.17 20.0 2.7 1.4 12.6 63.3 0.7 0.12 7.6 0.32

C21-2.1 8.9 0.18 20.8 1.9 1.7 15.6 59.9 0.8 0.12 8.2 0.33

C21-4.1 9.0 0.18 23.3 1.8 1.6 12.6 60.8 1.0 0.12 8.0 0.32

C21-9.1 8.1 0.17 23.6 1.3 1.4 17.5 56.1 1.0 0.12 7.1 0.32

C21-11.1 8.3 0.15 21.5 1.6 1.7 15.2 60.0 0.8 0.12 7.5 0.31

C21-11.2 8.7 0.16 21.1 1.8 1.5 13.8 61.7 0.8 0.12 7.9 0.31

C30-7.1 9.3 0.2 24.7 2.2 1.5 16.1 55.4 1.1 0.12 8.3 0.34

C30-8.1 8.5 0.19 20.0 1.4 1.1 19.2 58.2 0.7 0.12 7.8 0.33

C30-14.1 8.7 0.2 20.4 2.0 1.4 20.8 55.4 0.7 0.12 8.0 0.33

C30-17.1 8.5 0.19 12.9 0.8 0.9 27.7 57.8 0.1 0.12 8.4 0.34
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Table 17: (continued)

ID Zone Measured δ18O ± Grs Sps And Py Alm Total Bias UWG 2SE Corrected δ18O ±
‰ ‰ % % % % % ‰ ‰ ‰ ‰

C30-17.2 8.7 0.16 15.0 0.7 1.1 18.4 64.8 0.3 0.12 8.4 0.32

C31-1.1 9.6 0.16 23.4 2.1 1.8 7.2 65.4 1.0 0.12 8.6 0.32

C31-3.1C 9.1 0.14 16.9 1.5 1.4 14.9 65.3 0.4 0.12 8.7 0.31

C31-3.2 8.6 0.17 16.3 0.7 1.1 13.4 68.5 0.4 0.12 8.2 0.32

C31-6.1 8.3 0.15 14.0 0.4 1.1 24.6 59.8 0.2 0.12 8.2 0.32

C31-13.2 8.2 0.16 16.8 0.4 0.8 15.4 66.6 0.4 0.12 7.8 0.31
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Abstract

Boron is a fluid-mobile incompatible trace element which has been widely
used in studies of fluid-rock interaction across a variety of environments
and geological scenarios. The capability to produce accurate and precise
SIMS measurements of boron isotopes is limited to a relatively small num-
ber of labs worldwide. Given their utility to the investigation of fluid-rock
interaction, it was decided to develop analytical capability for boron isotope
analysis by SIMS at ANU.

Development of a method and procedure for boron abundance and boron
isotope analyses using existing infrastructure has been undertaken on the
SHRIMP II at ANU. Measurements were conducted with an oxygen ion
primary beam, and the positive secondary boron ions 10B+ and 11B+ were
collected in both single-collector and multi-collector mode. Single-collector
analyses have been conducted on natural (MPI-DING) and synthetic (NIST)
glasses (2.5 to 500 µg/g boron), and a range of hydrous minerals including
serpentine and phengite (likely abundance range of <0.5 µg/g to 500 µg/g).
Multi-collector analyses have been conducted on tourmaline and phengite,
with an established measurement routine for tourmaline documented. Un-
der this optimised configuration, repeated 5-6 minute multi-collector boron
isotope measurements of the reference tourmaline B4 have repeatability of
± <0.5 ‰ (2σ, similar to that achievable on a Cameca ims-1280 HR). This
level of precision is sufficient to resolve intra-mineral variations and differ-
ences between samples in natural metamorphic rocks. Analyses of phyllosil-
icates with intermediate boron abundances (e.g. phengite and serpentine,
using two proposed reference materials) show sufficient repeatability to dis-
tinguish geological variation in natural high-pressure metamorphic suites.

Matrix biases between established reference materials were quantified
for a selection of synthetic and a range of natural-composition glass refer-
ence materials (NIST, Gorgona komatiite GOR-128, Kilauea basalt KL2-G
and St. Helens andesite StHs6/80-G; range in bias of 5 ‰) and a selection of
reference tourmalines (with compositions intermediate between schorl and
dravite; range in bias of 3 ‰).
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5.1 Introduction

Boron is a fluid-mobile incompatible trace element widely used in studies
of fluid-rock interaction across a variety of geological environments, and
provides complementary geochemical information to oxygen isotopes. Be-
ing a fluid-mobile incompatible trace element, boron is more sensitive to
fluid-rock interaction than oxygen. Both boron abundances and boron iso-
topes can be used to extract information regarding fluid-rock interaction
events and potential fluid sources (e.g. Marschall et al., 2006b; van Hinsberg
et al., 2011; Konrad-Schmolke and Halama, 2014). Boron abundance varies
strongly between geological reservoirs, with boron abundances from 0.077 ±
0.010 µg/g and 0.34-0.74 µg/g in mantle rocks and unaltered basaltic crust,
respectively (Chaussidon and Jambon, 1994; Marschall et al., 2017), through
to altered oceanic crust and boron rich sedimentary sequences (up to 100’s
of µg/g; Wunder et al., 2005; Tonarini et al., 2009; Deschamps et al., 2013;
Kodolányi et al., 2012; Ishikawa and Nakamura, 1993). These reservoirs ex-
hibit a wide range of boron isotope compositions (from mantle rocks with
δ11B of -7.1 to serpentinites and altered mafic crust which can have δ11B
>+20‰; Wunder et al., 2005; Marschall et al., 2017), with rocks interacting
with seawater tending to inherit high δ11B (as discussed further in the fol-
lowing chapter; Spivack et al., 1987; Smith et al., 1995).

The Sensitive High Resolution Ion Microprobe (SHRIMP) instruments
are suitable for the analysis of light isotopes, particularly in a multi-collector
configuration (where time-variable signals are better accommodated, and
at high abundances measurement times can be reduced for equivalent pre-
cision; Ickert et al., 2008). The high mass resolution allows separation of
isobars present in hydrous minerals (e.g. 10BH+, requiring mass resolution
of 960), while sensitivity is sufficient to produce geologically useful mea-
surement precision given appropriate analytical setup. The low sampling
volume and high spatial resolution of Secondary Ionisation Mass Spectrom-
etry (SIMS) instruments enable almost non-destructive in-situ isotopic anal-
ysis (Ireland et al., 2014), at scales comparable to common mineral chemical
zonation. While the viability of boron isotope analyses had previously been
verified (by Stewart Eldridge, Peter Holden and Chuck Magee), this is the
first significant study regarding development of a routine protocol and in-
vestigation of likely analytical performance within the ANU SHRIMP lab.
The capability to produce accurate and precise boron isotope measurements
in-situ is afforded to only a small number of labs worldwide, especially with
regard to SIMS. The capability for quantitative boron isotope analysis was
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principally developed and grew in use through the Chaussidon group in
Nancy (Chaussidon and Albarède, 1992; Chakraborty et al., 1993; Chaussi-
don and Koeberl, 1995; Chaussidon et al., 1997), and has since expanded to a
number of further labs which have routinely produced SIMS boron isotope
data (e.g. Heidelberg, Woods Hole Oceanographic Institution, Potsdam, Ed-
inburgh, Arizona State University; Kasemann et al., 2001; Marschall et al.,
2004; De Hoog et al., 2014; Williams et al., 2001). The Research School of
Earth Sciences (RSES) at ANU is renowned for frontier geoscience research
facilitated by method development and investment in research infrastruc-
ture (of which the SHRIMP laboratory is one key example); the addition of
a new method may foster new research directions and external collabora-
tions. This investigation describes expected analytical performance under
a routine instrument setup for the analysis of tourmaline, white micas and
serpentine.

This section of the thesis details the work conducted to establish routine
boron isotope analysis of tourmaline, with existing routines giving promis-
ing results for investigations of natural samples. In addition to this, the
groundwork has been laid for boron abundance and boron isotope analysis
of phyllosilicates, specifically for the white micas and serpentine. This chap-
ter will cover analytical development for boron isotope analysis of glasses,
tourmaline and phyllosilicates, and has been divided into sections dealing
with:

• Instrument Setup, Operating Conditions and Technical Considerations

• Single-collector boron isotope analyses

– Glass reference materials

– Natural mineral targets

• Multi-collector boron isotope analyses

– Testing on white micas

– Analyses of tourmaline reference materials

– Matrix bias investigation across the schorl-dravite series

5.2 Aims and Scope

The ultimate aim of this project is to develop accurate and precise in-situ
boron isotope measurements of common boron-bearing geological materials
(glasses at 1-350 µg/g B, white mica with up to 500 µg/g B and tourma-
line with ≈ 3 wt% B). This included investigating potential analytical biases,
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optimal measurement routines, expected precision and documenting diffi-
culties with the technique. This chapter details investigation of lower-boron
phases such as the white micas and serpentine (and briefly covers other mi-
cas and amphibole), but focuses on successful development for tourmaline
δ11B analysis. For a targeted investigation of natural metamorphic tourma-
lines, required measurement precision to practically resolve geological dif-
ferences is on the order of 0.5 to 1.0 ‰. Differences at this level represent
a relatively small fraction of the geological δ11B range, and are similar to
expected changes during metamorphic geochemical evolution as might be
recorded by mineral zonation.

Tourmaline boron isotope measurements were tested on tourmalines from
metasediments at Lago di Cignana (Chapter 6), to complement information
obtained from garnet δ18O and trace element measurements in the same
samples (Chapter 4). Following initial work on SHRIMP RG, SHRIMP II
(both at ANU) and SHRIMP IIe at Geoscience Australia (GA), it became ev-
ident that the existing hardware configuration may not yet allow accurate
and precise concurrent measurements of lithium and boron isotopes. Such
measurements were hindered by an inability to achieve stable measurement
conditions for both isotope systems under a single instrument setup. Despite
lithium exhibiting a higher ion yield (by a factor of >2 at high energy and
>13 at low energy; Hinton, 1990) and similar geological relevance, the higher
relative mass difference of lithium isotopes and their light masses render
them more sensitive than heavier isotopes to both stray fields and instrumen-
tal steering. Furthermore, while multi-collector boron isotope measurements
are possible within standard SHRIMP II detector chamber spacings, lithium
isotopes require wider spacing of detectors possible only in modern-format
SHRIMP IIe-AMC/SHRIMP V detector chambers. Lithium isotopes are not
readily measurable with the current SHRIMP II setup, and measurements of
lithium abundances and isotope ratios will not be discussed further.

A Note on Terminology

Where relevant, definitions and concepts provided by the Joint Committee
for Guides in Metrology (BIPM et al., 2008, 2012) will be used, with some
additional clarification for specificity:

Precision Closeness of agreement between indications or measured quantity val-
ues obtained by replicate measurements on the same or similar objects
under specified conditions. In the case of SHRIMP isotope ratio mea-
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surements, this refers to internal precision on a single analysis based
on a set of sub-measurements over the measurement interval.

External Precision Uncertainty on the value of a single measurement considering both
internal precision and the repeatability of the reference material used
for standardisation.

Repeatability Closeness of replicate measurements on the same material under the
same measurement conditions (i.e. same or very similar procedure, op-
erating conditions), within a short period of time. Here this is used
to refer to precision of measurements on a single target (typically ei-
ther multiple fragments/grains of the same material) within a single
analytical session (typically 8-48 hours).

Reproducibility Closeness of replicate measurements on the same material under sim-
ilar or slightly different measurement conditions (i.e. same or very sim-
ilar procedure, operating conditions). Here this refers to precision of
repeated measurements of a single target material (typically either mul-
tiple fragments/grains of the same material) across multiple analytical
sessions.

Additionally, for single-collector electron multiplier measurements the
ion yield is here expressed normalised to primary beam intensity where
possible (’relative ion yield’, counts/sec/nA) as primary beam intensity rou-
tinely changes between sessions. This will be modulated by both sputter
rates and ionisation efficiency between different materials. This definition
differs to absolute ion yields which require a calculation of pit volume to
determine the relative transmission of ions from the target through the in-
strument.

5.3 SIMS Instrumentation and Measurement Precision Expectations

Measurements of boron isotope ratios on bulk samples can be conducted
using thermal ionisation mass spectrometry (e.g. Spivack and Edmond, 1986;
Rao et al., 2009; He et al., 2013) or multi-collector ICP-MS (Holcomb et al.,
2015), but for in-situ measurements either SIMS or multi-collector LA-ICP-
MS are typically used (e.g. for LA-ICP-MS, Aggarwal et al., 2004; Fietzke
et al., 2010; Mikova et al., 2014; Martin et al., 2016). SIMS is well suited
to the analysis of elements such as boron in targets containing a range in
abundance, for targeting individual textures and mineral zonation at small
scale, and is minimally-destructive.
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While SIMS instruments all contain essentially similar components (an
ion source, extraction system, electrostatic analyser and magnet) a number
of different SIMS instruments exist, each with a few major and many mi-
nor differences. One major division between SIMS instruments is their size
(specifically the size and radius of the magnetic sector), which determines
the sensitivity/mass resolution achievable. Small-format SIMS instruments
(such as the Cameca ims-3f to ims-7f) have magnetic sectors with 12 cm
radii, while large-format instruments such as SHRIMP and the Cameca ims-
1270/ims-1280 instruments have radii of 100 cm and 58.5 cm, respectively, al-
lowing for higher mass resolution while retaining sensitivity (Ireland, 1995;
Ireland and Williams, 2003; Ireland et al., 2014).

Globally, SIMS analysis of δ11B is currently utilised in research spanning
materials science and nuclear engineering through to ocean chemistry, sub-
duction dynamics and the understanding of deep Earth and solar system
materials. The requirements for these targets are as diverse as the materi-
als themselves. Here a brief overview of the current analytical capability is
presented for comparison. Notably, development for boron isotope analyses
has been simultaneously occurring at a number of SHIRMP labs worldwide,
including the Stanford SHRIMP RG (e.g. Menold et al., 2016; Sievers et al.,
2017), Japanese (National Institute of Polar Research SHRIMP IIe with an Ad-
vanced Multi-collector) and Canadian Geological Survey labs. A number of
Cameca-based labs have produced or are routinely producing in-situ boron
isotope data. A short list of these laboratories and associated researchers
names (many of which are mentioned further below) begins with the CNRS
Nancy lab, where the technique developed and expanded from under the su-
pervisor of Marc Chaussidon (Chaussidon and Albarède, 1992; Chakraborty
et al., 1993; Chaussidon and Koeberl, 1995; Chaussidon et al., 1997). In addi-
tion, this list includes:

• The Heidelberg SIMS lab using a modified ims-3f (including Ludwig
and Marschall papers from 2004-2014; e.g. Marschall and Ludwig, 2004;
Marschall et al., 2006a,b,c, 2007a; van Hinsberg and Marschall, 2007;
Marschall et al., 2008, 2009a,b,c; Ludwig et al., 2011),

• University of Tokyo (Sugiura et al., 2001),

• Max Planck Institute, Mainz (Hoppe et al., 2001)

• Arizona State University (ims-3f; Richard Hervig, Lynda Williams; e.g.
Williams et al., 2001; Hervig et al., 2002),

• The Northeast National Ion Microprobe Facility (NENIMF) at Woods
Hole Oceanographic Institution (currently running an ims-1280 using
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a single collector, and ims-3f; Nobumichi Shimizu, Brian Monteleone
and Horst Marschall; e.g. Rose et al., 2001; Marschall and Monteleone,
2015; Marschall et al., 2017),

• Edinburgh Ion Microprobe Facility (EIMF; operating an ims-4f and ims-
1270 from 2003 onwards; Cees-Jan De Hoog, Richard Hinton and previ-
ously Simone Kasemann; Kasemann et al., 2009; De Hoog et al., 2014),

• Helmholtz Zentrum Potsdam Ion Microprobe Facility (currently run-
ning an ims-1280 HR, and previously an ims-6f; Michael Wiedenbeck,
Robert Trumbull; e.g. Trumbull et al., 2009; Berryman et al., 2017),

• SwissSIMS lab (ims-1280 HR, Lukas Baumgartner),

An ims-4f in Pavia is routinely used for boron abundance measurements
but not isotope ratio measurements (Luisa Ottolini; e.g. Ottolini et al., 2006).
This study aimed to achieve similar or better δ11B measurement repeatability
on the ANU SHRIMP II to other large-format Cameca SIMS instruments cur-
rently in operation (detailed further below), which are roughly comparable
in analytical capability for boron isotope measurement.

Comparisons between labs are difficult to acquire due to different stan-
dards used, operating conditions and typical materials analysed. Examples
of analytical conditions and expected measurement repeatability for small
and large format instruments are given below. Analysis times vary between
approximately 15 and 45 minutes total, longer than those used in the test-
ing described below. Monoatomic oxygen primary beams are most com-
monly used (O– ), with primary beam currents in the range 1-25 nA (on
the order of 2-10 times the 1-3 nA used here). Instruments are commonly
operated at mass resolving power of between 1200 and 2400 (optimal trans-
mission for tourmaline analyses given isobaric resolution). Additionally, a
preburn/raster period of 90-180 seconds is a standard practice.

5.3.1 Tourmaline Boron Isotope Analysis

Tourmaline boron isotope analyses by SIMS are conducted routinely in sev-
eral labs worldwide, and the availability of large-format ion microprobes
and multi-collector analyses have improved external precision of measure-
ments and the time required for individual measurements.

With regards to work on small format single-collector instruments, a
number of laboratories have produced isotopic data. For example, a Cameca
ims-5f utilising a 8-10 nA O– primary beam focused to 5 µm has been used
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for analyses on metamorphic tourmalines, with analyses lasting approxi-
mately 13 minutes (including 3 minutes pre-sputtering; Nakano and Naka-
mura, 2001). Repeatability for tourmaline analyses was on the order of 0.4
to 0.8 ‰ (2SE). An energy offset was used to decrease the influence of the
10BH+ ion on 11B+, reducing the effect to approximately 0.15 ‰. A similar
procedure following the protocol of Nakano and Nakamura (1998) and us-
ing a larger spotsize (10-15 µm) has been used for the analysis of tourmaline
at Lago di Cignana, achieving precision on boron isotope measurements on
the order of ± 0.8‰(Bebout and Nakamura, 2003). A modified Cameca ims-
3f at the Heidelberg lab has been used to conduct ≈ 10 minute analyses with
a 1 nA O– primary beam focused to 5 µm, with analytical uncertainties on
individual spots on the order of 1‰ (2σ) on tourmalines (Marschall et al.,
2006b).

More recent investigations using multi-collector boron isotope analyses
on large format instruments highlight the advantages of faster sample through-
put and higher precision measurements. For example, repeated 4.5 minute
tourmaline analyses using a 5 nA O– beam focused to a 5 µm spot allow ex-
ternal precision on the order of 0.4‰, 1RSD (using a Cameca ims-1280 HR
at mass resolving power m/∆m = 2400 at the Deutsche GeoForschungsZen-
trum in Potsdam; Berryman et al., 2017).

5.3.2 Low-Abundance Boron Isotope Analysis

Boron isotope analyses of minerals and glasses with low boron abundances
(<1 to 500 µg/g) typically involve long counting times and/or high pri-
mary beam currents, and investigations to date are conducted using single-
collection on electron multipliers. Analyses are typically combined to pro-
duce individual phase-averaged δ11B values. Analysis of clay minerals con-
taining 10-50 µg/g boron has been conducted on a Cameca ims-3f at Ari-
zona State University using a 3-5 nA defocused 50µm O– beam and approx-
imately 21 minutes of collection time, giving analyses with 2‰ uncertainties
on aggregates of small fraction clay minerals (<2 µm; Williams et al., 2001).
With a 25nA O– primary beam, and total counting time on boron of 7200

seconds (45 minute analyses), the Cameca ims-6f at Potsdam achieved inter-
nal precision of ± 0.5 to 1.2 ‰ (for glasses with 11.6 to 357 µg/g B; Rosner
et al., 2008). Analyses on NIST612 from the Potsdam lab give ± 1σ between
0.07 and 1.09 ‰ on the mean for individual sessions with up to 5 analyses,
with the range between samples typically <2.5 ‰ (Rosner et al., 2008).
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Large-format ion microprobes are typically operated at lower primary
beam currents, but otherwise similar conditions. Analyses of phengite on
the Stanford-USGS SHRIMP RG utilise the NIST611 glass as a reference ma-
terial, and are performed over 24 minutes using a 3 nA primary O2

– beam
and a standard 20-25 µm spotsize. Repeated measurements on NIST611 have
uncertainties on the mean of approximately 0.33‰ (2SE, n=52, e.g. Menold
et al., 2016; Sievers et al., 2017). Recent work using the Cameca ims-1280 has
targeted silicate materials with boron concentrations down to 0.4-2.5 µg/g
(the typical range of MORB; Marschall et al., 2017) using a 25-40 nA filtered
primary beam and 32 minute analyses; a precision of ± 1.5 ‰ (2 RSE) is
achieved with 4-5 consecutive 30 µm rastered analyses (Marschall and Mon-
teleone, 2015). Similarly, the Edinburgh Cameca ims-1270 has been used
to investigate isotope compositions of olivine with approximately 10 µg/g
boron using a 5 nA O2

– primary beam (De Hoog et al., 2014), resolving a
range of boron isotope compositions (+17 to +23 ‰), with grain-average iso-
tope compositions (from multiple spots) having uncertainties on the order of
0.8 to 2.5 ‰ 1σ. Similar to a number of other studies, a run table alternating
between 10B, 11B for short counting times was used (4 and 2 seconds, re-
spectively), giving total measurement counting times of 900 seconds, much
longer than the total acquisition times for SHRIMP δ11B analyses described
in this study, at typically <300 seconds (min. 180 seconds for multicollector
measurements, and typically 225 seconds for later single-collector measure-
ments; see run table below). Measurement data on the Gorgona komatiite
reference material (GOR-128g) used or data reduction schemes are not pro-
vided.

5.4 Existing and Potential Reference Materials

A variety of mineral and glass standards commonly used for microanalysis
have been characterised for boron abundance and isotopic ratio (a number
of which are listed in Table 18). Of these, the National Institute of Standards
and Technology (NIST) and Max Plank Institute (MPI) DING glasses (DING
short for Donald Dingwell, referring to the manufacturer of the glasses, and
developer of the method used for glass manufacture; Jochum et al., 2000,
2006, 2011b) are the most thoroughly characterised. However, the NIST glass
reference materials were not originally intended to serve as standards for
microanalysis (Kane, 1998). Additionally, glasses exhibit compositional het-
erogeneity for a variety of trace elements (and glasses with optically recog-
nisable defects should be avoided; Eggins and Shelley, 2002; Jochum et al.,
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2011a). A significant and reproducible matrix bias (an isotope ratio measure-
ment bias related to the structure or composition of the target) is observed
for boron isotopes due to the significant compositional differences between
NIST glass and natural composition glasses (+2 to +4 ‰; Rosner et al., 2008).
The MPI-DING glasses were used for standardisation over the NIST glasses,
but both are commonly analysed to provide cross-checking ability. The MPI-
DING glasses used for this project were kindly provided free of charge by
Klaus Jochum and Brigitte Stoll (MPI Biogeochemistry Group, Mainz, Ger-
many). Potential matrix biases for boron isotope analysis on SHRIMP II are
here quantified and assessed (Section 5.11.1).

Table 18: Common reference materials used for microanalysis, including those anal-
ysed within this investigation.

Reference Material Type Composition [B] δ11B

µg/g ±2σ ‰ ±2σ

NIST951a Powder Boric Acid 0.0 ± 0.8 a

NIST610/611 Glass Synthetic-Alkali 356.4 ± 14.6 c -0.78 ± 1.40
b, P-TIMS

350 ± 56
d -1.31 ± 1.36

b, N-TIMS

-0.26 ± 0.22
l, LAICPMS, #

NIST612/613 Glass Synthetic-Alkali 34.7 ± 6.4 c -1.07 ± 1. 7
b, P-TIMS

32.6 ± 1.6 f -0.55 ± 0.40
l, LAICPMS, #

NIST614 Glass Synthetic-Alkali 1.13 ± 0.02
e

0.44 ± 1.16
l, LAICPMS, #

1.39 ± 0.34
f

GOR 128-G Glass Komatiite 22.1 ± 1.0 f
13.55 ± 0.21

h, TIMS, #

23.5 ± 2.8 g
13.7 ± 1.4 i, LAICPMS, #

StHs6/80-G Glass Andesite 11.7 ± 0.6 f -4.48 ± 0.29
h, TIMS, #

11.8 ± 1.3 g -4.3 ± 2.4 i, LAICPMS

KL2-G Glass Basalt 2.51 ± 0.18
f

2.73 ± 0.28
g

B4 Schorl Mineral Tourmaline 3.35 Wt% j -8.85 ± 0.66
j

Dravite #108796 Mineral Tourmaline 3.37 Wt% k) -6.6 k

Schorl #112566 Mineral Tourmaline 3.54 Wt% k -12.5 k

Elbaite #98144 Mineral Tourmaline 2.59 Wt% k -10.4 k

* Glass material analysed in a precursor powder form;
# Averages of multiple sessions/analyses; a NIST (2011);
b Kasemann et al. (2001); c Pearce et al. (1997); d Jochum et al. (2011b);
e Horn et al. (1997); f Hu et al. (2009); g Jochum et al. (2006);
h Rosner and Meixner (2004); i Tiepolo et al. (2006); j Tonarini et al. (2003a);
k Dyar et al. (2001), Leeman and Tonarini (2001); l le Roux et al. (2004);
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5.4.1 Matrix-Matched Mineral Standards

Isotope ratio measurements conducted by SIMS do not produce absolute ra-
tios due to significant instrumental mass fractionation (IMF) occurring dur-
ing measurement. SIMS measurements require standardisation to materials
with a similar structure and composition in order to obtain accurate values.
Accurate SIMS isotopic analysis over a range of different target composi-
tions requires the use of homogeneous matrix-matched reference materials
for which bulk isotopic analyses have been undertaken (a compositionally-
matched, and ideally structure-matched material rather than just a mineral-
composition glass). The characterisation and development of such reference
materials specifically for micro-analysis remains a global research focus, and
for many mineral systems there is a paucity of appropriate mineral stan-
dards (especially internationally recognised reference materials). SIMS anal-
yses are affected by instrumental- and sample-related parameters known as
”instrumental mass bias”, a term which includes both IMF and matrix bias
(Huberty et al., 2010). Where IMF represents a bias related to the instru-
ment (which changes with different configurations including steering, lens
focus positions and detectors used), matrix bias is defined as the residual
difference between the isotopic ratio corrected for IMF and the true value
measured by either laser fluorination (e.g. for δ18O) or thermal ionisation
mass spectrometry (most common for δ11B). Notably, matrix bias is relative
to the composition/mineralogy of the reference material used for standardi-
sation.

For boron isotope analysis, the small number of mineral reference ma-
terials which exist are naturally dominated by boron-rich phases including
tourmaline. The B4 Elba Island Tourmaline has been utilised as a principal
tourmaline reference material for this study (Tonarini et al., 2001). Potential
influences of matrix biases are investigated and quantified over a range of
tourmaline compositions (Section 5.11.2), using a set of reference materials
(#108796 dravite, #112566 schorl and #98144 elbaite; Dyar et al., 2001), and
two natural tourmaline samples for which bulk isotopic analysis has been
performed (Marschall et al., 2004, 2006a). Other known mineral standards
for boron in nominally-boron free minerals include the phengite reference
material Phe-80 (Pabst et al., 2012; Klemme et al., 2011) and amphibole refer-
ence material AM21805 (Pabst et al., 2012); these have both been calibrated
against the B6 obsidian of Tonarini et al. (2003a). These reference materials
were not acquired for use in this investigation.
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Two additional natural samples and potential candidates for internal
matrix-matched standards have been identified: phengite from Dora Maira
(DM), Italy and antigorite serpentinite from Cerro del Almirez, Spain (AL06-
44A, CdA). The Dora Maira phengite was a natural candidate for a standard,
given the HP-MT nature of the coesite-bearing host lithology and evidence
for the large fluid-flux involved in forming the whiteschists from precur-
sor metagranitoids (Sharp et al., 1993; Schertl and Schreyer, 2008; Gauthiez-
Putallaz et al., 2016). A previous investigation of phengite samples from
Dora Maira has suggested boron isotope compositions of δ11B = -6.1 ± 0.6 ‰
(Peacock and Hervig, 1999). The phengites analysed during this work have
been provided by Laure Gauthiez-Putallaz, and are mineral separates from
the samples DM-52 and DM-53 (for more details on samples see Gauthiez-
Putallaz et al., 2016). Phengite from both of these samples exhibits a high
degree of major element homogeneity. These phengites contain significant
quantities of boron (likely on the order of 200 µg/g based on SHRIMP data).
Estimates from SIMS work presented below are typically consistent with
the isotope composition suggested by Peacock and Hervig (1999), within
uncertainty. The Dora Maira phengite may also show promise as an oxy-
gen isotope standard, allowing a single set of standards to be used for boron
and oxygen isotope analysis; other samples of phengite from Dora Maira are
measured to have a δ18O of +6.2 to +6.4 ‰ (Sharp et al., 1993). The antigorite
serpentinite (Al06-44A) from Cerro del Almirez has been provided by J.A.
Padrón-Navarta, and recently been investigated as an oxygen isotope stan-
dard for matrix-matched SHRIMP analysis at RSES (M. Scicchitano); other
antigorite serpentinites from Cerro del Almirez have δ18O of +8.6 ± 0.4 ‰
(Alt et al., 2012). The sample has limited major element compositional range,
and has been suggested to have relatively homogenous boron abundances
of approximately 20-30 µg/g (Padrón-Navarta et al., 2011). Other antigorites
from Cerro del Almirez have on the order of 7 µg/g boron with a δ11B of ≈
22 ‰ (Harvey et al., 2014).

5.4.2 Internal Standardisation

The use of an internal standard is necessary for the estimation of boron abun-
dances across multiple target matrices. This requires normalisation to the
abundance of an isotope of another element for which has a homogeneous
abundance in the target in order to account for changes in secondary beam
intensity. The use of internal standardisation allows accurate abundance
estimations even within analyses with small changes in secondary beam in-
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tensity (due to the matrix itself, the sample coating or variations in primary
beam intensity). For samples which do not contain boron as a major element,
in-situ quantification of boron abundances can be complicated by a range of
factors, one of which being that boron has a propensity to adhere to polyte-
trafluoroethylene (Teflon), making low-boron abundance measurements by
LA-ICP-MS problematic. However, SIMS is well suited to measurement of a
range of low-abundance trace elements due to its high sensitivity, and can be
used to quantify boron abundances down to the ng/g level (a typical level of
surface contamination; e.g. Marschall and Monteleone, 2015). The use of par-
ticular elements and isotopes is restricted based on mass range, abundance
and significant isobaric interferences. The mass range between the lightest
and heaviest isotope has effects on both energy dissipation within the mag-
net (minor) and the ability to consistently ensure high transmission for each
isotope (major). With regard to light isotopes, this study finds that under
any specific configuration two factors limit the measurable mass range: i)
the difficulty in maintaining a stable magnet field when stepping over large
ranges (e.g. from m/z = 16 down to m/z = 6 for oxygen to lithium), and
ii) the acceptance of the source and collector slits. Notably this prohibits
the use of a number of cationic major elements for matrix monitoring in the
studied minerals. Furthermore, when measuring isotopes on electron mul-
tipliers, linearity is better maintained where the internal standard can also
be measured on the multiplier; lower count rates from elements with minor
isotopes are more suitable for this purpose (to avoid premature multiplier
burnout).

Isotopes which fit these restrictions and are easily measured by electron
microprobe (for the purposes of a concentration reference/internal standard)
include 30Si+, 30Si++ and 18O+. Given the relatively low production of pos-
itive ions of oxygen, 16O+ may also be appropriate. Doubly charged ions
may also be viable under the assumption that the formation of singly and
doubly charged ions are sputtered at proportional rates, with 24Mg++ being
the most suitable for this purpose, and 40Ca++ an alternative for Mg-poor
Ca-bearing minerals. When operating with ion counter and Faraday cup
detection systems, the use of more abundant isotopes such as 28Si, 27Al,
23Na, 16O requires the assumption of rough linearity between the detector
systems; this assumption should generally be valid for the desired precision
with which estimated abundances should be produced (on the order of 10%).
In boron poor targets where an unfiltered beam is used to improve signal
strength, oxygen should be avoided as an internal standard due to potential
contributions from the primary beam. This study tests the use of 24Mg++
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and 16O+ as internal standards, with results shown below (Sections 5.11.1,
5.11.1).

5.5 Matrix Effects: Origins, Systematics and Corrections

Variations in ion yields for SIMS analysis related to target matrices has been
recognised since some of the first SIMS investigations; this is observed be-
tween a) different elements within a single target matrix, and b) a single
element between multiple target matrices. The mechanism of the matrix
effect is suggested to be related principally to sputtering and ionisation at
and above the target surface (Sigmund, 1969; Andersen, 1970; Schroeer et al.,
1973; Antal, 1976; Deline et al., 1978). The variation of ion yields of individ-
ual elements and isotopes between matrices (here collectively termed ’ma-
trix effects’), and their hitherto relatively poorly constrained mechanisms
and magnitudes in the majority of relevant systems, continue to be one of
the primary difficulties in obtaining accurate quantitative isotopic data using
SIMS. The terminology associated with matrix effects sensu stricto has not yet
been well defined. This is further complicated by the use of the term across
many fields (and differently for different analytical techniques). Simply, the
matrix effect is a systematic error intrinsically emergent from the properties
of the target itself.

As SIMS labs are beginning to push the boundaries of instrument preci-
sion with the aim of resolving lower-amplitude geological signals, the ability
to resolve typical matrix effects from analytical noise is improving (e.g. for
the light isotopes, instruments are used to analyse variations of <1 ‰ and
in some cases, below 0.1 ‰). Notably, within a given mineral sample vari-
ations on the order of 0.1 ‰ to 1 ‰ may easily be induced by matrix bias
as a function of composition and mineral orientation. Relative to MC-LA-
ICP-MS, SIMS typically exhibits higher matrix biases for isotope analyses
(e.g. Mikova et al., 2014); and this is likely more significant for small format
sector instruments (e.g Cameca ims-3f, ims-6f) than large ion microprobes
(SHRIMP and the Cameca-1270-1280 series).

Compositional matrix effects are suggested to be generally element-specific,
rather than mineral-specific (Eiler et al., 1997): the small radius, heavy ele-
ments (e.g. Fe, Mn, Zr) induce larger matrix bias than the large-radius, mod-
erately heavy elements (e.g. Ca, K) and light elements (Na, Al, Si)*. Early
studies of matrix effects examined the bias induced by SiO2 and/or CaO

* Although this is unlikely to extend to the very light elements B, Li, and H2O.
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abundances of the target (e.g. Gurenko et al., 2001; Gurenko and Chaussidon,
2002). Some early correction schemes suggested that matrix bias corrections
may be broadly applied (i.e. across different minerals, glasses; Hervig et al.,
1992, using a Cameca ims3f), later investigations utilising higher energy sec-
ondary ions suggest this approach may not be valid and that more complex
correction schemes may be required (Riciputi and Paterson, 1994; Eiler et al.,
1997; Riciputi et al., 1998). Matrix effects correlated with mineral orientation
have also been observed, generally suggested to be related to preferred chan-
nelling and focusing directions (e.g. magnetite, haematite, rutile, cassiterite;
Huberty et al., 2010; Taylor et al., 2012; Carr et al., 2017). Atomic-scale struc-
ture contributes to matrix bias in addition to composition. For mineral-glass
pairs other than silica-quartz the differential matrix effect has been observed
to be variable depending on the major element chemistry (evenly spread
over a 5 ‰ range centred around 0 ‰; Eiler et al., 1997, using a Cameca
ims4f in Edinburgh). The differences are ascribed to the presence of network-
modifying cations (Ca2+, Na+, K+, Fe2+, Mg2+, Mn2+ and non-tetrahedral
Al3+). This would suggest that it is the degree of structure within the glass
(i.e. the degree of polymerisation, and network-modification) rather than
the mineral causing the majority of observed differences.

Matrix-correction schemes have been developed for a number of mineral
systems, and the use of mineral-matched standards during analysis has be-
come relatively commonplace. Some labs continue to use glass reference ma-
terials of various compositions to standardise mineral analyses. Matrix bias
corrections as currently formulated are primarily used to predict and correct
for bias associated with compositional variation in standards and samples.
Due to the uncertainties in the mechanism of the matrix effect and sputter-
ing in general, analytical expressions relating matrix parameters to measure-
ment bias are not yet well developed. Empirical models may allow only lim-
ited extrapolation from well-studied systems (non-linearity of compositional
bias has been described by multiple authors; e.g. Eiler et al., 1997; Bell et al.,
2009). Most bias correction schemes are based on compositional variables,
which are typically either individual elemental abundances (e.g. Ca or CaO,
principally for glasses where components are independently variable), or an
endmember component (e.g. grossular, used for composition-constrained
mineral system; Vielzeuf et al., 2005a; Page et al., 2010; Ickert and Stern, 2013;
Martin et al., 2014). The finer structure of compositional bias variations is
yet to be investigated in detail, although endmember compositions tend to
show significant biases relative to intermediate compositions (e.g. Bell et al.,
2009).



5.6 SHRIMP: Design and Differences relative to other Ion Microprobes 205

5.6 SHRIMP: Design and Differences relative to other Ion Micro-
probes

SHRIMP was originally developed between 1975 and 1980 to enable tar-
geted in-situ analysis of individual zircon grains for the purposes of U-Pb
geochronology (Clement et al., 1977; Ireland et al., 2008). Key instrumental
advantages of the SHRIMP system included the use of a large-format mag-
netic sector to achieve high mass resolution while retaining sensitivity, and
the use of a Schwarzschild lens system for optical ion beam focusing (Mat-
suda, 1974; Ireland et al., 2014). The original design was reworked for the
development of SHRIMP II and SHRIMP RG, and eventually the SHRIMP
SI/V series. For SHRIMP II, the source chamber, and primary column were
significantly modified while the geometry of the mass analyser remained
the same. The overall design of SHRIMP II is presented below in Figure 54.
The key changes include the introduction of quadrupole lenses and the use
of Köhler illumination to form a spot on the target (Ireland et al., 2008). The
SHRIMP II multi-collector setup consists of three Faraday-cup mass heads
and a single electron multiplier (updated and reconfigured from previous
configurations which had a triplet configuration for Pb measurements, e.g.
Holden et al., 2009). The specification mass resolution of SHRIMP config-
ured for U-Pb geochronology is 5,000 (and is adjusted with source slit and
collector width; Ireland et al., 2008).

More recent SHRIMP development has focused on stable isotopes, trace
components and novel applications of SIMS (including depth profiling). The
introduction of an instrument designed specifically for the analysis of light
isotopes (SHRIMP SI) allowed an expansion of the work conducted within
the ANU SHRIMP lab. Specific stable isotope investigations using SHRIMP
SI have thus far focused on carbon, sulphur (Ireland et al., 2014) and oxygen
isotope analyses (for two- and three-isotope analyses, e.g. Martin et al., 2014;
Loiselle et al., 2017) and more recently the investigation of bound water/hy-
drogen abundances (e.g. Turner et al., 2015).

SHRIMP instruments have some significant differences with regards to
instrument setup and operation relative to Cameca instruments. Of particu-
lar note are the beam focusing, sample chamber design and typical routine
analytical procedures (beam steering and energy filtering). Despite these,
the differences between Cameca and SHRIMP instruments are unlikely to
cause significant differences in measurement accuracy with optimised in-
struments (including sufficient mass resolution) and where backgrounds are
low. While often used for abundance measurements, energy filtering is not
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Figure 54: Schematic illustration of SHRIMP II modified after Ireland et al. (2008)
to include elements mentioned in the text.

used for SHRIMP stable isotope analysis and the instruments do not have
field apertures. Energy filtering is typically used to suppress the effects of
isobaric molecular interferences (e.g. Ottolini et al., 1993; Ireland et al., 2014),
but reduces sensitivity more than narrowing slit widths. Likewise, field
apertures are used to suppress hydrides and contaminant ions sputtered
from the edge of the sputter crater (e.g. Marschall and Ludwig, 2004).

5.7 Sample Preparation

Targets for SIMS analyses are required to be flat (free from significant topog-
raphy) and polished (smooth and conductive; Kita et al., 2009; Ireland et al.,
2014). Samples for SHRIMP analysis were mounted in 1-inch epoxy but-
ton mounts and polished using 9, 3 and 1 µm diamond grit on a polishing
lap. Where possible, standards for analysis are positioned at the centre of
each mount; samples were positioned as close to the centre of the mount as
possible to ensure equality of analysis conditions between samples and stan-
dards, and also to avoid possible position-based isotopic fractionation (Ick-
ert et al., 2008; Kita et al., 2009). A boron-poor ’blank’ may also be mounted
such that surface contamination can be quantified, enabling very low boron
abundance analyses (e.g. Marschall and Ludwig, 2004); this practice was not
implemented here in the absence of a suitable material and in consideration
of the typical abundance ranges of hydrous metamorphic minerals (5-500+
µg/g). Polishing times were reduced by using an abrasive ceramic plate (de-



5.8 Instrument Configuration and Setup Procedure 207

signed for metallographic polishing) in place of sandpaper, allowing flatter
surfaces across the mount and minimising localised creation of relief (as is
typically observed during longer polishing periods). Samples were cleaned
using ethanol, degreaser and milli-Q water in an ultrasonic bath and dried
in a vacuum oven for between 1-14 days prior to analysis. A gold coat of be-
tween 5 and 12 nm thickness was applied for analysis, typically immediately
prior to introduction of the samples into the sample chamber.

Special care has to be taken in the preparation of phyllosilicate samples,
which pose some challenging problems for SIMS analyses. The first of these
concerns sample preparation and mounting. Particularly for micas, pluck-
ing can occur during sample preparation; this is commonly accompanied by
the hydration of inter-sheet spaces formed either during mounting or sub-
sequent preparation. This hinders the formation of flat, parallel and well-
coated target surfaces. In addition to this, the multiple possible orientations
of the minerals with respect to the ion beam are drastically different in terms
of crystal orientation and likely beam responses; orientation effects are ex-
pected and need to be calibrated for widespread routine use in geological
materials. Here crystals have been oriented with the 001 face parallel to the
mount surface where possible (i.e. at 45◦ relative to the primary beam).

5.8 Instrument Configuration and Setup Procedure

The following is a description of the setup and conditions used for the lat-
est boron isotope analyses, and represents what is considered a current best
case setup for routine boron analysis on the ANU SHRIMP II. While capa-
ble of boron isotope analyses (as BO- molecular ions), the ANU SHRIMP
II exhibited similar ion yields for positive species while avoiding isobaric
interferences (Table 19).

For single-collector analyses, the transfer system from the collector slit
on the focal plane to the axial multiplier is used. The transfer lens and post-
collector slit deflection are optimised for maximum secondary ion currents
at the detector. The retardation lens is typically set at a value of 7000-7500

V to remove low energy ions (with a resultant decrease in total counts of 10-
20%); beyond this value the reduction in counts at the detector would likely
negate any benefits due to the ion energy threshold. For multi-collector
analysis of tourmalines, the high-mass (HM) and low-mass (LM) Faraday
cups were operated in resistive mode, and both with 1011Ω amplifier re-
sistors, respectively (for an overview of the SHRIMP II multi-collector see
Holden et al., 2009). Operation of the LM Faraday cup in charge mode in
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combination with the HM Faraday in resistive mode was briefly tested in
an attempt to accommodate low count-rates (intermediate between multi-
plier and Faraday optimal count rates). The results were relatively inconclu-
sive due to poor analytical conditions; this may be worth further investiga-
tion. During multi-collector analyses the high and low mass heads were ad-
justed to centre peaks and provide symmetrical peak shapes. The low mass
head was adjusted first to ensure a flat-topped peak shape for the precision-
limiting lower abundance isotope 10B and the high-mass (11B) head moved
to compensate for the offset. Collector positions were adjusted for minor
refinements to optimise peak shape. The post-ESA quadrupole focus and
z-steering were then adjusted to ensure high quality symmetrical of peak
shapes, especially with regards to the z-steering, due to the limited vertical
acceptance of the detector (there is no vertical steering post-slit).

The primary beam setup for light stable isotope analysis is typically iden-
tical to that for work at heavier masses. Typical primary beam currents are
3-5 nA for a filtered 16O– or 1-3 nA for 16O2

– . At low masses there also
exists the opportunity to use an unfiltered oxygen beam due to lack of mass
interferences, and by combining oxygen species and turning up the duo-
plasmatron, a maximum stable primary beam current of ≈ 15 nA can be
achieved on the ANU SHRIMP II. Secondary ionisation will typically in-
crease proportionately by approximately 2/3 that of the primary current,
as monovalent oxygen will ionise the target less efficiently. Unfortunately,
the advantages of higher primary beam currents are necessarily taken with
increased beam fluctuations. Using high primary oxygen ion currents will
increase implantation of primary beam oxygen ions and their contribution
to secondary oxygen ion currents. Hence, while using an unfiltered primary
beam, the secondary oxygen ion signal may not be appropriate for use as a
matrix element for internal standardisation purposes (e.g. using 11B+/16O+

ratios to determine boron abundances).
For the duoplasmatron sources used during this investigation, potential

benefits achieved through higher beam currents of an unfiltered primary
beam are outweighed by beam fluctuations for targets with more than 100

µg/g boron (beam current fluctuations, strong beam current increases over
a session and beam aberrations were common†). An unfiltered beam has
been used where boron concentrations were such that the precision of an
analysis would be limited by counting statistics (without higher count rates
or longer analysis times, e.g. the KL2 basalt glass with 2.7 µg/g B), and res-
olution between analyses or samples rendered statistically impossible. This

† The edges of the Köhler aperture were burnt out, and spot shapes degraded as a result.
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scenario also renders oxygen less useful as a matrix element for internal
standardisation, as using a high current oxygen primary beam may also sig-
nificantly and variably influence secondary oxygen ion signals. Larger spot
sizes (100 µm vs. 25 µm‡) were also trialled as a mechanism to increase
measurement precision on large homogeneous phases (notably, only using
the GA SHRIMP IIe).

Where possible, secondary beam steering was set such that optimal per-
formance under minimal steering was achieved (rather than simply ‘over-
steering’, or ‘snaking’ the beam); this involved iterative downstream de-
compensation of beam steering in each direction (y, z). Beam steering up-
stream of the electrostatic analyser (ESA), is optimised for highest beam
currents to the post-ESA removable detector. Helmholtz coils are used to
minimise dispersion of isotopes due to a combination of fringe fields and
the Earth’s magnetic field between emission from the target and the source
slit. Natural vertical magnetic fields in the vicinity of the source cause de-
flections in the y direction. Correlation between measured isotope ratios
to y-steering parameters suggest Helmholtz calibration is not optimal (as
mentioned by Ickert et al., 2008). The Helmholtz calibration procedure for
this investigation utilised the sensitivity of the measured isotope ratios to
the first quadrupole steering (QT1y) voltage at different Helmholtz coil cur-
rents (linearly related to compensating field). A regression of sensitivity
(slope of 11B/10B vs QT1y) and Helmholtz coil current was used to select a
coil value giving minimal sensitivity to QT1y. The uncertainty in the opti-
mal Helmholtz coil bit-value obtained in this manner is on the order of 500

bits. With optimised Helmholtz values of 11B/10B = 3.9 on a natural tour-
maline sample (single large grain provided by Peter Holden), giving an IMF
of approximately +40‰ (relative to an assumed true ratio of approximately
4.03-4.06; e.g. Cantanzaro et al., 1970).

As the coupling between the ESA and magnetic sector, the optimisation
of the post-ESA quadrupole (in combination with the setting of collector po-
sitions) is critical to achieving accurate focus at the detector. The positioning
of the quadrupole as the last beam steering element enables a significant
’lever’ effect (through the magnetic sector, collector slit and to the detector).
In particular, the vertical steering and z-width of the beam to the detector
should be checked prior to analysis (such that the beam is less tall than the
acceptance of the detector, i.e. looks like an ideal mass scan with a flat-
topped peak). Finally, the collector deflection, retardation lens and transfer

‡ The choice of spot size is limited to the selection of apertures within the machine; a normal
20-25 µm spot corresponds to the 7× demagnification a 150 µm Köhler aperture.
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lens are adjusted where necessary for single-collector analyses. Prior to a
hardware upgrade, the inability to alter the transverse position of the detec-
tors (via. DC Mike motors) meant that slightly compromised peak shapes
were necessary. Subsequent to the upgrade higher quality peak shapes were
acquired and multi-collector analyses could be utilised (e.g. Figure 67, to-
wards the end of this chapter).

Common mass interferences for boron isotopic analysis are given below
(Table 19). In positive mode all interferences are resolved at the specifica-
tion resolution of SHRIMP-II instruments (5,000). In negative mode boron
is typically measured as BO– (as boron does not readily form negative ions
alone), and some interferences are more difficult to resolve§. As high mass
resolution is not needed for the analysis of most light isotopes (due to few
interferences other than hydrides), an optimal configuration would be to
use an open collector slit and wide to open source slit - varied depending
on analyte concentrations to achieve high quality peak shapes. The ANU
SHRIMP II uses fixed collector slit widths for the axial multiplier (100 µm)
and both high and low mass head Faraday cups (200 µm), and sensitivity
control is achieved via the source slit (typically set at 80-120 µm). High trans-
mission percentages are possible using standard configuration resolution (80

µm source slit, giving a mass resolution of 5000 for the axial multiplier) and
analytical precision is not compromised by the need to resolve isobars. For
analyses of tourmaline, the source slit was set at the maximum width allow-
ing high-quality peak shapes (from 80 µm gradually increased towards 150

µm, giving mass resolution between 3040 and 2700, respectively¶); widest
source slit configurations contribute to shoulders on mass peaks and a degra-
dation of data quality.

5.8.1 Limits on Data Quality and Precision

The counting statistics limits are founded in number theory, and essentially
relate to the number of counts received overall; clearly large signals have
lower uncertainties, and counting for infinite time would allow infinite pre-
cision. Given limited analytical time, the parameter of most relevance is the
overall transmission of the isotope, which can be related to its abundance in
the target and expressed as a yield.

§ Note that the resolution of the CN- molecular ion in negative mode is not possible with a
standard configuration; analysis of positive secondary ions negates this issue.

¶ Even at double the magnitude of spot aberration (40 vs 20 µm), calculated mass resolution is
still between 2820 and 2540 and well above that needed to resolve positive ion isobars.
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Table 19: Table of possible mass interferences for the most commonly analysed
positive and negative boron ions.

Peak True Mass Interferences Mass Difference Resolution Required

a.m.u a.m.u m/∆m

10B+
10.01294

1H9Be+ +0.00707 1420

20Ne++ -0.01672 600

30Si+++ -0.02168 460

11B+
11.00931

1H10B+ +0.01146 960

22Ne++ -0.01361 810

10B16O–
26.00785

12C14N– -0.00478 5420

11B16O–
27.00422

12C15N– -0.00411 6570

13C14N– +0.00221 12250

1H10B16O– +0.01146 2350

10B17O– +0.00785 3450

Interferences for positive boron ions (10B+ and 10B+) are much easier to resolve.
Also, the likely interferences are limited to low-mass trace element isotopes (e.g. Be),
a negligible noble gas interference (e.g Ne, which will be present in trace amounts
and exhibit very low ionisation yield) and highly charged species which make up
small proportions of the total beam (e.g. 30Si+++).

Single-collector counting signals are Poisson processes which have non-
symmetrical count uncertainties (Figure 55). Given a Poisson distribution of
data such as for count data, the variance is equal to the mean; the uncertainty
on the signal is proportional to the inverse square root of the signal strength
(Figure 55). Limits of measurement precision can be estimated based on
count signals, and results presented in this context. To achieve permille-
level precision, a million counts are needed on the minor isotope.

Single-collector measurements are particularly susceptible to influence
from instrumental instabilities, simply due to the fact that variation in time
of any instrumental parameter will be recorded differently by each of the
different isotopes, and hence a proportion of the variance induced in the
signal will be incorporated into the isotope ratio. This is partially mitigated
by data reduction (interpolation processes, e.g. Dodson interpolation of in-
dividual spot ratios, which has been used for single-collector measurements
conducted here). Multi-collector measurements effectively average out time-
variable instrumental artefacts/noise from counting both isotopes simulta-
neously; major issues are reduced to phenomena which will effect different
isotopes differently. This includes the different response times of individual
electrometer resistors to transient signals, slit- and lens-charging/trimming
effects and dispersion of the beam in both y and z directions.
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Figure 55: Examples of expected distributions sampled by measurement processes
at different true mean values (µ; all distributions are at the same scale), and the
relationship between the mean (µ) and expected standard deviation on the mean
value (σ) for these Poisson distributions. The non-normality of Poisson distributions
decreases with increasing µ (skew and kurtosis continuously decrease).

5.9 Measurement Procedure

Rastering and pre-sputtering (for 90-180 and 60-90 seconds, respectively)
were used to remove contamination from the surface of the target, and
also achieve steady state sputtering conditions (generally within 90 seconds).
Backgrounds were measured during raster periods of between 90 and 180

seconds. Background mass positions were close to measured peaks but suf-
ficiently separated such that a signal-proportional background is not mea-
sured; the background measurement closest to 10B was used for background
corrections. Initially an additional background was used as a further base-
line check - at mass positions either above m(11B) and/or below m(10B). The
ability to choose backgrounds close to the measured masses is slightly in-
fluenced by the width of the measured peak (source and collector slits; the
background measured at low mass resolution will be further from the true
background).

A greater number of scans will give more time-resolved information than
the same total time length obtained by increasing length of time for individ-
ual scans. The choice to have more or longer scans also depends on the
necessity of resteering/recentering which is conducted at the beginning of
each scan. In the case of boron isotope analyses, the choice was made to have
a larger number of scans such that time-varying issues can be identified and
eliminated where appropriate and possible. Measurements were acquired as
a set of 6 to 10 scans of 20-30/16-20 seconds (single-collector/multi-collector,
respectively). Count times for each isotope were set to achieve approxi-
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mately equal total counts on minor and major isotopes. For single-collector
measurements, delays between peaks were set such that either limited or
no resettling would occur during the following isotope measurement; pre-
measurement delays were set longer after the down-shifting of the magnet
current to allow extra time for stabilisation (typically 5-6 seconds vs. 4 sec-
onds for higher masses). Centering time for each boron peak was initially on
the order of 3.5 seconds, which was subsequently increased. The number of
individual point measurements used for centering was increased to ≈30 to
mitigate difficulties in obtaining wide flat peak shapes. Recommended oper-
ating conditions and runtables for single- and multi-collector measurements
are tabulated below (Tables 20 and 21).
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Table 20: Recommended instrument settings and run table for single-collector boron isotope measurement of phengite, in addition to minerals
and glasses with >≈ 10 µg/g B.

Run Table
Baseline 10B+ 11B+ 24Mg++* 16O+*

Raster Time 90 to 120 s Mass Position 10.05 11.687 12.528 13.345 16.762 AMU
Preburn Time 30 s Count Time 3 18 4.5 1.5 1 s

Scans 10 Delay Time 2 4 4 2 4 s
Collector Focus mm 29 29 29 29 29 s

Centering Time 4 3.5 2 3 s

Primary Column Secondary Column

Primary Species O- + O2

- Helmholtz Coils 382
x mA

Primary Beam Current up to 15 nA Sample Voltage 10000 V
Primary Energy 10000 V Source Slit 100 µm

Source Steering Y Deflection -44.524 V QT1 Voltage 28694 bits
Source Steering Z Deflection -13.001 V QT1 Z Deflection 1118 bits

Matching Lens 3601.857 V QT1 Y Deflection 1448 bits
Matching Lens Y Deflection 3.872 V Pre-alpha Y Deflection -3160 bits
Matching Lens Z Deflection -3.2 V Pre-alpha Z Deflection 2482 bits

Transfer Lens 3964 V ESA 12365 bits
Wien Magnet 0 V Post ESA Voltage -13080 bits

Wien Y Deflection -6.9 V Post ESA Z Deflection -4700 bits
Wien Z Deflection 6.6 V Post ESA Y Deflection 2400 bits

Kohler Lens Y Deflection -72.5 V Post Collector Slit Deflection 2587 bits
Kohler Lens Z Deflection -3.6 V Retardation Lens 44885 bits

Kohler Lens 4712.1 V Transfer Lens 2053 bits
Kohler Aperture 150 µm Transfer Lens Y Deflection 3036 bits
Condensor Lens 6044.2 V Transfer Lens Z Deflection 1445 bits

Condensor Lens Y Deflection 39.8 V Collector Slit 100 µm
Condensor Lens Z Deflection 27 V

* Optional internal standard x Value will change from month to month, and as hardware can crane positions change in the SHRIMP lab.
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Table 21: Recommended instrument settings and run table for multi-collector boron
isotope measurement of tourmaline.

Run Table Secondary Column

Raster Time 60 to 90 s Helmholtz Coils 382
x mA

Preburn Time 30 s Sample Voltage 10000 V
Scans 6 to 10 Source Slit 120 µm

Count Time 20 s QT1 Voltage 29028 bits
Delay Time 1 s QT1 Z Deflection 3062 bits

Collector Focus mm 28 s QT1 Y Deflection 1590 bits
Centering Time 5 s Pre-alpha Y Deflection -5259 bits

Pre-alpha Z Deflection -500 bits
Primary Column ESA 10016 bits

Post ESA Q Voltage -15100 bits
Primary Species O- Post ESA Q Z Deflection -4978 bits

Primary Beam Current 3 to 4 nA Post ESA Q Y Deflection -26 bits
Primary Energy 10000 V

Source Steering Y Deflection -34.6 V Detectors
Source Steering Z Deflection -19 V

Matching Lens 3813 V Collector Slit 200 µm
Matching Lens Y Deflection 10 V LM (10B) Res. 10

11 Ω
Matching Lens Z Deflection -3.6 V LM VFC Range 5 V

Transfer Lens 2619 V HM (11B) Res. 10
11 Ω

Wien Magnet -238 V HM VFC Range 50 V
Wien Y Deflection -16 V
Wien Z Deflection -62 V

Kohler Lens Y Deflection -65 V
Kohler Lens Z Deflection 33 V

Kohler Lens 4985 V
Kohler Aperture 150 µm
Condensor Lens 6045 V

Condensor Lens Y Deflection -0.7 V
Condensor Lens Z Deflection -9.8 V

x Value will change from month to month, and as hardware can crane positions change in the
SHRIMP lab.

5.10 Data Processing

The in-house data reduction software POXI has been used for data reduc-
tion where possible (Lanc, 2017). For single-collector measurements, this
included deadtime correction (Müller, 1991), background corrections and
interpolation (e.g. Dodson interpolation; Dodson, 1978) of individual mea-
surements. Drift corrections were derived externally where necessary. For
multi-collector measurements, POXI was used for the complete data reduc-
tion process including background corrections, interpolation of individual
measurements and drift corrections.
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5.11 Results

Multiple sessions were conducted over the course of method development
and testing, starting with single-collector boron isotope and abundance mea-
surements on glasses and low-boron silicate minerals (together <1 µg/g B to
350 µg/g B), and continuing to develop multi-collector boron isotope anal-
ysis of tourmaline (and, briefly, phengite). A number of different materials
were analysed (Table 22), including published reference materials, a selec-
tion of minerals with unknown abundances and isotope compositions (as a
simple test for ability to analyse and quantify boron isotope ratios in a few
common minerals) and a suite of natural samples from specific localities,
some of which are described in other chapters of this thesis (e.g. phengites
and tourmalines from Lago di Cignana and serpentinites from the Zermatt-
Saas ophiolite). Natural materials analysed (Table 22) which have no spe-
cific reference data available include granitic pegmatitic biotites from Mount
Isa (Queensland, Australia) and central Namibia, muscovites from the Harz
Range (central Australia) and central Namibia (also from a granitic peg-
matite), phlogopites form Ulten and Finero (both metasomatised peridotites
in Italy), and a lepidolite from Minas Gerais, Brazil. The following section
highlights the major problems encountered, reference material repeatability
and the results of specific investigations into matrix bias for glasses and
tourmalines. The section is divided by i) single-collector vs. multi-collector
results, ii) target type (glasses, minerals) and where applicable iii) individual
SHRIMP sessions. Results of each of these sessions (typically spanning one
day to approx. one week) are tabulated in Appendices 5A (single-collector
data) and 5B (multi-collector data), and most are plotted below.

The need to acquire accurate estimates of boron abundances was partic-
ularly apparent - especially with regards to analysing low-boron targets and
attempting to find boron-bearing minerals for use as matrix-matched refer-
ence materials (e.g micas, amphiboles, serpentines). At wt% levels, boron
abundances may be measured on the electron microprobe using standard
techniques, but for low boron (≈ 1 µg/g to 100 s of µg/g) phases, the most
common method for boron abundance measurements is LA-ICP-MS. Over-
whelming analytical difficulties analysing boron abundances by LA-ICP-MS
at RSES were encountered, principally related to the cleanliness of the in-
strument and the propensity of boron to adhere to specific surfaces and
accumulate over time (exacerbated by the analysis of lithium borate fused
disks in the instrument). With this in mind, it was decided that boron abun-
dances of low-boron phases would instead be better analysed on SHRIMP by
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using near- matrix-matched reference materials and internal standardisation
based on measured yields. The results of internal standardisation testing are
assessed below (Section 5.11.1 and Figures 59, 60, 63).
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Table 22: Reference δ11B, boron abundances and major element compositions of targets used in the following investigation (exclusive of natural
research samples, e.g. those of Lago di Cignana and the Zermatt-Saas Ophiolite which are discussed in the following chapter).

Identifier Name δ11B B Mg Mg No. SiO2 Al2O3 TiO2 B2O3 FeO MgO MnO CaO Na2O K2O Li2O
‰ µg/g µg/g wt% wt% wt% wt% wt% wt% wt% wt% wt% wt% wt%

N951 NIST SRM915
a

0

N610 NIST SRM610
b

0.78 350 432 0.63 69.7 1.95 0.05 0.04 0.04 11.4 13.4 0.05

N613 NIST SRM613
b -1.07 34.3 68 72.1 2.03 0.01 0.01 0 11.9 13.7 0.01

GOR Gorgona Komatiite c
13.55 22.1 0.83 46.1 9.9 9.8 26 0.18 6.2 0.57 0.04

KL2 Kilauea Basalt c
2.51 0.55 50.3 13.3 10.7 7.3 0.17 10.9 2.4 0.48

StHs St Helens Andesite c -4.4 11.7 0.45 63.7 17.8 4.4 2 0.08 5.3 4.4 1.29

B4 Elba Island Tourmaline d -7.72 0.16 34.9 35.1 10.8 14.3 1.5 0.18 0.33 1.8 0.04

DRV Dravite 108796
e -6.6 0.52 35.3 22.3 1.6 10.9 14 8.7 0.01 2.5 1.5 0.06

SCH Schorl 112566
e -12.5 0.03 34.1 33.5 0.6 11.4 13.9 0.21 1.3 0.12 1.9 0.04

ELB Elbaite 98144
e -10.4 0.2 37.4 36.4 0.3 8.3 6.7 0.92 0.34 0.12 2.5 0.02 1.3

S309 Syros Tourmaline S309
f

21.6 0.76 36.1 31.3 0.1 11.1 5.1 9.2 0.1 3.1 0.02

S446 Syros Tourmaline S446
f

18.5 0.94 0.1
DAN Danburite 115089

e -18.7 48.1 0 28.7 0.03 5.82 0.01 23.1
CdA Cerro del Almirez Al06-44

g
22* 30* 40.3 2.8 0.1 2.9 37.4 0.09 0.07 0.04

DM Dora Maira Phengite h -6.1* 210* 53.3 24.9 0.24 5.8 0.02 0.2 10.6
MIB Mount Isa Biotite x

41.6 11.8 8.3 23.2 10.9
NB Nambian Peg. Biotite x -19* 41.6 11.8 8.3 23.2 10.9
UP Ulten Phlogpite x

43 12.2 28.8 11.2
FP Finero Phlogopite x

43 12.2 28.8 11.2
NM Namibian Peg. Muscovite x

45.2 38.4 11.8
HR Harts Range Muscovite x

45.2 38.4 11.8
MG Minas Gerais Lepidolite x

61.9 13.1 12.1 7.7
TOURM SHRIMP Lab Tourmaline

* Estimated value. x Ideal formula. a NIST (2011) b Pearce et al. (1997); Kasemann et al. (2001); Jochum et al. (2011a) c Jochum et al. (2000, 2006, 2011b); Hu
et al. (2009); Rosner and Meixner (2004); Tiepolo et al. (2006) d Tonarini et al. (2003a), with major element abundances from GFZ.
e Dyar et al. (2001), with major element abundances from GFZ. f Marschall et al. (2006b) g Padrón-Navarta et al. (2011) and Harvey et al. (2014).
h Phengite II composition of Ferrando et al. (2009).
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5.11.1 Single-Collector δ11B Analysis on SHRIMP II

Initial testing for boron isotopic analysis under positive mode (B+) was con-
ducted on SHRIMP RG and SHRIMP II, with the aim of evaluating the po-
tential benefits vs. running under negative mode (BO– ). While transmission
was sufficiently high on RG, the optimal steering settings for each isotope
were significantly different in both the y- and z-directions; optimal operation
would require changing steering (pre-αy, pre-αz) through the run table (note
that the Helmholtz coils on RG were inactive at this time, and the ability
to change steering through the run table had not been implemented). The
SHRIMP RG instrument was relatively stable and produced ratio estimates
with improved internal precision (<2‰ 2SE for phengite analyses), but the
accuracy of the ratios as well as inter-analysis repeatability was inherently
compromised by steering sensitivity, partially due to the lack of field neu-
tralisation by Helmholtz coils (100‰ between analyses on NIST613, 40‰
between analyses on phengite). Further testing was continued on SHRIMP
II, with Helmholtz coils installed and operating (although not re-calibrated).
Various difficulties were encountered, including achieving an optimal rela-
tionship between the post-ESA Quadrupole total voltage (pre-ESAQ) and
voltage of pre-ESAy steering; pre-ESAy scans revealed that centred settings
for 6Li are significantly different to other isotopes. There were significant
correlations between QT1z and IMF, suggesting that the beam was hetero-
geneous in the z-direction and being trimmed at or prior to the detector (i.e.
the beam may have been too tall to fit within the height of the multiplier).
Initial work on SHRIMP II resulted in a session with slightly improved inter-
nal precision, but still with generally 10 to 15 ‰ variation between analyses.

Natural and Synthetic Glasses

Analysis of commonly analysed glass reference materials with quantified
boron content and boron isotope composition was undertaken to constrain
the reproducibility of boron isotope analyses by SHRIMP. Additionally, anal-
ysis of a range of natural and synthetic glass compositions enabled quantifi-
cation of compositionally induced matrix effects (which on a Cameca ims-
1280 are suggested to be too small to be quantified between the StHs6/80-
G and GOR-128G glasses; Marschall and Monteleone, 2015). The Gorgona
komatiite glass (GOR-128G) was used as the principal standard for these
sessions; standardisation using either GOR-128G or NIST610 is equivalent
given the measurement repeatability. On the ANU SHRIMP II under a
standard configuration, ion yields of approximately 80-120 cps/nA/µg/g
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were typical for glass materials, comparable to maximum relative ion yields
measured on a Cameca ims-1280 (at Woods Hole) using a 40 nA 22 keV
16O– primary ion beam (Marschall and Monteleone, 2015). The means of
standards are reproduced within approximately 1σ between sessions, and
long-term variations in the unfiltered primary beam were not seen to signifi-
cantly influence mean isotope ratios measured on glass standards.The use of
an unfiltered primary beam significantly increased signal intensity, and fa-
cilitated significant reductions to the estimated uncertainty on the mean for
low-abundance reference materials (with the greatest effect for the basaltic
glass KL2-G); little difference is observed for NIST610.

Observed matrix biases for δ11B between glass compositions are -2.0 to
+3.0 ‰ relative to GOR-128G (± 0.9 to 1.8 ‰, 2SE; Figure 56). The maximum
bias relative to GOR-128G is that of StHs/6-80G, at 3.0 ± 1.4 ‰. These
biases are similar in magnitude to those described by Rosner et al. (2008).
Across this ultramafic to intermediate MgO-SiO2 compositional variation
of magmatic rocks (as represented by these glasses), estimated magnitudes
of matrix biases are <3‰; the incorporation of network-modifying alkali
elements would alter this value. Further investigation of matrix biases in
natural glasses is complicated by the high number compositional degrees of
freedom relative to mineral solid solution series and the small number of
reference materials analysed.
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Figure 56: Measured bias relative to reference δ11B for NIST and MPI-DING glasses,
which are standardised to the Gorgona komatiite GOR-128G to correct for IMF.
Abbreviated sample identifiers are as listed in Table 22. Error bars are ± 2SE on the
mean.
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Natural Mineral Phases

Single-collector analysis of boron isotopes on the Geoscience Australia SHRIMP
IIe was conducted during May 2014. The effects of spot size, slit widths,
beam current, ideal run tables and background mass positions were inves-
tigated. Samples analysed spanned a large concentration range (µg/g to
100s of µg/g B) and included serpentine, phengite, muscovite, biotite, phlo-
gopite, and lepidolite (as well as a few analyses on boron-poor amphibole).
The synthetic glasses NIST610 and NIST613 (350 and 34 µg/g, respectively)
were used as standards throughout these sessions. The potential use of 16O+

and 24Mg++ ions as internal reference isotopes was tested. Beam steering
was optimised with reduced slit widths prior to analysis. High background
signal in the vicinity of the boron peaks was observed, of up to ≈ 1-2 % of
the signal on 10B, initially in the range of 30-40 cps on the multiplier. This
was unique to the GA SHRIMP, and required a background correction. The
source of the background signal was likely scattered major element cations
including Mg+ and Si+, sourced from the back of the flight tube. Using a pri-
mary beam current of 1-1.6 nA and 10-scan analyses of approx. 22 minutes,
typical uncertainty on the mean δ11B for multiple analyses of white micas
(the Harts Range muscovite, Namibian muscovite and Minas Gerais lepido-
lite) was on the order of 1 to 3 ‰ (Figure 57). Analysis of three low-boron
samples (phlogopite and biotite with likely <3 µg/g boron) using a large
spot size and a 10-13 nA filtered beam and 10-scan analyses of approx. 20

minutes was conducted to test the lower limits on isotope analysis (Figure
58). A natural biotite from central Namibia was used as a reference point for
these analyses (given a nominal value of -19.3 ‰, as suggested by previous
analysis vs NIST 613; Figure 57). Significant repeatability improvements are
observed for these mafic phyllosilicates, with the estimated uncertainty on
the mean value for the Namibian biotite decreasing from 4.5 to 1.6 ‰ (2SE)
for a similar number of points.

The B/Mg calibration obtained using only NIST613 with the SHRIMP IIe
Geoscience Australia overestimates the boron abundance in all tested phases,
to a higher degree at low abundances. The Dora Maira phengite abundance
estimate is approximately 20-25% too high (relative to improved calibration
using B/O below, Figure 60), while the Cerro del Almirez antigorite boron
abundance is overestimated by a factor of approximately 3 (Figure 59, rel-
ative to estimates of boron abundance from Padrón-Navarta et al., 2011).
Notably, NIST613 contains only 68 µg/g Mg (Table 22) and is hence a very
different matrix to both the Mg-rich minerals phengite and antigorite.
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Figure 57: Results of δ11B measurements of natural phyllosilicate minerals and syn-
thetic glasses conducted using the Geoscience Australia SHRIMP IIe standardised
to NIST 613. Abbreviated sample identifiers are as listed in Table 22. Individual
analyses are shown above (no uncertainties shown for clarity), and means for indi-
vidual targets are shown below. Error bars are ± 2SE on the mean. Triangles shown
indicate the absolute range of individual measurements.

A selection of these mineral samples were re-analysed on the RSES SHRIMP
II to compare performance and background conditions. On the ANU SHRIMP
II higher count rates, calibrated Helmholtz coils, and lower backgrounds con-
tribute to improved analytical conditions. Relative ion yields on the ANU
SHRIMP II were increased by using a wider source slit, with 10B signals typi-
cally in the range 80-125 cps/nA/µg/g for 10B (on the higher end for glasses)
compared to 10-15 cps/nA/µg/g with a restricted source slit at GA.

Relative to the doubly charged magnesium ion, a calibration for internal
standardisation based on 11B+/16O+ in NIST613 has reduced fractionation
from true values (as indicated in lower calibration slopes), better linearity
between glass and mineral targets, and appears to exhibit greater accuracy
over a range of target boron abundances (Figure 60), and is applicable even
in Mg-deficient targets. The Al06-44 serpentinite boron abundance is mea-
sured to be 29 µg/g (similar to published boron abundances for the antig-
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Figure 58: Results of δ11B measurements using an unfiltered beam on biotite and
phlogopite targets conducted using the Geoscience Australia SHRIMP IIe standard-
ised to the Namibian Biotite (with a nominal value of -19.3 ‰, based on analysis
against NIST 613). Abbreviated sample identifiers are as listed in Table 22. Individ-
ual analyses are shown on the left (no uncertainties shown for clarity), and means
for individual targets are shown on the right. Error bars are ± 2SE on the mean.
Triangles shown indicate the absolute range of individual measurements.

orite locality; Harvey et al., 2014), while the Dora Maira phengite abundance
is approximately 200 µg/g (not an unreasonable value, given than phengites
and muscovites can incorporate 1000’s of µg/g B; e.g. Menold et al., 2016).
Measured boron abundances for the two phlogopite samples from Ulten and
Finero are on the order of 0.5-5 µg/g, within likely natural ranges closer to
mantle abundances expected for these two samples hosted in metasomatised
peridotites.

The serpentinite reference material (Al06-44) δ11B is reproduced within
uncertainty of the suggested literature value (+22 ‰), with a session mean
δ11B of 21.6 ± 3.5 ‰ (2SE, Figure 61 - identical to the mean δ11B measured
at GA). Two different Dora Maira phengite separate samples (DM52, DM53)
were analysed, with mean δ11B for each within uncertainty within and across
sessions, and also within uncertainty of the estimated δ11B (-4.3 ± 2.6 ‰ vs
-6.1 ‰; Peacock and Hervig, 1999). In addition, the estimated mean δ11B for
low boron phases (Finero and Ulten phlogopites) are observed to be much
closer to the expected range (a mantle-like value between -10 to 0 ‰); the
minor background correction appears to be sufficient for analysis on the
ANU SHRIMP II.

A session investigating Lago di Cignana phengites was conducted. The
session was standardised to the Gorgona komatiite (GOR-128G), using the
Dora Maira phengite as a secondary reference material (Figure 62; here the
Dora Maira phengite exhibits a mean δ11B of -4.2 ± 1.9 ‰, similar to sug-
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Figure 59: Results of internal standardisation testing using 24Mg++ conducted using
the Geoscience Australia SHRIMP IIe using only NIST 613 as a reference material.
Abbreviated sample identifiers are as listed in Table 22. Individual analyses are
shown above, a calibration between observed and reference B/Mg ratios (left) and
predicted boron abundances on the bottom (right). A calibration passing through
the origin was used. Filled symbols on the calibration curve were used to constrain
the curve, empty symbols represent interpolated/extrapolated B/Mg ratios based
on observations.

gested value of -6.1 ‰ of Peacock and Hervig, 1999). The individual mea-
surements of phengite δ11B span a range comparable to that within the entire
oceanic lithosphere (δ11B = -15 to >+25 ‰; Figure 62). Significant differences
are observed even between different eclogite samples; the phengite-vein of
eclogite sample C34 contains anomalously high and variable δ11B values (of
+1 to +46 ‰, with a mean of +18‰) and may be significantly different from
the moderately high values found within the matrix. The metasedimentary
samples C36 show δ11B within the range expected for similar lithologies.
While high precision is achieved for many analyses individually and the
standards exhibit reasonable repeatability, a large scatter is observed, sug-
gesting target heterogeneity (discussed in the following chapter). The esti-
mated mean value for vein phengite from the sample C34 (+18.6 ± 12 ‰,
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Figure 60: Results of internal standardisation for natural phyllosilicate minerals and
synthetic glasses using 16O+ conducted using the ANU SHRIMP II using only NIST
613 as a reference material. Abbreviated sample identifiers are as listed in Table 22.
Individual analyses are shown above, a calibration between observed and reference
B/Mg ratios (left) and predicted boron abundances on the bottom (right). A calibra-
tion passing through the origin was used. Filled symbols on the calibration curve
were used to constrain the curve, empty symbols represent interpolated/extrapo-
lated B/O ratios based on observations.

Figure 62) is close to that reported using Faradays in multi-collector mode
below (+20.2 ± 5 ‰, Figure 66).

A transect of the Zermatt-Saas serpentinites|| were analysed for δ11B,
and standardised to the Gorgona komatiite glass GOR-128G. The 24Mg++ ion
was also analysed, with the aim of determining the concentration of boron
in each sample, using the Al06-44 serpentinite as a standard (B abundance
of ≈20-30 µg/g). Boron isotope measurements standardised to GOR-128G
result in a slight bias from the estimated reference value for serpentine (+19

± 2 ‰ (2SE) vs. +22 ‰ value from Harvey et al., 2014), and estimated
δ11B for serpentine from other localities within the expected range (-1 to
+26 ‰). A trend in δ11B can be observed across the Zermatt-Saas transect,

||Samples include Z1, Z2, Z5, Z6, Z7, Z8, Z14, Z15, Z17.
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Figure 61: Single-collector boron isotope measurements of natural phyllosilicate
minerals conducted using the ANU SHRIMP II. Individual analyses are shown on
the left (no uncertainties shown for clarity), and means for individual targets are
shown on the right. Abbreviated sample identifiers are as listed in Table 22. Er-
ror bars are ± 2SE on the mean. Triangles shown indicate the absolute range of
individual measurements.

increasing with structural depth. The B/Mg calibration constructed using
the MPI-DING glasses results in underestimation of the boron abundance
in serpentine by up to 50% (with an estimated boron abundance of 15 µg/g
for Al06-44); the estimated boron abundances for serpentinites from other
localities (5-40 µg/g, Figure 64) may be much higher.

5.11.2 Multi-collector δ11B Analysis on SHRIMP II

By collecting both isotope measurements simultaneously, measurements are
conducted faster - or equivalently, a decrease in uncertainty by a factor of
1/
√
(2) is expected for equivalent measurement time - and non-linear in-

strument instabilities are mitigated. The current SHRIMP II detector setup
allows for multi-collection, but is configured such that available detectors
are both Faraday cups (rather than a combination of multipliers and Fara-
day cups, or two multipliers). For useful multi-collector measurements us-
ing the two Faraday cups, minimal signal intensities are defined by the in-
herent electrical noise on the Faraday cup (Johnson–Nyquist noise, where
the noise current is inversely proportional to electrometer resistance: in =√

4 · kB · T · ∆ f /R; Johnson, 1928; Nyquist, 1928). Signal intensities at which
measurements can be conducted using Faraday cups are equivalent to ap-
proximately 1-2 million cps on the electron multiplier. SHRIMP II was set
up for multi-collector boron isotope analysis, with the aim to acquire and
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Figure 62: Single-collector measurement of phengite δ11B analyses on the ANU
SHRIMP II. Abbreviated sample identifiers are as listed in Table 22, with sample
unknowns from Lago di Cignana denoted with a prefix of ”C”. Individual analyses
are shown on the left. For clarity, spots are shown without individual spot uncer-
tainties, and with all natural unknown samples all shown in grey; means for each
of the targets are shown on the right. Error bars are ± 2SE on the mean. Triangles
shown indicate the absolute range of individual measurements.

fine tune a working machine configuration. Additionally, the viability for
multi-collector boron isotope analysis of low-boron phases (including nom-
inally boron-free minerals) was to be assessed. This involved testing count-
rates and peak shapes under a configuration optimised for signal strength
with an unfiltered primary beam and wide source slit (up to 150 µm). The
potential for using charge mode (a capacitance differential) for the analysis
of particularly low-boron minerals was tested. A suite of reference materials
were used to quantify measurement accuracy, and measurement repeatabil-
ity was tested on both low-boron targets (white micas) and wt%-level boron
targets (tourmaline). A series of initial testing sessions were conducted over
two days, on three mounts containing minerals of different boron content
(tourmalines, NIST glasses and a mount containing phengites from multiple
localities).

Setup was conducted on the tourmaline mount using a 3.3 nA filtered
primary O– beam and spot-size of ≈ 30 µm. Amplifiers with 10

11Ω re-
sistors were initially used for both low- and high-mass detectors; with 50

V and 5 V potential ranges on the voltage-frequency converters, respec-
tively. Voltage-frequency converter zeroes were calibrated (to ≈ 20 cps, to
avoid negative count values) with amplifiers disconnected; amplifiers were
then reconnected and zeroes calibrated in the same manner. The optimal
post − ESA − z deflection was frequently unusually high (38 to 46 V, com-
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Figure 63: Internal standardisation using single-collector measurements of 11B+ and
24Mg2+ on serpentine minerals. Abbreviated sample identifiers are as listed in Ta-
ble 22 with sample unknowns from Balangero, Monviso, Vaude di Rocca and the
Zermatt-Saas metaophiolite denoted by prefixes of ”BAL”, ”MV”, ”VdR” and ”Z”,
respectively. Individual analyses are shown above, a calibration between observed
and reference B/Mg ratios using the MPI-DING glasses (left) and predicted boron
abundances on the bottom (right). A calibration passing through the origin was
used. Filled symbols on the calibration curve were used to constrain the curve,
empty symbols represent interpolated/extrapolated B/Mg ratios based on observa-
tions. For clarity, all natural unknown samples all shown in grey; predicted boron
abundances of serpentinite samples using this calibration are presented below in
Figure 64).
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Figure 64: Boron abundance estimates from internal standardisation using 24Mg++

for analyses of serpentinites from Monviso (MV), the Zermatt-Saas Ophiolite (Z)
and the slivers along the Canavese Line (Balangero – BAL, and Vaude di Rocca -
VdR).

pared to 23 to 31 V during previous single-collector sessions), but this was
not as extreme in subsequent sessions during which tourmaline was anal-
ysed. Mass resolution at the 1% level was maintained at 2,700 to 2,800

(sufficient to resolve all significant interferences). The high-mass (11B) de-
tector was used for all automated steering and mass scans during analysis,
so the peak shape on this detector was optimised to a greater degree than
the low-mass detector peak (such that centering of peaks is more consistent).
A summary of results is provided below in Table 23.

Table 23: Testing results for multi-collection on SHRIMP II.

Mount Beam PBM Amp. Resistor Sample 10B Counts ±2σ

nA LM Ω HM Ω ×10
3 cps ‰

Tur O2

–
3.0-3.3 10

11
10

11 Tur 6000-8000 1

NIST Full 17 10
12,CM*

10
12 N610 200 2

Phg Full 18-20 CM*
10

12 N610 200 2

DMPhg 110 1-2

C34Phg 32-60

* Charge mode.

Two measurements of NIST610 are lighter than reference values by ap-
proximately 1.5-2.0 ‰ (Figure 66), suggesting either i) an inaccurate nominal
reference value for the Dora Maira phengite, ii) a matrix bias between the
glass and phyllosilicate targets (which is highly likely) or iii) both. Rela-
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Figure 65: Results of single-collector δ11B measurements for analyses of serpen-
tinites from Monviso (MV) and the Zermatt-Saas Ophiolite (Z) and the slivers along
the Canavese Line (Balangero – BAL, and Vaude di Rocca - VdR). Note that a num-
ber of these samples have smaller ranges in δ11B than the reference materials (GOR-
128G, StHs6/80-G and the proposed serpentinite reference material Al06-44A from
Cerro del Almirez, here shown as CdA). Individual analyses are shown above (no
uncertainties shown for clarity), and means for individual targets are shown below.
Error bars are ± 2SE on the mean.
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tive to previous single-collector measurements, estimated uncertainty in the
mean value for the Dora Maira phengite is reduced (from ± 2.4 ‰ to ±
1.2 ‰, 2SE). The Dora Maira phengite δ11B measurements exhibit a slightly
larger variance than that for the difference between the two NIST610 mea-
surements, but with so few points comments regarding potential heterogene-
ity cannot be made. The mean δ11B measured for phengite from a coarse
eclogitic phengite vein from Lago di Cignana (C34V) is within uncertainty
of the mean value obtained for single-collector measurements above (+20.2
± 4.5 ‰ vs. +18.6 ± 10.9 ‰, 2SE; Figure 62). The additional scatter ob-
served in the phengite vein (especially for single-collector analyses (Figure
62, with median analytical internal errors shown on the left) is suggestive of
heterogeneity. Count rates on phengites during analysis were sufficient to
clearly distinguish the high δ11B values of the C34 eclogitic phengite vein
from the lower δ11B matrix phengite (Figure 66; using 1012Ω resistor for 11B
and charge mode for 10B).
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Figure 66: Boron isotope compositions of phengites measured in multi-collector
mode, using the Dora Maira phengite as a reference (nominal value of -6.1 ‰ from
Peacock and Hervig, 1999). Individual analyses are shown on the left (no uncer-
tainties shown for clarity), and means for individual targets are shown on the right.
Triangles shown indicate the absolute range of individual measurements. Error bars
are ± 2SE on the mean.

Tourmaline Multi-collector Analysis

Sessions were conducted with a filtered O– primary beam (uncertain abso-
lute current, as primary beam monitor was exhibiting issues) and standard
25 µm spotsize. Data was collected on the low-mass and high-mass Faraday
cup, each with collector slits of 200 µm. Refinement of peak shapes (en-
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Figure 67: Two examples of repeatability of the B4 Schorl under optimal instrument
configuration. Note that all sections are standardised to have the same weighted
mean value. Individual analysis uncertainties are shown as 95% confidence inter-
vals. Estimates of variance of the sample measurements (2σ, grey) and uncertainty
on the mean of repeated measurements (2SE, red) are shown. Improvements to
analytical conditions reduced repeatability to values below 0.5 ‰.

suring both peaks exhibited sufficient width of plateau and were accurately
centred) through moving the high and low mass head positions improved
measurement repeatability (Figure 67). The results of three sessions con-
ducted over the period of approximately 9 months are given below (Figure
69). Secondary reference materials exhibit repeatable δ11B over multiple ses-
sions, with uncertainties (2SE) on mean values generally in the range 0.1 to
0.3 ‰.

The repeatability of the B4 tourmaline during these two sessions was
0.46 to 1.25 ‰ (Figure 67). The primary standard was mounted in two
locations on the mount, with no correlation observed between the position
of the standard and the measured isotopic ratio observed. Between the two
sessions, the measured δ11B of secondary reference materials are reproduced
within 1σ of the reference composition; sample means are reproduced within
1-2σ. Repeat analyses on sample tourmalines were typically within 1.0 to
1.5 ‰ of previous analyses. Tourmaline boron isotope data are presented
uncorrected for matrix bias; potential biases are discussed below.

Additional reference materials were obtained for an investigation of the
matrix bias along the principal component vector of sample variation at
Lago di Cignana, the Schorl-Dravite solid solution. In addition the Dyar
reference tourmalines (schorl, dravite and elbaite, in Figures 69, 68 notated
’SCH’, DRV’, ’ELB’; Dyar et al., 2001), small mineral fractions of two tourma-
line samples from Syros were generously donated for this study (S309 and
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S446, previously characterised by Marschall et al., 2006b). Compositional
matrix biases were identified between tourmaline reference materials, with
all tourmaline reference materials exhibiting negative biases relative to the
B4 tourmaline (Figure 68). The tourmalines overall have similar Al2O3 con-
tents (with the exception of the dravite, with ≈ 10 Wt% less Al2O3), low
K2O, very similar SiO2 content but differing abundances of Na2O-CaO (and
for the elbaite, Li2O). A quadratic fit for bias across Mg# using the four ref-
erence materials Schorl, B4 , S309 and S446 exhibits negative bias (relative
to the schorl reference B4) towards either endmember compositions (-2.0 ‰
for dravite and -0.5‰ for schorl, Figure 68). However, given the potential
uncertainty and inaccuracy in the reference δ11B values, the significance of
this trend remains relatively uncertain (i.e. if the reference value for B4 is in-
accurate by just a few permille, these analyses form a much simpler trend).
The additional compositional variation (beyond Fe-Mg) appears to induce
additional bias, with Li having greater effect on matrix bias (residual bias
is approximately -1.5 ‰/Wt% CaO and -2.4 ‰/Wt% Li2O, based on the
limited dataset presented here). A small number of measurements of the
danburite reference material (CaB2Si2O8, #115089) with a mean at δ11B =
-23.2 ± 1.3 ‰ (2SE, Figure 69) are significantly lighter than the reference
TIMS value (-18.7 ± 1.5 ‰, Dyar et al., 2001), supporting the hypothesis that
Ca-rich targets may exhibit light isotopic biases.

Given the fit derived above, dravite-rich compositions may exhibit sig-
nificant biases relative to schorl reference materials and vice versa (Figure
68). Relative to this range, the tourmaline described in the following chapter
falls between 50% and approximately 90% dravite (a common compositional
range for metamorphic tourmalines). This implies that matrix biases of ap-
proximately -2 to -3 ‰ may be encountered for the more dravitic tourma-
lines, and if corrected these would be estimated to have higher δ11B. Given
that the bias correction has used relatively few reference materials relative to
the number of possible solid solutions in tourmaline, useful extrapolation to
multi-component matrix effects is not possible. The strong effects on matrix
bias for ions such as K, Ca and Li (relative to Na) would be a worthy target
for further quantification.

Tourmalines from Lago di Cignana metasedimentary units (sample la-
bels prefixed with ’C’) exhibit a range in mean δ11B between -7.2 and +3.2
‰ while tourmalines from continental settings can be seen to have very
similar δ11B between -12.4 and -14.3 ‰ (Figure 69, MF07, PB01, TH14 from
tin-granites within the Lachlan Fold Belt, YIN from chlorite schist sourced
from Yinnetharra, Western Australia).
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Figure 68: Matrix bias associated with variations along the schorl-dravite solid so-
lution. Error bars are ± 2SE on the mean for each reference material. A linear
regression (using the SCH, DRV, B4, S309 and S446) and quadratic regression are
shown (using SCH, B4, S309 and S446). Note that ELB is excluded from both regres-
sions due to its high lithium content, and is shown here for reference only. DRV is
excluded from the quadratic regression due to high misfit and higher Ca content;
this regression exhibits the most extreme case expected for bias due to Fe-Mg com-
positional variation based on these measurements. The uncertainty envelope on the
quadratic fit is also shown for reference (approximately 95% confidence interval).

5.12 Achievements and Major Results

The precision achievable for tourmaline of ± 0.46 ‰ (2σ) is only slightly
larger than the median uncertainty on individual tourmaline measurements
of 0.3 ‰ (2σ), suggesting that to achieve greater precision either longer
counting times or improvements to measurement stability would be required.
Recent analyses conducted on a Cameca ims-1280 HR achieve internal pre-
cision for individual measurements of max. ± 0.4 ‰ and external preci-
sion of max. ± 0.8 ‰ (2σ; for spot times of 3 minutes, and using a 5nA
16O– primary beam focused to a 5 µm spot; Berryman et al., 2017). Notably,
we achieve similar or better internal and external precision on the ANU
SHRIMP II (albeit with a larger spot, and slightly longer analytical times),
although we observe a greater magnitude of matrix bias between tourmaline
compositions than measured on the ims-1280 (the Dyar schorl and dravite,
and the B4 tourmaline, ≈ 1 ‰ differnce in measured IMF; Berryman et al.,
2017; Dyar et al., 2001). The instrumental setup used to measure tourmaline
and phengite in this study has also been used to investigate the boron iso-
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tope systematics within the UHP upper oceanic crustal section at Lago di
Cignana in the following chapter.

When standardised to the reference material GOR-128G, the Dora Maira
phengite has a measured δ11B of -4.2 ± 1.9 ‰ (2SE, single-collector measure-
ments) and the Cerro del Almirez antigorite serpentinite AL06-44A has a
measured δ11B of +19.2 ± 1.5 ‰ (2SE, single-collector measurements). The
mean measured phengite δ11B is within uncertainty of that measured for dif-
ferent phengite from the same locality (-6.1 ± 0.6 ‰; Peacock and Hervig,
1999), and the mean measured antigorite δ11B is only slightly below the sug-
gested reference value of +22 ‰ (Harvey et al., 2014). The similarity to likely
true δ11B compositions suggests that matrix biases of >2 ‰ between these
minerals and reference glasses are unlikely. Using 11B+/16O+ ratios and a
calibration against NIST613, the measured boron abundance in the phen-
gite and serpentinite (240 and 29 µg/g) are within probable ranges for these
minerals. Repeatability achieved on glass reference materials, the Cerro del
Almirez antigorite and Dora Maira phengite is similar to or better than me-
dian internal uncertainties on single measurements (e.g. Figures 62 and 65).
Count rates for multi-collector measurements of phengite will be able to be
improved using wider source slits and properly focused detectors (possible
after upgrade to DC Mike detector drivers). The lower-concentration phen-
gites may be ideal for a dual-multiplier multi-collector configuration, but
this would also have to be tested if implemented - currently the SHRIMP II
setup includes only a single multiplier, although dual multiplier setups were
used in the past. Suggested working limits for analysis using MC Faraday
cups are around 60-100 µg/g B (corresponding to 20-30k cps on 10B and
signal to noise ratios of around 5:1), depending on reductions to noise on
the electrometer amplifiers.

Single-collector and multi-collector measurements also show promise
with regards to resolving differences between different rocks which may be
then linked to geological processes. Given the large δ11B range in nature,
the multi-collector δ11B measurements are more than sufficiently precise to
resolve typical differences between mineral zones and rocks (see Chapter 6

for a more thorough introduction to natural δ11B ranges). The potential ap-
plications of boron abundance and isotope analysis on SHRIMP are numer-
ous, but they are limited principally by access to mineral-matched standards
and/or matrix bias corrections in order to achieve accurate measurements.
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5.13 Outlook

Suggested opportunities for research progress using SHRIMP II for δ11B mea-
surements include: i) Expansion of tourmaline analysis to a greater range of
compositions (and expansion of the matrix bias calibration, ii) Analysis of
white micas in subduction suites, and iii) Comparison of white micas and
tourmalines during multi-stage hydrothermal alteration of crustal rocks (po-
tentially coupled to experimental petrology). However, accurate measure-
ments require constraining the magnitude and significance of matrix biases
for SIMS δ11B measurements in tourmaline, which itself hinges on having
reference materials with accurate reference δ11B values. Further develop-
ment and interlaboratory charaterisation of these reference materials will be
necessary to provide more accurate SIMS δ11B analyses.

The potential investigation of white micas alongside tourmalines within
these lithologies also places granitic material in good stead as a fertile re-
search area. In subduction suites, the comparison between tourmaline, white
micas and bulk rock compositions would provide detailed information re-
garding boron cycling (see the following Chapter for a first example). The
effective limits for analyses of white micas under the methods described
above would lie in the 30-300 µg/g range. Given the range of boron content
of metamorphic white micas (particularly phengite), count-rates are at sub-
optimal ranges for either Faraday or multiplier collection systems (high end
of multiplier range, low end of Faraday range). High count-rates (>1-2 mil-
lion cps) are not accurately measured due to the deadtime on the multiplier
system, and will quickly age the electron multipliers if not appropriately
managed; low count-rates are overwhelmed by noise on the Faraday cups.
Boron isotope analyses of serpentine appear to be sufficiently precise where
multiple measurements are averaged. The practical use of individual mea-
surements on serpentine would likely be greatly assisted to multi-collector
analyses, which may be facilitated with improvements to transmission with
a wider collector slit and potentially further work testing charge (Low-Mass:
charge mode, High-Mass: resistance mode).

The few tourmaline samples related to hydrothermal systems in tin gran-
ites (MF, PB and TH samples) all have very similar measured δ11B, and link-
ing granitic tourmaline to differences in hydrothermal processes or granitic
source in this case was not possible. Pegmatites are a specific case which
may yield interesting results through comparison of tourmaline and mica
compositions, although the matrix bias calibration would almost certainly
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need to be expanded to include Li- and Al-rich compositions (elbaite, olen-
ite endmembers).

Targeted expansion of the tourmaline matrix bias calibration would be
best targeted at enabling analysis of common igneous and hydrothermal
systems for which tourmaline is most well known; these include granitic
edifices and pegmatitic deposits. Overall, this would include the effects of
both Al and Li, the latter of which will likely have a significant effect on
matrix bias in tourmalines.

The use of inter-mineral isotope fractionation as a geothermometer re-
quires accurate calibration of a fractionation model. Models constructed so
far may be insufficient for this purpose, and boron isotope analyses by SIMS
and MC-LA-ICP-MS pose a potential solution to issues encountered pre-
viously. The analysis of experimentally equilibrated boron-bearing assem-
blages combined with suites of natural host-inclusion analyses (e.g. mica
in tourmaline) would provide thorough documentation of the fractionation
systematics at higher temperatures (likely >500 °C). White mica and tour-
maline are an ideal mineral couple for investigating fluid infiltration: both
record geochemical information regarding fluid infiltration (e.g trace ele-
ments, boron and oxygen isotopes), as the more robust mineral tourmaline
is more likely to record growth zoning while micas may provide absolute
temporal information regarding the latest fluid infiltration-recrystallization
events through K-Ar analyses (in addition to Rb-Sr, Sr-Sr).
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Figure 69: Boron isotope compositions of boron-rich phases measured in multi-
collector mode. Individual analyses are shown above (no uncertainties shown for
clarity), and means for individual targets are shown below. Error bars are ± 2SE on
the mean (typically smaller than symbol size).
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B O R O N I S O T O P E H E T E R O G E N E I T Y I N T O U R M A L I N E ,
P H E N G I T E A N D S E R P E N T I N E F R O M S U B D U C T E D
O C E A N I C L I T H O S P H E R E : I M P L I C AT I O N S F O R F L U I D
E X C H A N G E S W I T H I N T H E S L A B

Abstract

Boron isotopes are useful recorders of fluid-rock interaction over a variety
of geological conditions and environments. Here we document the first
geological application of in-situ boron isotope analyses by SHRIMP in an
investigation of metasedimentary tourmaline formed during subduction to
ultra-high-pressure conditions from the Lago di Cignana Unit, NW Italian
Alps. We utilise in-situ boron isotope measurements coupled to EPMA and
LA-ICP-MS trace element measurements in tourmaline to provide detailed
spatially and temporally resolved records of tourmaline growth. We high-
light the high degree of heterogeneity observed both within and between
metasedimentary lithologies.

Tourmaline is the principal boron-bearing phase in metasediments, and
controls boron mobility throughout much of the prograde history. Tourma-
line δ11B compositions vary between -15 and +5 ‰, and differences in tour-
maline δ11B compositions of up to 10 ‰ are observed in adjacent lithologies.
Tourmaline δ11B values are generally higher towards the unit boundaries.
Tourmaline δ11B composition typically decrease from core to rim, and likely
reflect incorporation of boron originally hosted in phyllosilicates. Significant
fractionation towards low δ11B values and low fluid-mobile element abun-
dances are observed in tourmaline from one calcschist sample, consistent
with large early losses of boron prior to initial tourmaline formation. Within
two metasedimentary samples, tourmaline does not exhibit δ11B values in
equilibrium with phengite at peak conditions. Phengite veins within mafic
units exhibit much higher δ11B than matrix phengite (averaging +18 to 20 ‰
vs. +9 ‰). Zermatt-Saas serpentinites exhibit δ11B compositions of +6 to 26

‰, and are likely fluid source for phengite veins. Despite consisting of only
a 300m-thick metasedimentary package, a large range of tourmaline δ11B
values are observed, spanning sedimentary δ11B signatures observed glob-
ally. This heterogeneity is preserved at the UHP metamorphic peak, and
well-placed to persist beyond sub-arc depths.
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6.1 Introduction

Subduction zones are a key geological feature of Earth, and enable large-
scale mass transfer which facilitates geochemical cycling of a wide vari-
ety of elements and isotope systems. Fluid-facilitated transport is one key
mechanism of mass transfer within the subducting slab, and across the slab-
mantle wedge interface. Investigating evidence of fluid pathways in the
upper oceanic crust is key to understanding how these geochemical reser-
voirs influence the adjacent mantle wedge. Fluid pathways are occasionally
cryptic and establishing stages of metasomatism prior to final high-pressure
equilibration can be particularly difficult. Tighter geological constraints are
possible using finer-scale analysis, and with regards to fluid-rock interaction,
in-situ analysis of fluid-mobile elements and stable isotopes can be particu-
larly useful (e.g. Marschall et al., 2009c; Rubatto and Angiboust, 2015; Page
et al., 2014, and see Chapters 2-4). Boron is a fluid-mobile incompatible ele-
ment which is a well-established fluid-tracer across multiple geological envi-
ronments, and both boron abundances and boron isotopes providing infor-
mation regarding fluid sources and conditions of fluid-rock interaction (e.g.
Marschall et al., 2006c; van Hinsberg, 2011; Konrad-Schmolke and Halama,
2014). Boron concentrations and δ11B values consistently decrease from the
fore-arc to the back-arc due to a decrease in slab-derived fluids with increas-
ing depth to the slab (Rosner et al., 2003; Bebout, 2007). Here we examine
metasedimentary tourmaline within the deepest subducted upper oceanic
crustal section to provide constraints boron loss, isotopic fractionation and
the boron isotope end-product of prograde subduction. We investigate the
level of δ11B heterogeneity present within and between individual metasedi-
mentary samples within an oceanic sequence that was subducted to sub-arc
depth (Lago di Cignana Unit, Western Alps), to better understand the signif-
icance and behaviour of boron isotopes in common boron phases. Addition-
ally, we aim to resolve metamorphic and metasomatic processes which may
be recorded by tourmalines by documenting the evolution of δ11B during
prograde metamorphism and tourmaline growth.

6.1.1 Boron in Subducted Oceanic Crust

Boron is an incompatible, fluid-mobile trace element, allowing surface geo-
logical reservoirs to be continually enriched in boron over geological time.
Seawater is enriched in boron (4-5 µg/g) relative to both exposed mantle
and seafloor igneous lithologies, with the modern oceans exhibiting δ11B of
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+39.61‰ (Spivack and Edmond, 1987; Foster et al., 2010). Through alter-
ation of seafloor rocks, this seawater signature is variably incorporated into
the Altered Oceanic Crust (AOC). The characteristically high δ11B of seawa-
ter, in addition to variable pH and temperature conditions on the seafloor
allow seafloor rocks to exhibit large enrichments to both boron abundance
and δ11B corresponding to alteration conditions and magnitudes (e.g. Bon-
atti et al., 1984; Spivack and Edmond, 1987; Chaussidon and Jambon, 1994;
Smith et al., 1995). With regards to subduction boron cycling, the most sig-
nificant reservoirs are the altered oceanic crust which can contain up to 100

µg/g boron (especially seafloor serpentinites; Wunder et al., 2005; Tonarini
et al., 2009; Deschamps et al., 2013; Kodolányi et al., 2012) and marine sed-
iments with boron abundances on the order of 100’s of µg/g (e.g. Ishikawa
and Nakamura, 1993). The abundance of boron in the depleted mantle is
estimated to be 0.077 ± 0.010 µg/g (Marschall et al., 2017), and unaltered
basaltic glasses exhibit boron abundances of 0.34-2.5 µg/g (Chaussidon and
Jambon, 1994; Marschall et al., 2017).

A wide range of boron isotope compositions are also observed within the
oceanic crust (Figure 70). Basaltic crust initially exhibits δ11B of -7.1 ± 0.9
‰ (based on analysis of uncontaminated basalts from six ridge segments;
Marschall et al., 2017). Boron is enriched in the mafic oceanic crust through
hydrothermal activity (to >100 µg/g in the upper crust), exhibiting an av-
erage δ11B of approximately +3‰ integrated over the composite crustal sec-
tion (Spivack and Edmond, 1987; Smith et al., 1995). Additionally, seafloor
serpentinites in particular exhibit relatively high boron abundances (up to
around 110 µg/g in abyssal peridotites; Deschamps et al., 2013; Kodolányi
et al., 2012) and high δ11B (e.g. the Fifteen Twenty transform with boron
isotope compositions of 29.6 to 40.5‰; Vils et al., 2009), facilitated by the
progressive evolution of seawater during penetration into the lithosphere
(particularly with regard to high pH; Foustoukos et al., 2008). Siliceous to
pelitic marine sediments have δ11B between -13 and +10‰ (with continental
derived material comprising the lighter endmember, and biogenic compo-
nents the heavier endmember), with carbonates extending towards higher
values (+10 to >+30‰; Ishikawa and Nakamura, 1993; Leeman and Sisson,
1996; Tonarini et al., 2009). Marine sedimentary clays sorb boron, and ex-
hibit differing δ11B depending on the amount, grainsize and species of clay
(Williams et al., 2001; Williams and Hervig, 2005). Oceanic metasediments
exhibit boron isotope signatures roughly corresponding to the mineralogy
(i.e. modal abundances of carbonate, clay and siliceous components). Boron
in marine sediments can be divided into two general components: sorbed
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boron and bound boron, which exhibit different boron isotope compositions
(with previously measured δ11B ranges of +13.9 to +15.8 ‰ and -4.3 to +2.8
‰, respectively; Spivack et al., 1987).

Boron is a trace to minor element in most of these systems, and its abun-
dance is largely controlled by phases present, fluid evolution, and fluid-
mineral partitioning. Boron is found in trigonal and tetrahedral coordi-
nation in both fluid and solid phases. In phyllosilicates and tectosilicates
boron is typically tetrahedrally coordinated (although in some silicates - es-
peically chain silicates - boron may be trigonally coordinated; Hãlenius et al.,
2010), while in tourmaline contains trigonally-coordinated boron*. Within
most lithologies, tourmaline is the only mineral phase which will contain
appreciable boron in trigonal coordination, although trigonal boron is also
present in carbonates at the µg/g level (e.g. Hemming and Hanson, 1992;
Branson et al., 2015). Where present, tourmaline is typically the major min-
eral host for boron, with phengite typically a subordinate boron host. In
mafic lithologies, amphiboles and clinopyroxenes are also significant boron
hosts (Marschall et al., 2006a). Boron can be incorporated directly into the
serpentine structure (Pabst et al., 2011), and hence may be retained poten-
tially even under recrystallization at higher temperatures.

Figure 70: Relevant boron isotope reservoirs for prograde fluid cycling. Figure
modified from Wunder et al. (2005); Konrad-Schmolke and Halama (2014). The red
box indicate the approximative paleolocation of the Lago di Cignana Unit within
an idealised subduction zone. See text and (Marschall et al., 2017; Marschall, 2018)
for details and references.

* A minor boron component can also be incorporated in tetrahedral coordination in aluminous
tourmaline at low-T high-P conditions (Ertl et al., 2008).
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Boron is fluid mobile and hence sensitive to dehydration processes. Shifts
in bulk rock boron abundance and δ11B are controlled by dominant host
phases and their stabilities (e.g. Marschall et al., 2009a). During prograde
metamorphism, boron abundances and δ11B both commonly decrease, con-
sistent with the progressive loss of boron-rich heavy δ11B fluids from the
slab (Peacock and Hervig, 1999; Nakano and Nakamura, 2001; Marschall
et al., 2006b; Pabst et al., 2012; Romer and Meixner, 2014; Berryman et al.,
2017) which likely contributes to the elevated δ11B measured in arc mag-
matic rocks (Figure 71; Rosner et al., 2003; Bebout, 2007). The dominant
boron mineral hosts present within the altered oceanic crust are tourmaline,
white micas and serpentine, all of which are stable to significant depths in
subduction zones.

Forearc dewatering and devolatilization processes can result in signif-
icant reduction to boron abundances (with up to 70% boron being lost;
e.g. Savov et al., 2007), especially in serpentinites (Kodolányi and Pettke,
2011; Deschamps et al., 2012), and likely also in sediments. Dehydrating
altered oceanic crust can form isotopically heavy (δ11B = +5 to +15 ‰)
fluids enriched in boron (200-500 µg/g) prior to eclogite facies, and repre-
sent a likely source for high δ11B boron in shallower sections of subduction
zones (Marschall et al., 2007b). Phengite has a significant influence on the
boron budget and isotopic composition in subduction lithologies (especially
mafic rocks; e.g. Bebout, 2007). In high pressure lithologies, and especially
metasediments, tourmaline can sequester some of the boron lost from micas,
mitigating whole-rock B loss (as previously suggested for Lago di Cignana;
Bebout et al., 2013).

Tourmaline however has a very wide stability range (at least 4 GPa
and 800°C and potentially further depending on composition; van Hins-
berg et al., 2011; Ota et al., 2008, and references therein), is mechanically
relatively robust, and commonly exhibits growth zoning (being akin to gar-
net, albeit with a complementary trace element suite; Marschall and Jiang,
2011; van Hinsberg et al., 2017). While exhibiting complex chemistry, tour-
maline accommodates a great number of geologically relevant minor and
trace elements (Marschall and Jiang, 2011; van Hinsberg et al., 2011) and
provides detailed records of petrogenetic and metasomatic processes (e.g.
van Hinsberg and Schumacher, 2011; van Hinsberg et al., 2017). Tourmaline
is commonly the major boron host within metasedimentary lithologies, and
analysis of tourmaline zonation can provide contextualised time-resolved in-
formation regarding fluid-rock interaction during prograde metamorphism.
Tourmaline has been used to investigate fluid-mediated processes across var-
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Figure 71: Boron isotope systematics in arc rocks. a) Boron isotope composition
vs. Nb/B ratios for arc rocks, with relevant subduction reservoirs indicated (Span-
dler and Pirard 2013 after Scambelluri and Tonarini 2012). Arc rocks record Nb/B
- δ11B compositions intermediate between sediments, mantle and high-pressure de-
hydration fluids from serpentinites. b) Boron isotope compositions of arc rocks
as a function of depth to slab, exhibiting lower δ11B signatures associated with
greater depths to slab (Bebout, 2007). Compiled from Ishikawa and Nakamura
(1994); Ishikawa and Tera (1997); Rosner et al. (2003) after Benton et al. (2001).

ious scales. Within individual tourmalines and across regional metamor-
phic zones, decreasing δ11B has been associated with increasing Mg# reflect-
ing prograde metamorphism (e.g. at Sambagawa; Nakano and Nakamura,
2001). Fluid-rock interaction will also influence tourmaline δ11B at the local
scale. In the Pfitsch Formation within the Western Tauern Window, Eastern
Alps whole-rock δ11B varies from -14.1 to -33.6 ‰, positively correlated to
whole-rock boron content (21-1200 µg/g; Berryman et al., 2017), consistent
with preferential loss of 11B-enriched fluids during prograde metamorphism.
Zoned tourmalines exhibit decreasing δ11B with growth (core δ11B = -7.8 to
-11.2 ‰ overgrown by rims with δ11B = -17.3 to -20.3 ‰), and likely repre-
sent metamorphic internal redistribution of boron from a B-rich precursor to
form tourmaline (Berryman et al., 2017). Retrograde tourmaline growth is
typically associated with increases in δ11B. Tourmaline in tuffitic blueschist
at Syros, which exhibits core-rim profiles from cores at -3.3 to -1.6 ‰ through
to Fe-rich retrograde rims at +7.7‰ (Marschall et al., 2008). At multiple
UHP localities of metasedimentary and metagranitic rocks, tourmaline ex-
hibits negative δ11B (a variety of metagranitoids, gneisses, migmatitic leu-
cosomes and high-pressure metasediments have δ11B = -16 to 1 ‰); where
retrograde growth of tourmaline observed to display elevated δ11B (up to
+28‰; Marschall et al., 2009b). At Lago di Cignana, two previous investiga-
tions of boron isotope compositions of tourmaline has been conducted, re-
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vealing that tourmaline exhibits zonation in Mg#, Ca and δ11B (Bebout and
Nakamura, 2003; Bebout et al., 2013). Within some of these metasedimen-
tary lithologies, tourmaline exhibits coesite inclusions, indicating growth at
UHP (Compagnoni and Rolfo, 2003; Reinecke, 1998). The samples analysed
here span much of the lithological range described by Reinecke (1998), en-
compassing metaquartzites, calcschists, manganiferous schists and phengite
schists. We have analysed a suite of zoned tourmalines from each of these
lithologies to ascertain both tourmaline zonation and trends between litholo-
gies and across the metasedimentary unit, aiming to constrain both internal
fluid production and fluid-mediated interactions between lithological units.

6.1.2 Boron Isotope Fractionation

Boron isotopes are fractionated between coexisting minerals and fluids over
a broad range in temperature, with ∆11BFluid-B[4]

Mineral
decreasing from >+15

to 20‰ at temperatures below 300°C to typically <10 ‰ at 650-700°C (Fig-
ure 72; Sanchez-Valle et al., 2005; Kowalski et al., 2013; Kowalski and Wun-
der, 2018). Where multiple boron coordinations exist, the two stable boron
isotopes partition between them according to energetic differences (effec-
tively, the differences in bond strength), where 11B is relatively enriched
in dissolved ions and mineral phases where it is present in trigonal coor-
dination. Phyllosilicates incorporate boron in tetrahedral coordination (e.g.
serpentine and white mica), while tourmaline contains boron principally
in trigonal coordination. In typical water-dominated fluid systems, dis-
solved boron will form trigonal and tetrahedral hydroxide complexes (e.g.
B(OH)3 and B(OH)4

– ). The isotopic fractionation between these species is
large at low temperature (Kakihana et al., 1977). The fractionation between
trigonally- and tetrahedrally-coordinated boron in minerals relative to fluids
has been calibrated over a range of temperatures (Figure 72; e.g. Sanchez-
Valle et al., 2005; Wunder et al., 2005; Williams et al., 2001; Hervig et al.,
2002). The presence of multiple dissolved boron species present in aque-
ous fluids (e.g. at high pressure) also influences observed boron isotope
fractionation between fluids and minerals (e.g. as suggested as one mecha-
nism to reconcile results of in-situ high-pressure fractionation experiments;
Kowalski et al., 2013). The B[4]

Mineral-fluid fractionation (i.e. in most sili-
cates, from 400 to >1000°C; Sanchez-Valle et al., 2005) and experimentally-
derived tourmaline(B[3])-fluid boron isotope fractionation (over the temper-
ature range 400 to 700°C; Meyer et al., 2008; Marschall et al., 2009b) can be
expressed as an inverse temperature relationships (Figure 72):
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∆11B
B[4]−B[3]

H2O
= −12.7± 1.1 · 1000

TK
+ 6.2± 1.2 (15)

∆11B
B[3]−B[3]

H2O
= −4.20 · 1000

TK
+ 3.52 (16)

Figure 72: Model of boron isotope fractionation between trigonal boron in fluid,
tourmaline and other silicates containing tetrahedral boron (e.g. white micas). Frac-
tionation models are those of Marschall et al. (2009b) for tourmaline and Sanchez-
Valle et al. (2005) for phyllosilicates including white micas and serpentine (which
is also consistent with previous data from Williams et al. 2001, Hervig et al. 2002,
and Wunder et al. 2005). Shaded area corresponds to likely temperature range of
equilibration between tourmaline and white mica at Lago di Cignana.

6.1.3 Geological Setting and Sampling

This study investigates a variety of rock types from the Zermatt-Saas Zone
of the Italian Western Alps, including the Lago di Cignana Unit and the
underlying Zermatt-Saas serpentinites. The Lago di Cignana Unit is an
exhumed upper oceanic crustal section which containing mafic and sedi-
mentary lithologies. The sedimentary sequence was deposited during the
Jurassic opening of the Piedmont-Ligurian ocean (Bearth, 1967, 1976; Ru-
batto et al., 1998), and subducted to Ultra-High Pressure (UHP) conditions
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during the Eocene (up to 630°C and 3.2 GPa; Reinecke, 1991, 1998; Groppo
et al., 2009; Beltrando et al., 2010b).

The upper oceanic crustal section consists of closely-spaced lithologies
which have strongly contrasting provenance and chemical composition, and
thus possibly B abundances and isotopic ratios. The metasedimentary oceanic
protoliths range from pelites and clay-bearing silica-dominated sediments
(e.g. cherts/radiolarites) to calcareous sediments (and also hydrothermally-
altered equivalents of each of these; Bearth, 1967, 1976; Reinecke, 1998), and
hence have a range in likely boron abundance (Spivack et al., 1987). The
locality represents an ideal locality to investigate fluid-driven local mass
transport within the upper oceanic crust due to the lithological variation,
relatively small size and deep subduction history. Within the Lago di Cig-
nana unit, the discovery of coesite as rare inclusions in both tourmaline and
pyrope-rich garnet (Reinecke, 1991, 1998) led to the identification of localised
ultra-high-pressure metamorphism (2.7-3.2 GPa, 590-630 °C; Reinecke, 1991,
1998; Groppo et al., 2009). For an additional overview into the regional and
local-scale geology, see the previous chapter on garnet geochemistry at Lago
di Cignana. Sampling was conducted along the shore of Lago di Cignana,
where a number of metasedimentary and eclogitic samples were taken (Fig-
ure 4). The samples used in this investigation are a subset of those included
in the previous chapter detailing garnet geochemistry, and are limited to
i) seven metasediments from which tourmaline was separated, ii) two eclog-
ites which contain appreciable phengite, and iii) a selection of the underlying
Zermatt-Saas serpentinites (along a transect towards the base of the valley
near Valtournenche, see Chapter 4) in which antigorite was analysed. Tour-
maline from one metasedimentary sample exhibits δ11B zonation between
-10‰ and +3 to 4‰ increasing from core to rim (Bebout and Nakamura,
2003). In another, decreases in δ11B within two metasedimentary tourma-
lines have been observed from core to rim (from -2 to -5 ‰; Bebout et al.,
2013).

The samples for which tourmaline has been studied at Lago di Cig-
nana are all metamorphosed oceanic sediments which directly overly meta-
basaltic material. The UHP Lago di Cignana unit contains minor serpen-
tinites towards its base, and is in direct contact with eclogite-facies serpen-
tinites along the faulted contact at its base (Figures 73, 74). The juxtaposition
of the Lago di Cignana UHP Unit and the eclogite-facies Zermatt-Saas ser-
pentinites is thought to have occurred during exhumation (Reinecke, 1991,
1998; Kirst and Leiss, 2017, see Chapter 4 for more information) .
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Table 24: Table of individual samples used in this study, and their assemblages. For sample locations refer to Figure 73. Samples with numbers
of 30 and above (i.e. from C30) were collected during the 2014 sampling campaign. For more information see Chapter 4.

Lithology Sample Assemblage Note

Eclogite C31 Grt-Omp-Phg-Gln-Chl-Rt-Sulfides Local Qz in Grt pressure shadows & veinlets; composite sulfides rimmed by oxides.

C34 Grt-Omp-Gln-Phg-Rt-Chl Large Phg-Rt-Gln vein

Manganiferous Schist C11 Qtz-Phg-Pie-Tur-Braunite/Mag Banded sample; pseudomorphs after Mn nodules?

C23 Qtz-Phg-Pie-Tur-Braunite/Mag-Chl Banded sample; pseudomorphs after Mn nodules?

Calcschsit C25 Qtz-Phg-Cc-(Dol?)-Chl-Ep-Tur-Ox./Hydrox. Foliated; dolomite weathered out.

C36 Qtz-Cc-Phg-Chl-Ox-Ep-(Grt)-(Tur) Granoblastic with minor Phg foliation; garnets

Phengite Schist C33 Qtz-Grt-Phg-Chl-Cc-Ep-Tur-Ab-Mag-Po-Cpy Foliated; thick Phg bands

C38 Qtz-Grt-Phg-Chl-Cc-Ep-Tur-Ab-Ox./Hydrox. Foliated

Metaquartzite C37 Qz-Grt-Phg-Ep-Tur Lws pseudomorphs?

Serpentinite Z1 Atg-Mag-TiChu-Cc Closest to Cigana

Z2 Atg-Mag

Z5 Atg-Mag

Z6 Atg-Mag

Z7 Atg-Mag

Z8 Atg-Mag Within shear zone

Z14 Atg-Mag-Tlc-Trem

Z15 Atg-Mag

Z17 Atg-Mag
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6.1.4 Sample Petrography

Tourmaline has been recovered from a number of different lithologies, com-
prising calcschists, manganiferous quartzschists, manganese-poor quartzschist
(’quartz-phengite-garnet schist’) and phengite micaschist. Mafic lithologies
were not targeted for mineral separation. General petrology is described
more thoroughly in the previous chapter regarding garnet geochemical zona-
tion, and here only additional petrological context relevant to interpretation
of tourmaline geochemistry is noted.

Within all samples, tourmaline typically forms in quartz-rich zones (no-
ticeable particularly in calcschists, which exhibit variations in quartz-carbonate
modal abundances), but is observed to have slightly different morphology
depending on local mineralogical variation (e.g. small elongate grains within
quartz-phengite-piemontite-tourmaline aggregates v.s. larger euhedral grains
in a quartz-dominated matrix). Within quartz-rich schists (manganiferous
schists, phengite schists etc.), tourmaline is exclusively found as euhedral
porphyroblastic crystal of varying diameter between approximately 50 µm
and 150 µm. Tourmalines appear to be completely preserved (with no petro-
graphic evidence of resorption or alteration of outer tourmaline zones), and
are disturbed only by minor quartz/carbonate-filled cracks. The timing of
tourmaline formation can largely only be reconstructed based on mineral
inclusions, as it typically occurs as euhedral to slightly elongate idiomor-
phic crystals in a quartz±phengite matrix which is easily deformed and
does not provide easily observed overprinting relationships. Tourmalines
at Lago di Cignana have previously been described to contain inclusions of
coesite (Reinecke, 1991, 1998; Bebout and Nakamura, 2003; Ertl et al., 2010).
The tourmalines investigated here contain inclusions of SiO2

†, epidote (espe-
cially piemontite in the manganiferous schists) and occasionally white mica.
Tourmalines previously investigated within Lago di Cignana metapelites
are described as being light green in colour, and exhibiting more colourful
rims (Bebout and Nakamura, 2003). Here we investigate tourmalines over a
broader range in lithologies, including metapelites, metaquartzite, mangan-
iferous schists and calcschists, a number of which (C34-C38) are in similar
locations to those investigated by Bebout et al. (2013) along the northwest-
ern edge of the metasedimentary unit near the shore of Lago di Cignana.
While the exact timing and PT interval of tourmaline growth cannot be di-
rectly established, it is likely forming during intermediate to high pressure
metamorphism, and potentially through release of boron from white micas

† The polymorphs of SiO2 have not yet been investigated with Raman spectroscopy
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after initial garnet growth (e.g. see discussion of Bebout et al., 2013). In the
phengite micaschist sample C33 some tourmaline is crosscut by small quartz
veins with a minor carbonate component. In samples containing braunite (i.e.
manganese schists; C11, C23), tourmaline exhibits varying shades of orange
- with zonation visible in plane polarised light. In quartz-rich lithologies
without manganese phases (C33, C37), tourmaline is brown, with zonation
occasionally visible. Calcschists are generally tourmaline poor, and tourma-
line zonation is not easily observed in calcschist thin sections. Tourmaline
within calcschists is typically dark blue in colour, and occurs as small grains
within the calcite-quartz dominated matrix (although less intensely coloured
larger grains are rarely observed).

Figure 75: Thin section images of samples used in this study. a) Manganiferous
schist sample C11. Note the presence of large euhedral tourmalines within the ma-
trix and association of smaller tourmalines with piemontite-braunite-phengite ag-
gregates. b) Tourmaline within the foliated matrix of phengite schist C33, adjacent
to cracked and altered garnet. c) Grains of dark tourmaline within a quartz-rich
portion of calcschist sample C25. d) Crossed-polars image of phengite vein through
sample C34. Abbreviations are as follows: Tur - tourmaline, G - garnet, Qtz - quartz,
Phg - phengite, Omp - omphacite, Gln - glaucophane, Rt - rutile, Chl - chlorite, Ep -
epidote minerals, Pie - piemontite, Mag - magnetite.
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6.2 Methods

6.2.1 EPMA and SEM

Tourmalines were separated from crushed fractions of whole rocks and mounted
in one-inch epoxy discs. Major element analyses of tourmaline were con-
ducted on a Cameca SX-100 electron microprobe with 4 wavelength disper-
sive spectrometers at RSES, ANU. Analysis was conducted with a 20 nA
focused electron beam accelerated to 15kV, with signals measured on PC2

(B), TAP (Na, Mg, Al, Si,), and LLIF (Fe, Mn, Cr, Ti) spectrometers, using
peak counting times of 10-30 seconds and background counting times of 5-
15 seconds. Na was analysed first to avoid beam damage effects. A suite of
mineral reference materials was used for standardisation: boron carbide (B),
albite (na), San Carlos olivine (Fe, Mg), corundum (Al), quartz (Si), rhodonite
(Mn), rutile (Ti) and chromite (Cr). Tourmaline standard repeatability for ma-
jor elements is 0.3-0.65 %; reproducibility for the minor to trace components
TiO2 and Cr2O3 was 1.2 and 11.8 %, respectively.

6.2.2 LA-ICP-MS

Trace element analyses were conducted on a HP Agilent 7700 quadrupole
ICP-MS coupled to a 193 nm ArF Excimer laser, with a 5 Hz repetition rate,
fluence of 50 mJ and a 62 µm spotsize. Ablation was conducted in a He
atmosphere, and a mixed Ar/H2 carrier gas. Torch position and lens tuning
were adjusted to maximise signal stability and sensitivity across all masses,
subject to maintaining low abundance of molecular species (ThO+/Th+ was
used a proxy, and maintained at or below 0.5%). NIST612 was used as a
primary standard, with NIST610 used as secondary reference material. Stan-
dard bracketing was conducted with eight sample analyses between each
full set of standards. Silicon was used as an internal standard, and measured
Si abundances from EPMA results were used for each spot (15.9-17.4 wt%).
Analyses identified as compromised by inclusions (e.g. through monitoring
of Zr, P, Ti, Fe and Ca signals for characteristic spikes) have been excluded
from this dataset. Limits of detection were consistent throughout the analyti-
cal session. Data which is below the limit of quantification (3 times the limit
of detection) or within 2σ of zero has been omitted. Data reduction was
conducted with Iolite 2.3, using the trace element internal standardisation
routine (TraceElementsIS; Woodhead et al., 2007; Paton et al., 2011).
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6.2.3 SHRIMP

Tourmaline boron isotope analyses were performed on SHRIMP II at ANU,
using a 3 nA O2 – primary beam and spot size of approximately 25-30 µm.
Mounts were outgassed in a vacuum oven for an extended period of time
prior to analysis, and coated 30-50 nm of gold. Analyses were conducted
exclusively on grain mounts prepared using tourmaline separates obtained
by crushing. Analytical conditions were as described and tabulated in the
previous chapter. The reference material used for standardisation was the
B4 Tourmaline (-8.85 ± 0.66; Tonarini et al., 2003b), with secondary reference
materials used for additional checks of reproducibility, drift and accuracy in-
cluding elbaite, schorl, dravite tourmaline reference materials of Dyar et al.
(2001). The reference glasses NIST610, NIST612, GOR-128g, StHs6/80-G and
KL2-G were used as analytical monitors throughout the development pro-
cess (Jochum et al., 2000, 2006), as detailed in the previous chapter. For all
SIMS targets, the uncertainties on the unknowns include the repeatability of
the reference material and the internal uncertainty for a single analysis. An-
alytical repeatability for a single tourmaline composition is estimated to be
0.3-0.6 ‰ (2σ, 0.1 ‰ 2SE; for details see previous chapter) based on repeated
measurements of the B4 reference material. Serpentine boron isotope anal-
yses were conducted using a similar analytical setup, with single-collection
on the axial electron multiplier. White mica boron isotope analyses were con-
ducted in both single-collector and multi-collector mode (with the low-mass
detector operated in charge mode), as discussed in more detail in the previ-
ous chapter. Repeatability of reference materials during these sessions was
1.5 ‰ (2SE, Almirez antigorite) and 1.4-1.9 ‰ (2SE, Dora Maira phengite).

In order to quantify the matrix bias associated with the range in compo-
sition of metamorphic tourmalines at Lago di Cignana, a set of previously
analysed tourmalines of variable composition between schorl and dravite
were assembled and analysed using SHRIMP II at ANU. The results of this
investigation are more thoroughly described in the previous chapter, and
here only a brief summary relevant to the interpretation of sample analyses
is presented. The accuracy of the calibration of matrix bias is in part limited
by a lack of coverage over the multiple possible tourmaline solid solutions.
The maximum matrix bias over the compositional range of all metamorphic
tourmaline samples studied here is on the order of +2.5‰ relative to the B4

Schorl. Overall, the trend observed suggests that the expected matrix bias
observed over the compositional space spanned by all samples is likely to
be within 1 ‰; for this investigation this is approximately the same order
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of magnitude as the analytical precision. Furthermore, the compositional
ranges of individual samples is lower, and the δ11B ranges are of higher
magnitude than the maximum possible bias. Finally, based on the initial
investigation in the previous chapter (Chapter 5), the structure of a required
matrix bias correction is uncertain given the limited number of reference
materials incorporated to date. For these reasons, corrections have not been
made for matrix bias. Discussions regarding inter-sample variability have
been made with this in mind; trends are clearly distinguishable regardless
of such a correction being applied and so are generally valid.

6.3 Results

6.3.1 Tourmaline Major and Minor Element Abundances

The major element compositions of tourmaline vary principally by lithology;
the major trends are in Fe-Mg-Mn space, with subordinate changes in alu-
minium content (Figure 76; the full dataset of EPMA analyses is attached
in Appendix 6A and tabulated for individual points in Appendix Table 6D).
Tourmalines from Lago di Cignana can be generally described as dravitic,
extending towards approximately 50% schorl component (Figure 77, noting
that Mn is magnified). The within-sample variations in tourmaline chem-
istry are relatively minor when compared to differences between individ-
ual samples (Figures 76, 77). The major variation in tourmaline chemistry
across samples is principally in cation occupancy of the Y site (for tourma-
line with general formula XY3Z6(BO3)3Si6O18(O, OH)4), between the schorl
(Fe2+) and dravite (Mg) endmembers. Small solid solutions of the olenite
(Al) and tsilaisite (Mn2+) endmembers are observed. Subtle variations in
aluminium and silicon abundances are observed between samples, and ti-
tanium is particularly restricted within the manganese schist tourmalines
(Figure 76). Only tourmaline from the manganese schists contain signifi-
cant Mn (up to 0.5 Wt% based on electron microprobe data), other tourma-
lines contain Mn on the order of 160 µg/g (median, based on LA-ICP-MS
data). Based on LA-ICP-MS data, tourmalines contain 73-690 µg/g K and be-
tween 1567 µg/g and 2.3 Wt% Ca (although all but six analyses have <6000

µg/g Ca)‡. All tourmalines with >450 µg/g K occur in the manganese

‡ The presence of calcium is thought to have significant influence on matrix bias, as noted in
the previous chapter. Using a rough estimate of -0.85‰/Wt% CaO, commonly encountered
compositions of <6000 µg/g Ca would thus have estimated additional matrix biases of up
to -0.7‰, just beyond typical analytical uncertainty. In the case of very high Ca, piemontite
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schists. The trends in major element compositions roughly correspond to
stratigraphic height within the Lago di Cignana unit, with samples from the
lower sections near the manganese schists having a more significant dravitic
component than those from the metasediments above (except for sample
C38, order of samples in decreasing Mg# correlates to order with increasing
stratigraphic height).
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Figure 76: Major element compositions of tourmaline, with elemental abundances
in Wt%. Mg# as shown is calculated using total iron assumed to be ferrous: Mg# =
Mg/[Mg + FeTotal ].

Tourmaline textural zonation observed in backscattered electron images
varies with lithology. Sharp linear growth zoning is common within calc-
schists (zonation likely concentric about c-axis), whereas distinct cores and
undulating zones alternating between bright and dark bands (typical of
more ’resorptive’ zonation) are observed in manganese schists (Figure 78a,
b). The quartzite C37 contains tourmaline with patchy (cores) to linear

inclusions are likely to blame, based on the correlated presence of higher REE abundances,
especially for Ce.
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Figure 77: Major cation composition of tourmalines in molar Mg-Fe-Mn space, rep-
resenting the major components of the Y-site. The manganiferous schists can be
seen to be the only samples in which tourmaline contains appreciable Mn. Note
that the Mn endmember has been scaled by a factor of 100 to highlight variations
between the tourmaline groups. The composition of the B4 reference material and
endmember compositions for dravite, schorl and tsilaisite are plotted for reference.

growth zoning (rims); zoning was typically not well distinguished in backscat-
ter images acquired at RSES (Figure 78c). In the phengite schist sample
C33, distinct tourmaline cores are present and zonation commonly follows
edge of tourmaline grains, with some rounding of inner zones (Figure 78d).
Zoning across all samples appears to be dominated by growth zoning; sec-
tor zoning was not observed. Similar to the variation between lithological
populations, both grain-to-grain variation and intra-grain zonation within a
sample observed in back-scattered electron images typically corresponds to
variable solid solution between dravite and schorl (Fe-Mg). Within individ-
ual samples, ranges in Fe-Mg solid solution are typically at lower magnitude
than the differences between lithologies (Figures 76, 77 and Table 27). Note
that while care was taken to expose the centres of tourmaline grains, due to
the edge-oriented grains (rather than end-oriented) in some cases true cores
may not have been exposed; the measured core-rim relationships likely best
represent the latter parts of the growth history.

6.3.2 Trace Element Abundances

Representative trace element compositions of individual tourmaline zones
are reported in Tables 27 and 28 (all trace element analyses are tabulated
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a) b)

c) d)

Figure 78: SEM BSE images of tourmalines overlain by SHRIMP δ11B analyses,
showing the trends observed in single samples (spot numbers in white, δ11B values
in blue). a) Tourmaline from calcschist sample C25. b) Tourmaline from manganese
schist sample C11. c) Tourmaline from quartz schist sample C37. d) Tourmaline
from phengite schist C33.

in Appendix 6B, and also together with other data in Appendix Table 6D).
Generally, tourmalines exhibit depletion of Zr, Nb, LREE and Y relative to
chondrite. Relative to the suite of tourmalines analysed, the tourmalines
from manganiferous schist are enriched in Li, Sr, and Pb and relatively de-
pleted in V, Sc (Figure 79); resolvable differences between the two similar
lithologies sampled include HFSE (Nb, Zr) and Y abundances, with C11

being relatively enriched. Most tourmalines analysed exhibit V-depleted,
Mn-enriched patterns seen in the majority of other manganese schist tour-
malines from both C23 and C11. Tourmalines from C37 are generally similar
to those in the phengite schists. Where REE are measurable (above the de-
tection limit), chondrite normalised tourmaline REE patterns are flat to pref-
erentially LREE-enriched (Figure 79). Phengite schist tourmalines form C33

and C38 exhibit similar overall patterns, with slightly lower Mn and higher
Ni in the sample C33. While typically above detection limit, yttrium abun-
dances are particularly variable. The two calcschist samples (C25 and C36)
exhibit differing trace element patterns (Figure 79), with C25 tourmaline rel-
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atively depleted in Zr-Hf-Sn, Li, Sc, REE and Y and relatively enriched in Ni.
Rare earth patterns are much flatter than observed in other lithologies.

6.3.3 SHRIMP δ11B

For each sample, multiple grains have been used to investigate sample-scale
boron isotope heterogeneity (typically 10-20, with up to 4 spots in zoned
tourmalines). The individual boron isotope measurements and aggregated
results per-sample and are shown below (Table 25, Figure 80; all analyses are
also tabulated in Appendix 6C, and together with other data in Appendix
Table 6D). Significant differences in ranges of in-situ tourmaline δ11B mea-
surements are observed between different samples (Figure 80). Tourmaline
from different sub-units at Lago di Cignana exhibit significantly different
δ11B compositions (Figure 81), with gradients of up to 10‰ observed over
scales of 10-50cm (C38-C36-C37 at the top of the Lago di Cignana section;
Figure 74). As both boron isotope composition and major element composi-
tions vary with lithology/stratigraphy, correlations are seen between major
element abundances and δ11B (e.g. Mg#, Figure 81).

Variability in tourmaline δ11B within individual samples is much greater
than estimated reproducibility for the B4 tourmaline reference material and
greater than the variation expected due to matrix bias§. Where tourmaline
zonation has been identified, groups of zones (e.g. cores, mantles, rims) do
not exhibit consistent compositions in any sample, but are all depleted in
11B with the exception of those from C37. The variability of tourmaline δ11B
within single ’zones’ across a sample may reflect isotopic heterogeneity on
scales smaller than SHRIMP spots (25-30 µm), multiple nucleation events
and/or hand-sample scale heterogeneity in tourmaline populations. The
identification of the root cause of the variability is slightly complicated by
tourmaline analysis being conducted on relatively small and fragmented
tourmaline separates.

Tourmaline cores and mantles tend to have similar compositions (both
major element and δ11B, Table 25 and Figure 81). Within the manganiferous
schist C11 which exhibits the most extensive identifiable zonation (Figure
78), tourmaline mantles have higher δ11B relative to adjacent cores by up to
1.5‰ while tourmaline rims are commonly lighter than both cores and man-
tles (Table 27). This trend is seen across most samples (Table 25), where at

§ Major element compositions are relatively restrained for individual samples, and estimated
matrix biases with Ca-poor tourmalines at <1‰ relative to B4 over much of the range in
composition for dravitic tourmaline.
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Figure 79: Trace element patterns of tourmaline from Lago di Cignana grouped
by lithology and normalised to chondrite (using chondritic composition of Palme
and O’Neill, 2014). Where differentiated, tourmaline zones are distinguished using
symbols.



260 Boron Isotope Heterogeneity in Subducted Oceanic Lithosphere

the intra-grain scale individual δ11B measurements tend to be lighter within
tourmaline rims, in some cases by 6‰ (e.g. calcschist C25, Figure 78a).

Table 25: Ranges of tourmaline boron isotope compositions by lithology and sam-
ple.

Lithology Sample Zone Count Min. δ11B Max. δ11B Median δ11B
‰ ‰ ‰

Manganiferous Schist C11 All 39 -7.5 -0.6 -3.3
Core 13 -7.5 -0.6 -2.5
Mantle 9 -4.3 -0.8 -2.2
Rim 11 -6.6 -1.2 -5.7
Undiff. 6 -7.3 -2.3 -3.6

C23 All 38 -9.9 -1.8 -4.6
Core 6 -8.5 -3.2 -3.7
Mantle 2 -4.5 -2.7 -3.6
Rim 5 -9.9 -3.2 -7.4
Undiff. 25 -7.2 -1.8 -4.6

Phengite Schist C33 All 40 -11.8 -5.1 -7.3
Core 7 -8.1 -5.1 -6.1
Mantle 3 -7.6 -6.7 -6.9
Rim 3 -11.4 -7.9 -8.1
Undiff. 27 -11.8 -5.5 -7.5

C38 All 37 -9.4 -5.9 -7.4
Core 9 -8.3 -6.6 -7.3
Rim 3 -9.4 -5.9 -8.4
Undiff. 25 -9.1 -6.8 -7.4

Calcschist C25 All 33 -14.8 -4.5 -7.1
Core 9 -8.2 -5.4 -7.0
Rim 6 -14.8 -12.5 -13.1
Undiff. 18 -13.9 -4.5 -7.0

C36 All 39 -9.3 0.5 -1.2
Core 5 -1.8 -0.9 -1.4
Mantle 1 0.2 0.2 0.2
Rim 7 -6.2 0.2 -0.8
Undiff. 26 -9.3 0.5 -1.2

Qtz-Phg-Grt Schist C37 All 41 -1.1 4.6 2.1
Core 7 -1.1 3.6 2.8
Mantle 2 1.2 4.6 2.9
Rim 2 2.1 2.6 2.3
Undiff. 30 -1.1 4.6 2.0

6.3.4 δ11B in other phases: White Micas and Serpentine

Preliminary boron isotope data has been obtained for two additional low-
boron phases abundant at Lago di Cignana: phengite and serpentine. SHRIMP
δ11B analyses have been conducted on serpentinites from the underlying
Zermatt-Saas ophiolite and phengite from a small number of samples within
the Lago di Cignana metasedimentary and eclogitic units. Serpentinites
from the Zermatt-Saas ophiolite are estimated to have boron abundances
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Figure 80: Tourmaline δ11B for metasedimentary samples from Lago di Cignana. a)
Individual analyses plotted vs. spot number (containing multiple sessions), with
the variance about mean value for the B4 tourmaline reference material shown for
reference (± 1σ). b) Distributions of individual analyses according to texture where
observable. Histograms are on the same scale across all samples. Order of samples
corresponds to increasing stratigraphic height.

from 4.8 to 39 µg/g (Table 26; based on a calibration against Mg2+, see de-
tails in Chapter 5), with all but one sample (Z7) having estimated boron
abundances <15 µg/g (Figure 82a)¶. Serpentinites with higher estimated
boron abundances tend to have lighter δ11B. Serpentine mean δ11B values
range between +6.3‰ at the top of the section to +26.4‰ further along the
transect (Table 26), and exhibit negative correlations to measured δ18O values
(Figure 82b, see Chapter 4). For some samples, serpentinite δ11B values are
fractionated from values estimated assuming equilibrium isotope fractiona-
tion for both oxygen and boron isotopes, more commonly towards lighter
δ11B values (Figure 82b).

Analyses of eclogitic (C31, C34) and metasedimentary (C33, C36, C38)
phengites reveal a range of phengite δ11B across the Lago di Cignana unit
(Figure 83). Within eclogites, matrix phengite within the phengite-rich eclog-
ite sample C31 exhibits distinctly negative δ11B (-8.1 ± 1.2 ‰), while matrix

¶ This sample was taken near a boundary between metabasalts and serpentinites, and at a
distance and stratigraphically below the shear zone represented by Z8; see Chapter 4 for
more detailed map after De Giusti et al. (2003).
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Figure 81: Relationship between tourmaline major element composition and δ11B
for samples from Lago di Cignana. The range of tourmaline Mg# and δ11B mea-
sured by Bebout and Nakamura (2003) and specific core-rim zonation example pub-
lished for KEC-24 tourmaline #11 are shown for reference (Bebout and Nakamura,
2003).

phengite in the veined eclogite C34 retains positive δ11B (+8.6 ± 2.7 ‰).
Within the veined eclogite C34, the phengite vein exhibits the heaviest phen-
gite δ11B measured, with heterogeneous values acquired using both single-
collector and multi-collector analysis giving mean values of 19-20 ‰ (Figure
83a, b). Phengite from the calcschist sample C36 exhibits mean δ11B of -6.4
‰ (measured range of -14 to +7 ‰), while the phengite-rich quartzschist
C38 exhibits more variable and generally higher δ11B with a mean value of
+5.7 ‰ (measured range of -6 to +20 ‰).

6.4 Discussion

Significant variation in metasedimentary tourmaline major, trace and iso-
topic compositions are observed within and between different lithologies
sampled at Lago di Cignana. In addition to compositional variability ob-
served within and between tourmalines, significant ranges in both serpen-
tine and white mica δ11B are observed. These variations likely represent dif-
ferences in protoliths of sampled lithologies, prograde metamorphic growth
reactions (for both tourmaline and phengite) and potentially some degree
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Table 26: Mean values of in-situ boron abundances and isotope isotope measure-
ments of Zermatt-Saas serpentinites. Samples are in order of sampling from the
top of the transect (Lago di Cignana) down towards the bottom of the valley near
Valtournenche.

Sample Boron Abundance δ11B δ18O
µg/g ‰ ‰

Z1 14 6.3 6.1
Z2 13 8.8 3.4
Z5 13 9.1 3.2
Z6 7 22.2 2.8
Z7 39 24.1 3.6
Z8 5 14.4 4.6

Z14 7 17.1 1.1
Z15 11 26.4 1.6
Z17 12 17.8 2.2

of fluid-rock interaction. The trends and implications of tourmaline zona-
tion, unit-scale variations in tourmaline δ11B and potential indicators of high-
pressure fluid-rock interaction are discussed below.

6.4.1 Tourmaline Major, Trace and Isotopic Zonation

The textures observed in tourmalines are typically those associated with
single-growth-stage normal metamorphic tourmalines, they are idiomorphic
and typically have euhedral cores with relatively consistent chemistry within
single units (Figure 81, Table 27). Tourmaline forming at higher temper-
ature is generally expected to exhibit higher Mg/Fe ratios (e.g. Berryman
et al., 2017). However, within the Lago di Cignana samples, where tour-
maline core-rim relationships are observed the rims rarely exhibit signifi-
cantly higher Mg# (Figure 81, Table 27) and instead typically have similar
major element compositions despite commonly exhibiting much lighter δ11B
(this goes some way to explain difficulty in distinguishing zonation using
backscatter imaging). Within the Lago di Cignana Unit, retrogression is
limited and most mineral growth must have occurred at prograde to peak
conditions. Therefore, the core-rim zoning is attributed to either prograde
growth, or to external fluid inputs close to the metamorphic peak. Overall
the observed chemical zoning is consistent with the change in tourmaline
boron isotope composition being induced by boron redistribution during
a temperature increase which is not coincident with significant bulk rock
major element change (i.e. metamorphic rather than metasomatic tourma-
line growth). The formation of light-δ11B tourmaline rims within calcschists
(C25, C36) suggests a changing boron source, such as recrystallization of a
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Figure 82: Boron abundance and isotope compositions for Zermatt-Saas serpen-
tinites. a) Average measured boron abundances (using a Mg2+ internal standard)
and average ratios for Zermatt-Saas serpentinites; b) Averages of measured δ18O
and δ11B for Zermatt-Saas serpentinites (uncertainties are ±2SE for δ18O (where
thought to be homogeneous, and 1σ otherwise) and ±2SE for δ11B). Estimated
isotope compositions of serpentinite forming from seawater over a range of tem-
peratures (in °C) are shown for reference, obtained using fractionation models of
Sanchez-Valle et al. (2005); Zheng (1993b) and estimated serpentinizing fluids with
δ11B = +36.5 to 39.6‰ (between Eocene and modern seawater δ11B; Raitzsch and
Hönisch, 2013; Palmer, 2017; Foster et al., 2010) and δ18O = 0‰. Symbol sizes are
proportional to

√
[B].

phase with low δ11B at high temperature, or infiltration of distinctly low δ11B
tourmaline-forming fluids. One likely source of boron within calcschists is
phengite, which contains appreciable boron and due to incorporating boron
in tetrahedral coordination will exhibit δ11B<δ11BTur at formation (Figure
72). Assuming diffusive re-equilibration is not achieved with progressive
subduction (i.e. diffusion of boron in tourmaline is slow relative to changes
in temperature), under increasing temperature the recrystallization and/or
progressive destabilisation of phengite at higher temperatures may release
low δ11B boron (in addition to Mg, Al, and Si) which can contribute to tour-
maline growth. In this scenario, the magnitude of the deviation between ini-
tial composition and tourmaline rims depends on the temperature of initial
formation and temperature gap before boron remobilisation. For example,
for phengite and tourmaline initial in equilibrium at 250°C, remobilisation
of boron at peak temperature (630°C) results in a change to ∆11BTur-Phg from
+13.6‰ to +6.7‰ (a change of -6.9‰). Thus if tourmaline was sourced solely
from phengite, this mechanism may account for the magnitude of δ11B differ-
ences observed between tourmaline cores and rims in the Lago di Cignana
calcschists. The abundance of boron in white micas would limit the amount
of tourmaline which may form. For example, a rock with approximately 3

Wt% tourmaline, 10 Wt% phengite containing 250 µg/g B could experience
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Figure 83: White mica δ11B compositions measured in-situ by SHRIMP. Uncer-
tainties are 2SE on the mean, and absolute ranges are indicated by triangles. a)
Single-collector measurements standardised to GOR-128G, b) Multi-collector mea-
surements standardised to Dora Maira phengite (estimated δ11B = -6.1‰ based on
other phengite analyses; Peacock and Hervig, 1999, . See Chapter 5 for more detail
on analytical procedure).

growth of tourmaline on the order of 0.07 Wt% (an addition of just 2.4%
of the original tourmaline mass, which would amount to approximately an
0.8% increase in tourmaline radii) if all of the phengite decomposed. The
relatively small volume and rare rims are generally consistent with local
derivation of boron from white micas, but the size of the rims (commonly
on the order of 10s of microns) suggests that additional (potentially external)
boron sources could also contribute.

Garnet δ18O zonation from +18 down to +2 to 5‰ indicates infiltration
of fluids derived from serpentinites into specific lithologies within the Lago
di Cignana Unit, occurring near the metamorphic peak (see Chapter 4). The
presence of coesite inclusions Lago di Cignana metasedimentary tourma-
line suggests that at least some tourmaline growth has occurred during the
UHP stage (Reinecke, 1991, 1998; Compagnoni and Rolfo, 2003). Tourma-
line previously investigated at Lago di Cignana exhibits UHP cores (rutile,
garnet and coesite inclusions) and is interpreted to contain rims indicating
formation during exhumation (cores having Mg# of 0.80-0.85, δ11B of -10‰
and rims with Mg# of 0.65-0.85, δ11B of -4 to +4 ‰; Figure 81; Bebout and
Nakamura, 2003). If boron abundances were high enough in fluids derived
from serpentinites to stabilise tourmaline growth or induce recrystallization
(or dissolution-reprecipitation), metasomatic tourmaline equilibrated with
serpentinite-derived fluids would exhibit boron isotope compositions be-
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tween +13 and +33 ‰ (as the fractionation between trigonal boron in fluid
and trigonal boron in tourmaline is less than for that with tetrahedral boron
in phengite). Modification of serpentinite-derived fluids by metasediments
(with higher overall B abundances, but much lighter δ11B) could form tour-
maline with δ11B anywhere between the light δ11B tourmalines at -10‰ and
the dehydration fluids at >+10‰. Here we observe a trend of decreasing
δ11B within individual tourmalines opposite to that of Bebout and Naka-
mura (2003) but generally similar to that of Bebout et al. (2013), and as of
yet no evidence for high δ11B within tourmaline rims within the samples
studied (Figure 80), even in samples which exhibit large negative shifts in
garnet δ18O (i.e. greatest influence of serpentinite-derived fluids). Impor-
tantly, the light δ11B rims measured cannot be directly related to ingress of
fluids from either the serpentinites or eclogites (as these fluids would be in
equilibrium with tourmaline likely having δ11B of >10‰), as has been sug-
gested for garnet δ18O zonation in Chapter 4. The δ11B variation observed
across the tourmaline population investigated within these samples appears
not to relate to exhumational growth of tourmaline, as has documented in
other samples at Lago di Cignana by Bebout and Nakamura (2003)|| and ob-
served elsewhere (e.g. Marschall et al., 2009b). Notably, no tourmaline with
light green cores was noted in thin sections, but the isotopic composition
measured for UHP tourmaline cores described by Bebout and Nakamura
(2003) is equivalent to the lower endmember of tourmaline δ11B measured
here (typically as tourmaline rims observed in phengite schist and calcschists;
Figure 80). Given the range in δ11B observed between different lithologies at
Lago di Cignana (Figures 80, 81), the transfer of boron between lithologies
could give rise to significant shifts in δ11B locally. The infiltration of exter-
nal fluids at high pressure (as is discussed in Chapter 4 and in more detail
below) have likely contributed to the high δ11B observed in tourmaline rims
by Bebout and Nakamura (2003).

6.4.2 Origins of Unit-Scale Boron Isotope Heterogeneity

The sample-to-sample variations in mean tourmaline δ11B values are of sim-
ilar or greater magnitude to that observed within single samples (i.e. grain-
to-grain differences and grain zonation in δ11B). This suggests differences
in bulk-rock δ11B which may originate from either sedimentary protoliths or

||Bebout and Nakamura (2003) also documented transitions in inclusions from core to rim and
systematic correlated shifts in Mg/(Mg+Fe) and Ca/(Ca+Na) with δ11B which are not seen
in these samples.
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through metamorphic/metasomatic processes occurring during diagenesis
and subduction. The boron isotope composition of oceanic metasediments
(as recorded by tourmaline, the dominant boron phase) exhibits a range
between -10 and +5 ‰, and covers a significant part of the range of δ11B
observed in modern seafloor sediments.

Notably, seafloor sediments are expected to have different boron isotope
compositions depending on mineralogy. Clays sorb boron, and preferen-
tially incorporate light δ11B (Spivack et al., 1987; Ishikawa and Nakamura,
1993; Williams et al., 2001; Williams and Hervig, 2005; de Leon, 2015). Hy-
drothermally influenced sediments hydrothermal/hydrogenetic clay min-
erals formed at higher temperatures (e.g. Fe-montmorillonite-nontronite;
Bonatti and Nayudu, 1965; McMurtry and Yeh, 1981) may exhibit higher
δ11B than their sedimentary counterparts. Additionally, biogenic siliceous
sediments exhibit higher δ11B values than typical terrigenous sources (e.g.
sponges and diatoms; sponges exhibit δ11B = +5.8 to +24.5‰; de Leon, 2015).
While lithology likely exerts some control on the boron isotope composition
of tourmaline populations within the metasedimentary unit, lithologies with
differing mineralogy (e.g. phengite schist, calcschist) exhibit very similar
δ11B, while tourmaline populations from two mineralogically similar calc-
schists exhibit strongly differing δ11B (C25, C36), yet similar trends in zona-
tion towards light δ11B rims (Figure 80). When viewed at the unit scale, the
centre of the metasedimentary sequence exhibits relatively similar tourma-
line δ11B, whereas higher δ11B values are observed in the upper and lower
sections. The high tourmaline δ11B in these locations may reflect either exist-
ing seafloor heterogeneity (which itself could control the localisation of fault-
ing) or subsequent localised modification of the bulk-rock isotopic signature
(i.e. preferential fluid flux along higher permeability conduits). Notably,
both of these locations contain Mn-rich sedimentary sequences (manganifer-
ous schists at the base, and Mn-garnetite nodules at the top) which indicate
crustal hydrothermal activity. Within one manganiferous schist, tourmaline
cores extend across the range in δ11B observed (potentially in two clusters
about -5 and -1 ‰, respectively), suggesting either multi-stage tourmaline
nucleation across different conditions (or in the presence of different fluids)
or the sampling of hand-sample scale heterogeneity (sedimentary banding,
which is present within this sample and is common throughout the unit).

Alternatively, the presence of these lithologies towards the shear-bounded
edges of the Lago di Cignana Unit may have contributed to preferential
infiltration of high δ11B boron-bearing fluids (localised infiltration of exter-
nal fluids is evident in the garnet oxygen isotope records presented here in
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Chapter 4, and has been suggested by others; e.g. Cook-Kollars et al., 2014).
Within the transect sampled here, only the sample C37 has a sufficiently el-
evated range of δ11B to consider a metasomatic origin for the distinctively
high δ11B (note also the similar composition to ’retrograde’ rims of Bebout
and Nakamura, 2003, ; Figure 81). Notably, the tourmaline population of
C37 does not show a large range in δ11B relative to other lithologies. While
multiple phases of tourmaline growth are present in the manganese schists,
each typically proceeds towards lower δ11B. The absence of strong zonation
and higher overall δ11B observed within this metaquartzite tourmaline pop-
ulation relative to other samples suggests that if the difference is related to
metasomatism, it likely occurred as bulk-rock alteration prior to tourmaline
formation and the δ11B may represent a mixing between a low-δ11B sedimen-
tary boron component and higher-δ11B fluid-derived component.

The differences between phengite and tourmaline δ11B can provide some
indication of state of equilibration for boron within individual lithologies.
Where tourmaline and phengite analyses have been conducted (C36 and
C38), tourmaline δ11B is similar to or lower than phengite δ11B, suggest-
ing relative disequilibrium (at minimum equilibrium fractionations encoun-
tered at peak temperatures of 630°C, tourmalines should be 6.3 ‰ heavier
than phengite, Figure 72), where phengites have higher δ11B than predicted.
Metasedimentary phengites have δ11B generally within the range expected
for bulk sediments (approx. -7 to +5 ‰; Konrad-Schmolke and Halama,
2014). At peak temperatures (630°C), phengites from the calcschist C36 and
phengite-schist C38 would be in equilibrium with tourmaline having δ11B
of +0.3 and +12.4 ‰, respectively. The calcschist sample contains phengite
(with δ11B of -14 to +7 ‰) likely at least partially in equilibrium with the bulk
of the tourmaline (between -7.5 and +1 ‰), while phengite in the phengite-
schist has δ11B of -6 to +20 ‰, in relative disequilibrium with tourmaline
(-7 to -5 ‰), and relatively high compared to predicted equilibrium compo-
sitions at peak temperature by approximately +17‰ (on average). Phengite
formed at temperatures lower than peak would be predicted to have even
lower δ11B relative to tourmaline, and the presence of elevated phengite
δ11B cannot be explained by either internal re-equilibration or lack thereof.
Similar to eclogites, the high δ11B metasedimentary phengite requires an
additional heavy boron component added through metasomatism after tour-
maline growth. If metasomatism has occurred through influx of externally
derived fluid (discussed further below), minimum fluid δ11B is estimated to
be +14 to 15 ‰ (at temperatures of 550-630°C). Notably, given the abundance
of boron within these lithologies (as indicated by the presence of tourma-
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line), phengite δ11B may have been moderated by boron mass balance, and
the metasomatic fluid δ11B may have been much higher (and consistent with
fluids derived from serpentinites, at +24 to 32‰ over the same temperature
range).

6.4.3 Fluid Production, Infiltration and Metasomatism within the Lago di Cig-
nana Unit: A Boron Perspective

Tourmaline δ11B values are much higher on average than those of metasedi-
mentary tourmaline from the Pfitsch Formation of the Western Tauern Win-
dow, which exhibit decreasing δ11B with decreasing bulk-rock boron abun-
dance (Berryman et al., 2017). Generally, this is consistent with the stabil-
ity and early presence of tourmaline, rather than formation solely through
late redistribution of boron from white micas to form tourmaline at higher
temperatures. Loss of fluids during prograde metamorphism facilitates a
decrease of δ11B in the residual lithology (Figure 71; Peacock and Hervig,
1999; Nakano and Nakamura, 2001; Marschall et al., 2006c; Pabst et al., 2012;
Romer and Meixner, 2014). Differences in tourmaline δ11B between very sim-
ilar lithologies could be interpreted to indicate that tourmaline had formed
after loss of a significant fraction of boron at low temperature. Such a sce-
nario may have occurred within the calcschist C25, which exhibits a defined
fabric and has lower overall δ11B than the more granoblastic calcschist C36.
These two calcschists samples both contain tourmaline exhibiting strong δ11B
zonation, and have similar mineralogy and garnet δ11B compositions (see
Chapter 4), yet different median boron isotope compositions (by about 6 ‰;
Figure 80, Table 25). Further distinction between these two samples can be
observed based on fluid-mobile trace elements in tourmaline (e.g. Sr, Pb;
Figure 84), where the foliated calcschist C25 contains tourmaline with much
lower abundances of some fluid mobile elements (and indeed the lowest Sr,
Pb abundances measured in tourmaline within the unit, but contrastingly
also the highest Li; Figure 79). The tourmalines within this sample exhibit
distinctly low Sr/Ca relative to other samples. The low δ11B and generally
fluid-mobile element depleted compositions of tourmaline in calcschist C25

likely reflect metamorphic fluid loss prior to initial tourmaline formation.

Metasomatism has been documented by garnet δ18O compositions at
Lago di Cignana, and given the expectation that metamorphic dehydration
reactions and fluid infiltration has occurred within these metasediments, one
would generally expect fluid-mobile elements including boron to be equally
responsive, especially in the case of very high flux of externally-derived
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fluids. Relevant samples in which localised metasomatism by ultramafic
and/or mafic-derived fluids was documented within garnets include the
manganese schists and phengite schists (C11, C23, C33) towards the bottom
of the section and the quartzite sample at the top of the section (C37). Within
these samples, interaction with fluids derived from mafic and ultramafic
units may induce increases to bulk-rock δ11B, but this is the opposite trend
to that observed for core-rim zonation, and thus likely occurred either before
or after most tourmaline had already formed (i.e. tourmalines formed from
enriched δ11B protoliths or they did not witness the metasomatism evident
in the phengite and garnet).
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Figure 84: Variations in tourmaline strontium and lead abundances for different
samples. Note both systematic differences based on lithology (e.g. high Pb/Sr in
manganiferous schists) and the low abundances of both fluid mobile trace elements
in the calcschist C25, which also exhibits the lowest δ11B.

At peak temperatures of 630°C, ∆11BFluid-B[4]
Mineral

is on the order of +8‰
(using fractionation model of Sanchez-Valle et al., 2005), suggesting initial
fluids derived from serpentinites akin to the nearby Zermatt-Saas serpen-
tinites (δ11B = +6.3 to +26.4 ‰) would have δ11BFluid of +14 to +34 ‰**.
Within the transect of serpentinites analysed, the upper sections exhibit
lighter δ11B than those below (Table 26). Given that the serpentinite closest to
Lago di Cignana metasediments exhibits the highest δ18O and lowest δ11B,
and interaction between metasediments and serpentinites has been previ-
ously proposed (see previous chapters; also Scambelluri et al., 2015b), the iso-
topic data support the hypothesis of geochemical interaction between these
units (from the serpentinites into phengite in eclogites and potentially from

**This is an upper limit for the composition; with depletion of boron from the serpentinites the
fluids are likely to evolve towards lower δ11B (see Marschall et al., 2006a, Figure 9)
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the sediments into the phengite eclogites and serpentinites, as discussed fur-
ther below). Alternatively, these isotopic compositions may also reflect re-
tained heterogeneity inherited form seafloor alteration, which would be con-
sistent with downwards-increasing alteration temperatures between approx-
imately 140 and 250°C (see Figure 82b). Both serpentinites and altered mafic
oceanic crust generally preferentially incorporate boron at lower tempera-
tures (e.g. Bonatti et al., 1984; Smith et al., 1995), but this is also mediated by
relative fluid fluxes during alteration (see Chapter 2 for a brief note on boron
incorporation in serpentinites from a similar setting at the Atlantis Massif).
The presence of lighter δ11B within the upper sections of this transect may
reflect seafloor alteration processes, loss of high-δ11B fluids during forearc
dewatering (i.e. lizardite-chrysotile to antigorite transition) or the addition
of a light boron component to serpentinites from nearby metasediments.
Considering the potential effects of prograde fluid loss, closed-system pro-
duction of an equilibrated fluid-mobile component from serpentinites con-
taining 70% of initial serpentinite-bound boron at 350°C would have δ11B
= +29‰ (estimated initial serpentinite δ11B of +25‰), facilitating to a re-
duction of serpentinite δ11B from +25 down to +15‰. While some loss of
boron is almost certain, variations in δ11B are generally larger than expected
given the range in estimated boron abundances across serpentinites and the
trend in serpentinite [B]-δ11B is in the opposite direction of that expected
for isotopic compositions controlled solely by localised fluid loss (decreas-
ing δ11B with decreasing boron abundance). Furthermore, the serpentinites
across the transect exhibit no systematic phase differences consistent with
fluid loss localised within the upper section. Instead, serpentinites exhibit a
trend more consistent with either a seafloor alteration profile of addition of
a light boron component from metasedimentary units within the upper sec-
tions (consistent with documented incorporation of metasediment-derived
trace elements in Lago di Cignana serpentinite; Scambelluri et al., 2015b).
Regardless of the mechanism behind the trend, the light δ11B serpentinites
are likely limited in extent to the upper parts of the metaophiolite, whereas
the bulk of the serpentinites have δ11B of >+9‰, suggesting the bulk of
initial dehydration fluids should have δ11BFluid >+17‰.

Boron isotope signatures of ultramafic-derived fluids, while not detectable
in tourmaline, are present in white micas both within eclogitic veins and
metasedimentary lithologies. White mica has been used to reconstruct the
peak PT conditions at Lago di Cignana, and appears to be largely re-equilibrated
at peak conditions (e.g. Amato et al., 1999; deMeyer et al., 2014; Gouzu et al.,
2016). Tourmaline has formed during prograde to peak metamorphism, and
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may not have been reacting or equilibrating (at least on relevant timescales)
at peak conditions, rendering it closed to further exchange with phengite.
Given that these boron isotope compositions of phengite are higher than
those of fluids in equilibrium with tourmaline within metasediments, ex-
ternal high-δ11B fluids are required. If boron sourced from dehydration
of phyllosilicates such as serpentine was incorporated into phengite, given
the boron-coordination dependence of fractionation, boron isotope composi-
tions would be expected to reflect those of the fluid source (i.e. +6.3 to +26.4
‰ for a serpentinite-derived fluid). The measured δ11B of phengite within
the phengite schist C38 (averaging +5.7‰) is consistent with derivation of
boron from such a fluid. Phengite incorporating boron from serpentinite-
derived fluids may also be recorded by the phengite Mg#-[B] correlation pre-
viously measured for Lago di Cignana metasediments (Bebout et al., 2013),
which shows increasing boron abundances (from 50 µg/g to 350 µg/g) with
increasing Mg# (from 0.45 to 0.75, slightly beyond the modelled Mg# in-
crease predicted for prograde growth). Similarly, the phengite veins in phen-
gite C34 indicate significant increase in δ11B relative to the adjacent eclogitic
matrix. The presence of phengite-bearing eclogitic material with high δ11B
(C34 matrix phengite) and phengite veins with even higher δ11B requires the
influx of high δ11B fluids. At temperatures of 500-600°C, fluids in equilib-
rium with these phengites will have δ11B of +17 to 19‰ (matrix) and +28

to 30‰ (vein)††. Notably, the lithologies with the capability to generate
such fluids are limited to serpentinites, as the measured δ11B requires that
boron isotope compositions of fluid sources must be above that of phengites
(i.e. minimum +8.6‰). The Zermatt-Saas serpentinites are viable sources
of boron for phengite veins and/or alteration within the Cignana eclogite
C34, in addition to within the phengite schist C38. In the case of the foliated
phengite-rich eclogite C31, the measured phengite δ11B of -8.1‰ is instead
consistent with interaction with metasediment-derived fluids.

6.5 Implications and Conclusion

Tourmaline δ11B varies within and between metasedimentary samples (with
an observed range of 20‰). Some differences in tourmaline δ11B correlate
with lithology, and thus are likely inherited from differences in protolith
δ11B. Tourmaline zonation tends to exhibit a δ11B decrease towards tourma-

††Assuming trigonally-coordinated boron. Based on means of analyses, with maximum fluid
δ11B at higher values.
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line rims, suggesting a metamorphic origin and excluding the possibility of
formation of these rims due to interaction with serpentinite-derived fluids.

Phengite from the calcschist sample C36 exhibits mean δ11B of -6.4‰
(measured range of -14 to +7‰), while the phengite-rich quartzschist C38 ex-
hibits more variable and generally higher δ11B with a mean value of +5.7‰
(measured range of -6 to +20‰). Phengite δ11B is generally not in equilib-
rium with tourmaline. Matrix phengite within eclogites has variable δ11B
from sample to sample, with one eclogite with δ11BPhg of -1.3 to +15‰, and
another phengite eclogite having δ11BPhg of -13 to +3‰. In an eclogitic phen-
gite vein, measured phengite has a range of δ11B between +1 and +46 ‰ (av-
eraging approximately +20‰, 11‰ higher than matrix phengite), requiring
the influx of high-δ11B fluids. Both light (<0‰) and heavy (>+20‰) fluids
have likely infiltrated the mafic units. Serpentine δ11B varies between +6

and +26 ‰, and fluids derived from serpentine dehydration at peak temper-
atures would have high δ11B of +14 to +34 ‰. Metasedimentary phengite
with δ11B higher than predicted for equilibrium with tourmaline, in addi-
tion to the high δ11B observed in eclogitic phengite (especially the phengite
vein) could be sourced from infiltration of serpentinite-derived fluids (as
also documented by garnet δ18O in Chapter 4) at a stage where tourmaline
is non-reactive.

The boron and oxygen isotope compositions of the Zermatt Saas serpen-
tinites are broadly consistent with a seafloor alteration profile. Serpentinite
δ11B decreasing and δ18O increasing towards the Lago di Cignana metasedi-
ments, and the presence of light δ11B phengite in one eclogite matrix could
indicate infiltration of metasediment-derived fluid into the nearby mafic and
ultramafic units.

Boron isotope compositions of individual phases within the upper oceanic
crust provide complementary information regarding fluid cycling processes
during subduction, and indicate that the multiple closely-spaced lithologi-
cal reservoirs have geochemically interacted through fluid-rock interaction
to incorporate ’hybrid’ geochemical signatures. The heterogeneity present
has important implications for understanding subduction zone geochem-
istry and dynamics; notably that the isotopic signals observed in fluids de-
rived from this unit may have widely different boron isotope composition,
and that the contributions (both in terms of relative abundance and δ11B)
to the forearc and sub-arc mantle wedge are difficult to establish given the
similarity of these compositions to estimated protolithic bulk isotopic com-
position. The preservation of large, heterogeneous boron isotope contrast
within metasediments at 2.7 GPa suggests that these high-boron, variable
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but generally negative δ11B signatures may be carried into deeper sections
of subduction zones and potentially retained within the recycled slab.
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Table 27: Examples of tourmaline major element spot analyses and corresponding SHRIMP δ11B measurements. Where possible, groups of spots
within different zones of a single tourmaline grain are shown together.

Point Zone δ11B B Na Mg Al Si Fe Mn Ti Cr O Total Mg#

‰ wt% wt% wt% wt% wt% wt% wt% wt% wt% wt% wt%

C11-25.1 Core -1.3 3.9 1.9 5.9 16.9 17.3 3.0 0.43 0.08 49.1 98.6 0.82

C11-25.2 Mantle -1.1 3.8 1.9 6.3 17.0 17.5 3.0 0.5 0.07 49.3 99.4 0.83

C11-25.4 Rim -5.9 3.3 2.0 6.5 16.9 17.7 2.4 0.18 0.07 48.4 97.5 0.86

C11-18.6 Core -2.1 3.7 2.0 6.6 16.5 17.7 2.8 0.53 0.08 49.1 99.0 0.85

C11-18.5 Mantle -0.8 3.6 1.9 5.8 16.5 17.5 2.9 0.38 0.06 48.1 96.9 0.82

C11-18.4 Rim -5.9 3.8 2.1 6.5 16.4 17.5 2.5 0.28 0.1 48.9 98.1 0.85

C11-8.2 Core -5.8 3.6 2.0 6.7 16.5 17.3 2.4 0.18 0.1 48.3 97.3 0.86

C11-8.3 Mantle -4.3 3.5 1.9 5.4 16.8 17.0 3.1 0.27 0.08 47.4 95.4 0.8

C11-8.4 Rim -5.4 3.7 2.1 6.6 16.8 17.5 2.5 0.17 0.09 49.0 98.5 0.86

C11-9.1 Core -0.7 2.9 1.9 6.5 16.7 17.3 3.0 0.25 0.06 46.9 95.5 0.83

C11-9.2 Rim -2.4 3.7 1.9 5.5 16.8 17.2 3.3 0.36 0.08 48.1 96.9 0.79

C11-16.2 Core -3.4 3.7 1.9 6.3 16.6 17.2 2.8 0.46 0.09 48.4 97.5 0.84

C11-16.1 Rim -6.4 3.8 2.0 6.5 16.6 17.4 2.5 0.2 0.09 48.9 97.9 0.86

C11-17.4 Core -7.5 4.0 2.1 6.6 16.7 17.4 2.4 0.17 0.09 49.5 99.0 0.86

C11-17.3 Core -2.5 3.6 1.9 6.3 17.0 17.2 2.5 0.46 0.05 48.4 97.5 0.85

C11-17.2 Rim -1.4 4.2 1.8 5.2 16.5 16.9 2.9 0.22 0.09 48.1 95.9 0.81

C11-17.1 Rim -6.6 3.5 2.0 6.5 16.8 16.9 2.4 0.15 0.09 47.7 96.1 0.86
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Table 27: (continued)

Point Zone δ11B B Na Mg Al Si Fe Mn Ti Cr O Total Mg#

‰ wt% wt% wt% wt% wt% wt% wt% wt% wt% wt% wt%

C11-13.3 Core -1.9 3.8 2.0 6.1 16.9 17.3 3.0 0.52 0.09 48.9 98.6 0.82

C11-13.2 Mantle -1.1 3.7 1.9 5.1 16.6 17.1 2.9 0.33 0.08 47.4 95.1 0.8

C11-13.1 Rim -5.7 3.5 2.0 6.4 16.4 17.3 2.5 0.22 0.08 47.8 96.1 0.86

C23-12.2 Undiff. -5.0 3.4 1.9 6.6 16.9 17.3 2.6 0.44 0.06 48.3 97.7 0.85

C23-12.1 Undiff. -6.0 3.5 1.9 6.5 16.9 17.1 2.5 0.45 0.06 48.1 97.1 0.86

C23-23.2 Undiff. -3.8 3.5 2.0 6.7 17.1 17.3 2.7 0.51 0.08 48.6 98.4 0.85

C23-23.1 Undiff. -4.9 3.7 2.0 6.6 17.0 17.5 2.2 0.41 0.05 49.2 98.8 0.87

C23-10.2 Rim -3.2 3.7 2.0 6.5 16.7 17.3 2.7 0.5 0.07 0.03 48.9 98.5 0.85

C23-10.1 Core -8.5 3.9 2.1 6.5 16.7 17.3 2.3 0.37 0.09 49.0 98.2 0.87

C23-19.1 Core -3.7 3.5 1.9 6.7 16.6 17.4 2.8 0.47 0.09 48.4 97.8 0.85

C37-5.2 Rim 2.1 3.8 2.0 4.3 16.0 16.7 8.1 0.04 0.48 47.9 99.3 0.55

C37-18.2 Core 2.4 3.6 2.1 4.3 16.3 16.9 7.8 0.2 47.8 99.1 0.56

C37-18.1 Rim 2.6 3.5 2.0 4.2 15.9 17.1 8.1 0.03 0.32 0.07 47.5 98.7 0.54

C37-9.5 Undiff. 1.5 3.6 2.0 4.5 16.5 16.9 6.9 0.03 0.08 47.6 98.1 0.6

C37-9.4 Undiff. 2.1 3.8 2.0 4.6 16.6 16.9 6.6 0.02 0.07 0.03 48.2 98.9 0.61

C37-9.3 Undiff. 1.6 3.3 1.9 4.5 16.9 17.0 6.6 0.02 0.09 47.4 97.6 0.61

C33-15.5 Undiff. -6.1 3.3 2.0 5.2 17.9 17.1 4.1 0.13 48.3 98.1 0.75

C33-15.4 Undiff. -8.4 3.6 2.0 5.4 17.5 17.1 4.1 0.25 0.04 48.7 98.8 0.75
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Table 27: (continued)

Point Zone δ11B B Na Mg Al Si Fe Mn Ti Cr O Total Mg#

‰ wt% wt% wt% wt% wt% wt% wt% wt% wt% wt% wt%

C33-11.1 Undiff. -6.6 3.5 2.0 5.2 17.5 17.0 4.3 0.37 48.2 98.1 0.74

C33-11.2 Undiff. -8.3 4.0 2.0 5.8 17.5 17.1 3.6 0.34 0.03 49.6 100.0 0.79

C33-11.3 Undiff. -11.8 3.5 1.9 5.1 17.2 17.1 4.9 0.02 0.58 0.04 48.3 98.6 0.7

C33-8.1 Undiff. -7.5 3.7 2.0 5.8 17.5 17.4 3.6 0.34 0.04 49.4 99.9 0.79

C33-8.2 Undiff. -11.1 3.8 2.0 5.6 17.4 17.2 4.2 0.37 0.04 49.2 99.8 0.75

C33-22.1 Undiff. -6.1 3.4 2.0 5.1 17.5 17.0 4.6 0.36 48.1 98.0 0.72

C33-22.2 Undiff. -9.4 3.6 2.0 5.7 17.5 17.1 4.0 0.39 49.0 99.3 0.77

C38-9.2 Core -8.3 3.8 2.0 5.2 17.6 17.2 4.3 0.15 49.1 99.5 0.73

C38-9.1 Rim -9.4 3.9 2.0 5.2 17.1 17.1 5.1 0.44 49.3 100.1 0.7

C25-30.4 Core -7.0 3.7 2.1 4.7 17.0 16.9 5.8 0.03 0.29 48.4 99.0 0.65

C25-30.3 Rim -12.7 3.3 2.1 4.8 16.3 17.1 6.9 0.36 47.6 98.5 0.62

C25-3.2 Rim -14.2 3.7 2.0 4.5 17.3 17.0 5.6 0.03 0.15 0.04 48.5 98.9 0.65

C25-3.1 Core -7.4 3.9 1.9 4.8 16.5 17.2 6.9 0.35 48.9 100.5 0.62

C25-16.2 Core -6.7 3.5 1.9 4.8 16.4 17.2 6.8 0.3 47.8 98.7 0.62

C25-16.1 Rim -13.3 4.1 2.0 4.7 16.8 17.0 6.0 0.02 0.33 49.1 100.0 0.64

C36-27.5 Core -1.8 3.9 2.0 4.9 17.4 17.3 5.1 0.05 0.03 49.3 100.0 0.69

C36-27.6 Rim -6.2 3.4 2.0 4.7 15.9 17.2 6.9 0.59 0.13 47.6 98.5 0.61

C36-7.2 Core -1.4 3.4 1.9 4.4 17.0 17.5 6.2 0.03 0.08 47.9 98.4 0.62
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Table 27: (continued)

Point Zone δ11B B Na Mg Al Si Fe Mn Ti Cr O Total Mg#

‰ wt% wt% wt% wt% wt% wt% wt% wt% wt% wt% wt%

C36-7.1 Rim 0.0 3.5 2.0 4.5 15.8 17.4 7.0 0.02 0.3 47.5 98.0 0.6

C36-14.1 Core -1.1 3.7 2.0 4.8 16.9 17.2 5.9 0.22 48.6 99.4 0.65

C36-14.2 Rim -5.5 3.4 2.0 4.4 16.6 16.8 6.9 0.38 0.06 47.2 97.7 0.6

C36-15.1 Undiff. -0.9 3.5 2.0 4.4 16.4 17.0 7.5 0.02 0.44 47.8 99.1 0.58

C36-15.2 Undiff. -1.2 3.6 2.0 4.5 16.6 16.9 6.9 0.3 47.8 98.6 0.6
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Table 28: Examples of trace element analyses for Lago di Cignana Metasedimentary tourmaline. Where possible, groups of spots within different
zones of a single tourmaline grain are shown together. Trace element abundances are all in units of µg/g.

Point No. C11-25.1 C11-25.2 C11-25.4 C11-8.2 C11-8.4 C11-9.1 C11-9.2 C11-16.2 C11-17.2 C11-13.1 C23-23.2 C23-23.1 C23-10.2

Zone Core Mantle Rim Core Rim Core Rim Core Rim Rim Undiff. Undiff. Rim

δ11B -1.3 -1.1 -5.9 -5.8 -5.4 -0.7 -2.4 -3.4 -1.4 -5.7 -3.8 -4.9 -3.2

Rb 0.017 0.12

Ba 0.28 0.29 0.2 0.06 0.18 0.45 0.29 0.39 0.34 0.11 0.42 0.23 0.44

K 599 591 586 173 545 640 690 635 579 284 540 378 505

Nb 0.14 0.03 0.04 0.012

Pb 75.0 84.0 48.0 24.7 41.4 184.0 42.0 165.0 146.0 29.8 121.0 86.1 123.0

Zr 0.25 0.19 1.0 130.0 0.019

Sr 317 320 324 151 277 414 220 390 355 187 393 274 423

Hf 0.023 3.0

Ti 660 670 790 790 750 800 800 710 770 720 670 610 690

Li 37.4 36.1 38.2 15.5 36.8 35.6 44.0 34.6 31.5 23.7 19.3 20.8 23.8

Sn 0.36 0.36 0.33 0.27 0.3 0.41 0.26 0.3 0.31 0.27 0.28 0.27 0.26

La 0.004 0.029 0.11

Ce 0.004 0.004 0.006 0.059 0.005 0.52 0.08 0.003

Pr 0.006 0.04

Gd

Lu 0.05
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Table 28: (continued)

Y 0.05 0.028 0.6

Ca 3600 3800 3800 2910 3580 4000 3000 4200 3830 3280 3900 3090 4080

V 1.4 1.52 2.43 2.3 2.47 24.5 2.2 1.48 5.3 1.31 1.3 1.2 1.06

Sc 2.54 2.49 2.58 1.77 2.83 2.21 1.82 2.5 1.8 2.49 1.9 1.6 1.67

Mn 4680.0 4640.0 1630.0 1580.0 1513.0 2740.0 3290.0 4660.0 4150.0 2240.0 4960.0 4130.0 4920.0

Zn 590 585 739 647 715 509 690 496 562 716 391 416 364

Mg 75600 77000 72000 79000 72800 79000 71000 78000 78000 78000 80200 83000 80000

Fe 8600 8600 8900 9800 8590 12300 12800 8330 11900 7160 10100 8790 10100

Cr 75 88 58 192 74 94 135 133 122 52 145 152 137

Ni 1046 1036 1140 1140 962 810 1020 891 900 1165 1025 1185 970
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Point No. C23-10.1 C37-5.2 C37-18.2 C37-18.1 C33-11.1 C33-11.3 C33-22.1 C33-22.2 C36-7.2 C36-7.1 C36-15.2

Zone Core Rim Core Rim Undiff. Undiff. Undiff. Undiff. Core Rim Undiff.

δ11B -8.5 2.1 2.4 2.6 -6.6 -11.8 -6.1 -9.4 -1.4 0.0 -1.2

Rb 0.05 0.025

Ba 0.04 0.38 0.21 0.25 0.07 0.09 0.07 0.04 0.13 0.07

K 132 221 201 218 168 125 180 121 78 113 155

Nb 0.012 0.008 0.008 0.01 0.01 0.022 0.01

Pb 35.9 16.8 11.5 12.2 23.3 13.4 29.6 11.9 3.2 18.0 8.6

Zr 0.26 0.24 23.0

Sr 98 640 478 600 419 480 435 363 158 600 413

Hf 0.7

Ti 850 3930 2060 2500 3420 4800 3220 3680 1180 1640 2140

Li 12.8 4.4 4.7 5.1 18.0 7.9 29.7 10.8 6.3 6.2 4.9

Sn 0.28 1.6 0.43 0.36 0.26 0.38 0.3 0.1 0.68 0.32

La 0.005 0.008 0.009 8.0

Ce 0.006 0.038 0.031 0.022 15.0

Pr 1.8

Gd 6.1

Lu 0.38

Y 0.01 0.005 0.1 119.0
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Ca 2060 4600 3240 3640 3600 5000 3400 4600 1800 22600 3590

V 1.33 560.0 220.0 229.0 272.0 400.0 285.0 251.0 140.0 206.0 176.0

Sc 1.57 9.7 5.2 5.1 1.61 12.8 2.29 3.0 16.8 76.0 37.8

Mn 3670.0 261.0 243.0 251.0 29.8 147.0 21.6 91.0 144.0 346.0 164.0

Zn 543 248 237 252 708 420 684 556 440 484 538

Mg 80000 50900 48800 49000 63000 64000 65400 69000 40000 46800 56700

Fe 8660 29100 27400 27600 17200 18200 14200 13800 13400 19500 19100

Cr 61 149 235 439 98 490 320 240 111 154 138

Ni 920 214 318 310 1670 260 1155 390 320 441 373



7
C O N C L U S I O N

This thesis has investigated fluid-mobile element (including halogens and
noble gases) and light stable isotopic (δ18O and δ11B) records of fluid-rock
interaction both on the seafloor at the Atlantis Massif and during UHP meta-
morphism within the Lago di Cignana Unit and Zermatt Saas Zone. The
application of novel techniques including in-situ analysis of targeted min-
eral generations and mineral zonation and analysis of halogen and noble
gas abundances has provided novel and complementary constraints on the
nature, environment and sequence of fluid-rock interaction events during
the life cycle of oceanic crust.

In-situ oxygen isotope and trace element analysis of alteration and relict
minerals in seafloor serpentinites provided new and detailed constraints
on the temporal evolution of alteration and hydration stages within the
Atlantis Massif (Figure 85). In-situ analyses of lizardite-chrysotile serpen-
tinites reveal that multi-stage serpentinization is linked to shifts in δ18O
(from +3 to +5 ‰ in serpentine veinlets down to <0‰ in serpentine veins
and mesh cores), and that significant isotopic and trace element heterogene-
ity exists between different polymorphs and serpentinization stages at the
microscale. Individual SHRIMP analyses of serpentine have δ18O ranging
from -0.3 to +6.2‰, and different serpentine textures (serpentine veinlets,
serpentine mesh rims and cores, bastites, and late serpentine veins) within
individual samples have mean δ18O of -0.2 to +4.4‰. Ranges in oxygen iso-
tope composition are similar between sites, and give consistently high esti-
mates for serpentinization temperatures during all stages of hydration (up
to 350°C). Serpentine textures and a general trend towards lower δ18O and
higher fluid-mobile element abundances in later generations of serpentine
(e.g. high B, U in bastites) is consistent with increases in water/rock ratio
during serpentinization. Initial hydration likely began at depths greater than
4km within the detachment. Correlations between serpentine Mg# and δ18O
suggest that of the serpentinization stages investigated, serpentine mesh
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cores, bastites and late chrysotile veins forming at high temperature and
under high water/rock ratios are likely best positioned to contribute to hy-
drogen generation. Most of these serpentinization stages probably occur at
>250°C, rather than in a near-surface environment, and hydrogen generated
during high T serpentinization must be transported from significant depth
(potentially from within the detachment zone itself) to contribute to the Lost
City vent fluids.

Halogen and noble gas abundances of Atlantis Massif serpentinites, hy-
drated gabbro and talc schists are lower than those of previously investi-
gated lizardite-chrysotile serpentinites (Figure 85B). Serpentinites and hy-
drated gabbros exhibit Br/Cl ratios similar to seawater and mantle values.
Iodine abundances were observed to be particularly variable, and is seem-
ingly not directly related to bulk mineralogy or alteration degree. Halogen
abundance ratios (Br/Cl and I/Cl) are observed to be strongly influenced
by talc-amphibole-chlorite alteration of serpentinites, with amphibole induc-
ing a trend to lower Br/Cl and I/Cl with increasing chlorine abundance.
Traces of excess argon are observed, with 40Ar/36Ar much higher than the
atmospheric value of 296 or the maxima expected to result from <2 Ma
of radiogenic ingrowth in K-poor rocks. Serpentinites exhibit fractionated
84Kr and 130Xe relative to 36Ar in seawater, but exhibit F(20Ne) very simi-
lar to seawater values. Mafic rocks including talc-amphibole-chlorite schist
and hydrated gabbro exhibit fractionation patterns (especially for 84Kr and
130Xe) more similar to the mantle and seawater. The low abundances of halo-
gens and noble gases and distinct fractionation patterns may generally be
explained by i) serpentinization at high water/rock ratios, ii) the absence
of significant sedimentary cover, iii) the presence of plutonic mafic rocks,
and potentially iv) some degree of continued re-equilibration with circulat-
ing fluids. Light oxygen isotope ratios (requiring high temperature, high
water/rock ratios), high fluid-mobile trace element abundances (e.g. high B
and U, requiring large water/rock ratios for mass balance), and low halogen
and noble gas abundances (likely requiring high water/rock ratio, or at least
a low salinity fluid) attest to generally high fluid fluxes and dominant high
temperature of serpentinization at the Atlantis Massif. Many of the distinc-
tive characteristics of serpentinites from the detachment fault zone exposed
on the Southern Wall are likely linked to relative fluid fluxes and alteration
temperatures within this detachment zone specifically. The relationship to
deeper serpentinized sections of the Massif that have not been exposed on
the seafloor would be worth further investigation to test whether serpen-
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Figure 85: Summary of investigation into the hydration of the Southern Wall of the Atlantis Massif. A: Textural sequence of serpentinization from harzburgite-dominated protolith highlighting key hydration stages and petrographic
features (serpentine textures from early veinlets to late serpentine veins enumerated as 1 - 5 ). B: Whole-rock Cl-Br abundances, 36Ar-130Xe abundances and Cl-Br-I abundance ratios for samples from the Southern Wall of the
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tinites recovered from the shallow sub-seafloor are indeed representative of
serpentinites present deeper in the Massif.

The second part of this thesis investigated metamorphic fluid-rock in-
teraction within a section of subducted upper oceanic crust in the UHP
Lago di Cignana Unit and underlying Zermatt-Saas serpentinites near Val-
tournenche (NW Italian Alps). This investigation has revealed previously
undocumented metasomatism at Lago di Cignana (e.g. in metasediments,
shifts in garnet δ18O of up to -15 ‰ from core to rim, and phengite with
higher δ11B than predicted for equilibrium with tourmaline), and uncovered
detailed (yet complex) records of metamorphic and metasomatic processes
(Figure 86). This study revealed heterogeneity and trends in garnet δ18O,
serpentine δ18O and tourmaline δ11B reflecting the passage of distinct fluid
pulses during prograde metamorphic reactions (Figure 86B). Evidence for
multiple stages of fluid infiltration and metasomatism near peak metamor-
phic conditions (at around 90 km depth) is preserved within a select few
samples where outer garnet growth zones exhibit major element, trace el-
ement and isotopic shifts which require infiltration of externally derived
fluids at high water/rock ratios. In two samples, fluid derived from serpen-
tinized ultramafic lithologies can be confidently identified as a metasomatic
agent, likely preceded by fluids derived from nearby mafic units (based on
garnet δ18O signatures of <5‰ and 5<δ18O<12, respectively; Figure 86B).
Fluids have been focused through the lower section of the unit, likely due
to the permeability contrast between metasediments and eclogites (Figure
86A). While the infiltration of ultramafic fluids is evident in garnet δ18O
zonation, tourmaline δ11B tends to decrease towards tourmaline rims (e.g.
in calcschists from core values of -8 to -5‰ down to rim values of -15 to
-13 ‰), and shows no evidence for interaction with serpentinite-derived flu-
ids (which are generally expected to have δ11B of more than +15‰). How-
ever, phengite in the metasediments (mean phengite δ11B of -6.4 and +5.7
‰ in a calcschist and quartz-rich phengite schist, respectively) has much
higher δ11B than predicted for equilibrium with tourmaline (in one case by
17‰ on average). In one eclogitic sample, high phengite δ11B (especially
phengite veins, with δ11B of +18 to +20‰ on average), could be sourced
from infiltration of heavy δ11B (>+20‰) serpentinite-derived fluids at high
pressure (Figure 86B). Additionally, the boron isotope composition of phen-
gite in a phengite-rich foliated eclogite suggests infiltration of metasediment-
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derived fluids, where phengite exhibits an average δ11B of -8‰. The influx of
externally-derived aqueous fluids into the metasedimentary unit could have
triggered the decarbonation of the calcschists (which has been described pre-
viously at Lago di Cignana; Frezzotti et al., 2011; Cook-Kollars et al., 2014,
upper section of Figure 86A). Therefore, influx of serpentinite-derived fluids
may facilitate transport of carbon out of the metasedimentary unit and con-
tribute to carbon cycling in the deeper sections of a subduction zone. The
passage of ultramafic-derived metasomatic fluids passing through high pres-
sure metasediments under high flux conditions and under a cold geotherm
would also enhance the transfer of sedimentary trace element signatures into
the subduction channel and/or mantle wedge over and above what can be
achieved by internal dehydration reactions alone, without the need to invoke
sediment melting.

The oxygen and boron isotope compositions of serpentinites sampled
across the Zermatt Saas Zone (with inversely correlated δ18O from +6 down
to +1‰, and δ11B from +6 to +26‰; Figure 86C) are broadly consistent with
a seafloor alteration profile. However, the localisation of serpentinites with
δ18O >+5‰ and δ11B <+10‰ adjacent to the overlying Lago di Cignana
metasediments suggests fluid-mediated geochemical interaction between the
metasediments and ultramafic lithologies. Metasomatism of serpentinites by
metasediment-derived fluids would suggest that high-pressure fluids were
channelled up the slab-surface.

Tourmaline δ11B varies within and between metasedimentary samples
(with an observed range of +20‰), with some differences between samples
likely reflecting differences in sedimentary protolith δ11B. Calcschists exhibit
differences in tourmaline population δ11B mean values corresponding to tex-
ture, which may correspond to localised fluid-assisted loss of boron prior to
tourmaline formation (with foliated calcschist exhibiting lighter tourmaline
δ11B than the granoblastic calcschist by approximately +2 to +5‰), and also
show evidence of tourmaline incorporating boron released from phyllosil-
icates such as phengite during increases in temperature, with tourmaline
δ11B zonation from core to rim of up to 8‰ (typically decreasing outwards).
The unit-scale zonation in tourmaline δ11B across boron-rich metasediments
present at 2.7 GPa within the Lago di Cignana that these variable (but gen-
erally negative) δ11B signatures may be carried into deeper sections of sub-
duction zones, and partially retained within the recycled slab. Importantly,
fluids derived from metasedimentary units with different mineralogy (and
hence, likely P-T conditions of mineral dehydration reactions) will also have
different δ11B, and the integrated sequence of fluids leaving the metasedi-
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Figure 86: Summary of investigation of fluid infiltration and stable isotopic heterogeneity at Lago di Cignana. A: Schematic stratigraphic section through the Lago di Cignana Unit into the underlying Zermatt Sass Ophiolite
with sample locations indicated and diagrammatic indication of major fluid fluxes within the oceanic section. Relative changes in δ11B and δ18O for key phases are noted (also shown with arrows in B) with regards to both
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upper sections of the Lago di Cignana Unit down into the Zermatt Saas serpentinites. The oxygen isotope compositions of Lago di Cignana metasedimentary and eclogitic garnets (upper section) are shown with the oxygen
isotope compositions of Zermatt Saas serpentine (bottom). The boron isotope compositions of metasedimentary tourmalines are shown with metasedimentary and eclogitic phengite (upper section), in addition to the Zermatt Saas
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mentary package is unlikely to exhibit unidirectional trends towards lighter
δ11B (as would be expected in a single lithology). Boron isotope composi-
tions of different boron-bearing phases within the upper oceanic crust (e.g.
tourmaline vs. phengite) provide complementary information regarding
fluid cycling processes during different stages of the subduction cycle.

Method development and testing to facilitate boron isotope measure-
ments on SHRIMP II has enabled the establishment of a multi-collector
instrumental setup to routinely conduct tourmaline boron isotope measure-
ments. Under the optimised configuration, repeated 5-6 minute multi-collector
boron isotope measurements of the reference tourmaline B4 have repeatabil-
ity of ± 0.5‰ or less (2σ), which is more than sufficient to resolve varia-
tions observed in natural metamorphic tourmalines (e.g. Lago di Cignana
metasedimentary tourmalines, with 10‰ variation within some samples,
and 20‰ across the unit). Single- and multi-collector analyses of phyllosili-
cates with intermediate boron abundances (>10 to 500 µg/g; e.g. serpentine
and phengite, using two proposed reference materials) show sufficient re-
peatability (which may be improved with length of analyses) to elucidate ge-
ological variation in the natural high-pressure metamorphic suite at Lago di
Cignana. Matrix biases between established reference materials were quan-
tified for a selection of reference glasses (NIST, MPI-DING; with a range
in bias of 5‰) and a selection of reference tourmalines (with compositions
intermediate between schorl and dravite; with range in bias of 3‰). Fur-
ther quantification work is necessary to accurately analyse and compare
δ11B for tourmalines with strongly differing major element compositions
(e.g. granitic, pegmatitic and metamorphic tourmalines) given the obser-
vation of matrix biases on the order of multiple permille towards endmem-
ber compositions, and the restricted compositional space so far investigated.
With regards to tourmaline analyses, the analytical throughput and results of
measurements conducted here compare favourably with results from other
large-format SIMS worldwide which have more experience analysing δ11B.
Analytical capability to reliably determine tourmaline δ11B (given appropri-
ate reference materials) with relevant measurement precision has now been
demonstrated for the ANU SHRIMP lab, and the matrix bias investigation
provides a starting point for accurately quantifying δ11B over a range in tour-
maline major element compositions. Preliminary data has been produced
for phyllosilicates, with some success for measurements of phengite and ser-
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pentine, but measurement procedures for measurement of δ11B in low-boron
silicates would benefit from continued development and testing (especially
with regards to matrix bias).

Useful constraints on changing fluid composition, fluid source and geo-
logical conditions during multistage fluid-rock interaction can be achieved
through targeted analysis of mineral and rock textures for multiple contrast-
ing element and isotope systems (here δ18O, δ11B, halogens, noble gases,
trace and major elements; each with different geochemical behaviour and
sensitivity to fluid-rock interaction). The investigations detailed here high-
light the ability of textural and mineral zonation records of individual sam-
ples and sample suites to contribute to the understanding of critical hydra-
tion and dehydration reaction within oceanic crustal units with long or com-
plicated histories. We present novel insights into seafloor hydration and
subduction dehydration of the altered oceanic crust, and demonstrate the
utility of microscale oxygen isotope analyses coupled with complementary
geochemical tracers to provide detailed constraints on hydrothermal alter-
ation conditions and fluid sources in seafloor and subduction settings.
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Andreani, M., Muñoz, M., Marcaillou,
C., and Delacour, A. (2013). µXANES
study of iron redox state in serpentine
during oceanic serpentinization. Lithos,
178: 70 – 83. ISSN 0024-4937. doi:
10.1016/j.lithos.2013.04.008.

Angiboust, S., Agard, P., Jolivet, L., and
Beyssac, O. (2009). The Zermatt-Saas
ophiolite: The largest (60-km wide) and
deepest (c. 70-80 km) continuous slice of
oceanic lithosphere detached from a sub-
duction zone? Terra Nova, 21(3): 171–180.
doi: 10.1111/j.1365-3121.2009.00870.x.

https://doi.org/10.1016/J.EARSCIREV.2008.11.002
https://doi.org/10.1016/J.EARSCIREV.2008.11.002
https://doi.org/10.1016/J.IJMS.2004.01.016
https://doi.org/10.1016/J.CHEMGEO.2006.08.012
https://doi.org/10.1016/J.CHEMGEO.2006.08.012
https://doi.org/10.1007/S12303-012-0011-X
https://doi.org/10.1016/j.gca.2003.09.003
https://doi.org/10.1016/j.epsl.2012.01.029
https://doi.org/10.1016/j.lithos.2012.12.006
https://doi.org/10.1016/j.lithos.2012.12.006
https://doi.org/10.1016/S0012-821X(99)00161-2
https://doi.org/10.1016/S0012-821X(99)00161-2
https://doi.org/10.1016/0020-7381(70)80001-8
https://doi.org/10.1016/0020-7381(70)80001-8
https://doi.org/10.1016/j.chemgeo.2014.06.020
https://doi.org/10.1029/2006GC001373
https://doi.org/10.1029/2006GC001373
https://doi.org/10.1016/j.lithos.2013.04.008
https://doi.org/10.1016/j.lithos.2013.04.008
https://doi.org/10.1111/j.1365-3121.2009.00870.x


292 References

Angiboust, S., Agard, P., Raimbourg, H.,
Yamato, P., and Huet, B. (2011). Sub-
duction interface processes recorded by
eclogite-facies shear zones (Monviso, W.
Alps). Lithos, 127(1-2): 222–238. doi:
10.1016/j.lithos.2011.09.004.

Angiboust, S., Langdon, R., Agard, P., Wa-
ters, D., and Chopin, C. (2012). Eclog-
itization of the Monviso ophiolite (W.
Alps) and implications on subduction
dynamics. Journal of Metamorphic Geol-
ogy, 30(1): 37–61. doi: 10.1111/j.1525-
1314.2011.00951.x.

Angiboust, S., Pettke, T., De Hoog, J.C.M.,
Caron, B., and Oncken, O. (2014).
Channelized Fluid Flow and Eclogite-
facies Metasomatism along the Subduc-
tion Shear Zone. Journal of Petrology, 55(5):
883–916. doi: 10.1093/petrology/egu010.

Antal, J. (1976). On the quantum the-
ory of the emission of secondary ions.
Physics Letters A, 55(8): 493–494. doi:
10.1016/0375-9601(76)90235-8.

Arcay, D., Tric, E., and Doin, M.P. (2007).
Slab surface temperature in subduction
zones: Influence of the interplate decou-
pling depth and upper plate thinning pro-
cesses. Earth and Planetary Science Letters,
255(3): 324 – 338. ISSN 0012-821X. doi:
10.1016/j.epsl.2006.12.027.

Auzende, A.L., Daniel, I., Reynard, B.,
Lemaire, C., and Guyot, F. (2004). High-
pressure behaviour of serpentine miner-
als: A Raman spectroscopic study. Physics
and Chemistry of Minerals, 31(5): 269–277.
doi: 10.1007/s00269-004-0384-0.

Bach, W. and Früh-Green, G.L. (2010). Al-
teration of the Oceanic Lithosphere and
Implications for Seafloor Processes. Ele-
ments, 6(3): 173–178. ISSN 1811-5209. doi:
10.2113/gselements.6.3.173.

Bach, W., Garrido, C.J., Paulick, H., Har-
vey, J., and Rosner, M. (2004). Seawater-
peridotite interactions: First insights from
ODP Leg 209, MAR 15°N. Geochemistry,
Geophysics, Geosystems, 5(9): Q09F26. doi:
10.1029/2004GC000744.

Ballentine, C.J., Marty, B., Sherwood Lollar,
B., and Cassidy, M. (2005). Neon isotopes
constrain convection and volatile origin
in the Earth’s mantle. Nature, 433: 33–38.
doi: 10.1038/nature03182.
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Caddick, M.J., Konopásek, J., and Thomp-
son, A.B. (2010). Preservation of Garnet
Growth Zoning and the Duration of Pro-
grade Metamorphism. Journal of Petrology,
51(11): 2327–2347. doi: 10.1093/petrolo-
gy/egq059.

Campbell, A.C., Palmer, M.R., Klinkham-
mer, G.P., Bowers, T.S., Edmond, J.M.,
Lawrence, J.R., Casey, J.F., Thompson,
G., Humphris, S., Rona, P., and Kar-
son, J.A. (1988). Chemistry of hot
springs on the Mid-Atlantic Ridge. Na-
ture, 335(6190): 514–519. ISSN 1476-4687.
doi: 10.1038/335514a0.

Campbell, I.H. and Taylor, S.R. (1983).
No water, no granites - No oceans, no
continents. Geophysical Research Letters,
10(11): 1061–1064. ISSN 00948276. doi:
10.1029/GL010i011p01061.

Cann, J.R., Blackman, D.K., Smith, D.K.,
McAllister, E., Janssen, B., Mello, S.,
Avgerinos, E., Pascoe, A.R., and Es-
cartı́n, J. (1997). Corrugated slip sur-
faces formed at ridge-transform intersec-
tions on the Mid-Atlantic Ridge. Nature,
385(6614): 329–332. ISSN 00280836. doi:
10.1038/385329a0.

Cannat, M. (1993). Emplacement of mantle
rocks in the seafloor at mid-ocean ridges.
Journal of Geophysical Research: Solid Earth,
98(B3): 4163–4172. ISSN 2156-2202. doi:
10.1029/92JB02221.

Cannat, M., Fontaine, F., and Escartı́n,
J. (2010). Serpentinization and Asso-
ciated Hydrogen And Methane Fluxes
at Slow Spreading Ridges. In Diver-
sity Of Hydrothermal Systems On Slow
Spreading Ocean Ridges, pages 241–
264. American Geophysical Union
(AGU). ISBN 978-1-118-66661-6. doi:
10.1029/2008GM000760.

https://doi.org/10.1029/2005GC001074
https://doi.org/10.1029/2005GC001074
https://doi.org/10.1144/SP298.18
https://doi.org/10.1016/j.epsl.2015.02.006
https://doi.org/10.1128/AEM.00574-06
https://doi.org/10.1130/G20877.1
https://doi.org/10.2138/am-2003-0113
https://doi.org/10.2138/am-2003-0113
https://doi.org/10.2138/am.2005.1718
https://doi.org/10.1002/2014GC005473
https://doi.org/10.1093/petrology/egq059
https://doi.org/10.1093/petrology/egq059
https://doi.org/10.1038/335514a0
https://doi.org/10.1029/GL010i011p01061
https://doi.org/10.1029/GL010i011p01061
https://doi.org/10.1038/385329a0
https://doi.org/10.1038/385329a0
https://doi.org/10.1029/92JB02221
https://doi.org/10.1029/92JB02221
https://doi.org/10.1029/2008GM000760
https://doi.org/10.1029/2008GM000760


296 References

Cannat, M., Sauter, D., Mendel, V., Ruel-
lan, E., Okino, K., Escartı́n, J., Com-
bier, V., and Baala, M. (2006). Modes
of seafloor generation at a melt-poor
ultraslow-spreading ridge. Geology, 34(7):
605–608. doi: 10.1130/G22486.1.

Cantanzaro, E.J., Champion, C.E., Garner,
E.L., Marinenko, G., Sappenfield, K.M.,
and Shields, W.R. (1970). Boron Acid;
Isotopic, and Assay Standard Reference
Materials. Technical report, Institute for
Materials Research, National Bureau of
Standards, Washington, D.C. 20234.

Carr, P.A., Norman, M.D., and Bennett,
V.C. (2017). Assessment of crystallo-
graphic orientation effects on secondary
ion mass spectrometry (SIMS) analysis
of cassiterite. Chemical Geology, 467:
122 – 133. ISSN 0009-2541. doi:
10.1016/j.chemgeo.2017.08.003.

Cartwright, I. and Barnicoat, A.C. (2002).
Petrology, geochronology, and tectonics
of shear zones in the Zermatt-Saas and
Combin zones of the Western Alps. Jour-
nal of Metamorphic Geology, 20(2): 263–281.
doi: 10.1046/j.0263-4929.2001.00366.x.

Cartwright, I., Buick, I.S., Foster, D.A.,
and Lambert, D.D. (1999). Alice
Springs age shear zones from the south-
eastern Reynolds Range, central Aus-
tralia. Australian Journal of Earth Sci-
ences, 46(3): 355–363. doi: 10.1046/j.1440-
0952.1999.00710.x.

Chakraborty, S., Dingwell, D.B., and
Chaussidon, M. (1993). Chemical diffu-
sivity of boron in melts of haplogranitic
composition. Geochimica et Cosmochimica
Acta, 57(8): 1741–1751. ISSN 0016-7037.
doi: 10.1016/0016-7037(93)90110-I.

Charlou, J.L., Donval, J.P., Fouquet, Y.,
Jean-Baptiste, P., and Holm, N. (2002).
Geochemistry of high H2 and CH4 vent
fluids issuing from ultramafic rocks at
the Rainbow hydrothermal field (36°14’N,
MAR). Chemical Geology, 191(4): 345 –
359. ISSN 0009-2541. doi: 10.1016/S0009-
2541(02)00134-1.

Chaussidon, M. and Albarède, F. (1992).
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Brügmann, G., Chiba, H., Fouquet, Y.,
Gemmell, J.B., Guerin, G., Hannington,
M.D., Holm, N.G., Honnorez, J.J., Itur-
rino, G.J., Knott, R., Ludwig, R., and
Nakamura, K. (1995). The internal struc-
ture of an active sea-floor massive sul-
phide deposit. Nature, 377(6551): 713–716.
doi: 10.1038/377713a0.

Ickert, R.B., Hiess, J., Williams, I.S.,
Holden, P., Ireland, T.R., Lanc, P.,
Schram, N., Foster, J.J., and Clement,
S.W. (2008). Determining high preci-
sion, in situ, oxygen isotope ratios with
a SHRIMP II: Analyses of MPI-DING
silicate-glass reference materials and zir-
con from contrasting granites. Chem-
ical Geology, 257(1-2): 114–128. doi:
10.1016/j.chemgeo.2008.08.024.

Ickert, R.B. and Stern, R.A. (2013). Matrix
Corrections and Error Analysis in High-
Precision SIMS 18/16O Measurements of

https://doi.org/10.1039/9781782625025-00251
https://doi.org/10.1039/9781782625025-00251
https://doi.org/10.1016/j.ijms.2009.06.007
https://doi.org/10.1016/j.ijms.2009.06.007
https://doi.org/10.1038/nature04761
https://doi.org/10.1038/nature04761
https://doi.org/10.1126/science.154.3757.1647
https://doi.org/10.1126/science.154.3757.1647
https://doi.org/10.1089/ast.2014.1188
https://doi.org/10.1016/0012-821X(93)90235-2
https://doi.org/10.1016/j.chemgeo.2003.10.012
https://doi.org/10.1016/j.chemgeo.2003.10.012
https://doi.org/10.1111/j.1945-5100.2001.tb01828.x
https://doi.org/10.1111/j.1945-5100.2001.tb01828.x
https://doi.org/10.1111/j.1751-908X.1997.tb00670.x
https://doi.org/10.1111/j.1751-908X.1997.tb00670.x
https://doi.org/10.1111/j.1751-908X.2009.00030.x
https://doi.org/10.1111/j.1751-908X.2009.00030.x
https://doi.org/10.1016/j.chemgeo.2010.06.012
https://doi.org/10.1016/j.chemgeo.2010.06.012
https://doi.org/10.1038/377713a0
https://doi.org/10.1016/j.chemgeo.2008.08.024
https://doi.org/10.1016/j.chemgeo.2008.08.024


References 305

Ca-Mg-Fe Garnet. Geostandards and Geo-
analytical Research, 37(4): 429–448. doi:
10.1111/j.1751-908X.2013.00222.x.

Ildefonse, B., Blackman, D., John, B.,
Ohara, Y., Miller, D., MacLeod, C., and
the Integrated Ocean Drilling Program
Expeditions 304/305 Science Party (2007).
Oceanic core complexes and crustal ac-
cretion at slow-spreading ridges. Geology,
35(7): 623–626. doi: 10.1130/G23531A.1.

Ireland, T.R. (1995). Ion microprobe mass
spectrometry: Techniques and applica-
tions in cosmochemistry, geochemistry,
and geochronology. In M. Hyman and
M. Rowe, editors, Advances in Analytical
Geochemistry, volume 2, pages 1–118. JAI
Press.

Ireland, T.R., Clement, S., Compston, W.,
Foster, J.J., Holden, P., Jenkins, B., Lanc,
P., Schram, N., and Williams, I.S. (2008).
Development of SHRIMP. Australian Jour-
nal of Earth Sciences, 55(6-7): 937–954. doi:
10.1080/08120090802097427.

Ireland, T.R., Schram, N., Holden, P.,
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gosian, I.K., Pickhardt, C., Raczek, I.,
Rhede, D., Seufert, H.M., Simakin, S.G.,
Sobolev, A.V., Spettel, B., Straub, S.,
Vincze, L., Wallianos, A., Weckwerth,
G., Weyer, S., Wolf, D., and Zimmer,
M. (2000). The Preparation and Prelim-
inary Characterisation of Eight Geologi-
cal MPI-DING Reference Glasses for In-
Situ Microanalysis. Geostandards Newslet-
ter, 24(1): 87–133. doi: 10.1111/j.1751-
908X.2000.tb00590.x.

Jochum, K.P., Stoll, B., Herwig, K., Will-
bold, M., Hofmann, A.W., Amini, M.,
Aarburg, S., Abouchami, W., Helle-
brand, E., Mocek, B., Raczek, I., Stracke,
A., Alard, O., Bouman, C., Becker, S.,
Dücking, M., Brätz, H., Klemd, R., de
Bruin, D., Canil, D., Cornell, D., de
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Rouméjon, S. and Cannat, M. (2014).
Serpentinization of mantle-derived peri-
dotites at mid-ocean ridges: Mesh texture
development in the context of tectonic
exhumation. Geochemistry, Geophysics,
Geosystems, 15(6): 2354–2379. ISSN 1525-
2027. doi: 10.1002/2013GC005148.
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(1985). 40Ar/36Ar in MORB glasses: Con-
straints on atmosphere and mantle evo-
lution. Earth and Planetary Science Letters,
72(4): 357 – 375. ISSN 0012-821X. doi:
10.1016/0012-821X(85)90058-5.

Savov, I.P., Ryan, J.G., D’Antonio, M., and
Fryer, P. (2007). Shallow slab fluid re-
lease across and along the Mariana arc-
basin system: Insights from geochemistry
of serpentinized peridotites from the Mar-
iana fore arc. Journal of Geophysical Re-
search, 112(B9). ISSN 0148-0227. doi:
10.1029/2006JB004749.

Scambelluri, M., Bebout, G.E., Belmonte,
D., Gilio, M., Campomenosi, N., Collins,
N., and Crispini, L. (2016). Carbonation
of subduction-zone serpentinite (high-
pressure ophicarbonate; Ligurian West-
ern Alps) and implications for the deep
carbon cycling. Earth and Planetary Science
Letters, 441: 155 – 166. ISSN 0012-821X.
doi: 10.1016/j.epsl.2016.02.034.

Scambelluri, M., Gilio, M., Angiboust,
S., Godard, M., and Pettke, T. (2015a).
Serpentinite-driven Exhumation of the
UHP Lago di Cignana Unit in the Fossil
Alpine Plate Interface. AGU Fall Meeting
Abstracts.

Scambelluri, M., Pettke, T., and Cannaò,
E. (2015b). Fluid-related inclusions
in Alpine high-pressure peridotite re-
veal trace element recycling during
subduction-zone dehydration of serpen-
tinized mantle (Cima di Gagnone, Swiss
Alps). Earth and Planetary Science Letters,
429: 45 – 59. ISSN 0012-821X. doi:
10.1016/j.epsl.2015.07.060.

Scambelluri, M., Pettke, T., Rampone, E.,
Godard, M., and Reusser, E. (2014).
Petrology and Trace Element Budgets of
High-pressure Peridotites Indicate Sub-
duction Dehydration of Serpentinized
Mantle (Cima di Gagnone, Central Alps,
Switzerland). Journal of Petrology, 55(3):
459–498. doi: 10.1093/petrology/egt068.

Scambelluri, M. and Tonarini, S. (2012).
Boron isotope evidence for shallow fluid
transfer across subduction zones by ser-
pentinized mantle. Geology, 40(10): 907–
910. doi: 10.1130/G33233.1.

Schertl, H.P. and Schreyer, W. (2008).
Geochemistry of coesite-bearing ”pyrope
quartzite” and related rocks from the
Dora-Maira Massif, Western Alps. Euro-
pean Journal of Mineralogy, 20(5): 791–809.
doi: 10.1127/0935-1221/2008/0020-1862.

Schmidt, K., Koschinsky, A., Garbe-
Schönberg, D., de Carvalho, L.M., and

https://doi.org/10.1007/s00410-012-0794-9
https://doi.org/10.1007/s00410-012-0794-9
https://doi.org/10.1016/j.gca.2009.07.036
https://doi.org/10.1016/j.gca.2009.07.036
https://doi.org/10.1029/2003GC000597
https://doi.org/10.1016/j.gca.2005.03.054
https://doi.org/10.1016/j.gca.2005.03.054
https://doi.org/10.1126/science.1258213
https://doi.org/10.1126/science.1258213
https://doi.org/10.1029/2008GC002182
https://doi.org/10.1016/0012-821X(85)90058-5
https://doi.org/10.1016/0012-821X(85)90058-5
https://doi.org/10.1029/2006JB004749
https://doi.org/10.1029/2006JB004749
https://doi.org/10.1016/j.epsl.2016.02.034
https://doi.org/10.1016/j.epsl.2015.07.060
https://doi.org/10.1016/j.epsl.2015.07.060
https://doi.org/10.1093/petrology/egt068
https://doi.org/10.1130/G33233.1
https://doi.org/10.1127/0935-1221/2008/0020-1862


References 319

Seifert, R. (2007). Geochemistry of hy-
drothermal fluids from the ultramafic-
hosted Logatchev hydrothermal field,
15°N on the Mid-Atlantic Ridge: Tempo-
ral and spatial investigation. Chemical Ge-
ology, 242(1): 1–21. ISSN 0009-2541. doi:
10.1016/j.chemgeo.2007.01.023.

Schmidt, M.W. and Poli, S. (2003). Gener-
ation of Mobile Components during Sub-
duction of Oceanic Crust. Treatise on Geo-
chemistry, 3: 567–591. doi: 10.1016/B0-08-
043751-6/03034-6.

Schmidt, M.W. and Poli, S. (2014). De-
volatilization During Subduction. Trea-
tise on Geochemistry (Second Edition), 4:
669–701. doi: 10.1016/B978-0-08-095975-
7.00321-1.

Schoene, B., Crowley, J.L., Condon, D.J.,
Schmitz, M.D., and Bowring, S.A.
(2006). Reassessing the uranium de-
cay constants for geochronology using
ID-TIMS U-Pb data. Geochimica et Cos-
mochimica Acta, 70(2): 426–445. doi:
10.1016/j.gca.2005.09.007.

Schoolmeesters, N., Cheadle, M.J., John,
B.E., Reiners, P.W., Gee, J., and Grimes,
C.B. (2012). The cooling history and the
depth of detachment faulting at the At-
lantis Massif oceanic core complex. Geo-
chemistry, Geophysics, Geosystems, 13(10).
doi: 10.1029/2012GC004314.

Schroeder, T. and John, B.E. (2004).
Strain localization on an oceanic de-
tachment fault system, Atlantis Mas-
sif, 30°N, Mid-Atlantic Ridge. Geochem-
istry, Geophysics, Geosystems, 5(11). doi:
10.1029/2004GC000728.

Schroeer, J.M., Rhodin, T.N., and Bradley,
R.C. (1973). A quantum-mechanical
model for the ionization and excitation
of atoms during sputtering. Surface Sci-
ence, 34(3): 571–580. doi: 10.1016/0039-
6028(73)90026-5.

Schubert, G. and Sandwell, D. (1989).
Crustal volumes of the continents and
of oceanic and continental submarine
plateaus. Earth and Planetary Science Let-
ters, 92(2): 234–246. ISSN 0012-821X. doi:
10.1016/0012-821X(89)90049-6.

Schwartz, S., Guillot, S., Reynard, B.,
Lafay, R., Debret, B., Nicollet, C., La-
nari, P., and Auzende, A.L. (2013).

Pressure-temperature estimates of the
lizardite/antigorite transition in high
pressure serpentinites. Lithos, 178(0): 197–
210. doi: 10.1016/j.lithos.2012.11.023.

Schwarzenbach, E.M. (2016). Serpentiniza-
tion and the formation of fluid pathways.
Geology, 44(2): 175–176. doi: 10.1130/fo-
cus022016.1.

Scicchitano, M.R. (2018). Oxygen Isotopes as
Tracers and Stopwatches for Rock-Fluid Inter-
action in the Crust: New Analytical and Ex-
perimental Developments. PhD Thesis, The
Australian National University.

Scicchitano, M.R., Rubatto, D., Her-
mann, J., Shen, T., Padrón-Navarta, J.A.,
Williams, I.S., and Zheng, Y.F. (2018).
In Situ Oxygen Isotope Determination in
Serpentine Minerals by Ion Microprobe:
Reference Materials and Applications to
Ultrahigh-Pressure Serpentinites. Geo-
standards and Geoanalytical Research, 0(0).
ISSN 1751-908X. doi: 10.1111/ggr.12232.

Selverstone, J. and Sharp, Z.D. (2013).
Chlorine isotope constraints on fluid-
rock interactions during subduction
and exhumation of the Zermatt-Saas
ophiolite. Geochemistry, Geophysics,
Geosystems, 14(10): 4370–4391. doi:
10.1002/ggge.20269.

Seyfried, W.E., Pester, N.J., Tutolo, B.M.,
and Ding, K. (2015). The Lost City
hydrothermal system: Constraints im-
posed by vent fluid chemistry and re-
action path models on subseafloor heat
and mass transfer processes. Geochimica
et Cosmochimica Acta, 163(0): 59–79. doi:
10.1016/j.gca.2015.04.040.

Shanks, W.C.P. (2001). Stable Isotopes in
Seafloor Hydrothermal Systems: Vent flu-
ids, hydrothermal deposits, hydrother-
mal alteration, and microbial processes.
Stable Isotope Geochemistry, 43: 469–525.
doi: 10.2138/gsrmg.43.1.469.

Sharp, Z.D. and Barnes, J.D. (2004). Water-
soluble chlorides in massive seafloor ser-
pentinites: A source of chloride in sub-
duction zones. Earth and Planetary Science
Letters, 226(1): 243–254. ISSN 0012-821X.
doi: 10.1016/j.epsl.2004.06.016.

Sharp, Z.D., Essene, E.J., and Hunziker,
J.C. (1993). Stable isotope geochem-
istry and phase equilibria of coesite-

https://doi.org/10.1016/j.chemgeo.2007.01.023
https://doi.org/10.1016/j.chemgeo.2007.01.023
https://doi.org/10.1016/B0-08-043751-6/03034-6
https://doi.org/10.1016/B0-08-043751-6/03034-6
https://doi.org/10.1016/B978-0-08-095975-7.00321-1
https://doi.org/10.1016/B978-0-08-095975-7.00321-1
https://doi.org/10.1016/j.gca.2005.09.007
https://doi.org/10.1016/j.gca.2005.09.007
https://doi.org/10.1029/2012GC004314
https://doi.org/10.1029/2004GC000728
https://doi.org/10.1029/2004GC000728
https://doi.org/10.1016/0039-6028(73)90026-5
https://doi.org/10.1016/0039-6028(73)90026-5
https://doi.org/10.1016/0012-821X(89)90049-6
https://doi.org/10.1016/0012-821X(89)90049-6
https://doi.org/10.1016/j.lithos.2012.11.023
https://doi.org/10.1130/focus022016.1
https://doi.org/10.1130/focus022016.1
https://doi.org/10.1111/ggr.12232
https://doi.org/10.1002/ggge.20269
https://doi.org/10.1002/ggge.20269
https://doi.org/10.1016/j.gca.2015.04.040
https://doi.org/10.1016/j.gca.2015.04.040
https://doi.org/10.2138/gsrmg.43.1.469
https://doi.org/10.1016/j.epsl.2004.06.016


320 References

bearing whiteschists, Dora Maira Mas-
sif, Western Alps. Contributions to Min-
eralogy and Petrology, 114(1): 1–12. doi:
10.1007/BF00307861.

Shervais, J.W., Kolesar, P., and Andreasen,
K. (2005). A Field and Chemical Study of
Serpentinization - Stonyford, California:
Chemical Flux and Mass Balance. Inter-
national Geology Review, 47(1): 1–23. doi:
10.2747/0020-6814.47.1.1.

Sievers, N.E., Menold, C.A., Grove, M.,
and Coble, M.A. (2017). White mica
trace element and boron isotope evi-
dence for distinctive infiltration events
during exhumation of deeply subducted
continental crust. International Geol-
ogy Review, 59(5-6): 621–638. doi:
10.1080/00206814.2016.1219881.

Sigmund, P. (1969). Theory of Sputtering. I.
Sputtering Yield of Amorphous and Poly-
crystalline Targets. Physical Review, 184(2):
383–416. doi: 10.1103/PhysRev.184.383.

Skelton, A., Annersten, H., and Valley, J.
(2002). 18O and yttrium zoning in garnet:
Time markers for fluid flow? Journal of
Metamorphic Geology, 20(5): 457–466. doi:
10.1046/j.1525-1314.2002.00378.x.

Skelton, A.D.L. and Valley, J.W. (2000).
The relative timing of serpentinisa-
tion and mantle exhumation at the
ocean–continent transition, Iberia: Con-
straints from oxygen isotopes. Earth and
Planetary Science Letters, 178(3–4): 327–
338. doi: 10.1016/S0012-821X(00)00087-X.

Skora, S., Baumgartner, L.P., Mahlen, N.J.,
Johnson, C.M., Pilet, S., and Hellebrand,
E. (2006). Diffusion-limited REE uptake
by eclogite garnets and its consequences
for Lu-Hf and Sm-Nd geochronology.
Contributions to Mineralogy and Petrology,
152(6): 703–720. doi: 10.1007/s00410-006-
0128-x.

Skora, S., Lapen, T.J., Baumgartner, L.P.,
Johnson, C.M., Hellebrand, E., and
Mahlen, N.J. (2009). The duration of pro-
grade garnet crystallization in the UHP
eclogites at Lago di Cignana, Italy. Earth
and Planetary Science Letters, 287(3-4): 402–
411. doi: 10.1016/j.epsl.2009.08.024.

Skora, S., Mahlen, N.J., Johnson, C.M.,
Baumgartner, L.P., Lapen, T.J., Beard,

B.L., and Szilvagyi, E.T. (2015). Evi-
dence for protracted prograde metamor-
phism followed by rapid exhumation of
the Zermatt-Saas Fee ophiolite. Journal of
Metamorphic Geology, 33(7): 711–734. doi:
10.1111/jmg.12148.

Sleep, N.H., Bird, D.K., and Pope, E.C.
(2011). Serpentinite and the dawn of life.
Philosophical Transactions of the Royal Soci-
ety B: Biological Sciences, 366(1580): 2857–
2869. doi: 10.1098/rstb.2011.0129.

Sleep, N.H., Meibom, A., Fridriksson,
T., Coleman, R.G., and Bird, D.K.
(2004). H2-rich fluids from serpentiniza-
tion: Geochemical and biotic implica-
tions. Proceedings of the National Academy
of Sciences of the United States of America,
101(35): 12818–12823. doi: 10.1073/p-
nas.0405289101.

Smith, D.K., Escartı́nn, J., Schouten, H.,
and Cann, J.R. (2008). Fault rotation
and core complex formation: Signifi-
cant processes in seafloor formation at
slow-spreading mid-ocean ridges (Mid-
Atlantic Ridge, 13°-15°N). Geochem-
istry, Geophysics, Geosystems, 9(3). doi:
10.1029/2007GC001699.

Smith, H.J., Spivack, A.J., Staudigel, H.,
and Hart, S.R. (1995). The boron iso-
topic composition of altered oceanic crust.
Chemical Geology, 126(2): 119–135. doi:
10.1016/0009-2541(95)00113-6.

Snow, J.E. and Dick, H.J.B. (1995). Perva-
sive magnesium loss by marine weath-
ering of peridotite. Geochimica et Cos-
mochimica Acta, 59(20): 4219–4235. doi:
10.1016/0016-7037(95)00239-V.

Spandler, C., Hermann, J., Arculus, R.,
and Mavrogenes, J. (2003). Redistribu-
tion of trace elements during prograde
metamorphism from lawsonite blueschist
to eclogite facies; implications for deep
subduction-zone processes. Contributions
to Mineralogy and Petrology, 146(2): 205–
222. ISSN 1432-0967. doi: 10.1007/s00410-
003-0495-5.

Spandler, C., Hermann, J., Faure, K.,
Mavrogenes, J., and Arculus, R. (2008).
The importance of talc and chlorite ”hy-
brid” rocks for volatile recycling through
subduction zones; evidence from the
high-pressure subduction mélange of

https://doi.org/10.1007/BF00307861
https://doi.org/10.1007/BF00307861
https://doi.org/10.2747/0020-6814.47.1.1
https://doi.org/10.2747/0020-6814.47.1.1
https://doi.org/10.1080/00206814.2016.1219881
https://doi.org/10.1080/00206814.2016.1219881
https://doi.org/10.1103/PhysRev.184.383
https://doi.org/10.1046/j.1525-1314.2002.00378.x
https://doi.org/10.1046/j.1525-1314.2002.00378.x
https://doi.org/10.1016/S0012-821X(00)00087-X
https://doi.org/10.1007/s00410-006-0128-x
https://doi.org/10.1007/s00410-006-0128-x
https://doi.org/10.1016/j.epsl.2009.08.024
https://doi.org/10.1111/jmg.12148
https://doi.org/10.1111/jmg.12148
https://doi.org/10.1098/rstb.2011.0129
https://doi.org/10.1073/pnas.0405289101
https://doi.org/10.1073/pnas.0405289101
https://doi.org/10.1029/2007GC001699
https://doi.org/10.1029/2007GC001699
https://doi.org/10.1016/0009-2541(95)00113-6
https://doi.org/10.1016/0009-2541(95)00113-6
https://doi.org/10.1016/0016-7037(95)00239-V
https://doi.org/10.1016/0016-7037(95)00239-V
https://doi.org/10.1007/s00410-003-0495-5
https://doi.org/10.1007/s00410-003-0495-5


References 321

New Caledonia. Contributions to Miner-
alogy and Petrology, 155(2): 181–198. doi:
10.1007/s00410-007-0236-2.

Spandler, C., Pettke, T., and Hermann, J.
(2014). Experimental study of trace el-
ement release during ultrahigh-pressure
serpentinite dehydration. Earth and Plan-
etary Science Letters, 391(0): 296–306. doi:
10.1016/j.epsl.2014.02.010.

Spandler, C., Pettke, T., and Rubatto,
D. (2011). Internal and External Fluid
Sources for Eclogite-facies Veins in the
Monviso Meta-ophiolite, Western Alps:
Implications for Fluid Flow in Sub-
duction Zones. Journal of Petrology,
52(6): 1207–1236. doi: 10.1093/petrolo-
gy/egr025.

Spandler, C. and Pirard, C. (2013). Ele-
ment recycling from subducting slabs to
arc crust: A review. Lithos, 170-171(0):
208–223. doi: 10.1016/j.lithos.2013.02.016.

Spear, F.S. (2003). Metamorphic Phase Equi-
libria and Pressure-Temperature-Time Paths.
Mineralogical Society of America, Wash-
ington. ISBN 0-939950-34-0.

Spear, F.S. and Daniel, C.G. (2001). Diffu-
sion control of garnet growth, Harpswell
Neck, Maine, USA. Journal of Metamorphic
Geology, 19(2): 179–195. ISSN 1525-1314.
doi: 10.1046/j.0263-4929.2000.00306.x.

Spivack, A.J. and Edmond, J.M. (1986).
Determination of boron isotope ratios
by thermal ionization mass spectrome-
try of the dicesium metaborate cation.
Analytical Chemistry, 58(1): 31–35. doi:
10.1021/ac00292a010.

Spivack, A.J. and Edmond, J.M. (1987).
Boron isotope exchange between seawa-
ter and the oceanic crust. Geochimica et
Cosmochimica Acta, 51(5): 1033–1043. doi:
10.1016/0016-7037(87)90198-0.

Spivack, A.J., Palmer, M.R., and Edmond,
J.M. (1987). The sedimentary cycle of the
boron isotopes. Geochimica et Cosmochim-
ica Acta, 51(7): 1939 – 1949. ISSN 0016-
7037. doi: 10.1016/0016-7037(87)90183-9.

Stakes, D.S. and Taylor, H.P. (1992).
The Northern Samail Ophiolite: An
Oxygen isotope, microprobe, and field
study. Journal of Geophysical Research:
Solid Earth, 97(B5): 7043–7080. doi:
10.1029/91JB02743.

Staudacher, T. and Allègre, C.J. (1988). Re-
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